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Abstract 12 

High-resolution velocity models developed using full-waveform inversion (FWI) can image fine details 13 

of the nature and structure of the subsurface. Using a 3D FWI velocity model of hyper-thinned crust at 14 

the Deep Galicia Margin (DGM) west of Iberia, we constrain the nature of the crust at this margin by 15 

comparing its velocity structure with those in other similar tectonic settings. Velocities representative 16 

of both the upper and lower continental crust are present, but there is no clear evidence for distinct upper 17 

and lower crustal layers within the hyper-thinned crust. Our velocity model supports exhumation of the 18 

lower crust under the footwalls of fault blocks to accommodate the extension. We used our model to 19 

generate a serpentinization map for the uppermost mantle at the DGM, at a depth of 100 ms (~340m) 20 

below the S-reflector, a low-angle detachment that marks the base of the crust at this margin. We find 21 

a good alignment between serpentinized areas and the overlying major block bounding faults on our 22 

map, suggesting that those faults played an important role in transporting water to the upper mantle. 23 

Further, we observe a weak correlation between fault heaves and serpentinization beneath the hanging-24 

wall blocks, indicating that serpentinization was controlled by a complex faulting during rifting. A good 25 

match between topographic highs of the S and local highly serpentinized areas of the mantle suggests 26 

that the morphology of the S was affected by the volume-increasing process of serpentinization and 27 

deformation of the overlying crust. 28 
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Plain Language Summary: 35 

Continental rifting that occurred west of Iberia stretched and thinned the crust to less than 5 km 36 

thickness in the Deep Galicia Margin (DGM). We studied the nature of the thinned crust and upper 37 

mantle using seismic properties (P-wave velocities). Seismic velocities indicate that the thinned crust 38 

includes both upper and lower crust rocks. Velocities also suggest that the lower crustal rocks were 39 

exhumed along faults that cut through the entire crust to accommodate the stretching during the 40 

extension. Using seismic velocities, we generated a map showing the upper mantle hydration patterns 41 

below the thinned crust. The map shows a good alignment between the tips of the major crustal faults 42 

that reach the mantle and the mantle hydration pattern, suggesting that faults transported water to the 43 

mantle. Further, we find a weak correlation between fault heaves and serpentinization, suggesting that 44 

the hydration process is controlled by complex faulting during rifting. Our map indicates that the surface 45 

of the crust-mantle boundary (the S-reflector) was affected by the hydration process that caused volume 46 

expansion of the mantle rocks and also by the deformation of the crust that locally pulled up the mantle 47 

rocks. 48 
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1. Introduction 67 

Rifting and breakup of the continents is a first-order tectonic process that results in the formation of 68 

new ocean basins and rifted margins. Significant spatial variations in the magnitude of extension, in the 69 

nature of the extended crust and in the degree of syn-rift magmatism arise along rifted margins. 70 

Accordingly, depending on the magmatic budget involved and identified in their distal zones, rifted 71 

margins are often termed as “magma-poor” and “magma-rich” (e.g., Franke, 2013), with a wide range 72 

of margin structures between these two end-members. The distal zones of magma-poor margins are 73 

commonly characterized by hyperextended crust associated with a complex network of extensional 74 

faults and with mantle exhumation preceding eventual continental breakup (Peron-Pinvidic et al., 2013). 75 

The mechanisms involved in the final stages of rifting are among the most debated aspects of rifting 76 

processes. Several different mechanisms have been proposed to explain the development and evolution 77 

of crustal hyperextension before continental breakup, involving the evolution and role of faulting and 78 

detachment faults in hyperextension, the development of asymmetry, and the nature and rheology of 79 

the crust and mantle during hyperextension (Brune et al., 2014; Ranero & Pérez-Gussinyé, 2010; 80 

Reston, 2005, 2009). It has been proposed that during the final stages of extension, embrittlement of 81 

the lower crust occurs progressively as the crust thins until the upper and lower crust become coupled 82 

and entirely brittle (Perez-Gussinye and Reston, 2001). Hyperextension is then accommodated by large 83 

normal faults that cut through the entire brittle crust and reach the underlying mantle (de Charpal et al., 84 

1978; Lymer et al., 2019; Pérez-Gussinyé & Reston, 2001; Reston et al., 1996, 2007; Sibuet, 1992), 85 

with the faults acting as fluid conduits, transporting seawater to the upper mantle and resulting in its 86 

partial serpentinization (Bayrakci et al., 2016; Pérez-Gussinyé & Reston, 2001).  87 

The Galicia Margin, west of Spain, is a sediment-starved, salt-free and magma-poor margin (Boillot & 88 

Winterer, 1988) that offers optimal conditions to study rifting processes from geophysical data (e.g.,  89 

Hoffmann and Reston, 1992; Lymer et al., 2019). In particular, crustal hyperextension associated with 90 

reduced underlying mantle velocities, and exhumed serpentinized mantle, in the form of a Peridotite 91 

Ridge (PR) locally outcropping at the seafloor, were first observed at the Galicia margin (Boillot et al., 92 

1980; Boillot & Winterer, 1988). Seismic imaging of the hyperextended zone of the Galicia Margin, 93 

known as the Deep Galicia Margin (DGM) (Figure 1), has revealed steeply dipping normal faults and 94 

tilted fault blocks overlying a narrow band of reflections collectively called the S-reflector ( Boillot & 95 

Winterer, 1988; de Charpal et al., 1978; Reston et al., 1996, 2007). Crustal hyperextension in the DGM 96 

resulted in the development of extremely thinned and tightly coupled crust (< 5km) before the eventual 97 

crustal separation seawards (Pérez-Gussinyé & Reston, 2001).The extension has been explained by 98 

polyphase faulting (Reston, 2005; Reston & McDermott, 2014), or migrating faulting (Buck, 1988; 99 

Ranero & Pérez-Gussinyé, 2010) or a combination of both (Reston et al., 2007). In the polyphase 100 

faulting model the fault blocks bounded by normal faults are proposed to be rotated to low angles (<30°- 101 

Reston et al., 2007) until faults lock up and a new set of faults develop,  possibly cutting through the 102 
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already existing faults (Reston, 2005; Reston & McDermott, 2014). In the migrating faulting models, 103 

the locus of extension migrates sequentially toward the future rift centre (Buck, 1988; Reston et al., 104 

2007; Ranero & Pérez-Gussinyé, 2010), with a new fault forming in the hanging-wall of the previously 105 

active fault when the latter has rotated to low angle and locked-up, thus limiting cross-cutting to the 106 

distal root of the locked faults (Ranero & Pérez-Gussinyé, 2010). 107 

One of the most intriguing questions is the evolution and role of the S-reflector of the DGM during 108 

crustal hyperextension. S has been interpreted variously as a brittle-ductile transition (de Charpel et al., 109 

1978), as the crust-mantle boundary (Boillot et al., 1989) or, a detachment fault, either within the crust 110 

(Sibuet, 1992), at or near the crust-mantle boundary (Ranero & Pérez-Gussinyé, 2010; Reston et al., 111 

1996, 2007). Slip of the overlying crustal fault blocks over along the S-reflector is inferred to have 112 

resulted in intense fracturing and brecciation in the lower parts of the crust (Reston et al., 1996). The 113 

presence of highly fractured rocks at the S-reflector level was inferred (Leythaeuser et al., 2005) , from 114 

one-dimensional (1D) full waveform inversion (FWI). The angular relationships between S and the 115 

overlaying faults and syn-rift packages suggest that slip on S occurred at angles as low as 20–25◦ (Lymer 116 

et al., 2019; Reston et al., 2007). Such low-angle slip requires very weak fault rocks such as serpentinite, 117 

and serpentinites were recovered at the DGM during Ocean Drilling Program (ODP) Leg 103 (Boillot 118 

et al., 1980; Boillot & Winterer, 1988). Serpentinization thus appears to be a fundamental process in 119 

the development of the S-reflector (Bayrakci et al., 2016; Liu et al., 2022; Lymer et al., 2019; Pérez-120 

Gussinyé and Reston, 2001; Reston et al., 2007; Schuba et al., 2018), but the faulting mechanisms 121 

allowing ingress of water to the mantle and thus peridotite hydration and serpentinization are still 122 

debated.  123 

In this study, we interpret the seismic velocity model of the DGM that was derived from 3D FWI applied 124 

to ocean bottom seismic data by Boddupalli et al. (2021). Based on this velocity model, we discuss the 125 

nature of the crystalline crust at the DGM (Figure 1) and present evidence for exhumation of the lower 126 

crust under the footwall of normal faults. We also present a serpentinization map generated 100 ms 127 

(~340 m) below the S-reflector. We then discuss the morphology of the S-reflector and how it is related 128 

to the normal faults based on our map. 129 

2.  Data and Method 130 

Multichannel reflection and wide-angle seismic data were acquired at the DGM as part of the Galicia-131 

3D (G3D) experiment in 2013 (Figure 1). The seismic signals were generated by two 3,300 cu.in arrays 132 

(each with 20 airguns) fired alternately at an interval of ~37.5 m. The signal was received by 6 km-long 133 

480 channel streamers spaced 200 m apart, and 80 ocean bottom hydrophones/seismometers (OBS) 134 

deployed within the 3D survey area to record simultaneously wide-angle seismic data (Figure 1). The 135 

multichannel seismic volume was 3D pre-stack time-migrated over an area of 68.5 km (east-west) by 136 

20 km (north-south). The wide-angle seismic data recorded by the OBSs (Bayrakci et al., 2022) were 137 
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used to generate a high-resolution velocity model using 3D full waveform inversion (FWI) (Boddupalli 138 

et al., 2021). The dimensions of the FWI grid were 78.5 km in the east-west direction by 22.1 km in the 139 

north-south direction (Figure 1; Boddupalli et al., 2021). The starting model for this FWI was obtained 140 

by 3D traveltime tomography (Bayrakci et al., 2016). The 3D FWI model was validated by recovering 141 

anomalies introduced into the starting model performing synthetic tests and by overlaying the velocity 142 

model on 3D seismic images (Boddupalli et al., 2021). Our interpretations are limited to the regions 143 

where the anomaly recovery tests were able to recover the anomalies without significant smearing 144 

(Supplementary Figures 1 and 2). The best resolution of a half wavelength at 5.2 Hz (maximum 145 

frequency used for inversion) corresponds to ~340m for 3.5 km/s, ~580 m for 6 km/s and ~675 m for 7 146 

km/s, but the resolution may vary depending on the data coverage. Further details of the data and FWI 147 

method are given by Boddupalli et al. (2021).  148 

 149 

 150 

 151 
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Figure 1| Bathymetric map of the DGM showing the location of the OBSs and seismic lines used in this 152 
study. The inset map shows the studied area (black box) west of Iberia. The dashed red box marks the 153 
area for the 3D FWI and the dashed black box marks the multichannel 3D seismic volume. The shot 154 
profiles recorded by the OBSs are shown in white lines. The orange numbered profiles mark the seismic-155 
sections shown in Figures 5 and 6. Green circles mark OBS locations used for 3D FWI and yellow 156 
circle mark OBS locations that have not been used for FWI. The instruments in pink have only two shot 157 
profiles recorded directly above them and were used in full 3D FWI. GB, GIB, PB, LB and SIAP stand 158 
for Galicia Bank, Galicia Interior Basin, Porto Basin, Lusitanian Basin and Southern Iberian Abyssal 159 
Plain, respectively. Profiles 185, 325 and 445 shown in orange correspond to 700, 420 and 180 sections 160 
in the 3D time migrated seismic volume (Lymer et al., 2019). Bottom figure is the 3D time-migrated 161 
section along profile 325 highlighting different geological sections in the DGM; PR stands for Peridotite 162 
Ridge.  163 

 164 

3. Results  165 

The top of the crystalline crust in the time-migrated and depth-converted multichannel seismic volume 166 

varies between ~4.3 km and 10.7 km depth, generally increasing westwards (Figure 2a). In the 3D FWI 167 

model, the velocities at the top of the crystalline crust range between 5.7 and 1.5 km/s (Figure 2b); the 168 

latter occurs where crystalline basement reaches the seafloor and is the result of smoothing within a 200 169 

m window of velocities across the seafloor. We calculated the thickness of the crystalline crust by 170 

subtracting this depth from the depth of the S-reflector (Figure 2d). Crustal thickness varies from 3.6 171 

km, at the tops of faulted blocks, where the crust is the thickest to zero at the edges of some of these 172 

blocks (Figure 2). The mean velocity of the crystalline crust in the FWI model is 6.0 km/s (Figure 2e).  173 

We extracted velocities from the 3D FWI model at the S-reflector and below the S-reflector using the 174 

S-reflector picked in two-way time by Lymer et al. (2019) and converted to depth using the 3D FWI 175 

velocities (Figure 3; Boddupalli et al. 2021). The depth of the S-reflector varies between ~7 and ~12 176 

km. It is deeper in the south-west and shallower in the south-east and central north (Figure 3a). We 177 

conducted an anomaly recovery test in which synthetic dataset generated using the FWI model was used 178 

as observed data and inverted using the same starting model as the FWI (Boddupalli et al., 2021). The 179 

shapes of the anomalies were well recovered with little smearing, validating the anomalies introduced 180 

by 3D FWI (Boddupalli et al., 2021), but the amplitudes of the recovered anomalies are slightly lower 181 

than the actual anomalies (Supplementary Figure 1 & 2). Further validation of our velocity maps comes 182 

from a good match between the FWI model and multichannel seismic time slice at 9 s, which is the 183 

average time of the S reflector in the time-migrated seismic section (Supplementary Figure 3). The FWI 184 

model shows an abrupt lateral change in velocity that matches well the abrupt change in reflectivity that 185 

occurs at the S-reflector, indicating that the model has resolved well features at this depth 186 

(Supplementary Figure 3). In the FWI model, the mean velocity at the S-reflector is 6.7 km/s, which is 187 

higher than the mean velocity in the tomographic model of 6.5 km/s (Bayrakci et al., 2016). The FWI 188 

has introduced finer-scale velocity variations at the S-reflector that match the topography of the S-189 

reflector (Figure 3a & 3b). Lower velocities would occur at topographic highs if the velocity increased 190 
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uniformly with depth, but this effect cannot be the cause of the correlation because the correlation is 191 

not present in the starting model (Figure 3c). In the 3D FWI model, the minimum and maximum 192 

velocities at the S-reflector averaged across a 100 m window, defined as the S-interval by Schuba et al. 193 

(2018), are 4.9 km/s and 8.2 km/s, respectively.  194 

 195 

 196 

Figure 2| a) The top of the crystalline crust within the Galicia 3D volume (Lymer et al., 2019) converted 197 
to depth using the 3D FWI model (km) with faults (F-series) and fault blocks (B-series) numbered from 198 
Lymer et al. (2019). The footwall and hanging wall cut offs are marked as solid and dashed black line, 199 
respectively. Dashed dotted red lines show the extent of the S reflector; b) velocities along the top of 200 
the crystalline crust from the 3D FWI model with same markings and labels as in a; c) shows the location 201 
of these grids within the 3D FWI grid shown in Figure 1; d) thickness of the crystalline crust with fault 202 
intersections with the S-reflector in solid black lines. Fault 5.4.1 is plotted as dashed black line to 203 
indicate that it does not clearly cut (weak reflection) the S-reflector (see Supplementary Figure 5); e) 204 
mean velocity of the crystalline crust. The red arrow shows the north direction. Vertical scales are same 205 
as the horizontal scales. Upper scale bar is for a) and b) and lower scale bar is for d) and e).   206 

 207 
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 208 

 209 

Figure 3| a) S-reflector map converted to depth using the 3D FWI model with fault intersections in solid 210 
black lines and their numbers in white (numbering after Lymer et al., 2019). Fault 5.4.1 is plotted as 211 
dashed black line to indicate that it does not clearly cut (weak reflection) the S-reflector. Solid black 212 
rectangles highlight the regions that show good correlation between the shapes on the S surface and the 213 
velocity map (b); b) velocities at the S-reflector from the 3D FWI model averaged over an interval of 214 
100 m (S-interval; Schuba et al., 2018) across the S; c) velocities at the S-reflector from the 3D 215 
traveltime tomographic model of Bayrakci et al. (2016); d) difference between the 3D FWI and 216 
traveltime model at the S-reflector (km/s). e) velocities below the S-reflector averaged over an interval 217 
of 100 ms (~340 m) from the 3D FWI model; f) serpentinization map derived from velocities in e). The 218 
red arrow points to the north and the fault intersections from a) are also marked in b)-c) and e)-f) 219 

  220 

Our velocity models along profiles close to the OBS locations show a good match with structural 221 

interpretations from the 3D pre-stack time-migrated multichannel seismic volume (Figures 4 and 5; 222 

Lymer et al., 2019). Lateral velocity variations within the sedimentary cover are less well recovered 223 

than those in the crystalline crust due to the sparse OBS spacing, and thus, not discussed here. Such 224 

variations are expected to be small and therefore have limited impact on our FWI results from the crust 225 

and uppermost mantle. 226 
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 227 

Figure 4 | Velocity-depth sections along profiles 185 (a), 325 (b) and 445 (c) overlaid with 228 
interpretations from the multichannel seismic volume. See Fig. 1 for locations. Dashed blue line 229 
indicates the top of the syn-rift sediment, dashed red line indicates the top of the crystalline crust and 230 
dashed black line indicates the S-reflector (Lymer et al., 2019). White arrows point towards the 231 
shallowing of the 6.6 km/s velocity contour, which marks the top of the lower crust in the GIB (Pérez-232 
Gussinyé et al., 2003) (see text for detail). In the profile 325, the 5.25 km/s contour shows a good match 233 
with the top of the crystalline crust. Fault block numbers (B-series) are from Lymer et al. (2019). 234 

 235 
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 236 

Figure 5 | Time-converted velocity sections overlaid on 3D multichannel seismic images along profiles 237 
185 (a), 325 (b) and 445 (c) in two-way-time (s) with interpretations. Dashed blue line indicates the top 238 
of the syn-rift sediment, dashed red line indicates the top of the crystalline crust and dashed black line 239 
indicates the S-reflector (Lymer et al., 2019). Thick red lines indicate the block bounding faults. White 240 
arrows point towards the regions where the velocity contour of 6.6 km/s shallows. Velocity contours as 241 
solid black lines are as in Figure 4. Fault block numbers (B-series) from Lymer et al. (2019).  242 

 243 

4. Discussion 244 

4.1 Nature of the crystalline crust  245 

Here we discuss the nature of the crust in the DGM based on the velocities derived from the 3D FWI 246 

and compare our results with the velocity models from other similar tectonic settings. 247 

In locations where the thickness of the crystalline crust is less than 2 km, the velocity tends to be around 248 

6 km/s and higher, while in the locations where the crust is thicker, the velocity varies between ~4.8 249 

km/s and ~6.7 km/s (the velocity at the S-reflector). The mean velocity of the crystalline crust in the 250 
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DGM is 6.0 ± 0.4 km/s (Figure 2), which is less than (but within error of) the global velocity average 251 

of the continental crust, including velocity models from diverse tectonic settings, of 6.5 ± 0.21 km/s 252 

(Christensen & Mooney, 1995). However, the mean velocity is also close to the global means at 10 km 253 

depth for extended crust (6.0 ± 0.2 km/s) and rifts (6.0 ± 0.1 km/s) (Christensen & Mooney, 1995). 254 

These global averages do not include velocity models from hyperextended zones. The velocity limits 255 

of the crystalline crust in the DGM agree well with those of thinned continental crust in the northern 256 

part of the Southern Iberian Abyssal Plain (SIAP; Figure 1) where the velocity ranges between 5.0 and 257 

6.6 km/s (Chian et al., 1999). This comparison is appropriate because the thickness of the hyper-258 

extended crystalline crust in the SIAP is in the same range (2-5 km) as in the DGM, and the 259 

northernmost line of Chian et al. (1999) is only ~170 km from the southern limit of our study area. 260 

Another interesting comparison is with crustal velocities in the Galicia Interior Basin (GIB; Figure 1) 261 

immediately landward of the DGM, which provide insights into earlier stages of extension of the 262 

lithosphere. In the centre of the GIB, the crystalline crust thickness is ~7-8 km, with the upper and lower 263 

crust identified as distinct layers (Pérez-Gussinyé et al., 2003). The velocity limits for the upper and 264 

lower crust obtained from wide-angle seismic data in the GIB are 5.3-6.4 and 6.6-6.9 km/s, respectively 265 

(Pérez-Gussinyé et al., 2003). These limits together encompass the velocity limits of the crystalline 266 

crust in the DGM, suggesting that this crust is composed of both upper and lower crustal rocks. In 267 

addition, recovery of lower crustal rocks from drilling in the neighbouring SIAP (Whitmarsh et al., 268 

2000) further supports the possibility of presence of both upper and lower crustal rocks in the DGM. 269 

Measurements on the lower crustal cores showed velocities between 4.9-6.6 km/s with a modal velocity 270 

of ~5.7 km/s (Whitmarsh et al., 2000), which is within the limits of the crustal velocities observed in 271 

the DGM. 272 
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 273 

Figure 6 | a) Crystalline crust thickness calculated between the top basement and S surfaces, with white 274 
and red stars showing the locations of the 1D velocity profiles extracted from the 3D FWI model along 275 
profiles 185, 325 and 445. Red stars indicate the locations where we observe two layers within the 276 
crystalline crust; b) 1D velocity profiles from the starting (black) and 3D FWI model (red) with profile 277 
location following the same order as the order of the stars on the profiles. Pink and violet colours in 278 
each profile mark the top of the crystalline crust and S-reflector depths, respectively. The dashed red 279 
line indicates the boundary between two distinct layers within the crystalline crust. 280 

In a few locations, the crystalline crust can be divided into a higher-gradient upper part and a lower-281 

gradient lower part (Figure 6). To investigate further this subdivision, velocity profiles were plotted 282 

every 1 km between 25 and 35 km along profile 325 across one fault block (Figure 7). Here it can be 283 

observed that as the crystalline crust thickens, the 1D velocity profiles show two layers with different 284 

velocity gradients. This layering is only observed where the thickness of the crystalline crust is greater 285 

than ~2 km (Figure 6). It is possible that such layering might be present also where the crust is thinner, 286 

but is not resolved in our model. We note that structural interpretation of the 3D volume did not identify 287 

continuous layering within the crystalline basement or below S across the DGM (Lymer et al., 2019). 288 

The upper layer (Layer 1 on Figure 7) has a higher velocity gradient (0.2-0.3 s-1) with the velocity 289 

ranging between ~4.8 and 5.3 km/s, and the lower layer (Layer 2) shows velocity range between ~5.3 290 

and 6.7 km/s with a lower velocity gradient (Figure 7). The velocity ranges of these layers vary along 291 
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and across the volume. Layer 1 marks the top of the crystalline crust and its high gradient and low 292 

velocities are inferred to result from fracturing and related mechanisms, as in the GIB and the Porcupine 293 

basin (Pérez-Gussinyé et al., 2003; Watremez et al., 2018). Layer 1 thickens towards the centre of fault 294 

block number B5 where the crust is thickest (Figure 7), perhaps indicating that fracturing processes 295 

were mainly active over the top of the fault blocks. Moreover, this zone correlates well with a previous 296 

interpretation from seismic reflection images that the crests of fault blocks were flattened as a result of 297 

mass wasting or subaerial erosion during rifting (Reston et al., 2005, 2007).  298 

 299 

Figure 7 | a) Red stars indicate the locations of the 1D velocity profiles shown in (b) between 25 and 35 300 
km (west to east) on the velocity profile 325 with interpretations as in figure 4 b) 1D velocity profiles 301 
from the 3D FWI model at the locations indicated by the red stars in (a). As the crustal thickness 302 
increases towards block number B6 in the west, the 1D velocity model shows two distinct crustal layers. 303 

4.2 Exhumation of the lower crust 304 

Final exhumation to the surface must always be brittle (except for lava) as all rocks are brittle at the low 305 

pressures and temperatures of the shallow sub-surface. As the crust thins during extension, the upper 306 

and lower crust become tightly coupled and increasingly brittle until the whole crust is completely 307 

brittle (Pérez-Gussinyé & Reston, 2001) preventing such flow, so that continued exhumation is likely 308 
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to be along brittle faults. However, some thermo-mechanical models predict that hot, ductile lower crust 309 

may be partially exhumed by flowing locally along an “exhumation channel” beneath the footwall of 310 

the active normal faults (Brune et al., 2014, 2017), and even that such ductile flow can continue into 311 

the final stages of extension (Liu et al., 2022). Our 3D FWI model of the DGM is consistent with the 312 

exhumation of the lower crust rocks: if we consider the 6.6 km/s velocity contour as the top of the lower 313 

crust from the GIB (Pérez-Gussinyé et al., 2003), it shallows under the footwall of the faults (Figure 4 314 

and 5). Although the undulations on the 6.6 km/s contour in a few locations are small, there are locations 315 

where the velocity perturbations rise up to 1 km above the S-reflector beneath the footwall of the normal 316 

faults (Figure 4 and 5). These velocities match both the ranges of velocities for serpentinites and for 317 

lower-crust, but it is unlikely that mantle rocks were exhumed to nearly 1 km above the S-reflector, so 318 

we favour the local presence of lower crust there.  319 

Additional support that the 6.6 km/s slivers just above S within the western tip of the footwall blocks 320 

might be lower crustal rocks comes from the ODP data of the SIAP (Whitmarsh et al., 2000), where 321 

lower crustal rocks were cored on top of a basement high (ODP Sites 1068 and 900) adjacent to 322 

serpentinites seaward (ODP Site 1067) separated by a detachment fault, the H-reflector (Krawczyk et 323 

al., 1996). In the SIAP, where the hyperextended crust is similar to the DGM, it is suggested that a small 324 

lens of the lower crustal rocks at the top of a basement high was exhumed from a deeper depth where 325 

an originally steep seaward-dipping normal fault that now forms the western flank of the 900 fault block 326 

cuts across the H reflector (Krawczyk et al., 1996; Whitmarsh et al., 2000). This fault lies in exactly the 327 

same depth range where we observe the 6.6 km/s slices above S in the DGM, which may thus similarly 328 

indicate the presence of lower crust. Lower crustal exhumation forms a component of all the lithospheric 329 

extension mechanisms that are proposed for the final stages of rifting: the polyphase model and 330 

migrating faulting model (Buck, 1988; Lymer et al., 2019; Ranero & Pérez-Gussinyé, 2010; Reston, 331 

2005).  332 

4.3 Velocities at and below the S-reflector 333 

The velocity pattern at the S-reflector shows a good correspondence with the topography of the S-334 

surface and with the location of fault intersections (Figure 3). The deep and shallow features correlate 335 

with locally high and low velocities, respectively (Figure 3). It is challenging to differentiate crustal 336 

and upper mantle rocks using only P-wave seismic velocities because serpentinized upper mantle rocks 337 

can show a wide-range of velocities (~5-8.3 km/s for intact rock), depending on the degree of 338 

serpentinization, spanning the velocity limits of crystalline crust (Christensen, 2004). In the central 339 

region, the model shows high velocities (> 8 km/s) indicating the presence of unaltered peridotites there 340 

(Figure 3b & 3e). These high-velocity locations may have higher uncertainties in the velocity due to the 341 

significant anisotropy that can be associated with unaltered peridotites (Christensen, 2004), that is not 342 

accounted for in our inversion (Boddupalli et al., 2021). In a few locations the velocity reaches 8.2 343 
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km/s, which was set as the maximum velocity allowed in the inversion (Boddupalli et al., 2021). 344 

However, the anomaly restoration test supports the presence of these high velocities (Supplementary 345 

Figure 1). Based on seismic images and high-resolution velocity models, the lower regions of the 346 

crystalline crust in the vicinity of the S-reflector have been interpreted as fractured and brecciated 347 

serpentinized peridotites and/or crustal rocks (Leythäuser et al. 2005; Reston et al., 1996; Schuba et al. 348 

2018); although some numerical simulations of hyperextension generate fragments of lower crust below 349 

S (Liu et al., 2022), as discussed above the detailed internal structure of the S-interval as identified by 350 

Leythäuser et al. (2005) and Schuba et al. (2018) is beyond the resolution of our 3D inversion strategy 351 

(Boddupalli et al., 2021). However, we do locally identify slivers of lower crust sandwiched between 352 

the S and the faults that detach onto S (Figure 4). The 3D FWI velocity model closely matches with the 353 

multichannel seismic image time slice sections at the mean S-reflector depth (Supplementary Figure 3; 354 

Boddupalli et al., 2021), giving confidence in the velocities at this depth. 355 

4.4 Serpentinization and relationship with faulting 356 

 357 

 358 
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 359 

Figure 8 | a)-h) Serpentinization estimates averaged over a length of 1 km along the arbitrary lines from 360 
the point of fault intersection (blue) in the hanging wall (red) and footwall (green) directions for each 361 
fault intersection. The x-axis represents number of arbitrary lines intersected by fault intersections from 362 
south to north (Supplementary Figure 4). i)-j) Correlation plot between the average fault heave and 363 
serpentinization percent under foot wall (i; R-squared: 0.08) and hanging wall blocks (j; R-squared: 364 
0.2). The diamonds represent each fault plotted at their average heave and serpentinization values. The 365 
error bars on the diamonds indicate one standard deviation. The red solid lines represent a linear fit 366 
between the points. 367 

 368 

The overall alignment between the variation in the degree of serpentinization (colours in Figure 3f) and 369 

the line of intersection of the overlying faults with S (black lines in Figure 3f) indicates that these faults 370 

played an important role in transporting water to the mantle (Figure 3f). The match is particularly good 371 

for the northern parts of faults 4.0 and 5.1 and for most of faults 5.3, 6.4 and 6.0, all of which reach the 372 

mantle and thus provide viable fluid pathway for serpentinization. To further investigate the variations 373 

in serpentinization across the fault intersections with S, we plotted mean serpentinization under the 374 

footwall and the hanging wall for each fault along with the serpentinization values at the fault 375 

intersection (Figure 8). The mean curves are calculated over a length of 1 km from the fault intersections 376 

in the footwall and hanging directions along a series of arbitrary lines (Supplementary Figure 4) in the 377 
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direction of the corrugations observed in the 3D reflection volume as defined by Lymer et al. (2019) 378 

(Figure 8). Some of the fault intersections display higher serpentinization values under hanging wall 379 

side than footwall side across major part of their intersection with the S. These include fault 6.0, shown 380 

from structural interpretation to be one of the faults of the DGM with the largest offset and best 381 

developed corrugations (Lymer et al., 2019), suggesting that serpentinization may have facilitated slip 382 

at low angle along this fault. However, at other fault intersections such as 5.4 and 6.4 (southern segment, 383 

Figure 3f), low serpentinization occurs toward the hanging wall side. These areas of low 384 

serpentinization may be due to changes in the water supply along the faults resulting from factors, such 385 

as fault permeability, fault connectivity, and transfer of activity from one fault to another during 386 

hyperextension. In the central region, the alignment of the fault intersection 5.4.1 on the eastern edge 387 

of an area of limited serpentinization (Figure 3f) suggests that very little or no water reached the mantle 388 

along this fault, probably because fault 5.4.1 does not appear to reach the S-reflector on the vertical 389 

sections of the 3D seismic volume, e.g., between 30 and 40 km along profile 325 (Supplementary Figure 390 

5).  391 

 The variations in the degree of serpentinization below S evidenced by our map of serpentinization 392 

(Figures 3f and 9) also suggest that there was little or no flow of water along the entire length of S from 393 

the proximal to the distal DGM as might have been expected if S was one single structure active 394 

simultaneously everywhere. But it should be noted that the depth-migrated seismic sections showing 395 

that the gradient along S might have been too low to generate sufficient pressure difference for water 396 

to flow (Supplementary Figure 6; Ranero & Pérez-Gussinyé, 2010). The lack of lateral continuity in 397 

serpentinization in the EW transport direction is consistent with previous suggestions that the S-398 

reflector consists of the root zone of individual block bounding faults that linked and merged while 399 

rotating to low angles (Lymer et al., 2019; Ranero and Pérez-Gussinyé, 2010; Reston et al., 2007): there 400 

was never a single EW extensive active detachment but rather a succession of NS oriented faults. In 401 

summary we conclude that water along S was not transported horizontally along S, but mainly through 402 

the steeper overlying faults and associated fault blocks, and distributed heterogeneously parallel to those 403 

faults. 404 

Bayrakci et al. (2016) established a strong positive correlation between the average fault heaves for 405 

individual faults and degree of serpentinization beneath the hanging wall. However, that study only 406 

used fault interpretations along three 2D seismic profiles from the DGM. We have revisited this 407 

correlation using the fault heaves obtained from the 3D seismic volume (Lymer et al., 2019). As these 408 

measurements exhibit a lot of scatter (Supplementary Figure 7). We adopt an averaging approach to 409 

capture the general trend. Our approach differs from that of Bayrakci et al. (2016), in which the degree 410 

of serpentinization was averaged over a window of 7 km laterally and 2.5 km vertically below S along 411 

2D seismic lines for each normal fault intersecting S. In this study, we calculated the mean degree of 412 

serpentinization related to each normal fault from the serpentinization map (Figure 3f) by averaging the 413 

degree of serpentinization within 1 km along the arbitrary lines and along the fault intersections with S 414 
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(Figure 8; Supplementary Figure 3). The FWI serpentinization map is averaged over 100 ms (~340 m) 415 

vertically and we calculated the mean degree of serpentinization for each fault on either side of the fault 416 

intersection (hanging wall and footwall sides; Figure 8). Thus, our mean serpentinization values for 417 

each fault are averaged 100 ms vertically, 1 km along the arbitrary lines on the hanging wall and 418 

footwall sides of each fault intersection, and along the fault intersections (Figure 3f; Supplementary 419 

Figure 4).  420 

In contrast to Bayrakci et al. (2016), we find only a weak correlation between the mean fault heaves 421 

and degree of serpentinization below the hanging wall (Figure 8). Our approach included more data 422 

points from the complete 3D seismic volume (Lymer et al., 2019) into the fit than Bayrakci et al. (2016) 423 

and estimated serpentinization in the direction of extension using a high-resolution velocity model 424 

(Boddupalli et al., 2021). It is possible that this approach has highlighted the contribution of additional 425 

processes of transport of water that affected the water transportation process to the mantle during hyper-426 

extension, resulting in the weak correlation (Figure 8). Numerical modelling of mantle hydration at 427 

mid-ocean ridges and oceanic transform faults suggested that serpentinization of the upper mantle is 428 

affected by brittle crustal deformation, spreading rate, slip rate of faults, and fault length (Rüpke & 429 

Hasenclever, 2017). Such studies are missing at rifted margins but similar factors may have controlled 430 

serpentinization at the DGM. The interplay between these different factors tends to be complex, 431 

especially in the final stages of rifting when crustal deformation is accommodated by complex faulting 432 

that weakens the correlation between serpentinization and the heaves of the current block-bounding 433 

faults that form the S-surface. It is also possible that the volume that we use for averaging is not fully 434 

representative of the serpentinization beneath S at a given location. 435 

 436 
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 437 

Figure 9| . The top figure (a) shows depth variation of the S surface in 3D with fault intersection marked 438 
in solid black lines except for fault 5.4.1, which is marked as a dashed line. Magenta arrows mark the 439 
corrugation direction, black arrow points toward the deeper sea and red arrow points in the north 440 
direction. The bottom figure (b) is the perspective view of the S reflector in the same orientation as in 441 
the top figure, with colour scale showing serpentinization percentage of the upper mantle (~340 m 442 
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below S) and fault intersections marked in red. The z-axis is depth in km with deeper features 443 
(topographic highs) showing lower serpentinization. Horizontal axes are same as in figure 3. 444 

4.5  S-surface morphology  445 

The pattern of serpentinization shows a good correlation with the topography of the S-reflector with 446 

deeper features showing lower serpentinization locally (Figure 9). Such a correlation between high-447 

relief on S and serpentinized area suggests a relationship between the morphology of the S and 448 

serpentinization process. Perhaps the morphology of S may be attributed, at least in part, to the change 449 

in volume resulting from serpentinization (Graham, 1917), especially given the heterogeneous 450 

serpentinization pattern that we evidence (Figure 9). Serpentinization can increase the volume of the 451 

rocks by ~40 %, and such a large increase could result in changes in the structure of a bounding surface 452 

due to buoyancy (Germanovich et al. 2012; Lister, 1974) as well as by simple vertical expansion. In 453 

either case, the serpentinization process may have affected the topography of the S-surface by uplifting 454 

the overlying thin crustal section. This correlation is also consistent with our attribution of the velocity 455 

reduction in the uppermost mantle primarily to serpentinization, and inconsistent with the idea that the 456 

velocity reduction is due to residual fracture porosity (Korenaga, 2017).  457 

The normal faults intersect the top of S at local highs implying that tectonic deformation also played an 458 

important role in shaping the S surface. In a tightly coupled system (Lymer et al., 2019; Perez-Gussinye 459 

& Reston, 2001) uplift of the faults’ footwall could directly include the serpentinizing mantle (pulling 460 

up the mantle rocks which are undergoing serpentinization), but even if coupling was restricted to the 461 

crust once the underlying mantle was weakened by serpentinization, the uplift would create the space 462 

beneath the footwall into which weak serpentinites might flow. We suspect that both processes occurred 463 

to some extent. The effect is apparent along the fault intersection 6.4 which forms a ridge of 464 

serpentinites between two low lying areas on either side (Figure 9). However, the uplift of S is not 465 

transmitted through the crust as there is no correlation between the depth of S and either the top of the 466 

crystalline crust (Figure 2a and 3a), or the base of the postrift section (top of the faulted layer – Lymer 467 

et al., 2019). Given our understanding that serpentinization was not present before rifting (e.g., Bayrakci 468 

et al., 2016), this lack of correlation suggests that the uplift and hence the serpentinization occurred 469 

during rifting when the faults were tectonically active and transported water to the mantle serpentinizing 470 

it.  471 

The depth of the S-reflector changes drastically from south to north seawards beyond the fault 472 

intersection 6.4, with deeper reflections in the south (Figure 9). This change roughly coincides with the 473 

change in the direction of rifting from E-W to ESE-WNW seawards of the fault intersection 6.4 474 

(magenta arrows in Figure 9a) deduced from the orientation of corrugations observed on the S surface 475 

in the 3D migrated seismic volume (Lymer et al., 2019; Schuba et al., 2018). This observation suggests 476 

that the direction change of rifting might have affected the dynamics of extension in the south and north 477 

differently, thereby the large-scale morphology of the S (Figure 9). Our images indicate that the 478 
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serpentinization process, crustal deformation, and rifting direction controlled the S surface's 479 

morphology. However, contributions from other parameters like lithosphere strength, speed of 480 

extension, and rift obliquity cannot be ignored. The interactions between different controlling 481 

parameters and feedback between them make it extremely difficult to study their individual influence 482 

on the development of the S (Brune, 2016; Peron-Pinvidic et al., 2019). 483 

5. Conclusions 484 

We have presented a 3D FWI model along three profiles 185, 325 and 445 oriented in the East-West 485 

direction and discussed the nature of the hyperextended crust and exhumation of the lower crust during 486 

the late stages of extension at the DGM. We have explored variations in velocity at the top of the 487 

crystalline crust, the S-reflector and in the mantle at 100 ms depth below the S-reflector. Based on our 488 

results, we conclude the following: 489 

1. The mean velocity of the crystalline crust in the DGM (~ 6 km/s) matches closely with global 490 

averages at a depth of 10 km in extended continental crust. The velocities in the crystalline crust 491 

vary between ~4.75 and 6.7 km/s, matching closely those observed in the neighbouring SIAP 492 

and GIB. Within the crystalline crust, we find little evidence for distinct upper and lower crustal 493 

layers.  494 

2. At the top of the crystalline crust a layer with a high velocity gradient is identified where the 495 

crystalline crust thickness is greater than 2 km, that we attribute to fracturing and related 496 

mechanisms at the top of the crystalline crust. 497 

3. The 6.6 km/s velocity contour shallows under the footwall of the overlying normal faults, 498 

consistent with local exhumation of the lower crust under the footwall of the normal faults to 499 

accommodate extension. 500 

4. A good alignment between the serpentinization areas and block bounding fault intersections 501 

support the idea that faults played a key role in transporting the water to the upper mantle. 502 

However, a weak correlation between the degree of serpentinization and fault heaves suggests 503 

that fault permeability is controlled also by other factors.  504 

5. Water transport was controlled by the overlying active faults, which rotated to low angles 505 

during extension, but lateral water transport along the S reflector was limited. Lack of 506 

correlation between the S-surface morphology, the top of the crystalline crust and the base of 507 

the post-rift sediment suggests serpentinization occurred before deposition of the post-rift.  508 

6. A good match between the velocity variations just below the S-reflector and the topography of 509 

S may be attributed to variable buoyancy of serpentinite and to deformation in the overlying 510 

crust. 511 

 512 
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Data Availability 513 

The multichannel seismic data set used for this study can be found online 514 

(https://doi.org/10.1594/IEDA/500151). The OBS data underlying this paper can be found at 515 

https://doi.pangaea.de/10.1594/PANGAEA.940656.  516 
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