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Abstract

The terrestrial planetary bodies display a wide variety of surface expressions and histories of volcanic and tectonic, and magnetic

activity, even those planets with apparently similar dominant modes of heat transport (e.g., conductive on Mercury, the Moon,

and Mars). Each body also experienced differentiation in its earliest evolution, which may have led to density-stabilized

layering in its mantle and a heterogenous distribution of heat-producing elements. We explore the hypothesis that mantle

structure exerts an important control on the occurrence and timing of geological processes such as volcanism and tectonism.

We investigate numerically the behavior of an idealized model of a planetary body where heat-producing elements are assumed

to be sequestered in a stabilized layer at the top or bottom of the mantle. We find that the mantle structure alters patterns of

heat flow at the boundaries of major heat reservoirs: the mantle and core. This modulates the way in which heat production

influences geological processes. In the model, mantle structure is a dominant control on the relative timing of fundamental

processes such as volcanism, magnetic field generation, and expansion/contraction, the record of which may be observable on

planetary body surfaces. We suggest that Mercury exhibits characteristics of shallow sequestration of heat producing elements

and that Mars exhibits characteristics of deep sequestration.
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Key Points: 10 

• The distribution of heat-producing elements within a planetary mantle controls relative 11 

timing of volcanism, tectonism, and magnetism. 12 

• The geological histories of the Moon and Mars suggest deep sequestration of heat-13 

producing elements. 14 

• The geological history of Mercury suggests shallow sequestration of heat-producing 15 

elements. 16 

  17 



manuscript submitted to Journal of Geophysical Research: Planets 

 

Abstract 18 

The terrestrial planetary bodies display a wide variety of surface expressions and histories 19 

of volcanic and tectonic, and magnetic activity, even those planets with apparently similar 20 

dominant modes of heat transport (e.g., conductive on Mercury, the Moon, and Mars). Each body 21 

also experienced differentiation in its earliest evolution, which may have led to density-stabilized 22 

layering in its mantle and a heterogenous distribution of heat-producing elements. We explore 23 

the hypothesis that mantle structure exerts an important control on the occurrence and timing of 24 

geological processes such as volcanism and tectonism. We investigate numerically the behavior 25 

of an idealized model of a planetary body where heat-producing elements are assumed to be 26 

sequestered in a stabilized layer at the top or bottom of the mantle. We find that the mantle 27 

structure alters patterns of heat flow at the boundaries of major heat reservoirs: the mantle and 28 

core. This modulates the way in which heat production influences geological processes. In the 29 

model, mantle structure is a dominant control on the relative timing of fundamental processes 30 

such as volcanism, magnetic field generation, and expansion/contraction, the record of which 31 

may be observable on planetary body surfaces. We suggest that Mercury exhibits characteristics 32 

of shallow sequestration of heat producing elements and that Mars exhibits characteristics of 33 

deep sequestration. 34 

Plain Language Summary 35 

The surfaces of Mercury, the Moon, and Mars have been shaped by volcanism, global 36 

expansion and contraction, and the effects of magnetic fields. These three bodies also underwent 37 

differentiation shortly after they formed, possibly resulting in distinct layers within their mantles 38 

as well as preferential sequestration of the radioactive, heat-producing elements primarily in one 39 

layer. We delve into the hypothesis this layering plays a pivotal role in determining when 40 

geological processes such as volcanic eruptions and global expansion and contraction can occur. 41 

We use numerical models to simulate heat transport processes in a simplified planet with the 42 

heat-producing elements sequestered in a stabilized layer either at the top or the bottom of the 43 

mantle. We find that layering in the mantle and sequestration of heat-producing elements 44 

changes the way that a planet’s mantle exchanges heat with the planet’s core and the surface, 45 

influencing the relative timing of volcanic activity, global tectonics, and magnetic field 46 

generation, all of which can leave observable imprints on planetary surfaces. We propose that 47 
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Mercury’s geological history is consistent with heat-producing elements locked into a layer at 48 

the top of its mantle, whereas the geological history of Mars is consistent with a deeper 49 

distribution. 50 

 51 

1 Introduction 52 

The surfaces of the terrestrial planetary bodies record a wealth of information about their 53 

geologic histories, especially their volcanic, tectonic, and magnetic activity. To connect these 54 

geological histories to the evolution of the planets, it is important to identify the major 55 

parameters which characterize planetary evolution and map out evolutionary regimes and their 56 

geological consequences within this parameter space.  57 

While the presence of plate tectonics on Earth (and possibly ancient Venus) complicates 58 

comparison to the one-plate bodies (Mercury, the Moon, and Mars), there is substantial 59 

variability in the timing, activity, and style of volcanism, global tectonism, and magnetic field 60 

generation for the single-plate bodies alone (e.g., Solomon, 1978; Carr and Head, 2010; Tosi and 61 

Padovan, 2021; Tikoo and Evans, 2022). The Moon and Mercury experienced flood volcanism 62 

which peaked after an early period of low activity (and an earlier stage of crust-building) and 63 

then waned over billions of years (Byrne et al., 2016; Head et al., 2023) whereas the volcanic 64 

history of Mars (Carr and Head, 2010) prominently features plume-style volcanism which built 65 

enormous volcanic provinces and associated edifices such as Olympus Mons (Werner et al., 66 

2009). Both the Moon (Tikoo and Weiss, 2014) and Mars (Acuna et al., 1999) generated strong 67 

early magnetic field dynamos that are not presently active. Mercury, on the other hand, has a 68 

magnetic field today and crustal remanent magnetization provides evidence for a magnetic field 69 

throughout much of Mercury’s evolution (Ness, 1979; Johnson et al., 2016). Tectonically, 70 

Mercury’s surface is cut by many wrinkle ridges, interpreted to indicate substantial global 71 

contraction beginning in its early history (Watters and Nimmo, 2010; Byrne et al., 2014; Watters 72 

et al., 2015; Crane and Klimczak, 2017). The Moon experienced expansion in its early history 73 

(Solomon and Head, 1980; Andrews-Hanna et al., 2013), with limited global contraction 74 

occurring later (Nahm et al. 2023). Interpretation of Mars’s tectonic history is complicated by 75 

volcanic resurfacing but there is evidence of both expansion and contraction (Nahm and Schultz, 76 

2011; Andrews-Hanna and Broquet, 2023). This observable variations in magnetic, volcanic, and 77 
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tectonic (expansion/contraction) activity provides the opportunity to evaluate these three bodies 78 

comparatively in order to understand the dominant factors which led to divergence in their 79 

evolutions. 80 

Mercury, the Moon, and Mars also vary widely in chemical composition, notably in 81 

metal-silicate ratio and in oxygen fugacity, which exerts an important control on mantle 82 

geochemistry (Cartier and Wood, 2019). Separation of different phases during early 83 

differentiation of the mantle can produce heterogeneity in both bulk composition and trace 84 

element content (Figure 1). For the Moon and Mars, magma ocean solidification would have co-85 

concentrated the heat producing elements (HPE: uranium, thorium, and potassium) with high-86 

density iron; this process is suggested to have formed the KREEP material on the Moon (Warren 87 

and Wasson, 1979) and a deep heated layer on Mars (Elkins-Tanton et al., 2003). On Mercury, 88 

solidification of its highly reduced, iron-poor magma ocean likely co-concentrated HPE with 89 

low-density sulfur, potentially even forming HPE-rich sulfides (Boukare et al., 2019). The 90 

variation of density in magma ocean cumulates could plausibly result in stabilized long-term 91 

mantle layering (Kellogg et al, 1999; Tosi et al., 2013; Zhang et al., 2017), sequestering HPE at 92 

  
 
Figure 1. Schematic diagram of the generation of stable compositional structure in the mantle 
through crystallization of a magma ocean, including deep or shallow sequestration of heat-
producing elements. 
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the top or bottom of the mantle over large portions of a planet’s history. Figure 1 illustrates how 93 

differentiation through a magma ocean phase might result in a layered mantle, depending on 94 

whether crystals can physically separate from the melt, whether late cumulates are denser or less 95 

dense than early cumulates, and whether heterogeneity can be preserved despite later mantle 96 

convection. 97 

The resulting distribution of HPE is particularly important for subsequent geodynamical 98 

evolution. Predictions of the geological and geodynamical consequences of sequestered HPE 99 

exist for several specific scenarios. The influence of HPE-rich material at the core-mantle 100 

boundary on magnetic field generation, global tectonics, and volcanism has been explored for the 101 

Moon (Stegman et al., 2003; Zhang et al., 2013; Hess and Parmentier, 1995) and Mars (Elkins-102 

Tanton et al., 2005; Plesa et al., 2014; Samuel et al., 2021); deep HPE have a particularly strong 103 

influence on core evolution. Partial shallow sequestration of HPE by incorporation of HPE-rich 104 

material in the lithosphere has been explored for Mercury (Peterson et al., 2021), the Moon 105 

(Wieczorek and Phillips, 2000), and Mars (Plesa et al., 2018); these treatments show that mantle 106 

convective evolution is especially affected. Collectively, these themes demonstrate that the 107 

spatial distribution of HPE can have enormous influence on the timing and vigor of geological 108 

processes that are driven by heat transfer, including volcanism, magnetic field generation, and 109 

global tectonic processes such as expansion and contraction. These results have motivated us to 110 

undertake a more generalized evaluation of the influence of compositional structure, and in 111 

particular of sequestered heating, on planetary geological evolution among different planetary 112 

bodies. 113 

We present a first step toward such a picture, with a focus on situations in which heat 114 

transport has been dominated by heat conduction and mantle solid-state convection (vs. plate 115 

tectonics or volcanic heat-piping). We conceptualize a planet’s high-level magnetic, volcanic, 116 

and tectonic evolution through four geologically important transitions: 117 

(1) The development of solid-state mantle convection, 118 

(2) The cooling of the mantle to be sub-solidus everywhere, 119 

(3) The onset of core cooling, and 120 

(4) The onset of net planet cooling (surface heat loss exceeds internal heat production). 121 
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Transitions (1) and (2) define two phases of potential mantle melting with very different 122 

predicted surface expressions according to the source of energy for melt production. Transition 123 

(3) marks the beginning of conditions favorable for magnetic field generation, while transition 124 

(4) approximates the time of transition from planetary global net expansion to net contraction. 125 

The relative timing of transitions (1)-(4) provides a framework to evaluate the coexistence and 126 

therefore potential for interaction between magnetic, volcanic, and tectonic activity. For 127 

example, a planet in which the core begins to cool before the mantle becomes subsolidus might 128 

retain a remanent magnetic signature in its volcanic deposits, whereas no contemporaneous 129 

volcanic and magnetic activity is possible if the mantle is subsolidus by the time core cooling 130 

begins. Similarly, if a planet begins to cool before (2), one or both volcanic eras may occur in a 131 

state of lithospheric compressional stress; if the transition from warming to cooling occurs after 132 

(2), volcanism should occur in a state of lithospheric extension. 133 

To understand the influence of planetary compositional structure on the relative timing of 134 

the geologically important transitions, we explore the concentration of heat production at the top 135 

or bottom of the model mantle, varying widely its intensity as well as other important parameters 136 

such as mantle Rayleigh number and core size; results are given in Section 3. The simplicity of 137 

the model permits investigation of the influence of the model planet structure on the resulting 138 

evolution, presented in Section 4. Finally, in Section 5, we discuss the implications of our 139 

findings for terrestrial planets and whether the disparate geological evolutions of Mercury, the 140 

Moon, and Mars might be a consequence of their bulk geochemistry and early differentiation. 141 

2 Methods 142 

As part of this work, we aim to define the important parameters characterizing planetary 143 

evolution in light of potential mantle layering resulting from early differentiation. We approach 144 

this goal by evaluating the evolution of a highly simplified planet. We first present our 145 

conceptual model of an idealized planet, then describe the physical model that we use to evaluate 146 

its evolution, followed by the details of our numerical implementation of the physical model. 147 

Finally, we describe the parameter space that we explore. 148 

2.1 Conceptual model: We consider a planet to consist of a region representing the 149 

mantle through which heat may be transported by thermal convection or conduction overlying a 150 
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heat reservoir representing the core. We compare three endmember scenarios for mantle 151 

structure, which are illustrated in Figure 2: a) one homogenous scenario in which the mantle is 152 

fully mobile and uniformly heated, b) one layered scenario in which all HPE are concentrated in 153 

an immobile layer at the top of the mantle, and c) another layered scenario in which all HPE are 154 

concentrated in an immobile layer at the bottom of the mantle. 155 

2.2 Physical model: We model the evolution of the idealized mantle using a thermal 156 

convection model, which is 2-D and time-dependent. We ensure that we are in the 157 

incompressible Stokes regime, in which inertia and compressibility effects are unimportant. 158 

Velocities are enforced to be zero in the stabilized layer, if present. Volumetric heating may be 159 

spatially heterogenous and decays exponentially over time. The core is modeled as an isothermal 160 

heat reservoir, with a constant temperature which is equal to its heat content divided by its total 161 

heat capacity. The evolution of the system is governed by the conservation of mass, momentum, 162 

and heat, described by equations 1-4 in dimensionless form:  163 

∇ ⋅ 𝑢$∗ 	= 	0 (1) 

∇"𝑢$∗ − ∇𝑃∗ + 𝑅𝑎 ⋅ 𝑇∗ ⋅ 𝑒̂# = 0 (2) 

𝜕𝑇∗

𝜕𝑡∗ +
(𝑢$∗ ⋅ ∇)𝑇∗ = ∇"𝑇∗ +

𝜏$
𝜏%
⋅ 𝑓(𝑧∗) ⋅ 2

& '!
'"/$

	)∗
 

(3) 

𝜕𝑇*∗

𝜕𝑡∗ =
1
𝐶 ⋅

𝜕𝑄*∗

𝜕𝑡∗  
(4) 

where 𝑢$∗ is velocity, P* is pressure, T* is mantle temperature, 𝑒̂# is the unit vector in the 164 

direction of gravity, 𝑡∗ is time, T+∗ is core temperature, and Q+∗ is core sensible heat (asterisks 165 

indicating nondimensionalized variables). 𝐶 = ,&
,'

 is the total heat capacity of the core relative to 166 
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that of the mantle. The Rayleigh number is 𝑅𝑎 = -./01(

23
 where 𝜌 is mantle density, 𝑔 is 167 

acceleration due to gravity, 𝛼 is mantle thermal expansivity, Θ is a characteristic temperature, 𝐿 168 

is the scale length of the mantle (the height in rectangular geometry, or the volume divided by 169 

the surface area in a curved body), 𝜇 is mantle viscosity, and 𝜅 is mantle thermal diffusivity. The 170 

spatial distribution of HPE is described by a function 𝑓, which for the homogenous scenario is 171 

equal to 1 everywhere and for the layered scenarios is equal to 𝐿/𝑑 in the heated layer and zero 172 

elsewhere. Each 𝜏 is a characteristic timescale of the system; 𝜏$ =
1$

4
 is the mantle diffusive 173 

timescale; τ% =
05'
%)

 is the radiogenic heat production timescale where 𝐻6 is the initial total 174 

volumetric heating rate (longer means weaker heating); 𝜏7/"  is the radiogenic half-life (longer 175 

means slower decay). All symbols are also defined in Table 1.  176 

The top boundary of the system is maintained at a constant temperature to reflect 177 

radiative equilibrium at the planet’s surface. As in a one-plate planet with a liquid outer core, the 178 

flow boundary conditions are no-slip at the top and free-slip at the bottom. The left and right 179 

boundaries are periodic for both temperature and velocity. The core and mantle are coupled by 180 

continuity of heat flux and temperature at the bottom boundary of the mantle; heat flux changes 181 

core heat while the evolving core temperature is used to set the mantle bottom temperature. The 182 

mantle and core initially have the same uniform temperature, Θ (slightly perturbed to allow 183 

 
Figure 2. Conceptual sketch of model setup and illustration of mantle structure scenarios. 
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instabilities to develop), reflecting a well-184 

mixed thermal state following magma 185 

ocean solidification. 186 

2.3 Model parameterization: Equations 187 

(1)-(4) imply that the behavior of the 188 

system is governed by five nondimensional 189 

numbers: the Rayleigh number, τ9/τ%, 190 

𝑑/𝐿, 𝐶 = 𝐶*/𝐶:, and τ9/τ7/". To 191 

understand the influence of each 192 

nondimensional number, we computed the 193 

evolution of 150 models with parameters 194 

chosen from a range of values appropriate 195 

for the terrestrial planetary bodies, 196 

summarized in Table 2. The Rayleigh 197 

number controls the relative influence of 198 

conductive and convective heat transport in 199 

the mantle (higher values mean more 200 

convective transport). We explore sluggish 201 

to moderately vigorous convection (𝑅𝑎 =202 

10; − 10<) to encapsulate variation in 203 

properties such as mantle viscosity, 204 

acceleration due to gravity, and mantle 205 

thickness. The ratio τ9/τ% controls the 206 

relative influence of heat transport and 207 

radiogenic heat production (higher values 208 

mean stronger heat generation). We explore 209 

heat production ranging from none to very 210 

strong (τ9/τ% = 0, 3.8, 7.7, 11.5, 211 

and	15.4); heating may be distributed uniformly or concentrated into the stabilized layer at the 212 

top or bottom of the mantle (i.e., three configuration scenarios). We consider a thick or thin 213 

 Symbol Units Meaning 

Ph
ys

ic
al

 p
ro

pe
rt

ie
s  

𝛼 - thermal 
expansivity 

𝐶:, 𝐶*  J/K mantle, core total 
heat capacity 

𝑔 m/s2 gravitational 
acceleration 

𝐻6 W initial total rate of 
volumetric heating 

𝜅 m2/s thermal diffusivity 
𝐿 m mantle height 
𝜇 Pa.s mantle viscosity 
𝜌 kg/m3 mantle density 
Θ K initial temperature 

Sy
st

em
 p

ro
pe

rt
ie

s  
𝐶 = ,&

,'
  - core size (relative 

heat capacity) 
𝑑/𝐿 - immobile mantle 

fraction 
𝑓 = 1 or  
𝑓 = 0, 𝐿/𝑑 

- spatial HPE 
distribution 

𝑅𝑎 = -./01(

23
  - Rayleigh number 

𝜏7/" s radiogenic decay 
half-life 

𝜏$ =
1$

4
  s mantle diffusive 

timescale 
𝜏% =

0,'
%)

  s radiogenic heat 
production 
timescale 

M
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𝑃∗ = 𝑃	τ9/µ - pressure 

𝑄*∗ = 𝑄*/Θ𝐶: - core sensible heat 

𝑡∗ = 𝑡/τ9 - time 

𝑇∗ = 𝑇/Θ - mantle temperature 

𝑇* = 𝑇*/Θ - core temperature 

𝑢$∗ =	𝑢	Pτ9/L - velocity 

𝑧∗ = 	𝑧/L - vertical coordinate 
 
Table 1. Meanings of symbols used.  
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stabilized layer (𝑑/𝐿 = 7
=
, 7
;
) and a small or large core relative to the mantle, in terms of heat 214 

capacity (𝐶 = 0.2, 2). We do not vary the size of the mantle, so variation in the core total heat 215 

capacity is coupled to variation in planet size; because we are not investigating core cooling 216 

beyond the time of onset, this coupling does not appear to be very important. Finally, we 217 

consider a fixed half-life of radiogenic decay relative to the diffusive timescale (τ9/τ7/" = 6.3); 218 

this number controls the degree to which radiogenic heat can build up (high values mean that 219 

heat can build up). With a radiogenic decay half-life of 1.75 Gy and a rectangular mantle with a 220 

thermal diffusivity of 10-6 m2/s, this value corresponds, for example, to a planet with a mantle 221 

thickness of 600-1800 km (τ9/τ7/" = 1 with a mantle thickness of approximately 240 km). 222 

Alternatively, τ9/τ7/" = 6.3 for a radiogenic decay half-life of 0.7 My and a mantle thickness of 223 

12-36 km. A high value of τ9/τ7/" ensures that our models run in a regime where radiogenic 224 

heat can build up; the terrestrial planetary bodies all have mantles much thicker than 240 km, so 225 

they are all in this regime. We note that direct scaling of our model evolutions to a much larger 226 

planet would necessarily imply unrealistically long-lived radiogenic heat production. However, 227 

our primary conclusions concern the limiting heat transport processes in different scenarios; we 228 

expect these to be relevant within the regime of large τ9/τ7/". 229 

In order to isolate the influence of mantle structure on the model’s evolution, our idealized planet 230 

model includes three important simplifying assumptions. We have designed our numerical 231 

experiments in such a way that our results nevertheless provide insights as to the interaction of 232 

mantle structure with features of a more complex system. First, we assume that viscosity and 233 

thermal conductivity are constant in the mantle. Our calculations consider a range over two 234 

orders of magnitude in mantle viscosity (through its influence on the Rayleigh number), allowing 235 

us to relate our results to the behavior of a system that becomes more viscous as it cools, while 236 

Parameter Meaning Values considered 
𝑅𝑎 Rayleigh number 10;, 10>, 10< 

τ9/τ% Heating strength 0, 3.8, 7.7, 11.5, and	15.4 
𝑑/𝐿 Stabilized layer thickness 1/8, 1/4 
𝐶 Core size (heat capacity) 0.2, 2 

Table 2. Varied parameters. Three models (top-heated, bottom-heated, and homogenous) were 
run for each combination. 
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the top-heated scenarios provide insight into the insulating effects of crust/regolith/stagnant lid 237 

development.  Second, we model the mantle in cartesian geometry. The effects of planetary 238 

curvature, which alters the relative efficiency of extraction of deep heat, can be understood by 239 

considering the effect of core total heat capacity, which we vary widely. Finally, we assume that 240 

mantle heat is transported only by conduction and thermal convection. Melting and melt 241 

transport are not modeled, nor are the effects of an initial temperature gradient (e.g., a 242 

superheated core). Our modeled evolutions provide a baseline view on which more complex 243 

scenarios of heat transport can be evaluated. 244 

Our approach permits a step toward understanding the influence of mantle layering on planetary 245 

evolution, while also providing insight into when and how more complex processes might 246 

interact with mantle layering. The importance of each additional complexity is not the same 247 

across the different mantle structure scenarios, and so this work can guide future endeavors in 248 

modeling layered systems. The implications of our work for systems closer to the complexity of 249 

real planetary interiors are discussed in detail in Section 5. 250 

2.4 Model implementation: We implemented the models of both temperature advection-251 

diffusion and material flow velocity using Lattice Boltzmann methods. This methodology 252 

conceptualizes the physical world as statistically describable populations of particles that move 253 

and interact on a grid, conserving momentum and energy (He and Luo, 1997). We use a multi-254 

distribution function approach to model thermal convection (Huber et al., 2008) with a heat 255 

source based on the radiogenic heating rate. We also implement the buoyancy force (thermal 256 

perturbation with temperature-dependent density leads to a body force 𝐹 = 𝜌𝑔 = 𝜌6𝑔𝛼(𝑇 − 𝑇6)) 257 

as in He and Luo (1998). We verified our implementations against analytical solutions to 258 

simplified problems, as well as published numerical benchmarks for thermal convection 259 

(Blankenbach et al., 1989); heat transport predicted by our model approached the benchmarked 260 

values within 0.9% for Ra=104-106. 261 

Lattice Boltzmann methods (LBM) are computationally efficient and can be both flexible 262 

and simple to implement. However, LBM have not routinely been applied to geodynamical 263 

problems in part because typical LBM implementations of thermal convection are generally 264 

limited to a Prandtl number of approximately 1. Some LBM work has explored higher Prandtl 265 
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number simulations in which inertial and compressibility effects are negligible (Mora and Yuen, 266 

2018; Chen et al., 2023) but this typically becomes computationally challenging because the 267 

numerical timestep must be very small in order to keep model velocities (and therefore Reynolds 268 

and Mach numbers) very small.  269 

To approximate flow in the regime of large Prandtl number, as is appropriate for 270 

planetary mantles, we have developed a new technique to reduce the influence of inertia and 271 

compressibility. In summary, instead of using a very small time step, we achieve low velocities 272 

(and therefore low Mach and low Reynolds numbers) by scaling down forces and solving for the 273 

steady state velocity field. This approach is mathematically permissible because in the limit of 274 

incompressibility and infinite Prandtl number, Stokes flow is quasistatic, implying that the 275 

magnitude of velocities is exactly proportional to the magnitude of driving forces. For 276 

computational efficiency, we use a larger timestep for the momentum conservation solver than 277 

the heat transfer solver. We verified that this technique does not result in substantial difference in 278 

results for several model parameterizations. 279 

The spatial resolution of our numerical model is chosen so that important features of the 280 

model, such as the convective boundary layers and the imposed layering in the model, are 281 

resolved with at least 7 nodes (most commonly at least 10); the grid size used in our models 282 

ranges from 100x424 to 200x1131. All models are run with an aspect ratio of 4√2: 1 in the 283 

mobile region of the mantle to minimize the influence of box size on convective vigor when 284 

comparing different mantle structural scenarios. The temporal resolution of our models is 285 

chosen, in concert with the spatial resolution, to maintain the model velocities low enough to 286 

satisfy the Courant-Friedrichs-Lewy condition for stability (Courant et al., 1928). 287 

3 Model results 288 

We use variables extracted from timeseries data from the modeled planet evolutions to 289 

evaluate the consequences of mantle structure for planetary evolution as described by the relative 290 

timing of the four geologically important transitions: (1) the development of mantle convection, 291 

(2) the mantle cooling to subsolidus, (3) the onset of core cooling, and (4) the onset of net planet 292 

cooling. For each model planet, we track over time the maximum (over depth) horizontally 293 
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averaged advective heat flux in the mantle, the quantity of heat stored in the model mantle, and 294 

the quantity of heat stored in the model core.  295 

 
 
Figure 3. Timeseries results for an example trio of models (𝑅𝑎 = 10>, initial 𝜏$/𝜏% = 11.5, 
d/L = 1/8, 𝐶 = 2). Panel (A) shows maximum horizontally averaged heat flux. Panel (B), (C), 
and (D) show mantle, core, and total planet heat, respectively. Stars indicate the geologically 
relevant timescale measured from the timeseries: development of convection in (A), time when 
average mantle temperature drops below 0.8 in (B), and transition from warming to cooling in 
(C) and (D). (E)-(G) show temperature field at 𝑡/𝜏$ = 0.25 for each model. 
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As illustrated in Figure 3, we identify each of the four geological transitions of interest 296 

with a feature measurable in these timeseries. 297 

(1) Development of mantle convection: the first peak in advective heat flux (Figure 3A). 298 

(2) Mantle cooling to subsolidus: the time when the mantle heat decreases to 80% of its initial 299 

value (Figure 3B). 300 

(3) and (4) Onset of net core and planet (core + mantle) cooling: the time of peak sensible 301 

heat content of these thermal reservoirs (Figure 3C, 3D).  302 

We note that all models experience a brief initial period of net planet cooling (see Figure 303 

3D) as the initially thermally uniform mantle develops its upper thermal boundary layer. In order 304 

to capture the long-term characteristics of the system, we choose a peak in heat content after the 305 

cooling behavior is no longer dominated by this period of initial equilibration, which we define 306 

to end when internal heat production would exceed top heat loss, assuming half-space cooling. 307 

This ensures that we are capturing the effectiveness of transport of radiogenic heat by the system 308 

rather than just the efficiency of heat loss by half-space cooling at the top of the mantle. This 309 

also results in an initial decrease in mantle heat; we chose 80% of the initial heat as the model 310 

threshold for a subsolidus mantle to be low enough to capture long-term evolutionary processes 311 

rather than this short-term response to the initial conditions. 312 

Timeseries of vertical heat flux and mantle, core, and planet heat and the derived 313 

transition times are illustrated for a reference trio of model planets in Figure 3.  In this example, 314 

the simulations are run with identical Rayleigh number, core size, and total heat production (and 315 

therefore they are energetically similar). They differ only in mantle structure; one is 316 

homogenous, one has all HPE sequestered in a stabilized layer at the top of the mantle (top-317 

heated), and one has all HPE sequestered in a stabilized layer at the bottom of the mantle 318 

(bottom-heated). In this reference trio, the evolution of the top-heated model exhibits a late (and 319 

low) peak in advective heat flux compared to the other two scenarios but a relatively early onset 320 

of planet and core cooling. The evolution of the bottom-heated model exhibits early development 321 

of convection, similar to the homogenous scenario, but is different in that it experiences a 322 

prolonged period of core and planet warming, while also losing heat from the mantle much 323 

earlier than in the other two scenarios. These reference outputs are also characteristic of the 324 

model results more broadly. 325 
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Figure 4 illustrates the relative timing of the four transitions of interest for our full suite 326 

of modeled evolutions; these times and the model parameterizations are also provided in 327 

Supplemental Table 1. Several features are particularly notable. Top-heated models exhibit early 328 

net planet and core cooling relative to the development of mantle convection, whereas 329 

homogenous and bottom-heated models develop convection at the same time as (or well before) 330 

the core and planet begin to cool down in all but the most sluggish, weakly heated cases. Top-331 

heated and homogenous models experience net planet and core cooling before their mantles lose 332 

20% of their initial sensible heat, whereas bottom-heated models display a range of behavior, 333 

with some losing mantle heat very early relative to the core (and overall planet) and others 334 

retaining it long after the core and planet have begun to cool down. It is worth noting that the 335 

duration of the period between the development of convection and the loss of 20% of the initial 336 

sensible heat of the mantle corresponds to the distance from the diagonal on these diagrams, so it 337 

can be seen that in many scenarios (those above the diagonal), the mantle gets cold enough to 338 

 
Figure 4. Timing of the transition from warming to cooling of model planets (A, tplanet cooling) 
and cores (B, tcore cooling) relative to the window for potential decompression melting, which 
we define to begin with the development of convection (tconvection) and end when the average 
mantle temperature drops below 0.8 (tcold mantle). Timescales for all model evolutions are 
plotted excepting models which did not experience one of the relevant transitions within the 
time period modeled. Color indicates the scenario: homogenous are blue circles, top-heated 
are red, upward-pointing triangles, and bottom-heated are yellow, downward-pointing 
triangles. The quadrant within which a point falls indicates whether cooling begins before, 
during, or after the decompression melting window (labeled).  
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prevent partial melting before convection develops. These cases all have 𝑅𝑎 = 10;, which 339 

would be unrealistically low for a planet that is still hot. 340 

The modeled evolutions are divided by mantle structure into different evolutionary 341 

regimes regarding the timing of net planet and core cooling relative to the window between the 342 

development of mantle convection and the loss of 20% of the initial mantle sensible heat, which 343 

can be taken as a proxy for the period of potential decompression melting. Most homogenous 344 

scenarios exhibit an onset of core and planet cooling at the beginning of this period, whereas the 345 

onset of core and planet cooling occurs before this period and during or after this period for top 346 

and bottom-heated scenarios respectively.  347 

4 Discussion of Model Results 348 

In this section, we discuss why the relative timing of the four geologically important 349 

transitions in our models depends so strongly on the mantle structure and the distribution of 350 

radiogenic elements.  351 

4.1 Conceptual framework: Planets form with hot interiors due to the energy of 352 

accretion and differentiation (Kaula, 1979). Over time, this heat and the additional heat generated 353 

by radioactive decay is transported to the surface. In planets, as in our model, transport of heat is 354 

driven between the mantle and the surface, and between the core and mantle, by differences in 355 

temperature. Early on in evolution, the temperature difference between the mantle and the 356 

surface is much larger than that between the core and the mantle. As a result, heat is lost from 357 

shallower regions of the planet first; transport of heat from the core requires a temperature 358 

difference between the core and mantle, which requires loss of heat from the mantle. 359 

The location of heat generation in a planet determines the relative timing of loss of 360 

radiogenic heat vs. original heat; the location of heat generation relative to insulation determines 361 

the magnitude of temperature differences necessary to cool the mantle and the core. Heat 362 

generated within the mantle replaces heat that is lost, limiting the development of a temperature 363 

difference between the core and mantle. Furthermore, when heat is dominantly transported by 364 

conduction across convective boundary layers and any stabilized layers (as opposed to volcanic 365 

heat-piping or plate recycling), heat generation within these layers increases the temperature 366 

difference necessary to transport heat from greater depths. Sensible heat can only be lost from 367 
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the mantle to the surface, or from the core to the mantle, through a heated layer if the 368 

temperature difference between the regions is sufficient to drive outward transport of all 369 

radiogenic heat produced in the layer. Similarly, sensible heat can only decrease in a 370 

volumetrically heated mantle when the temperature difference between the mantle and the 371 

surface drives heat transport at a rate which exceeds the rate of heat generation.  372 

We can estimate the temperature difference across a layer which would drive heat flux in 373 

balance with heat production under the assumption of steady-state temperature variation within 374 

the layer (but with time-evolving boundary temperatures and heating rates). We frame this 375 

calculation in terms of timescales of heat production (𝜏%) and heat transport (𝜏)), defined below. 376 

Figure 5 illustrates how the balance of these two timescales gives the temperature difference 377 

necessary to drive loss of radiogenic heat. A larger temperature difference is required with 378 

stronger heat production (smaller 𝜏%) or less effective heat transport (larger 𝜏)), such as would 379 

occur with a thicker insulating layer. If the actual temperature difference between the mantle and 380 

the surface (or the core and the mantle) is larger than this calculated minimum, net cooling of the 381 

mantle (or core) is expected. If the actual temperature difference is s17maller, net warming is 382 

expected due to trapped radiogenic heat. 383 

4.2 Physical framework: The heat production timescale, 𝜏% =
0,'
%)

, is the amount of 384 

time it would take to produce a reference quantity of heat (here, the initial sensible heat of the 385 

mantle, 𝑄6 = Θ𝐶:). To build the heat transport timescale, 𝜏), we define the conductive heat 386 

transport timescale 𝜏4 of a layer with thickness d to be the time it would take to transport that 387 

reference quantity of heat through the layer, assuming steady state, no heat production, and a 388 

driving temperature difference Θ; τ3 = τ$
?
1
 , where τ$ is the diffusive timescale of the mantle.  389 

Then the heat transport timescale of a multi-layer, heated system (such as a stabilized layer over 390 

a convective boundary layer) is the sum of the conductive transport timescales of the individual 391 

layers, each multiplied by a factor 𝐹 indicating the fraction of HPE that are below that layer (1 if 392 

all HPE are deeper, 0.5 if HPE are uniformly dispersed in the layer, 0 if all HPE are shallower); 393 

this factor accounts for the fact that heat is more easily lost when it is closer to the surface. 394 

Conceptually, 𝜏) is the timescale of loss of the produced heat. Mathematically, τ) = ∑ τ3,A𝐹AA .  395 
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We can now relate the timescales of heat production and transport to the temperature 396 

difference necessary to drive loss of radiogenic heat by twice integrating equation (3) across the 397 

layers in question at time 0, assuming 1-D steady state and zero velocity. Integrating B
$C
BD$

+ E!
E*
⋅398 

𝑓(𝑧) = 0 twice with the requirement that heat flux into the bottom of the layers (at  𝑧6) must 399 

balance deeper heat production, we find that Δ𝑇/Θ  =   '!
'*
∫ ∫ 𝑓(𝑥)𝑑𝑥#

6 𝑑𝑧#"
#)

, where 400 

𝜏) = 𝜏$ ∫ ∫ 𝑓(𝑥)𝑑𝑥#
6 𝑑𝑧#"

#)
. Values of 𝜏) for the configurations we model are illustrated and stated 401 

Δ𝑇/Θ = 𝜏)/𝜏% (5) 

 

Figure 5. Temperature difference (normalized to reference temperature Θ) which drives heat 
transport in balance with production, as a function of the timescale of heat production, 𝜏% (higher 
means weaker heating), and the timescale of transport of that heat, 𝜏) (higher means more 
insulating). Color indicates heating strength; warmer colors indicate stronger heat production. 
Expressions for 𝜏) for model scenarios are given on the right. One example is illustrated for 
planetary cooling with the top ¼ of the mantle stabilized (so  𝜏)/𝜏$ = 1/8; dashed line). Since the 
initial normalized mantle temperature is equal to 1 (black solid line), initial planet warming is 
expected for the two most strongly heated cases (𝜏$/𝜏% = 15.4 and 𝜏$/𝜏% = 11.5; dots above 
line), whereas initial planet cooling is expected for the three more weakly heated cases (dots below 
line). This is indeed observed (see Figure 6). 
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in Figure 5. Therefore, heat production and transport will balance when the driving temperature 402 

difference is simply equal to the ratio of the timescales (Figure 5):  403 

We can use equation (5) to understand many aspects of our model behavior by carefully 404 

choosing which layers to describe. For example, to predict the onset of net planet cooling, we 405 

should describe the layers between the mantle interior and the surface: the upper convective 406 

boundary layer in the homogenous and bottom-heated scenarios (𝜏) = 𝜏4,F1) and additionally the 407 

stabilized layer in the top-heated scenario (𝜏) = 0.5 ⋅ 𝜏4,G 	+ 	0 ⋅ 𝜏4,F1; zero in the second term 408 

because all HPE are above the convecting mantle). To predict the onset of core cooling, we 409 

should describe the layers between the core and mantle interior: the bottom convective boundary 410 

layer in the top-heated and homogenous scenarios (𝜏) = 0 ⋅ 𝜏4,HI since approximately all HPE 411 

are above the boundary layer) and additionally the stabilized layer in the bottom-heated scenario 412 

(𝜏) = 𝜏4,HI 	+ 0.5 ⋅ 𝜏4,G). In our models, actual values for 𝜏)/𝜏$ range from approximately 0.05 413 

to 0.5. We can also observe from equation (5) that insulation and heat production may have a 414 

similar effect on planetary heat transport, depending on their geometry.  415 

4.3 Mantle-surface heat transport: We apply this framework to explain the behavior of 416 

our model, first considering the layers controlling heat transport between the mantle and the 417 

surface. This encompasses the stabilized layer in the top-heated case as well as the upper 418 

convective boundary layer. Since these layers control the rate of heat loss from the planet as well 419 

as from the mobile mantle, the timing of planet cooling and development of convection are 420 

controlled by the properties of the layers; these timescales as measured from our model results 421 

are plotted in Figure 6. We observe that for the homogenous and bottom-heated scenarios, 422 

convection develops early except in cases with barely super-critical Rayleigh numbers, while 423 

strong heating may delay planet cooling especially in the bottom-heated case. In contrast, the 424 

onset of convection in the top-heated case is delayed, often even in cases with high Ra number 425 

(akin to lower mantle viscosity), whereas the planet usually cools immediately.  426 

Why does heat production delay convection but not planet cooling in the top-heated 427 

scenario, but have the opposite effect in the bottom-heated scenario? In the top-heated scenario, 428 

radiogenic heat produced in the stabilized layer must be lost before any sensible heat can be 429 

transferred upwards from the mobile mantle or deeper planet. Therefore, the transition to planet 430 

net cooling necessarily precedes the development of convection, which is suppressed by both the 431 
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heating in the top layer and its stagnant nature. In the bottom-heated and homogenous cases, 432 

there is no barrier to loss of heat from the mobile mantle, so convection develops independently 433 

of the transition time from planet warming to cooling, delayed only by boundary layer 434 

development.  435 

Why does strong radiogenic heat production delay the onset of planet net cooling most 436 

effectively in bottom-heated models? The planet is cooling overall when the temperature 437 

difference between the mantle and surface (Δ𝑇:J) is large enough to drive heat loss in excess of 438 

radiogenic production (Δ𝑇:J/Θ > 𝜏)/𝜏%), and warming when the temperature difference is not 439 

large enough (Δ𝑇:J/Θ < 𝜏)/𝜏%). The bottom-heated and homogenous models cover similar 440 

initial values for 𝜏)/𝜏% and the mantle temperature; furthermore, heat production (the primary 441 

control on 𝜏)/𝜏%) decreases exponentially with a fixed half-life in all models, and surface 442 

temperature is fixed. Therefore, the difference in behavior has to do with the time-evolution of 443 

the mantle temperature, illustrated in Figure 7. In homogenous cases, radiogenic heat warms the 444 

mantle, so the mantle temperature is increasing whenever the planet is warming. In the bottom-445 

heated scenario, radiogenic heat is isolated from the convective mantle, so the mantle interior 446 

temperature decreases rapidly at first, whether the planet is warming or not, resulting in less 447 

effective heat transport. Consequently, the bottom-heated models experience longer periods of 448 

 

Figure 6. Time of transition from planet warming to cooling vs. time of development of 
convection for all models, separated by structural scenario (bottom-heated left, homogenous 
center, top-heated right). Each point indicates one model evolution. Marker colors indicate 
initial heating rate, with warmer colors indicating stronger heating; shape indicates Rayleigh 
number. Small markers indicate small cores. Figure 7 provides more data for points highlighted 
in green. 
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warming; some even experience both early and 449 

late cooling when initially heat transport outstrips 450 

production but tapers off rapidly as the mantle 451 

temperature decreases.  452 

4.4 Core-mantle heat transport: We 453 

now consider heat transport between the core and 454 

mantle. The structure of layers at the core-mantle 455 

boundary (the bottom convective boundary layer 456 

and any deep stabilized layer) controls the loss of 457 

core vs. mantle sensible heat, as driven by the 458 

temperature difference Δ𝑇*: across the layers. 459 

This is reflected in the time of the onset of core 460 

cooling relative to the time when the normalized 461 

mantle temperature drops below our chosen 462 

threshold of 0.8 (Figure 8). Unlike the bottom-463 

heated scenario, the top-heated and homogenous 464 

scenarios lack heat production at the core-mantle 465 

boundary, so the core will cool as soon as the 466 

 

Figure 7. Time-evolution of mantle 
temperature (𝑇:J/Θ, equivalent to Δ𝑇:J/Θ) 
for an example model trio (Ra=105, initial 
𝜏$/𝜏% = 11.5, larger core, d=L/4, initial 
𝜏)/𝜏% > 1). Δ𝑇:J is measured from the 
center of the mobile mantle to the surface. 
Bolded sections of the curves indicate net 
warming. 

 

Figure 8. Time when (normalized) mantle temperature drops below 0.8 vs. time when core 
transitions from warming to cooling for all models, split by scenario (bottom-heated left, 
homogenous center, top-heated right). Symbology is same as in Figure 6, except that green 
outlines indicate the model planet experienced warming (𝜏)/𝜏% > Δ𝑇:J at some point).  
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mantle is colder than the core (Δ𝑇*: > 0). In other words, core cooling is delayed only by early 467 

mantle warming and it commences as soon as excess mantle heat is removed. In contrast, for the 468 

bottom-heated scenario, the temperature difference between the core and mantle interior must be 469 

sufficiently large to drive loss of all radiogenic heat through both the stabilized layer and the 470 

bottom boundary layer of convection before the core can cool. The necessary temperature 471 

difference is larger than 0.2 for all our models with non-zero heat production. Consequently, the 472 

mantle temperature will necessarily drop below 80% of its initial temperature before the core can 473 

begin to cool (Figure 9) as long as the timescale of mantle temperature decrease (related to 𝜏) of 474 

the upper boundary) is small relative to the timescale of core temperature increase in response to 475 

top warming (related to core size).  476 

4.5 Consequences of sequestered 477 

HPE: By combining these insights, we can 478 

now explain why the relative timing of the 479 

four geologically important transitions in our 480 

models depends so strongly on the location of 481 

radiogenic elements. Mantle cooling and 482 

convection require net loss of shallow mantle 483 

heat; core cooling requires net loss of deep 484 

mantle heat; planet net cooling requires loss of 485 

radiogenic heat. Convection further requires 486 

development of a temperature difference 487 

across the mobile mantle. When HPE are 488 

sequestered in the shallow mantle, radiogenic 489 

heat must be removed before sensible heat can 490 

be lost from the mobile mantle or deeper. 491 

Therefore, the consequence of shallow HPE 492 

sequestration is an onset of net planet cooling 493 

and sometimes even core cooling before the 494 

development of convection (which marks the 495 

beginning of the era of possible 496 

decompression melting). In the most strongly 497 

 

Figure 9. Mantle mean temperature at the time 
of the onset of core cooling for all models. 
Symbology is same as in Figure 6. 
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heated cases, the radiogenic half-life is the limiting timescale delaying the onset of convection, 498 

leading to the long delays seen in the model results. When HPE are sequestered in the deep 499 

mantle, the reverse is true: mantle sensible heat must be lost before radiogenic heat can be 500 

removed. Therefore, the core and sometimes also the planet can only transition from warming to 501 

cooling once a large quantity of heat has been lost from the mantle, often so much that the 502 

warming-cooling transitions happen after the convecting mantle has cooled to a very low 503 

temperature, after the era of possible decompression melting. Sensible heat removal takes time, 504 

leading to long delays in the onset of core cooling in bottom-heated cases. 505 

In summary, the terrestrial planets contain two important regions through which heat is 506 

transferred by thermal conduction, one at the top and one at the bottom of the mantle. The 507 

structure of these regions, especially in terms of heat production and insulation, can strongly 508 

influence the relevant timescales of planetary cooling and related processes. The similarity in 509 

patterns of behavior between the bottom-heated and homogenous scenarios (with regard to planet 510 

cooling vs. convection) and between the top-heated and homogenous scenarios (with regard to 511 

mantle vs. core cooling) stem from the similarity in layering/heating at the top and bottom of the 512 

mantle, respectively. 513 

5. Implications for planets 514 

In this section, on the basis of our analysis, we offer predictions for the geological 515 

evolution of a typical top-heated vs. bottom-heated planet and discuss the possible relationships 516 

to, and implications for, Mercury, the Moon, and Mars.  517 

Extrapolation from our model results to geological consequences requires care because of 518 

the simplifications made in the model. Conclusions from the model results are primarily based 519 

on the relative importance of heat generation and conductive heat transport at boundary layers at 520 

the top and bottom of the mantle. Since these layers are relatively thin and immobile, neither 521 

curvature nor variable mantle viscosity should affect our conclusions at least at a qualitative 522 

level; we also note that a stagnant lid would have a similar effect to that of an insulating crust. 523 

Melt production changes the relationship between energy change and temperature change, 524 

effectively buffering against mantle warming; we consider this effect qualitatively in the 525 

following discussion, but we note that extension of this work to quantitatively evaluate the 526 

interaction with melting in a similar framework would be a productive avenue of research. The 527 
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transport of potential heat by extraction of HPE-rich melt could be important, but we point out 528 

that crust-building is simply a mechanism by which HPE become stably sequestered at the top of 529 

the mantle. We do not expect transport of the sensible/latent heat of the melt to change our 530 

conclusions qualitatively, since volcanism has transported far less total heat through the 531 

lithosphere than conduction, except in planetary bodies exhibiting extreme activity (i.e., Io, and 532 

perhaps Venus) (Solomon and Head, 1982). 533 

5.1 Geological history of a planet with shallow HPE: In a planet with its HPE 534 

sequestered at the top of its mantle (top-heated), our models predict contemporaneous global 535 

contraction and potential for magnetic field generation and decompression melting (Figure 10A). 536 

Therefore, volcanic units resulting from decompression melting would be younger than any 537 

tectonic features related to global expansion but may be crosscut by compressional features; 538 

furthermore, these units (or contemporaneous basins) may preserve a magnetic signature. The 539 

surface expression of mantle melting 540 

may also be affected by the 541 

compressive stress state of the 542 

lithosphere (e.g., Wilson and Head, 543 

2017). 544 

The delayed development of 545 

convection seen in our top-heated 546 

models indicates that radiogenic heat 547 

produced above the mobile mantle 548 

suppresses convection (as does the 549 

insulation of the stabilized layer); 550 

therefore, the vigor of convection in a 551 

top-heated planet would initially 552 

increase (perhaps from zero) as 553 

radioactive heat production declines. 554 

The opposite (declining convective 555 

vigor) is expected for a homogenous 556 

or bottom-heated planet. Volcanism in 557 

the absence of convection would be 558 

 

Figure 10. Sketch of predicted geological evolution for 
a typical top-heated (A) vs. bottom-heated (B) planet. 
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possible in a top-heated planet if radiogenic heat in excess of that which can be conducted 559 

through the crust resulted in melting (as has been suggested for the Moon; e.g., Wieczorek and 560 

Phillips, 2000).  A top-heated planet without initial excess radiogenic heat (𝜏)/𝜏% < 1) would 561 

experience only a convection-driven volcanic phase. However, a top-heated planet with initial 562 

excess radiogenic heat (𝜏)/𝜏% > 1) would have a volcanic record featuring two phases, possibly 563 

separated by a lull in activity; net secular cooling leading to global contraction should begin 564 

before the second phase. Volcanism driven by excess radiogenic heat vs. decompression would 565 

likely differ in spatial distribution: globally distributed vs. concentrated over upwellings 566 

respectively. Magmas would likely also be distinct in composition due to their different source 567 

regions: late-stage magma ocean cumulates vs. the well-mixed mantle. 568 

5.2 Geological history of a planet with deep HPE: For a planet with its HPE 569 

sequestered at the bottom of its mantle (bottom-heated), our models predict early-onset mantle 570 

convection which is initially driven by top-cooling, with bottom-heating becoming more 571 

important over time (Figure 10B). The volcanic record might therefore feature a transition from 572 

widespread, small-scale volcanism when top-cooling dominates, to plume-style volcanism later 573 

on. Planet warming is expected with moderate HPE concentrations and would end during or after 574 

the planet’s volcanic era, implying that melting can occur when the lithosphere is in a state of 575 

extensional stress. An initial pulse of global contraction is possible during early rapid cooling. 576 

The potential for a magnetic field contemporaneous with volcanic activity depends 577 

strongly on the response of the planet’s core-mantle boundary temperature to heat production in 578 

the lower mantle, since even weak heating in the lower mantle necessitates development of a 579 

large temperature difference between the core and convective mantle. If the core temperature 580 

increases quickly in response to deep mantle heat production (e.g., if the core is small), this 581 

difference may be established by core warming while the planet is still volcanically active. If the 582 

core temperature does not increase rapidly (e.g., if melting of the lower mantle is buffering 583 

against temperature change), a magnetic field cannot exist until the mantle temperature drops 584 

adequately. In this case, magnetic field generation may be possible only after the planet is 585 

volcanically no longer active. If deep HPE partially melted the lower mantle, recrystallization 586 

also buffers against core cooling. We note that this does not preclude a very early magnetic field 587 

driven by cooling of an initially superheated core or colder overturned cumulates. 588 
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5.3 Discussion of implications for Mercury, Moon, and Mars: Mercury’s geological 589 

record bears several characteristics suggesting that the structure of its crust/shallow mantle 590 

influenced its evolution. Volcanically, Mercury has a thick ancient crust (Padovan et al., 2015; 591 

Marchi et al., 2013) as well as evidence of a distinct later pulse of more localized smooth plains 592 

volcanism (Whitten et al., 2014; Byrne et al., 2016; Wang et al., 2021). Global contraction began 593 

before the era of flood volcanism but after the ancient crust was built (Crane and Klimczak, 594 

2017). Magnetic data suggest an early-onset, long-lived magnetic field which is also active today 595 

(Hood et al., 2018). Alignment of these features with predictions for a top-heated planet (Figure 596 

10A) lead us to hypothesize that a large fraction of Mercury’s HPE are stably sequestered in its 597 

upper mantle. Mercury’s bulk chemistry could have produced a top-heated structure as fractional 598 

crystallization of Mercury’s magma ocean concentrated both sulfur and HPE into the remaining 599 

melt (Boukare et al., 2019). More sophisticated geodynamical studies would be very helpful in 600 

evaluating this hypothesis, which has not yet been considered directly. Future geochemical 601 

analysis could also test this hypothesis via its implied prediction that the intercrater plains and 602 

smooth plains represent radiogenically-driven and convection-driven eras of volcanism on 603 

Mercury. 604 

In contrast, Mars appears in several ways to be a prototypical bottom-heated planet, with 605 

early intense volcanism that involves mantle plume activity (Carr and Head, 2009) but an absent 606 

late-stage dynamo despite a liquid core (Acuna et al., 1999; Yoder et al., 2003), and an extended 607 

era of weak contraction (Andrews-Hanna and Broquet, 2023). Broadly, evidence of long-term 608 

bottom-heating of the mantle in the absence of evidence of long-term top-cooling of the core 609 

suggests a heat source between them. Deep sequestration of HPE would be consistent with Mars’ 610 

oxidized bulk chemistry, which predicts high density final magma ocean cumulates (Elkins-611 

Tanton et al., 2003). Furthermore, results from the Insight mission suggest the presence of a 612 

liquid silicate layer on top of the core of Mars, which could plausibly consist of molten HPE-rich 613 

overturned cumulates (Samuel et al., 2020; Samuel et al., 2023; Khan et al., 2023); this would 614 

indicate that Mars is in a large (thermally unresponsive) core regime, as explored in our models. 615 

The long volcanic history of Mars suggests that HPE sequestration and insulation by the volcanic 616 

crust are likely to be important as well, serving to slow mantle cooling while increasing overall 617 

planet cooling (avoiding major expansion) by loss of crustal radiogenic heat.  618 
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The Moon’s mare volcanism resembles Mercury’s smooth plains volcanism in volume, 619 

but differs in style, duration, and timing (Byrne et al., 2018; Head and Wilson, 2017; Head et al., 620 

2023). However, in contrast to Mercury’s early-onset contraction, the Moon experienced an early 621 

era of expansion (Solomon and Head, 1980; Andrews-Hanna et al., 2013) which transitioned to 622 

surprisingly moderate contraction after peak mare volcanic flux (Nahm et al., 2023); relatively 623 

late and gradual contraction aligns with deep sequestration of some HPE. On the basis of our 624 

model results and comparison to Mercury and Mars, we suggest that the Moon’s history 625 

indicates deep sequestration of some HPE. This interpretation aligns with the conclusions of 626 

previous work modeling the Moon’s evolution as well as magma ocean solidification models 627 

(Hess and Parmentier, 1995; Zhang et al., 2013). The possible present-day presence of a partially 628 

molten layer at the base of the mantle (Khan et al., 2014) would also point to deeply sequestered 629 

HPE. We note that the Moon’s small core complicates interpretation of its magnetic history, but 630 

a suggested long-lived early dynamo in either the Moon (Tikoo et al., 2017) or Mars (Mittleholz 631 

et al., 2020) could be at odds with the hypothesis of deep HPE (Samuel et al., 2020). This 632 

scenario requires further evaluation; a deep heated layer reduces transport of core heat to the 633 

surface, but to what extent can a magnetic field be driven by transport of deep core heat to the 634 

shallower core/planet?  635 

Finally, while our discussion focused on Mercury, Mars, and the Moon, our results are 636 

applicable to any planetary body in which thermal conduction is the dominant form of heat 637 

transport between its core and mantle, and from its mantle to the surface. Our results scale 638 

directly to aluminum-heated planetesimals with mantle thicknesses of a few 10’s of km 639 

(τ$/τ% ≈ 23 at the time of solar system formation) or to approximately Earth-size thorium-640 

heated planets. More broadly, our qualitative results apply to planets in which volumetric heat is 641 

delivered rapidly relative to the longest timescales of their evolution such as the mantle diffusive 642 

timescale. 643 

This work highlights several promising avenues of future investigation. The interaction of 644 

heat production and insulation exhibited by top-heated models, as well as the core vs. mantle 645 

control of the regime of radiogenic heat partitioning observed in the bottom-heated models, are 646 

worth further characterization. Where are the boundaries of these regimes, and how are they 647 

manifested in more complex systems? More detailed evaluation of the geological implications of 648 

these simplified model results would be very productive as well; what pattern of volcanism 649 
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would be predicted for a Mercury-like planet with upward sequestration of HPE, and does it 650 

match the spatiotemporal pattern observed on Mercury? What magnetic and volcanic evolution 651 

would be predicted for Mars if its deep mantle sequestered HPE, considering the interaction of 652 

basal melting and development of a conductive region in its core? Can a similar framework be 653 

used to evaluate the consequences of other perturbations to the thermochemical state of a 654 

planetary body, such as foundering of KREEP material in the Moon (Elkins-Tanton et al., 2002) 655 

after an early era of accumulation of radiogenic heat?  656 

6. Conclusions 657 

The small terrestrial bodies (Mercury, the Moon, and Mars) exhibit similar themes of 658 

volcanism, tectonism, and magnetic field generation, but with very different rates of activity over 659 

time. We have presented our evaluation of the influence of stabilized sequestration of heat-660 

producing elements (HPE) at the top or bottom of a planet’s mantle on its geological evolution. 661 

We explored numerically the behavior of a simplified model of a planet with a layered mantle, 662 

focusing on the timing of four geologically important transitions: the development of mantle 663 

convection, the cooling of the mantle below its solidus, the onset of core cooling, and the onset 664 

of net planet cooling. We found mantle structure to be an important control on the timing and 665 

especially on the relative timing of these events in the model.  666 

As compared to models with a homogenous and fully mobile mantle, in which cooling 667 

and convection are strongly coupled, we found that stabilized upward sequestration of HPE 668 

results in a regime of thermal evolution where HPE decay and the conductive evolution of the 669 

top layer is more important for the overall evolution than convective redistribution of deeper 670 

heat. We observe the onset of net planet cooling and core cooling before the development of 671 

convection in almost all cases. Stabilized downward sequestration of HPE results in longer-term 672 

retention of heat. 673 

We believe these results to be robust, even in light of the many simplifications of the 674 

model. Our conclusions align with previous work which finds that downward sequestration of 675 

HPE explains aspects of the evolution and present-day state of Mars and the Moon. We suggest 676 

that upward sequestration of HPE should be further considered as a factor in the evolution of 677 

Mercury.  678 
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Key Points: 10 

• The distribution of heat-producing elements within a planetary mantle controls relative 11 

timing of volcanism, tectonism, and magnetism. 12 

• The geological histories of the Moon and Mars suggest deep sequestration of heat-13 

producing elements. 14 

• The geological history of Mercury suggests shallow sequestration of heat-producing 15 

elements. 16 

  17 
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Abstract 18 

The terrestrial planetary bodies display a wide variety of surface expressions and histories 19 

of volcanic and tectonic, and magnetic activity, even those planets with apparently similar 20 

dominant modes of heat transport (e.g., conductive on Mercury, the Moon, and Mars). Each body 21 

also experienced differentiation in its earliest evolution, which may have led to density-stabilized 22 

layering in its mantle and a heterogenous distribution of heat-producing elements. We explore 23 

the hypothesis that mantle structure exerts an important control on the occurrence and timing of 24 

geological processes such as volcanism and tectonism. We investigate numerically the behavior 25 

of an idealized model of a planetary body where heat-producing elements are assumed to be 26 

sequestered in a stabilized layer at the top or bottom of the mantle. We find that the mantle 27 

structure alters patterns of heat flow at the boundaries of major heat reservoirs: the mantle and 28 

core. This modulates the way in which heat production influences geological processes. In the 29 

model, mantle structure is a dominant control on the relative timing of fundamental processes 30 

such as volcanism, magnetic field generation, and expansion/contraction, the record of which 31 

may be observable on planetary body surfaces. We suggest that Mercury exhibits characteristics 32 

of shallow sequestration of heat producing elements and that Mars exhibits characteristics of 33 

deep sequestration. 34 

Plain Language Summary 35 

The surfaces of Mercury, the Moon, and Mars have been shaped by volcanism, global 36 

expansion and contraction, and the effects of magnetic fields. These three bodies also underwent 37 

differentiation shortly after they formed, possibly resulting in distinct layers within their mantles 38 

as well as preferential sequestration of the radioactive, heat-producing elements primarily in one 39 

layer. We delve into the hypothesis this layering plays a pivotal role in determining when 40 

geological processes such as volcanic eruptions and global expansion and contraction can occur. 41 

We use numerical models to simulate heat transport processes in a simplified planet with the 42 

heat-producing elements sequestered in a stabilized layer either at the top or the bottom of the 43 

mantle. We find that layering in the mantle and sequestration of heat-producing elements 44 

changes the way that a planet’s mantle exchanges heat with the planet’s core and the surface, 45 

influencing the relative timing of volcanic activity, global tectonics, and magnetic field 46 

generation, all of which can leave observable imprints on planetary surfaces. We propose that 47 
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Mercury’s geological history is consistent with heat-producing elements locked into a layer at 48 

the top of its mantle, whereas the geological history of Mars is consistent with a deeper 49 

distribution. 50 

 51 

1 Introduction 52 

The surfaces of the terrestrial planetary bodies record a wealth of information about their 53 

geologic histories, especially their volcanic, tectonic, and magnetic activity. To connect these 54 

geological histories to the evolution of the planets, it is important to identify the major 55 

parameters which characterize planetary evolution and map out evolutionary regimes and their 56 

geological consequences within this parameter space.  57 

While the presence of plate tectonics on Earth (and possibly ancient Venus) complicates 58 

comparison to the one-plate bodies (Mercury, the Moon, and Mars), there is substantial 59 

variability in the timing, activity, and style of volcanism, global tectonism, and magnetic field 60 

generation for the single-plate bodies alone (e.g., Solomon, 1978; Carr and Head, 2010; Tosi and 61 

Padovan, 2021; Tikoo and Evans, 2022). The Moon and Mercury experienced flood volcanism 62 

which peaked after an early period of low activity (and an earlier stage of crust-building) and 63 

then waned over billions of years (Byrne et al., 2016; Head et al., 2023) whereas the volcanic 64 

history of Mars (Carr and Head, 2010) prominently features plume-style volcanism which built 65 

enormous volcanic provinces and associated edifices such as Olympus Mons (Werner et al., 66 

2009). Both the Moon (Tikoo and Weiss, 2014) and Mars (Acuna et al., 1999) generated strong 67 

early magnetic field dynamos that are not presently active. Mercury, on the other hand, has a 68 

magnetic field today and crustal remanent magnetization provides evidence for a magnetic field 69 

throughout much of Mercury’s evolution (Ness, 1979; Johnson et al., 2016). Tectonically, 70 

Mercury’s surface is cut by many wrinkle ridges, interpreted to indicate substantial global 71 

contraction beginning in its early history (Watters and Nimmo, 2010; Byrne et al., 2014; Watters 72 

et al., 2015; Crane and Klimczak, 2017). The Moon experienced expansion in its early history 73 

(Solomon and Head, 1980; Andrews-Hanna et al., 2013), with limited global contraction 74 

occurring later (Nahm et al. 2023). Interpretation of Mars’s tectonic history is complicated by 75 

volcanic resurfacing but there is evidence of both expansion and contraction (Nahm and Schultz, 76 

2011; Andrews-Hanna and Broquet, 2023). This observable variations in magnetic, volcanic, and 77 



manuscript submitted to Journal of Geophysical Research: Planets 

 

tectonic (expansion/contraction) activity provides the opportunity to evaluate these three bodies 78 

comparatively in order to understand the dominant factors which led to divergence in their 79 

evolutions. 80 

Mercury, the Moon, and Mars also vary widely in chemical composition, notably in 81 

metal-silicate ratio and in oxygen fugacity, which exerts an important control on mantle 82 

geochemistry (Cartier and Wood, 2019). Separation of different phases during early 83 

differentiation of the mantle can produce heterogeneity in both bulk composition and trace 84 

element content (Figure 1). For the Moon and Mars, magma ocean solidification would have co-85 

concentrated the heat producing elements (HPE: uranium, thorium, and potassium) with high-86 

density iron; this process is suggested to have formed the KREEP material on the Moon (Warren 87 

and Wasson, 1979) and a deep heated layer on Mars (Elkins-Tanton et al., 2003). On Mercury, 88 

solidification of its highly reduced, iron-poor magma ocean likely co-concentrated HPE with 89 

low-density sulfur, potentially even forming HPE-rich sulfides (Boukare et al., 2019). The 90 

variation of density in magma ocean cumulates could plausibly result in stabilized long-term 91 

mantle layering (Kellogg et al, 1999; Tosi et al., 2013; Zhang et al., 2017), sequestering HPE at 92 

  
 
Figure 1. Schematic diagram of the generation of stable compositional structure in the mantle 
through crystallization of a magma ocean, including deep or shallow sequestration of heat-
producing elements. 
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the top or bottom of the mantle over large portions of a planet’s history. Figure 1 illustrates how 93 

differentiation through a magma ocean phase might result in a layered mantle, depending on 94 

whether crystals can physically separate from the melt, whether late cumulates are denser or less 95 

dense than early cumulates, and whether heterogeneity can be preserved despite later mantle 96 

convection. 97 

The resulting distribution of HPE is particularly important for subsequent geodynamical 98 

evolution. Predictions of the geological and geodynamical consequences of sequestered HPE 99 

exist for several specific scenarios. The influence of HPE-rich material at the core-mantle 100 

boundary on magnetic field generation, global tectonics, and volcanism has been explored for the 101 

Moon (Stegman et al., 2003; Zhang et al., 2013; Hess and Parmentier, 1995) and Mars (Elkins-102 

Tanton et al., 2005; Plesa et al., 2014; Samuel et al., 2021); deep HPE have a particularly strong 103 

influence on core evolution. Partial shallow sequestration of HPE by incorporation of HPE-rich 104 

material in the lithosphere has been explored for Mercury (Peterson et al., 2021), the Moon 105 

(Wieczorek and Phillips, 2000), and Mars (Plesa et al., 2018); these treatments show that mantle 106 

convective evolution is especially affected. Collectively, these themes demonstrate that the 107 

spatial distribution of HPE can have enormous influence on the timing and vigor of geological 108 

processes that are driven by heat transfer, including volcanism, magnetic field generation, and 109 

global tectonic processes such as expansion and contraction. These results have motivated us to 110 

undertake a more generalized evaluation of the influence of compositional structure, and in 111 

particular of sequestered heating, on planetary geological evolution among different planetary 112 

bodies. 113 

We present a first step toward such a picture, with a focus on situations in which heat 114 

transport has been dominated by heat conduction and mantle solid-state convection (vs. plate 115 

tectonics or volcanic heat-piping). We conceptualize a planet’s high-level magnetic, volcanic, 116 

and tectonic evolution through four geologically important transitions: 117 

(1) The development of solid-state mantle convection, 118 

(2) The cooling of the mantle to be sub-solidus everywhere, 119 

(3) The onset of core cooling, and 120 

(4) The onset of net planet cooling (surface heat loss exceeds internal heat production). 121 
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Transitions (1) and (2) define two phases of potential mantle melting with very different 122 

predicted surface expressions according to the source of energy for melt production. Transition 123 

(3) marks the beginning of conditions favorable for magnetic field generation, while transition 124 

(4) approximates the time of transition from planetary global net expansion to net contraction. 125 

The relative timing of transitions (1)-(4) provides a framework to evaluate the coexistence and 126 

therefore potential for interaction between magnetic, volcanic, and tectonic activity. For 127 

example, a planet in which the core begins to cool before the mantle becomes subsolidus might 128 

retain a remanent magnetic signature in its volcanic deposits, whereas no contemporaneous 129 

volcanic and magnetic activity is possible if the mantle is subsolidus by the time core cooling 130 

begins. Similarly, if a planet begins to cool before (2), one or both volcanic eras may occur in a 131 

state of lithospheric compressional stress; if the transition from warming to cooling occurs after 132 

(2), volcanism should occur in a state of lithospheric extension. 133 

To understand the influence of planetary compositional structure on the relative timing of 134 

the geologically important transitions, we explore the concentration of heat production at the top 135 

or bottom of the model mantle, varying widely its intensity as well as other important parameters 136 

such as mantle Rayleigh number and core size; results are given in Section 3. The simplicity of 137 

the model permits investigation of the influence of the model planet structure on the resulting 138 

evolution, presented in Section 4. Finally, in Section 5, we discuss the implications of our 139 

findings for terrestrial planets and whether the disparate geological evolutions of Mercury, the 140 

Moon, and Mars might be a consequence of their bulk geochemistry and early differentiation. 141 

2 Methods 142 

As part of this work, we aim to define the important parameters characterizing planetary 143 

evolution in light of potential mantle layering resulting from early differentiation. We approach 144 

this goal by evaluating the evolution of a highly simplified planet. We first present our 145 

conceptual model of an idealized planet, then describe the physical model that we use to evaluate 146 

its evolution, followed by the details of our numerical implementation of the physical model. 147 

Finally, we describe the parameter space that we explore. 148 

2.1 Conceptual model: We consider a planet to consist of a region representing the 149 

mantle through which heat may be transported by thermal convection or conduction overlying a 150 
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heat reservoir representing the core. We compare three endmember scenarios for mantle 151 

structure, which are illustrated in Figure 2: a) one homogenous scenario in which the mantle is 152 

fully mobile and uniformly heated, b) one layered scenario in which all HPE are concentrated in 153 

an immobile layer at the top of the mantle, and c) another layered scenario in which all HPE are 154 

concentrated in an immobile layer at the bottom of the mantle. 155 

2.2 Physical model: We model the evolution of the idealized mantle using a thermal 156 

convection model, which is 2-D and time-dependent. We ensure that we are in the 157 

incompressible Stokes regime, in which inertia and compressibility effects are unimportant. 158 

Velocities are enforced to be zero in the stabilized layer, if present. Volumetric heating may be 159 

spatially heterogenous and decays exponentially over time. The core is modeled as an isothermal 160 

heat reservoir, with a constant temperature which is equal to its heat content divided by its total 161 

heat capacity. The evolution of the system is governed by the conservation of mass, momentum, 162 

and heat, described by equations 1-4 in dimensionless form:  163 

∇ ⋅ 𝑢$∗ 	= 	0 (1) 

∇"𝑢$∗ − ∇𝑃∗ + 𝑅𝑎 ⋅ 𝑇∗ ⋅ 𝑒̂# = 0 (2) 

𝜕𝑇∗

𝜕𝑡∗ +
(𝑢$∗ ⋅ ∇)𝑇∗ = ∇"𝑇∗ +

𝜏$
𝜏%
⋅ 𝑓(𝑧∗) ⋅ 2

& '!
'"/$

	)∗
 

(3) 

𝜕𝑇*∗

𝜕𝑡∗ =
1
𝐶 ⋅

𝜕𝑄*∗

𝜕𝑡∗  
(4) 

where 𝑢$∗ is velocity, P* is pressure, T* is mantle temperature, 𝑒̂# is the unit vector in the 164 

direction of gravity, 𝑡∗ is time, T+∗ is core temperature, and Q+∗ is core sensible heat (asterisks 165 

indicating nondimensionalized variables). 𝐶 = ,&
,'

 is the total heat capacity of the core relative to 166 
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that of the mantle. The Rayleigh number is 𝑅𝑎 = -./01(

23
 where 𝜌 is mantle density, 𝑔 is 167 

acceleration due to gravity, 𝛼 is mantle thermal expansivity, Θ is a characteristic temperature, 𝐿 168 

is the scale length of the mantle (the height in rectangular geometry, or the volume divided by 169 

the surface area in a curved body), 𝜇 is mantle viscosity, and 𝜅 is mantle thermal diffusivity. The 170 

spatial distribution of HPE is described by a function 𝑓, which for the homogenous scenario is 171 

equal to 1 everywhere and for the layered scenarios is equal to 𝐿/𝑑 in the heated layer and zero 172 

elsewhere. Each 𝜏 is a characteristic timescale of the system; 𝜏$ =
1$

4
 is the mantle diffusive 173 

timescale; τ% =
05'
%)

 is the radiogenic heat production timescale where 𝐻6 is the initial total 174 

volumetric heating rate (longer means weaker heating); 𝜏7/"  is the radiogenic half-life (longer 175 

means slower decay). All symbols are also defined in Table 1.  176 

The top boundary of the system is maintained at a constant temperature to reflect 177 

radiative equilibrium at the planet’s surface. As in a one-plate planet with a liquid outer core, the 178 

flow boundary conditions are no-slip at the top and free-slip at the bottom. The left and right 179 

boundaries are periodic for both temperature and velocity. The core and mantle are coupled by 180 

continuity of heat flux and temperature at the bottom boundary of the mantle; heat flux changes 181 

core heat while the evolving core temperature is used to set the mantle bottom temperature. The 182 

mantle and core initially have the same uniform temperature, Θ (slightly perturbed to allow 183 

 
Figure 2. Conceptual sketch of model setup and illustration of mantle structure scenarios. 
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instabilities to develop), reflecting a well-184 

mixed thermal state following magma 185 

ocean solidification. 186 

2.3 Model parameterization: Equations 187 

(1)-(4) imply that the behavior of the 188 

system is governed by five nondimensional 189 

numbers: the Rayleigh number, τ9/τ%, 190 

𝑑/𝐿, 𝐶 = 𝐶*/𝐶:, and τ9/τ7/". To 191 

understand the influence of each 192 

nondimensional number, we computed the 193 

evolution of 150 models with parameters 194 

chosen from a range of values appropriate 195 

for the terrestrial planetary bodies, 196 

summarized in Table 2. The Rayleigh 197 

number controls the relative influence of 198 

conductive and convective heat transport in 199 

the mantle (higher values mean more 200 

convective transport). We explore sluggish 201 

to moderately vigorous convection (𝑅𝑎 =202 

10; − 10<) to encapsulate variation in 203 

properties such as mantle viscosity, 204 

acceleration due to gravity, and mantle 205 

thickness. The ratio τ9/τ% controls the 206 

relative influence of heat transport and 207 

radiogenic heat production (higher values 208 

mean stronger heat generation). We explore 209 

heat production ranging from none to very 210 

strong (τ9/τ% = 0, 3.8, 7.7, 11.5, 211 

and	15.4); heating may be distributed uniformly or concentrated into the stabilized layer at the 212 

top or bottom of the mantle (i.e., three configuration scenarios). We consider a thick or thin 213 

 Symbol Units Meaning 

Ph
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s  

𝛼 - thermal 
expansivity 

𝐶:, 𝐶*  J/K mantle, core total 
heat capacity 

𝑔 m/s2 gravitational 
acceleration 

𝐻6 W initial total rate of 
volumetric heating 

𝜅 m2/s thermal diffusivity 
𝐿 m mantle height 
𝜇 Pa.s mantle viscosity 
𝜌 kg/m3 mantle density 
Θ K initial temperature 
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,'
  - core size (relative 

heat capacity) 
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fraction 
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𝑓 = 0, 𝐿/𝑑 

- spatial HPE 
distribution 

𝑅𝑎 = -./01(

23
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4
  s mantle diffusive 

timescale 
𝜏% =

0,'
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  s radiogenic heat 
production 
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𝑃∗ = 𝑃	τ9/µ - pressure 

𝑄*∗ = 𝑄*/Θ𝐶: - core sensible heat 

𝑡∗ = 𝑡/τ9 - time 

𝑇∗ = 𝑇/Θ - mantle temperature 

𝑇* = 𝑇*/Θ - core temperature 

𝑢$∗ =	𝑢	Pτ9/L - velocity 

𝑧∗ = 	𝑧/L - vertical coordinate 
 
Table 1. Meanings of symbols used.  
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stabilized layer (𝑑/𝐿 = 7
=
, 7
;
) and a small or large core relative to the mantle, in terms of heat 214 

capacity (𝐶 = 0.2, 2). We do not vary the size of the mantle, so variation in the core total heat 215 

capacity is coupled to variation in planet size; because we are not investigating core cooling 216 

beyond the time of onset, this coupling does not appear to be very important. Finally, we 217 

consider a fixed half-life of radiogenic decay relative to the diffusive timescale (τ9/τ7/" = 6.3); 218 

this number controls the degree to which radiogenic heat can build up (high values mean that 219 

heat can build up). With a radiogenic decay half-life of 1.75 Gy and a rectangular mantle with a 220 

thermal diffusivity of 10-6 m2/s, this value corresponds, for example, to a planet with a mantle 221 

thickness of 600-1800 km (τ9/τ7/" = 1 with a mantle thickness of approximately 240 km). 222 

Alternatively, τ9/τ7/" = 6.3 for a radiogenic decay half-life of 0.7 My and a mantle thickness of 223 

12-36 km. A high value of τ9/τ7/" ensures that our models run in a regime where radiogenic 224 

heat can build up; the terrestrial planetary bodies all have mantles much thicker than 240 km, so 225 

they are all in this regime. We note that direct scaling of our model evolutions to a much larger 226 

planet would necessarily imply unrealistically long-lived radiogenic heat production. However, 227 

our primary conclusions concern the limiting heat transport processes in different scenarios; we 228 

expect these to be relevant within the regime of large τ9/τ7/". 229 

In order to isolate the influence of mantle structure on the model’s evolution, our idealized planet 230 

model includes three important simplifying assumptions. We have designed our numerical 231 

experiments in such a way that our results nevertheless provide insights as to the interaction of 232 

mantle structure with features of a more complex system. First, we assume that viscosity and 233 

thermal conductivity are constant in the mantle. Our calculations consider a range over two 234 

orders of magnitude in mantle viscosity (through its influence on the Rayleigh number), allowing 235 

us to relate our results to the behavior of a system that becomes more viscous as it cools, while 236 

Parameter Meaning Values considered 
𝑅𝑎 Rayleigh number 10;, 10>, 10< 

τ9/τ% Heating strength 0, 3.8, 7.7, 11.5, and	15.4 
𝑑/𝐿 Stabilized layer thickness 1/8, 1/4 
𝐶 Core size (heat capacity) 0.2, 2 

Table 2. Varied parameters. Three models (top-heated, bottom-heated, and homogenous) were 
run for each combination. 
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the top-heated scenarios provide insight into the insulating effects of crust/regolith/stagnant lid 237 

development.  Second, we model the mantle in cartesian geometry. The effects of planetary 238 

curvature, which alters the relative efficiency of extraction of deep heat, can be understood by 239 

considering the effect of core total heat capacity, which we vary widely. Finally, we assume that 240 

mantle heat is transported only by conduction and thermal convection. Melting and melt 241 

transport are not modeled, nor are the effects of an initial temperature gradient (e.g., a 242 

superheated core). Our modeled evolutions provide a baseline view on which more complex 243 

scenarios of heat transport can be evaluated. 244 

Our approach permits a step toward understanding the influence of mantle layering on planetary 245 

evolution, while also providing insight into when and how more complex processes might 246 

interact with mantle layering. The importance of each additional complexity is not the same 247 

across the different mantle structure scenarios, and so this work can guide future endeavors in 248 

modeling layered systems. The implications of our work for systems closer to the complexity of 249 

real planetary interiors are discussed in detail in Section 5. 250 

2.4 Model implementation: We implemented the models of both temperature advection-251 

diffusion and material flow velocity using Lattice Boltzmann methods. This methodology 252 

conceptualizes the physical world as statistically describable populations of particles that move 253 

and interact on a grid, conserving momentum and energy (He and Luo, 1997). We use a multi-254 

distribution function approach to model thermal convection (Huber et al., 2008) with a heat 255 

source based on the radiogenic heating rate. We also implement the buoyancy force (thermal 256 

perturbation with temperature-dependent density leads to a body force 𝐹 = 𝜌𝑔 = 𝜌6𝑔𝛼(𝑇 − 𝑇6)) 257 

as in He and Luo (1998). We verified our implementations against analytical solutions to 258 

simplified problems, as well as published numerical benchmarks for thermal convection 259 

(Blankenbach et al., 1989); heat transport predicted by our model approached the benchmarked 260 

values within 0.9% for Ra=104-106. 261 

Lattice Boltzmann methods (LBM) are computationally efficient and can be both flexible 262 

and simple to implement. However, LBM have not routinely been applied to geodynamical 263 

problems in part because typical LBM implementations of thermal convection are generally 264 

limited to a Prandtl number of approximately 1. Some LBM work has explored higher Prandtl 265 
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number simulations in which inertial and compressibility effects are negligible (Mora and Yuen, 266 

2018; Chen et al., 2023) but this typically becomes computationally challenging because the 267 

numerical timestep must be very small in order to keep model velocities (and therefore Reynolds 268 

and Mach numbers) very small.  269 

To approximate flow in the regime of large Prandtl number, as is appropriate for 270 

planetary mantles, we have developed a new technique to reduce the influence of inertia and 271 

compressibility. In summary, instead of using a very small time step, we achieve low velocities 272 

(and therefore low Mach and low Reynolds numbers) by scaling down forces and solving for the 273 

steady state velocity field. This approach is mathematically permissible because in the limit of 274 

incompressibility and infinite Prandtl number, Stokes flow is quasistatic, implying that the 275 

magnitude of velocities is exactly proportional to the magnitude of driving forces. For 276 

computational efficiency, we use a larger timestep for the momentum conservation solver than 277 

the heat transfer solver. We verified that this technique does not result in substantial difference in 278 

results for several model parameterizations. 279 

The spatial resolution of our numerical model is chosen so that important features of the 280 

model, such as the convective boundary layers and the imposed layering in the model, are 281 

resolved with at least 7 nodes (most commonly at least 10); the grid size used in our models 282 

ranges from 100x424 to 200x1131. All models are run with an aspect ratio of 4√2: 1 in the 283 

mobile region of the mantle to minimize the influence of box size on convective vigor when 284 

comparing different mantle structural scenarios. The temporal resolution of our models is 285 

chosen, in concert with the spatial resolution, to maintain the model velocities low enough to 286 

satisfy the Courant-Friedrichs-Lewy condition for stability (Courant et al., 1928). 287 

3 Model results 288 

We use variables extracted from timeseries data from the modeled planet evolutions to 289 

evaluate the consequences of mantle structure for planetary evolution as described by the relative 290 

timing of the four geologically important transitions: (1) the development of mantle convection, 291 

(2) the mantle cooling to subsolidus, (3) the onset of core cooling, and (4) the onset of net planet 292 

cooling. For each model planet, we track over time the maximum (over depth) horizontally 293 
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averaged advective heat flux in the mantle, the quantity of heat stored in the model mantle, and 294 

the quantity of heat stored in the model core.  295 

 
 
Figure 3. Timeseries results for an example trio of models (𝑅𝑎 = 10>, initial 𝜏$/𝜏% = 11.5, 
d/L = 1/8, 𝐶 = 2). Panel (A) shows maximum horizontally averaged heat flux. Panel (B), (C), 
and (D) show mantle, core, and total planet heat, respectively. Stars indicate the geologically 
relevant timescale measured from the timeseries: development of convection in (A), time when 
average mantle temperature drops below 0.8 in (B), and transition from warming to cooling in 
(C) and (D). (E)-(G) show temperature field at 𝑡/𝜏$ = 0.25 for each model. 
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As illustrated in Figure 3, we identify each of the four geological transitions of interest 296 

with a feature measurable in these timeseries. 297 

(1) Development of mantle convection: the first peak in advective heat flux (Figure 3A). 298 

(2) Mantle cooling to subsolidus: the time when the mantle heat decreases to 80% of its initial 299 

value (Figure 3B). 300 

(3) and (4) Onset of net core and planet (core + mantle) cooling: the time of peak sensible 301 

heat content of these thermal reservoirs (Figure 3C, 3D).  302 

We note that all models experience a brief initial period of net planet cooling (see Figure 303 

3D) as the initially thermally uniform mantle develops its upper thermal boundary layer. In order 304 

to capture the long-term characteristics of the system, we choose a peak in heat content after the 305 

cooling behavior is no longer dominated by this period of initial equilibration, which we define 306 

to end when internal heat production would exceed top heat loss, assuming half-space cooling. 307 

This ensures that we are capturing the effectiveness of transport of radiogenic heat by the system 308 

rather than just the efficiency of heat loss by half-space cooling at the top of the mantle. This 309 

also results in an initial decrease in mantle heat; we chose 80% of the initial heat as the model 310 

threshold for a subsolidus mantle to be low enough to capture long-term evolutionary processes 311 

rather than this short-term response to the initial conditions. 312 

Timeseries of vertical heat flux and mantle, core, and planet heat and the derived 313 

transition times are illustrated for a reference trio of model planets in Figure 3.  In this example, 314 

the simulations are run with identical Rayleigh number, core size, and total heat production (and 315 

therefore they are energetically similar). They differ only in mantle structure; one is 316 

homogenous, one has all HPE sequestered in a stabilized layer at the top of the mantle (top-317 

heated), and one has all HPE sequestered in a stabilized layer at the bottom of the mantle 318 

(bottom-heated). In this reference trio, the evolution of the top-heated model exhibits a late (and 319 

low) peak in advective heat flux compared to the other two scenarios but a relatively early onset 320 

of planet and core cooling. The evolution of the bottom-heated model exhibits early development 321 

of convection, similar to the homogenous scenario, but is different in that it experiences a 322 

prolonged period of core and planet warming, while also losing heat from the mantle much 323 

earlier than in the other two scenarios. These reference outputs are also characteristic of the 324 

model results more broadly. 325 
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Figure 4 illustrates the relative timing of the four transitions of interest for our full suite 326 

of modeled evolutions; these times and the model parameterizations are also provided in 327 

Supplemental Table 1. Several features are particularly notable. Top-heated models exhibit early 328 

net planet and core cooling relative to the development of mantle convection, whereas 329 

homogenous and bottom-heated models develop convection at the same time as (or well before) 330 

the core and planet begin to cool down in all but the most sluggish, weakly heated cases. Top-331 

heated and homogenous models experience net planet and core cooling before their mantles lose 332 

20% of their initial sensible heat, whereas bottom-heated models display a range of behavior, 333 

with some losing mantle heat very early relative to the core (and overall planet) and others 334 

retaining it long after the core and planet have begun to cool down. It is worth noting that the 335 

duration of the period between the development of convection and the loss of 20% of the initial 336 

sensible heat of the mantle corresponds to the distance from the diagonal on these diagrams, so it 337 

can be seen that in many scenarios (those above the diagonal), the mantle gets cold enough to 338 

 
Figure 4. Timing of the transition from warming to cooling of model planets (A, tplanet cooling) 
and cores (B, tcore cooling) relative to the window for potential decompression melting, which 
we define to begin with the development of convection (tconvection) and end when the average 
mantle temperature drops below 0.8 (tcold mantle). Timescales for all model evolutions are 
plotted excepting models which did not experience one of the relevant transitions within the 
time period modeled. Color indicates the scenario: homogenous are blue circles, top-heated 
are red, upward-pointing triangles, and bottom-heated are yellow, downward-pointing 
triangles. The quadrant within which a point falls indicates whether cooling begins before, 
during, or after the decompression melting window (labeled).  
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prevent partial melting before convection develops. These cases all have 𝑅𝑎 = 10;, which 339 

would be unrealistically low for a planet that is still hot. 340 

The modeled evolutions are divided by mantle structure into different evolutionary 341 

regimes regarding the timing of net planet and core cooling relative to the window between the 342 

development of mantle convection and the loss of 20% of the initial mantle sensible heat, which 343 

can be taken as a proxy for the period of potential decompression melting. Most homogenous 344 

scenarios exhibit an onset of core and planet cooling at the beginning of this period, whereas the 345 

onset of core and planet cooling occurs before this period and during or after this period for top 346 

and bottom-heated scenarios respectively.  347 

4 Discussion of Model Results 348 

In this section, we discuss why the relative timing of the four geologically important 349 

transitions in our models depends so strongly on the mantle structure and the distribution of 350 

radiogenic elements.  351 

4.1 Conceptual framework: Planets form with hot interiors due to the energy of 352 

accretion and differentiation (Kaula, 1979). Over time, this heat and the additional heat generated 353 

by radioactive decay is transported to the surface. In planets, as in our model, transport of heat is 354 

driven between the mantle and the surface, and between the core and mantle, by differences in 355 

temperature. Early on in evolution, the temperature difference between the mantle and the 356 

surface is much larger than that between the core and the mantle. As a result, heat is lost from 357 

shallower regions of the planet first; transport of heat from the core requires a temperature 358 

difference between the core and mantle, which requires loss of heat from the mantle. 359 

The location of heat generation in a planet determines the relative timing of loss of 360 

radiogenic heat vs. original heat; the location of heat generation relative to insulation determines 361 

the magnitude of temperature differences necessary to cool the mantle and the core. Heat 362 

generated within the mantle replaces heat that is lost, limiting the development of a temperature 363 

difference between the core and mantle. Furthermore, when heat is dominantly transported by 364 

conduction across convective boundary layers and any stabilized layers (as opposed to volcanic 365 

heat-piping or plate recycling), heat generation within these layers increases the temperature 366 

difference necessary to transport heat from greater depths. Sensible heat can only be lost from 367 
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the mantle to the surface, or from the core to the mantle, through a heated layer if the 368 

temperature difference between the regions is sufficient to drive outward transport of all 369 

radiogenic heat produced in the layer. Similarly, sensible heat can only decrease in a 370 

volumetrically heated mantle when the temperature difference between the mantle and the 371 

surface drives heat transport at a rate which exceeds the rate of heat generation.  372 

We can estimate the temperature difference across a layer which would drive heat flux in 373 

balance with heat production under the assumption of steady-state temperature variation within 374 

the layer (but with time-evolving boundary temperatures and heating rates). We frame this 375 

calculation in terms of timescales of heat production (𝜏%) and heat transport (𝜏)), defined below. 376 

Figure 5 illustrates how the balance of these two timescales gives the temperature difference 377 

necessary to drive loss of radiogenic heat. A larger temperature difference is required with 378 

stronger heat production (smaller 𝜏%) or less effective heat transport (larger 𝜏)), such as would 379 

occur with a thicker insulating layer. If the actual temperature difference between the mantle and 380 

the surface (or the core and the mantle) is larger than this calculated minimum, net cooling of the 381 

mantle (or core) is expected. If the actual temperature difference is s17maller, net warming is 382 

expected due to trapped radiogenic heat. 383 

4.2 Physical framework: The heat production timescale, 𝜏% =
0,'
%)

, is the amount of 384 

time it would take to produce a reference quantity of heat (here, the initial sensible heat of the 385 

mantle, 𝑄6 = Θ𝐶:). To build the heat transport timescale, 𝜏), we define the conductive heat 386 

transport timescale 𝜏4 of a layer with thickness d to be the time it would take to transport that 387 

reference quantity of heat through the layer, assuming steady state, no heat production, and a 388 

driving temperature difference Θ; τ3 = τ$
?
1
 , where τ$ is the diffusive timescale of the mantle.  389 

Then the heat transport timescale of a multi-layer, heated system (such as a stabilized layer over 390 

a convective boundary layer) is the sum of the conductive transport timescales of the individual 391 

layers, each multiplied by a factor 𝐹 indicating the fraction of HPE that are below that layer (1 if 392 

all HPE are deeper, 0.5 if HPE are uniformly dispersed in the layer, 0 if all HPE are shallower); 393 

this factor accounts for the fact that heat is more easily lost when it is closer to the surface. 394 

Conceptually, 𝜏) is the timescale of loss of the produced heat. Mathematically, τ) = ∑ τ3,A𝐹AA .  395 
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We can now relate the timescales of heat production and transport to the temperature 396 

difference necessary to drive loss of radiogenic heat by twice integrating equation (3) across the 397 

layers in question at time 0, assuming 1-D steady state and zero velocity. Integrating B
$C
BD$

+ E!
E*
⋅398 

𝑓(𝑧) = 0 twice with the requirement that heat flux into the bottom of the layers (at  𝑧6) must 399 

balance deeper heat production, we find that Δ𝑇/Θ  =   '!
'*
∫ ∫ 𝑓(𝑥)𝑑𝑥#

6 𝑑𝑧#"
#)

, where 400 

𝜏) = 𝜏$ ∫ ∫ 𝑓(𝑥)𝑑𝑥#
6 𝑑𝑧#"

#)
. Values of 𝜏) for the configurations we model are illustrated and stated 401 

Δ𝑇/Θ = 𝜏)/𝜏% (5) 

 

Figure 5. Temperature difference (normalized to reference temperature Θ) which drives heat 
transport in balance with production, as a function of the timescale of heat production, 𝜏% (higher 
means weaker heating), and the timescale of transport of that heat, 𝜏) (higher means more 
insulating). Color indicates heating strength; warmer colors indicate stronger heat production. 
Expressions for 𝜏) for model scenarios are given on the right. One example is illustrated for 
planetary cooling with the top ¼ of the mantle stabilized (so  𝜏)/𝜏$ = 1/8; dashed line). Since the 
initial normalized mantle temperature is equal to 1 (black solid line), initial planet warming is 
expected for the two most strongly heated cases (𝜏$/𝜏% = 15.4 and 𝜏$/𝜏% = 11.5; dots above 
line), whereas initial planet cooling is expected for the three more weakly heated cases (dots below 
line). This is indeed observed (see Figure 6). 
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in Figure 5. Therefore, heat production and transport will balance when the driving temperature 402 

difference is simply equal to the ratio of the timescales (Figure 5):  403 

We can use equation (5) to understand many aspects of our model behavior by carefully 404 

choosing which layers to describe. For example, to predict the onset of net planet cooling, we 405 

should describe the layers between the mantle interior and the surface: the upper convective 406 

boundary layer in the homogenous and bottom-heated scenarios (𝜏) = 𝜏4,F1) and additionally the 407 

stabilized layer in the top-heated scenario (𝜏) = 0.5 ⋅ 𝜏4,G 	+ 	0 ⋅ 𝜏4,F1; zero in the second term 408 

because all HPE are above the convecting mantle). To predict the onset of core cooling, we 409 

should describe the layers between the core and mantle interior: the bottom convective boundary 410 

layer in the top-heated and homogenous scenarios (𝜏) = 0 ⋅ 𝜏4,HI since approximately all HPE 411 

are above the boundary layer) and additionally the stabilized layer in the bottom-heated scenario 412 

(𝜏) = 𝜏4,HI 	+ 0.5 ⋅ 𝜏4,G). In our models, actual values for 𝜏)/𝜏$ range from approximately 0.05 413 

to 0.5. We can also observe from equation (5) that insulation and heat production may have a 414 

similar effect on planetary heat transport, depending on their geometry.  415 

4.3 Mantle-surface heat transport: We apply this framework to explain the behavior of 416 

our model, first considering the layers controlling heat transport between the mantle and the 417 

surface. This encompasses the stabilized layer in the top-heated case as well as the upper 418 

convective boundary layer. Since these layers control the rate of heat loss from the planet as well 419 

as from the mobile mantle, the timing of planet cooling and development of convection are 420 

controlled by the properties of the layers; these timescales as measured from our model results 421 

are plotted in Figure 6. We observe that for the homogenous and bottom-heated scenarios, 422 

convection develops early except in cases with barely super-critical Rayleigh numbers, while 423 

strong heating may delay planet cooling especially in the bottom-heated case. In contrast, the 424 

onset of convection in the top-heated case is delayed, often even in cases with high Ra number 425 

(akin to lower mantle viscosity), whereas the planet usually cools immediately.  426 

Why does heat production delay convection but not planet cooling in the top-heated 427 

scenario, but have the opposite effect in the bottom-heated scenario? In the top-heated scenario, 428 

radiogenic heat produced in the stabilized layer must be lost before any sensible heat can be 429 

transferred upwards from the mobile mantle or deeper planet. Therefore, the transition to planet 430 

net cooling necessarily precedes the development of convection, which is suppressed by both the 431 
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heating in the top layer and its stagnant nature. In the bottom-heated and homogenous cases, 432 

there is no barrier to loss of heat from the mobile mantle, so convection develops independently 433 

of the transition time from planet warming to cooling, delayed only by boundary layer 434 

development.  435 

Why does strong radiogenic heat production delay the onset of planet net cooling most 436 

effectively in bottom-heated models? The planet is cooling overall when the temperature 437 

difference between the mantle and surface (Δ𝑇:J) is large enough to drive heat loss in excess of 438 

radiogenic production (Δ𝑇:J/Θ > 𝜏)/𝜏%), and warming when the temperature difference is not 439 

large enough (Δ𝑇:J/Θ < 𝜏)/𝜏%). The bottom-heated and homogenous models cover similar 440 

initial values for 𝜏)/𝜏% and the mantle temperature; furthermore, heat production (the primary 441 

control on 𝜏)/𝜏%) decreases exponentially with a fixed half-life in all models, and surface 442 

temperature is fixed. Therefore, the difference in behavior has to do with the time-evolution of 443 

the mantle temperature, illustrated in Figure 7. In homogenous cases, radiogenic heat warms the 444 

mantle, so the mantle temperature is increasing whenever the planet is warming. In the bottom-445 

heated scenario, radiogenic heat is isolated from the convective mantle, so the mantle interior 446 

temperature decreases rapidly at first, whether the planet is warming or not, resulting in less 447 

effective heat transport. Consequently, the bottom-heated models experience longer periods of 448 

 

Figure 6. Time of transition from planet warming to cooling vs. time of development of 
convection for all models, separated by structural scenario (bottom-heated left, homogenous 
center, top-heated right). Each point indicates one model evolution. Marker colors indicate 
initial heating rate, with warmer colors indicating stronger heating; shape indicates Rayleigh 
number. Small markers indicate small cores. Figure 7 provides more data for points highlighted 
in green. 
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warming; some even experience both early and 449 

late cooling when initially heat transport outstrips 450 

production but tapers off rapidly as the mantle 451 

temperature decreases.  452 

4.4 Core-mantle heat transport: We 453 

now consider heat transport between the core and 454 

mantle. The structure of layers at the core-mantle 455 

boundary (the bottom convective boundary layer 456 

and any deep stabilized layer) controls the loss of 457 

core vs. mantle sensible heat, as driven by the 458 

temperature difference Δ𝑇*: across the layers. 459 

This is reflected in the time of the onset of core 460 

cooling relative to the time when the normalized 461 

mantle temperature drops below our chosen 462 

threshold of 0.8 (Figure 8). Unlike the bottom-463 

heated scenario, the top-heated and homogenous 464 

scenarios lack heat production at the core-mantle 465 

boundary, so the core will cool as soon as the 466 

 

Figure 7. Time-evolution of mantle 
temperature (𝑇:J/Θ, equivalent to Δ𝑇:J/Θ) 
for an example model trio (Ra=105, initial 
𝜏$/𝜏% = 11.5, larger core, d=L/4, initial 
𝜏)/𝜏% > 1). Δ𝑇:J is measured from the 
center of the mobile mantle to the surface. 
Bolded sections of the curves indicate net 
warming. 

 

Figure 8. Time when (normalized) mantle temperature drops below 0.8 vs. time when core 
transitions from warming to cooling for all models, split by scenario (bottom-heated left, 
homogenous center, top-heated right). Symbology is same as in Figure 6, except that green 
outlines indicate the model planet experienced warming (𝜏)/𝜏% > Δ𝑇:J at some point).  
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mantle is colder than the core (Δ𝑇*: > 0). In other words, core cooling is delayed only by early 467 

mantle warming and it commences as soon as excess mantle heat is removed. In contrast, for the 468 

bottom-heated scenario, the temperature difference between the core and mantle interior must be 469 

sufficiently large to drive loss of all radiogenic heat through both the stabilized layer and the 470 

bottom boundary layer of convection before the core can cool. The necessary temperature 471 

difference is larger than 0.2 for all our models with non-zero heat production. Consequently, the 472 

mantle temperature will necessarily drop below 80% of its initial temperature before the core can 473 

begin to cool (Figure 9) as long as the timescale of mantle temperature decrease (related to 𝜏) of 474 

the upper boundary) is small relative to the timescale of core temperature increase in response to 475 

top warming (related to core size).  476 

4.5 Consequences of sequestered 477 

HPE: By combining these insights, we can 478 

now explain why the relative timing of the 479 

four geologically important transitions in our 480 

models depends so strongly on the location of 481 

radiogenic elements. Mantle cooling and 482 

convection require net loss of shallow mantle 483 

heat; core cooling requires net loss of deep 484 

mantle heat; planet net cooling requires loss of 485 

radiogenic heat. Convection further requires 486 

development of a temperature difference 487 

across the mobile mantle. When HPE are 488 

sequestered in the shallow mantle, radiogenic 489 

heat must be removed before sensible heat can 490 

be lost from the mobile mantle or deeper. 491 

Therefore, the consequence of shallow HPE 492 

sequestration is an onset of net planet cooling 493 

and sometimes even core cooling before the 494 

development of convection (which marks the 495 

beginning of the era of possible 496 

decompression melting). In the most strongly 497 

 

Figure 9. Mantle mean temperature at the time 
of the onset of core cooling for all models. 
Symbology is same as in Figure 6. 
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heated cases, the radiogenic half-life is the limiting timescale delaying the onset of convection, 498 

leading to the long delays seen in the model results. When HPE are sequestered in the deep 499 

mantle, the reverse is true: mantle sensible heat must be lost before radiogenic heat can be 500 

removed. Therefore, the core and sometimes also the planet can only transition from warming to 501 

cooling once a large quantity of heat has been lost from the mantle, often so much that the 502 

warming-cooling transitions happen after the convecting mantle has cooled to a very low 503 

temperature, after the era of possible decompression melting. Sensible heat removal takes time, 504 

leading to long delays in the onset of core cooling in bottom-heated cases. 505 

In summary, the terrestrial planets contain two important regions through which heat is 506 

transferred by thermal conduction, one at the top and one at the bottom of the mantle. The 507 

structure of these regions, especially in terms of heat production and insulation, can strongly 508 

influence the relevant timescales of planetary cooling and related processes. The similarity in 509 

patterns of behavior between the bottom-heated and homogenous scenarios (with regard to planet 510 

cooling vs. convection) and between the top-heated and homogenous scenarios (with regard to 511 

mantle vs. core cooling) stem from the similarity in layering/heating at the top and bottom of the 512 

mantle, respectively. 513 

5. Implications for planets 514 

In this section, on the basis of our analysis, we offer predictions for the geological 515 

evolution of a typical top-heated vs. bottom-heated planet and discuss the possible relationships 516 

to, and implications for, Mercury, the Moon, and Mars.  517 

Extrapolation from our model results to geological consequences requires care because of 518 

the simplifications made in the model. Conclusions from the model results are primarily based 519 

on the relative importance of heat generation and conductive heat transport at boundary layers at 520 

the top and bottom of the mantle. Since these layers are relatively thin and immobile, neither 521 

curvature nor variable mantle viscosity should affect our conclusions at least at a qualitative 522 

level; we also note that a stagnant lid would have a similar effect to that of an insulating crust. 523 

Melt production changes the relationship between energy change and temperature change, 524 

effectively buffering against mantle warming; we consider this effect qualitatively in the 525 

following discussion, but we note that extension of this work to quantitatively evaluate the 526 

interaction with melting in a similar framework would be a productive avenue of research. The 527 
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transport of potential heat by extraction of HPE-rich melt could be important, but we point out 528 

that crust-building is simply a mechanism by which HPE become stably sequestered at the top of 529 

the mantle. We do not expect transport of the sensible/latent heat of the melt to change our 530 

conclusions qualitatively, since volcanism has transported far less total heat through the 531 

lithosphere than conduction, except in planetary bodies exhibiting extreme activity (i.e., Io, and 532 

perhaps Venus) (Solomon and Head, 1982). 533 

5.1 Geological history of a planet with shallow HPE: In a planet with its HPE 534 

sequestered at the top of its mantle (top-heated), our models predict contemporaneous global 535 

contraction and potential for magnetic field generation and decompression melting (Figure 10A). 536 

Therefore, volcanic units resulting from decompression melting would be younger than any 537 

tectonic features related to global expansion but may be crosscut by compressional features; 538 

furthermore, these units (or contemporaneous basins) may preserve a magnetic signature. The 539 

surface expression of mantle melting 540 

may also be affected by the 541 

compressive stress state of the 542 

lithosphere (e.g., Wilson and Head, 543 

2017). 544 

The delayed development of 545 

convection seen in our top-heated 546 

models indicates that radiogenic heat 547 

produced above the mobile mantle 548 

suppresses convection (as does the 549 

insulation of the stabilized layer); 550 

therefore, the vigor of convection in a 551 

top-heated planet would initially 552 

increase (perhaps from zero) as 553 

radioactive heat production declines. 554 

The opposite (declining convective 555 

vigor) is expected for a homogenous 556 

or bottom-heated planet. Volcanism in 557 

the absence of convection would be 558 

 

Figure 10. Sketch of predicted geological evolution for 
a typical top-heated (A) vs. bottom-heated (B) planet. 
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possible in a top-heated planet if radiogenic heat in excess of that which can be conducted 559 

through the crust resulted in melting (as has been suggested for the Moon; e.g., Wieczorek and 560 

Phillips, 2000).  A top-heated planet without initial excess radiogenic heat (𝜏)/𝜏% < 1) would 561 

experience only a convection-driven volcanic phase. However, a top-heated planet with initial 562 

excess radiogenic heat (𝜏)/𝜏% > 1) would have a volcanic record featuring two phases, possibly 563 

separated by a lull in activity; net secular cooling leading to global contraction should begin 564 

before the second phase. Volcanism driven by excess radiogenic heat vs. decompression would 565 

likely differ in spatial distribution: globally distributed vs. concentrated over upwellings 566 

respectively. Magmas would likely also be distinct in composition due to their different source 567 

regions: late-stage magma ocean cumulates vs. the well-mixed mantle. 568 

5.2 Geological history of a planet with deep HPE: For a planet with its HPE 569 

sequestered at the bottom of its mantle (bottom-heated), our models predict early-onset mantle 570 

convection which is initially driven by top-cooling, with bottom-heating becoming more 571 

important over time (Figure 10B). The volcanic record might therefore feature a transition from 572 

widespread, small-scale volcanism when top-cooling dominates, to plume-style volcanism later 573 

on. Planet warming is expected with moderate HPE concentrations and would end during or after 574 

the planet’s volcanic era, implying that melting can occur when the lithosphere is in a state of 575 

extensional stress. An initial pulse of global contraction is possible during early rapid cooling. 576 

The potential for a magnetic field contemporaneous with volcanic activity depends 577 

strongly on the response of the planet’s core-mantle boundary temperature to heat production in 578 

the lower mantle, since even weak heating in the lower mantle necessitates development of a 579 

large temperature difference between the core and convective mantle. If the core temperature 580 

increases quickly in response to deep mantle heat production (e.g., if the core is small), this 581 

difference may be established by core warming while the planet is still volcanically active. If the 582 

core temperature does not increase rapidly (e.g., if melting of the lower mantle is buffering 583 

against temperature change), a magnetic field cannot exist until the mantle temperature drops 584 

adequately. In this case, magnetic field generation may be possible only after the planet is 585 

volcanically no longer active. If deep HPE partially melted the lower mantle, recrystallization 586 

also buffers against core cooling. We note that this does not preclude a very early magnetic field 587 

driven by cooling of an initially superheated core or colder overturned cumulates. 588 
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5.3 Discussion of implications for Mercury, Moon, and Mars: Mercury’s geological 589 

record bears several characteristics suggesting that the structure of its crust/shallow mantle 590 

influenced its evolution. Volcanically, Mercury has a thick ancient crust (Padovan et al., 2015; 591 

Marchi et al., 2013) as well as evidence of a distinct later pulse of more localized smooth plains 592 

volcanism (Whitten et al., 2014; Byrne et al., 2016; Wang et al., 2021). Global contraction began 593 

before the era of flood volcanism but after the ancient crust was built (Crane and Klimczak, 594 

2017). Magnetic data suggest an early-onset, long-lived magnetic field which is also active today 595 

(Hood et al., 2018). Alignment of these features with predictions for a top-heated planet (Figure 596 

10A) lead us to hypothesize that a large fraction of Mercury’s HPE are stably sequestered in its 597 

upper mantle. Mercury’s bulk chemistry could have produced a top-heated structure as fractional 598 

crystallization of Mercury’s magma ocean concentrated both sulfur and HPE into the remaining 599 

melt (Boukare et al., 2019). More sophisticated geodynamical studies would be very helpful in 600 

evaluating this hypothesis, which has not yet been considered directly. Future geochemical 601 

analysis could also test this hypothesis via its implied prediction that the intercrater plains and 602 

smooth plains represent radiogenically-driven and convection-driven eras of volcanism on 603 

Mercury. 604 

In contrast, Mars appears in several ways to be a prototypical bottom-heated planet, with 605 

early intense volcanism that involves mantle plume activity (Carr and Head, 2009) but an absent 606 

late-stage dynamo despite a liquid core (Acuna et al., 1999; Yoder et al., 2003), and an extended 607 

era of weak contraction (Andrews-Hanna and Broquet, 2023). Broadly, evidence of long-term 608 

bottom-heating of the mantle in the absence of evidence of long-term top-cooling of the core 609 

suggests a heat source between them. Deep sequestration of HPE would be consistent with Mars’ 610 

oxidized bulk chemistry, which predicts high density final magma ocean cumulates (Elkins-611 

Tanton et al., 2003). Furthermore, results from the Insight mission suggest the presence of a 612 

liquid silicate layer on top of the core of Mars, which could plausibly consist of molten HPE-rich 613 

overturned cumulates (Samuel et al., 2020; Samuel et al., 2023; Khan et al., 2023); this would 614 

indicate that Mars is in a large (thermally unresponsive) core regime, as explored in our models. 615 

The long volcanic history of Mars suggests that HPE sequestration and insulation by the volcanic 616 

crust are likely to be important as well, serving to slow mantle cooling while increasing overall 617 

planet cooling (avoiding major expansion) by loss of crustal radiogenic heat.  618 
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The Moon’s mare volcanism resembles Mercury’s smooth plains volcanism in volume, 619 

but differs in style, duration, and timing (Byrne et al., 2018; Head and Wilson, 2017; Head et al., 620 

2023). However, in contrast to Mercury’s early-onset contraction, the Moon experienced an early 621 

era of expansion (Solomon and Head, 1980; Andrews-Hanna et al., 2013) which transitioned to 622 

surprisingly moderate contraction after peak mare volcanic flux (Nahm et al., 2023); relatively 623 

late and gradual contraction aligns with deep sequestration of some HPE. On the basis of our 624 

model results and comparison to Mercury and Mars, we suggest that the Moon’s history 625 

indicates deep sequestration of some HPE. This interpretation aligns with the conclusions of 626 

previous work modeling the Moon’s evolution as well as magma ocean solidification models 627 

(Hess and Parmentier, 1995; Zhang et al., 2013). The possible present-day presence of a partially 628 

molten layer at the base of the mantle (Khan et al., 2014) would also point to deeply sequestered 629 

HPE. We note that the Moon’s small core complicates interpretation of its magnetic history, but 630 

a suggested long-lived early dynamo in either the Moon (Tikoo et al., 2017) or Mars (Mittleholz 631 

et al., 2020) could be at odds with the hypothesis of deep HPE (Samuel et al., 2020). This 632 

scenario requires further evaluation; a deep heated layer reduces transport of core heat to the 633 

surface, but to what extent can a magnetic field be driven by transport of deep core heat to the 634 

shallower core/planet?  635 

Finally, while our discussion focused on Mercury, Mars, and the Moon, our results are 636 

applicable to any planetary body in which thermal conduction is the dominant form of heat 637 

transport between its core and mantle, and from its mantle to the surface. Our results scale 638 

directly to aluminum-heated planetesimals with mantle thicknesses of a few 10’s of km 639 

(τ$/τ% ≈ 23 at the time of solar system formation) or to approximately Earth-size thorium-640 

heated planets. More broadly, our qualitative results apply to planets in which volumetric heat is 641 

delivered rapidly relative to the longest timescales of their evolution such as the mantle diffusive 642 

timescale. 643 

This work highlights several promising avenues of future investigation. The interaction of 644 

heat production and insulation exhibited by top-heated models, as well as the core vs. mantle 645 

control of the regime of radiogenic heat partitioning observed in the bottom-heated models, are 646 

worth further characterization. Where are the boundaries of these regimes, and how are they 647 

manifested in more complex systems? More detailed evaluation of the geological implications of 648 

these simplified model results would be very productive as well; what pattern of volcanism 649 
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would be predicted for a Mercury-like planet with upward sequestration of HPE, and does it 650 

match the spatiotemporal pattern observed on Mercury? What magnetic and volcanic evolution 651 

would be predicted for Mars if its deep mantle sequestered HPE, considering the interaction of 652 

basal melting and development of a conductive region in its core? Can a similar framework be 653 

used to evaluate the consequences of other perturbations to the thermochemical state of a 654 

planetary body, such as foundering of KREEP material in the Moon (Elkins-Tanton et al., 2002) 655 

after an early era of accumulation of radiogenic heat?  656 

6. Conclusions 657 

The small terrestrial bodies (Mercury, the Moon, and Mars) exhibit similar themes of 658 

volcanism, tectonism, and magnetic field generation, but with very different rates of activity over 659 

time. We have presented our evaluation of the influence of stabilized sequestration of heat-660 

producing elements (HPE) at the top or bottom of a planet’s mantle on its geological evolution. 661 

We explored numerically the behavior of a simplified model of a planet with a layered mantle, 662 

focusing on the timing of four geologically important transitions: the development of mantle 663 

convection, the cooling of the mantle below its solidus, the onset of core cooling, and the onset 664 

of net planet cooling. We found mantle structure to be an important control on the timing and 665 

especially on the relative timing of these events in the model.  666 

As compared to models with a homogenous and fully mobile mantle, in which cooling 667 

and convection are strongly coupled, we found that stabilized upward sequestration of HPE 668 

results in a regime of thermal evolution where HPE decay and the conductive evolution of the 669 

top layer is more important for the overall evolution than convective redistribution of deeper 670 

heat. We observe the onset of net planet cooling and core cooling before the development of 671 

convection in almost all cases. Stabilized downward sequestration of HPE results in longer-term 672 

retention of heat. 673 

We believe these results to be robust, even in light of the many simplifications of the 674 

model. Our conclusions align with previous work which finds that downward sequestration of 675 

HPE explains aspects of the evolution and present-day state of Mars and the Moon. We suggest 676 

that upward sequestration of HPE should be further considered as a factor in the evolution of 677 

Mercury.  678 
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scenario (1) Ra heating rate (tau_D/tau_H) core heat capacity (C) stabilized layer thickness (d/L) t_convection/tau_D (2) t_cold mantle/tau_D t_planet cooling/tau_D t_core cooling/tau_D solver timescale ratio (3) settling tolerance (4) duplicate (5)
1 10000 0 0.2 0 0.098333333 0.0323 0 0 10 0.0001 TRUE
1 10000 0 0.2 0 0.1001 0.0323 0 0 1 0.0001 TRUE
2 10000 0 0.2 0.125 0.175 0.0323 0 0 10 0.0001 FALSE
3 10000 0 0.2 0.125 0.132 0.0323 0 0 10 0.0001 FALSE
2 10000 0 0.2 0.25 0.0323 0 0 10 0.0001 FALSE
3 10000 0 0.2 0.25 0.209 0.0323 0 0 10 0.0001 TRUE
3 10000 0 0.2 0.25 0.234433333 0.0323 0 0 1 0.0001 TRUE
1 10000 0 2 0 0.0984 0.0323 0 0 10 0.0001 FALSE
2 10000 0 2 0.125 0.1715 0.0323 0 0 10 0.0001 TRUE
2 10000 0 2 0.125 0.1703 0.0323 0 0 1 0.0001 TRUE
2 10000 0 2 0.125 0.1704 0.0323 0 0 1 0.001 TRUE
3 10000 0 2 0.125 0.132 0.0323 0 0 10 0.0001 FALSE
2 10000 0 2 0.25 0.318833333 0.0323 0 0 10 0.0001 FALSE
3 10000 0 2 0.25 0.2074 0.0323 0 0 10 0.0001 FALSE
1 10000 3.84 0.2 0 0.093333333 0.119066667 0 0.088966667 10 0.0001 FALSE
2 10000 3.84 0.2 0.125 0.217 0.045066667 0 0 10 0.0001 FALSE
3 10000 3.84 0.2 0.125 0.105966667 0.124933333 0.098866667 0.107933333 10 0.0001 FALSE
2 10000 3.84 0.2 0.25 0.0652 0 0.0333 10 0.0001 FALSE
3 10000 3.84 0.2 0.25 0.144466667 0.1674 0.1285 0.147966667 10 0.0001 FALSE
1 10000 3.84 2 0 0.095666667 0.108266667 0 0.094666667 10 0.0001 FALSE
2 10000 3.84 2 0.125 0.2078 0.0451 0 0 10 0.0001 FALSE
3 10000 3.84 2 0.125 0.114933333 0.0532 0.107333333 0.133233333 10 0.0001 FALSE
2 10000 3.84 2 0.25 0.0653 0 0.0339 10 0.0001 FALSE
3 10000 3.84 2 0.25 0.156 0.074366667 0.138566667 0.185 10 0.0001 FALSE
1 10000 7.68 0.2 0 0.088866667 0.231033333 0.085533333 0.0877 10 0.0001 FALSE
2 10000 7.68 0.2 0.125 0.286666667 0.065766667 0 0 10 0.0001 TRUE
2 10000 7.68 0.2 0.125 0.285666667 0.065766667 0 0 1 0.0001 TRUE
3 10000 7.68 0.2 0.125 0.092666667 0.291333333 0.093466667 0.0988 10 0.0001 FALSE
2 10000 7.68 0.2 0.25 0.1466 0 0.0715 10 0.0001 FALSE
3 10000 7.68 0.2 0.25 0.1207 0.348366667 0.1198 0.1389 10 0.0001 FALSE
1 10000 7.68 2 0 0.0923 0.233666667 0.089166667 0.095666667 10 0.0001 TRUE
1 10000 7.68 2 0 0.0879 0.231933333 0.085133333 0.091466667 1 0.0001 TRUE
2 10000 7.68 2 0.125 0.261233333 0.065933333 0 0 10 0.0001 FALSE
3 10000 7.68 2 0.125 0.103433333 0.107666667 0.169266667 0.229633333 10 0.0001 FALSE
2 10000 7.68 2 0.25 0.147966667 0 0.075433333 10 0.0001 FALSE
3 10000 7.68 2 0.25 0.131333333 0.1576 0.133533333 0.2676 10 0.0001 FALSE
1 10000 11.52 0.2 0 0.084966667 0.3377 0.085033333 0.0851 10 0.0001 FALSE
2 10000 11.52 0.2 0.125 0.409166667 0.0976 0 0.020066667 10 0.0001 FALSE
3 10000 11.52 0.2 0.125 0.084333333 0.4149 0.126666667 0.092733333 10 0.0001 TRUE
3 10000 11.52 0.2 0.125 0.083666667 0.414733333 0.126233333 0.092333333 1 0.0001 TRUE
2 10000 11.52 0.2 0.25 0.249366667 0 0.165733333 10 0.0001 FALSE
3 10000 11.52 0.2 0.25 0.107066667 0.110433333 0.157733333 10 0.0001 FALSE
1 10000 11.52 2 0 0.088666667 0.3517 0.0899 0.186833333 10 0.0001 FALSE
2 10000 11.52 2 0.125 0.334666667 0.098533333 0 0.020166667 10 0.0001 FALSE
3 10000 11.52 2 0.125 0.095 0.187266667 0.246566667 0.2757 10 0.0001 FALSE
2 10000 11.52 2 0.25 0.2457 0 0.185233333 10 0.0001 FALSE
3 10000 11.52 2 0.25 0.1161 0.2805 0.257 0.317333333 10 0.0001 FALSE
1 10000 15.36 0.2 0 0.081333333 0.418966667 0.084333333 0.082366667 10 0.0001 FALSE
2 10000 15.36 0.2 0.125 0.139366667 0 0.0305 10 0.0001 FALSE
3 10000 15.36 0.2 0.125 0.078333333 0.146833333 0.122733333 10 0.0001 FALSE
2 10000 15.36 0.2 0.25 0.342833333 0.077533333 0.232266667 10 0.0001 FALSE
3 10000 15.36 0.2 0.25 0.0979 0.154666667 0.1644 10 0.0001 FALSE
1 10000 15.36 2 0 0.085 0.450866667 0.141666667 0.2323 10 0.0001 FALSE
2 10000 15.36 2 0.125 0.422 0.142 0 0.0309 10 0.0001 FALSE
3 10000 15.36 2 0.125 0.088666667 0.430533333 0.280866667 0.304066667 10 0.0001 FALSE
2 10000 15.36 2 0.25 0.3253 0.077433333 0.269766667 10 0.0001 FALSE
3 10000 15.36 2 0.25 0.105633333 0.2963 0.347833333 10 0.0001 FALSE
1 100000 0 0.2 0 0.018880208 0.027779948 0 0.015852865 30 0.0001 FALSE
2 100000 0 0.2 0.125 0.033736979 0.031998698 0 0 30 0.0001 FALSE
3 100000 0 0.2 0.125 0.019205729 0.024485677 0 0 30 0.0001 FALSE
2 100000 0 0.2 0.25 0.055924479 0.031998698 0 0 30 0.0001 FALSE
3 100000 0 0.2 0.25 0.021484375 0.02625651 0 0 30 0.0001 FALSE
1 100000 0 2 0 0.018880208 0.029654948 0 0.015852865 30 0.0001 FALSE
2 100000 0 2 0.125 0.033736979 0.031998698 0 0 30 0.0001 FALSE



3 100000 0 2 0.125 0.019205729 0.024498698 0 0 30 0.0001 FALSE
2 100000 0 2 0.25 0.055924479 0.031998698 0 0 30 0.0001 FALSE
3 100000 0 2 0.25 0.021484375 0.02625651 0 0 30 0.0001 FALSE
1 100000 3.84 0.2 0 0.018619792 0.042376302 0 0.019238281 30 0.0001 FALSE
2 100000 3.84 0.2 0.125 0.038411458 0.050690104 0 0 30 0.0001 FALSE
3 100000 3.84 0.2 0.125 0.019160156 0.035084635 0 0.046608073 30 0.0001 FALSE
2 100000 3.84 0.2 0.25 0.076979167 0.065299479 0 0.034563802 1 0.0001 TRUE
2 100000 3.84 0.2 0.25 0.077473958 0.065299479 0 0.034563802 30 0.0001 TRUE
3 100000 3.84 0.2 0.25 0.021354167 0.041230469 0 0.072929688 30 0.0001 FALSE
1 100000 3.84 2 0 0.017825521 0.045182292 0 0.018483073 1 0.0001 TRUE
1 100000 3.84 2 0 0.018619792 0.045735677 0 0.019322917 30 0.0001 TRUE
2 100000 3.84 2 0.125 0.038411458 0.054583333 0 0 30 0.0001 FALSE
3 100000 3.84 2 0.125 0.018763021 0.029563802 0 0.072636719 1 0.0001 TRUE
3 100000 3.84 2 0.125 0.019134115 0.029602865 0 0.072597656 30 0.0001 TRUE
2 100000 3.84 2 0.25 0.077460938 0.065384115 0 0.035182292 30 0.0001 FALSE
3 100000 3.84 2 0.25 0.021354167 0.035058594 0 0.105279948 30 0.0001 FALSE
1 100000 7.68 0.2 0 0.018326823 0.070729167 0.018170573 0.019101563 30 0.0001 FALSE
2 100000 7.68 0.2 0.125 0.045813802 0.072044271 0 0 30 0.0001 FALSE
3 100000 7.68 0.2 0.125 0.019114583 0.065514323 0.019173177 0.073242188 30 0.0001 FALSE
2 100000 7.68 0.2 0.25 0.146809896 0.154980469 0 0.074882813 30 0.0001 FALSE
3 100000 7.68 0.2 0.25 0.021269531 0.097220052 0.021972656 0.112011719 30 0.0001 FALSE
1 100000 7.68 2 0 0.018313802 0.077434896 0.018183594 0.01922526 30 0.0001 FALSE
2 100000 7.68 2 0.125 0.045813802 0.0871875 0 0 30 0.0001 FALSE
3 100000 7.68 2 0.125 0.019075521 0.038802083 0.019173177 0.146158854 30 0.0001 FALSE
2 100000 7.68 2 0.25 0.146940104 0.167597656 0 0.079205729 30 0.0001 FALSE
3 100000 7.68 2 0.25 0.02094401 0.05094401 0.021764323 0.197382813 1 0.0001 TRUE
3 100000 7.68 2 0.25 0.02125651 0.051015625 0.021953125 0.197356771 30 0.0001 TRUE
1 100000 11.52 0.2 0 0.016875 0.128782552 0.019095052 0.01765625 1 0.0001 TRUE
1 100000 11.52 0.2 0 0.018085938 0.129492188 0.019602865 0.018932292 30 0.0001 TRUE
2 100000 11.52 0.2 0.125 0.060026042 0.107317708 0 0.025970052 30 0.0001 FALSE
3 100000 11.52 0.2 0.125 0.019075521 0.177825521 0.066074219 0.089283854 30 0.0001 FALSE
2 100000 11.52 0.2 0.25 0.246158854 0.262265625 0.042161458 0.170592448 30 0.0001 FALSE
3 100000 11.52 0.2 0.25 0.021158854 0.26140625 0.107923177 0.133619792 30 0.0001 FALSE
1 100000 11.52 2 0 0.018098958 0.14219401 0.019752604 0.061686198 30 0.0001 FALSE
2 100000 11.52 2 0.125 0.060026042 0.13421875 0 0.026178385 30 0.0001 FALSE
3 100000 11.52 2 0.125 0.019049479 0.050201823 0.162617188 0.198561198 30 0.0001 FALSE
2 100000 11.52 2 0.25 0.266595052 0.248541667 0.042148438 0.19110026 30 0.0001 FALSE
3 100000 11.52 2 0.25 0.021158854 0.080351563 0.202838542 0.254947917 30 0.0001 FALSE
1 100000 15.36 0.2 0 0.017838542 0.197311198 0.029765625 0.063945313 30 0.0001 FALSE
2 100000 15.36 0.2 0.125 0.093203125 0.154589844 0 0.045299479 30 0.0001 FALSE
3 100000 15.36 0.2 0.125 0.019010417 0.272851563 0.097552083 0.099192708 30 0.0001 FALSE
2 100000 15.36 0.2 0.25 0.26374349 0.349283854 0.079401042 0.236276042 30 0.0001 FALSE
3 100000 15.36 0.2 0.25 0.020703125 0.362604167 0.134134115 0.145664063 1 0.0001 TRUE
3 100000 15.36 0.2 0.25 0.021028646 0.362643229 0.134042969 0.145592448 30 0.0001 TRUE
1 100000 15.36 2 0 0.016438802 0.214700521 0.027864583 0.100957031 1 0.0001 TRUE
1 100000 15.36 2 0 0.016451823 0.214713542 0.027916667 0.100957031 1 0.001 TRUE
1 100000 15.36 2 0 0.017884115 0.215097656 0.02922526 0.101236979 30 0.0001 TRUE
2 100000 15.36 2 0.125 0.092597656 0.187486979 0 0.046419271 1 0.0001 TRUE
2 100000 15.36 2 0.125 0.093157552 0.18750651 0 0.04641276 30 0.0001 TRUE
3 100000 15.36 2 0.125 0.019010417 0.073333333 0.207369792 0.23188151 30 0.0001 FALSE
2 100000 15.36 2 0.25 0.314661458 0.355429688 0.079335938 0.275065104 30 0.0001 FALSE
3 100000 15.36 2 0.25 0.021028646 0.148033854 0.245579427 0.290397135 30 0.0001 FALSE
1 1000000 0 0.2 0 0.004794792 0.013625 0 0 30 0.001 FALSE
2 1000000 0 0.2 0.125 0.012366146 0.031161458 0 0.011492188 30 0.001 FALSE
3 1000000 0 0.2 0.125 0.005223958 0.013046354 0 0 30 0.001 FALSE
2 1000000 0 0.2 0.25 0.021739583 0.033786979 0 0.019910938 30 0.001 FALSE
3 1000000 0 0.2 0.25 0.005006771 0.012635417 0 0 30 0.001 FALSE
1 1000000 0 2 0 0.004794792 0.014695833 0 0 30 0.001 FALSE
2 1000000 0 2 0.125 0.012366146 0.037825 0 0.011492188 30 0.001 FALSE
3 1000000 0 2 0.125 0.005223958 0.013093229 0 0 30 0.001 FALSE
2 1000000 0 2 0.25 0.021739583 0.035535938 0 0.019910938 30 0.001 FALSE
3 1000000 0 2 0.25 0.005006771 0.012638021 0 0 30 0.001 FALSE
1 1000000 3.84 0.2 0 0.004692708 0.016570833 0 0 30 0.001 FALSE
2 1000000 3.84 0.2 0.125 0.013927083 0.043165625 0 0.014132292 30 0.001 FALSE
3 1000000 3.84 0.2 0.125 0.005223958 0.015954688 0 0.024958333 30 0.001 FALSE



2 1000000 3.84 0.2 0.25 0.031677083 0.070390625 0 0.029221354 30 0.001 FALSE
3 1000000 3.84 0.2 0.25 0.005005208 0.016071354 0 0.044359375 30 0.001 FALSE
1 1000000 3.84 2 0 0.004692708 0.020052083 0 0 30 0.001 FALSE
2 1000000 3.84 2 0.125 0.013927083 0.060910938 0 0.014134896 30 0.001 FALSE
3 1000000 3.84 2 0.125 0.005223958 0.01518125 0 0.033827083 30 0.001 FALSE
2 1000000 3.84 2 0.25 0.031677083 0.094789583 0 0.029224479 30 0.001 FALSE
3 1000000 3.84 2 0.25 0.005008854 0.015524479 0 0.0581125 30 0.001 FALSE
1 1000000 7.68 0.2 0 0.004590104 0.023175 0 0.004833333 30 0.001 FALSE
2 1000000 7.68 0.2 0.125 0.016447917 0.063430208 0 0.016671354 30 0.001 FALSE
3 1000000 7.68 0.2 0.125 0.005223958 0.020176563 0 0.04493125 30 0.001 FALSE
2 1000000 7.68 0.2 0.25 0.066380208 0.151765104 0 0.065481771 30 0.001 FALSE
3 1000000 7.68 0.2 0.25 0.005005208 0.022023958 0 0.079971875 30 0.001 FALSE
1 1000000 7.68 2 0 0.004594792 0.032184896 0 0.004840625 30 0.001 FALSE
2 1000000 7.68 2 0.125 0.016449479 0.086793229 0 0.016678646 30 0.001 FALSE
3 1000000 7.68 2 0.125 0.005223958 0.017484375 0 0.081277083 30 0.001 FALSE
2 1000000 7.68 2 0.25 0.066458854 0.196596875 0 0.066106771 30 0.001 FALSE
3 1000000 7.68 2 0.25 0.005005208 0.019661458 0 0.1370125 30 0.001 FALSE
1 1000000 11.52 0.2 0 0.004503646 0.033400521 0 0.004758854 30 0.001 FALSE
2 1000000 11.52 0.2 0.125 0.0215375 0.098918229 0 0.021761458 30 0.001 FALSE
3 1000000 11.52 0.2 0.125 0.005223958 0.028135938 0.005618229 0.060919792 30 0.001 FALSE
2 1000000 11.52 0.2 0.25 0.146427083 0.254844792 0.042914583 0.146971875 30 0.001 FALSE
3 1000000 11.52 0.2 0.25 0.005005208 0.035419792 0.005272396 0.105222917 30 0.001 FALSE
1 1000000 11.52 2 0 0.004505208 0.064146875 0 0.004766667 30 0.001 FALSE
2 1000000 11.52 2 0.125 0.021536979 0.149105729 0 0.021768229 30 0.001 FALSE
3 1000000 11.52 2 0.125 0.005223958 0.020730208 0.005606771 0.133476042 30 0.001 FALSE
2 1000000 11.52 2 0.25 0.152786458 0.289315625 0.042905208 0.153860417 30 0.001 FALSE
3 1000000 11.52 2 0.25 0.005005208 0.025580729 0.005266667 0.201395313 30 0.001 FALSE
1 1000000 15.36 0.2 0 0.004427083 0.066670313 0.006307813 0.004696875 30 0.001 FALSE
2 1000000 15.36 0.2 0.125 0.0393625 0.147180729 0 0.039478125 30 0.001 FALSE
3 1000000 15.36 0.2 0.125 0.005223958 0.054232292 0.006109896 0.073688542 30 0.001 FALSE
2 1000000 15.36 0.2 0.25 0.186354167 0.340755208 0.079984896 0.205305729 30 0.001 FALSE
3 1000000 15.36 0.2 0.25 0.005005208 0.160905208 0.101979167 0.120573438 30 0.001 FALSE
1 1000000 15.36 2 0 0.004432292 0.097498438 0.006268229 0.004707292 30 0.001 FALSE
2 1000000 15.36 2 0.125 0.039364583 0.201497917 0 0.039498438 30 0.001 FALSE
3 1000000 15.36 2 0.125 0.005223958 0.025081771 0.150014583 0.174863021 30 0.001 FALSE
2 1000000 15.36 2 0.25 0.195348958 0.379307292 0.079928125 0.234082292 30 0.001 FALSE
3 1000000 15.36 2 0.25 0.005005208 0.034771875 0.205025521 0.240808333 30 0.001 FALSE

(1) Scenario indicates mantle structure. 1 - homogenous; 2 - top-heated; 3 - bottom-heated.
(2) Blank value indicates the transition was not detected
(3) Ratio between timesteps used for momentum conservation solver vs. heat transport solver
(4) Velocity field is considered to have approached steady state when the maximum change in velocity is smaller than this fraction of the absolute velocity over the full grid, over a time window sufficient for propagation of information twice across the lattice.
(5) Indicates a model with identical physical parameters to another model; multiple are run to compare the results with different numerical parameters (i.e., settling tolerance or solver timescale ratio)


