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magma ocean configurations for both Earth and Mars. We calculate the oxygen fugacity (fO2) at the surface as the systems
evolve and compare them to constraints on the fO2 of the last magma ocean atmosphere from D/H ratios. For Earth, we find
that Fe3+ must behave incompatibly in the lower mantle to match the D/H constraint for whole mantle models, but shallow
magma ocean models also provide reasonable matches to the constraints. For Mars, both EOSs produce near identical results
but cannot match the D/H constraints on last fO2 unless the magma ocean begins with less than 50% of the predicted Fe3+.
This model shows that Fe3+ partitioning has a measurable effect on magma ocean atmosphere redox state, which is not a static
quantity but evolves throughout the magma ocean’s lifetime. We highlight the need for additional experimental constraints on

ferric iron partitioning.

Hosted file

982560_0_supp_11732083_s6fv8b.docx available at https://authorea.com/users/546868/articles/
697838-ferric-iron-evolution-during-crystallization-of-the-earth-and-mars


https://authorea.com/users/546868/articles/697838-ferric-iron-evolution-during-crystallization-of-the-earth-and-mars
https://authorea.com/users/546868/articles/697838-ferric-iron-evolution-during-crystallization-of-the-earth-and-mars

~N O ok~ WwN -

oo

10

11
12

13

14
15

manuscript submitted to Journal of Geophysical Research: Planets

Ferric iron evolution during crystallization of the Earth and Mars
Laura Schaefer!, Kaveh Pahlevan?, Linda T. Elkins-Tanton®

! Department of Earth and Planetary Sciences, Stanford University
2Carl Sagan Center, SETI Institute, Mountain View, CA
3School of Earth and Space Exploration, Arizona State University,

Corresponding author: Laura Schaefer (Ikschaef@stanford.edu)

Key Points:

e We model mineral/melt partitioning during magma ocean crystallization using new Fe3*
partition coefficients for lower mantle minerals.

e We calculate oxygen fugacity (fO2) of outgassing at the surface for Earth and Mars
magma oceans and match to constraints from planetary D/H.

e For Earth, only models using the Armstrong EOS match constraints, whereas Mars must
start Fe*-depleted to match constraints.
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Abstract

Magma ocean crystallization models that track fO> evolution can reproduce the D/H ratios of
both the Earth and Mars without the need for exogenous processes. Fractional crystallization
leads to compositional evolution of the bulk oxide components. Metal-saturated magma oceans
have long been thought to contain negligible ferric iron oxide (Fe**O15), but recent work
suggests they may contain near-present-day Fe3* concentrations of planetary mantles. We model
the fractional crystallization of Earth and Mars, including Fe?* and Fe3* as separate components.
We use two independent equations of state (Deng, Armstrong EOS) to calculate Fe®* partition
coefficients for lower mantle minerals and compare results of fractional crystallization for
different magma ocean configurations for both Earth and Mars. We calculate the oxygen fugacity
(fO2) at the surface as the systems evolve and compare them to constraints on the fO> of the last
magma ocean atmosphere from D/H ratios. For Earth, we find that Fe®* must behave
incompatibly in the lower mantle to match the D/H constraint for whole mantle models, but
shallow magma ocean models also provide reasonable matches to the constraints. For Mars, both
EOSs produce near identical results but cannot match the D/H constraints on last fO2 unless the
magma ocean begins with less than 50% of the predicted Fe**. This model shows that Fe®*
partitioning has a measurable effect on magma ocean atmosphere redox state, which is not a
static quantity but evolves throughout the magma ocean’s lifetime. We highlight the need for
additional experimental constraints on ferric iron partitioning.

Plain Language Summary

During the formation of planets like Earth and Mars, many undergo a stage in which their rocky
mantles are almost fully molten, called a magma ocean. The crystallization of different minerals
as the magma ocean cools leads to changes in the composition of the melt. The melt maintains
contact with the atmosphere throughout this stage, so changes in the melt’s composition,
especially the availability of oxygen, can lead to changes in the atmosphere’s composition. In
this paper, we use a model that looks at how the melt’s composition changes, with a special
focus on how different types (or species) of iron (Fe?*, Fe®") behave as minerals form. We use
two different models called equations of state (EOS) of how these iron species behave at high
pressures and compare how the melt’s composition changes when we use each of them. For
Earth, only one of the EOS models produces results that agree with information that we have
about the composition of the last atmosphere in contact with the magma ocean. For Mars, both
models produce similar results, but neither is successful in recreating the last atmosphere unless
the melt starts with much less of the Fe®* species than previously predicted.
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1. Introduction

The oxidation state of Earth’s present day upper mantle is close to the quartz-fayalite-magnetite
(QFM) buffer (Canil & O’Neill 1996; Frost & McCammon 2008), which results in oxidized
volcanic gases such as H>O and CO». Measurements of redox proxies going back to at least 3900
Ma (Delano 2001), and possibly as far back as 4.3 Ga (Trail et al. 2011), are consistent with
present day values, indicating little secular change in mantle oxidation state through time,
although recent measurements suggest a slightly lower mantle oxidation state during the early
Archean of ~QFM-0.5/1 (Aulbach & Stagno 2016, Nicklas et al. 2019). However, models of
core formation suggest that the Earth’s mantle would have been two log units below the iron-
wastite buffer (~IW-2) at the end of planet formation (Rubie et al. 2015, Badro et al. 2015). As
first suggested by Hirschmann (2012), recent measurements of ferric (Fe3*) iron in silicate melts
and first principles calculations indicate that high pressure conditions may stabilize ferric iron
over ferrous iron (Armstrong et al., 2019; Zhang et al., 2017, Deng et al. 2020, Kuwahara et al.
2023), unlike earlier lower pressure data (Kress & Carmichael 1991; O’Neill et al. 2006). Fe-
bearing silicates equilibrated at high pressure then have non-negligible ferric iron contents, even
at reducing conditions. This suggests that once metal segregates during core formation, the
oxygen fugacity of a well-mixed mantle at low pressures — often characterized by its Fe*3/Fe*? —
would suddenly increase. Hirschmann (2022) recalibrated a silicate melt equation of state and
calculated the ferric iron contents of silicate melts under core-formation conditions for Earth and
Mars and found Fe**/Fer = 0.04 — 0.10 and 0.026 — 0.038, respectively, consistent with the
present day mantles of the two planets.

Chemical partitioning models of magma ocean evolution have also previously shown that
fractional crystallization will tend to increase the FeO abundance in the magma ocean during
soldification (Elkins-Tanton et al., 2003, 2005). This results in a denser, iron-rich upper mantle,
which may cause a massive early mantle overturn event (Boukaré et al. 2018; Elkins-Tanton et
al. 2003). Ferric iron is moderately incompatible during both partial melting and fractional
crystallization (Canil & O’Neill 1996; Cottrell & Kelley 2011; Sorbadere et al. 2018) in the
upper mantle and may therefore fractionate from ferrous iron during fractional crystallization of
the magma ocean, as first suggested by McCanta et al. (2009). Most previous fractional
crystallization models did not include ferric iron because it was thought to be present at
vanishingly small amounts for oxygen fugacities below IW. Fractionation of ferric and ferrous
iron during magma ocean solidification would produce both vertical and temporal variations in
redox state, which may influence mantle mineralogy as well as early outgassed atmospheric
compositions.

In this paper, we seek to determine the effect that ferric iron partitioning could have on the
oxygen fugacity of the last magma ocean atmospheres of Earth and Mars. Pahlevan et al. (2019,
2022) determine the oxygen fugacity of the last atmosphere equilibrated with a magma ocean by
determining the maximum amount of D/H fractionation that could have occurred for Earth and
Mars, using constraints on initial D/H of early hydrogen reservoirs. These models assume that all
hydrogen that escapes is carried to the upper atmosphere in the form of Hy, and no hydrogen is
stripped from water vapor during the steam atmosphere stage. Then the relative abundances of
H2 and H2O in the last magma ocean atmosphere constrain the oxygen fugacity through the
reaction:
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Hz + 120, = H,0 (1)

Assuming a chondritic source of early water on Earth, Pahlevan et al. (2019) find that only a
small amount of hydrogen escape is allowed, which requires the oxygen fugacity of the last
magma ocean atmosphere for Earth to be greater than IW + 1. Under these conditions, the
abundance of Hy is much lower than the abundance of H2O in the gas phase equilibrated with the
magma ocean. In contrast, there appears to be evidence for moderate to high escape of hydrogen
from early Mars, and Pahlevan et al. (2022) find that the D/H ratio would be consistent with a
last magma ocean atmosphere less than IW — 1. These constraints therefore provide a lower limit
on oxygen fugacity for Earth but an upper limit for the last magma ocean atmosphere of Mars.

In this paper, we present models for ferric iron partitioning in a crystallizing magma ocean on
Earth and Mars, considering both batch and fractional crystallization scenarios. Our model
follows the evolution of the ferric iron as it partitions between mantle minerals and magma ocean
liquid. To do this, we must first determine ferric iron partition coefficients for all the
crystallizing minerals. Whereas measurements of ferric iron partition coefficients are available
for many of the upper mantle minerals (Mallmann & O’Neill 2009, Davis & Cottrell 2021,
Rudra & Hirschmann 2022), most of the lower mantle minerals have no such measurements. In
this paper, we therefore use the best available mineral constraints in conjuction with a silicate
melt model for the variation of Fe**/Fe?* with oxygen fugacity in order to estimate the ferric iron
partition coefficients. Two silicate melt equations of state (EOS) extend up to high enough
pressure to use for these calculations (Armstrong et al. 2019, Deng et al. 2020). We find that
these two EOSs yield opposite partitioning behavior (compatible vs. incompatible) for several of
the lower mantle minerals, including bridgmanite. Our partitioning model therefore provides a
test of the two EOSs to determine which model is most consistent with the D/H constraints for
Earth and Mars.

This paper is organized as follows. We first discuss the model below and describe the ferric iron
partition coefficients for the abundant mantle minerals (Section 2) using the two EOS
parameterizations for ferric iron oxide (Armstrong et al. 2019, Deng et al. 2020). We then
discuss what magma ocean conditions the D/H constraints of Pahlevan et al. (2019, 2022) may
correspond to. We then show results for the fO» evolution at the surface for different initial ferric
iron abundances and different crystallization scenarios (Section 3) for both planets to determine
which model parameters best match the D/H constraints.

2. Magma ocean model

2.1 Fractional Crystallization: phases and proportions

In this paper, we modify the magma ocean fractional crystallization model of Elkins-Tanton
(2008). The magma ocean crystallizes from a given depth (or pressure) upwards, following a
specified mineralization sequence determined by mineral phase stability along the mantle
solidus, with slightly different mineral proportions for Earth and Mars (Elkins-Tanton 2008,
Table 2). We do not explicitly model the planetary thermal evolution timescales or volatile
evolution here, focusing instead on the detailed mineral/melt chemical evolution. We update the
Elkins-Tanton fractional crystallization model by modifying the internal structure calculation and
including ferric/ferrous iron partitioning between the silicate liquid and crystallizing phases. We
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also explore the uncertainties in the ferric iron partition coefficients using Monte Carlo
simulations. We discuss these updates in detail below.

2.2 Internal structure

We specify the core mass fraction of the planet and then the internal structure of the planet is
calculated for a liquid silicate mantle and isolated Fe core by solving the equations of internal
structure with spherical symmetry and hydrostatic equilibrium:

0 = 4mr2p(r) 2)
dP(r) _ —Gm(r)p(r)
dr T2 )

As the planetary mantle solidifies, the density of the minerals in each solid layer is determined
and the radius of solidification is calculated, beginning from the core-mantle boundary. The
crystallization occurs in layers of 1 wt% of the mantle's mass. The depth of the magma ocean is
determined for the new magma ocean composition by determining the density of the silicate
liquid with depth. We compute the internal structure evolution for each of the magma ocean
scenarios (see Section 2.3) once, to determine the evolution of the radius of solidification, then
we use this calculated structure for each of the Monte Carlo simulations with different ferric iron
partition coefficients. Using this procedure, the density of the layers that are strongly ferric iron-
enriched may be slightly underestimated.

2.3 Whole Mantle vs. Shallow Magma Ocean Models
In our models, we test different magma ocean configurations for both Earth and Mars (see
Figure 1), with either different initial depths of melting or a switch between crystallization style
from batch (or equilibrium) to fractional crystallization. Purely fractional crystallization
produces larger degrees of fractionation than batch crystallization, but the switch from batch to
fractional crystallization depends on crystal size within the magma ocean (Solomatov 2015),
with both mechanisms possible under the convective conditions of Earth’s magma ocean. Xie et
al. (2020) use new measurements of silicate liquid viscosities to calculate crystal fractions and
find that fractional crystallization likely started when the base of Earth’s magma ocean was
~1000 km depth, with formation of a bridgmanite-rich layer at the top of the lower mantle during
batch crystallization. In the absence of good constraints on the Martian magma ocean, we will
adopt identical scenarios for both planets. We test whole mantle magma ocean models in which
batch crystallization switches to fractional crystallization at 500 km and 1000 km, as shown in
Figure 1(left), compared to a fully fractional crystallization model. We also compare these
results to shallow magma ocean models, also starting at 500 or 1000 km, in which we assume
that the lower mantle does not melt and the starting compositions are the Bulk Silicate planet
compositions given in Table 1. The differences in results between whole mantle vs. shallow
magma oceans is driven entirely by the bulk composition at the initiation of fractional
crystallization.

For the whole mantle models, we adopt a simplified model of batch crystallization, in
which we compute bulk partition coefficients for each of the melt oxide phases via:

D = Y;X;D; 4)
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where X; is the mass fraction of mineral phase i in the solid, D; is the partition coefficient
between mineral i and the melt and D is the bulk partition coefficient between solid and liquid.
We then use the batch crystallization equation to calculate the composition of the liquid
following crystallization of some mass fraction of the mantle.

C{’iq F(1-D)+D  F+D(1-F)

(5)

where F is the degree of melting, C;;, is the mass fraction of an oxide in the melt after
crystallization, ng is the initial mass fraction of the oxide in the magma ocean. The conditions
for batch crystallization for each scenario are given in Table 2, including the pressure and
temperature at the base of the magma ocean layer (top of solid layer), the mass fraction of the
magma ocean relative to the total mantle, and the mineral mass fractions within the crystallized
layer, normalized to 1. We use these mineral fractions in equation 5 for calculating bulk partition
coefficients for each model. We adopt the same starting pressure and temperature conditions for
the shallow magma ocean models.

In Table S1, we summarize the partition coefficients (D;) for each of the melt oxide components
(SiO2, MgO, FeO, CaO, Al20s) that we use in the batch crystallization model. Note that we do
not specifically calculate mineral phase compositions or apply stoichiometric corrections as done
during the fractional crystallization stage. We modify the exchange coefficients (e.g, ng/Mg =
Dreo/Dugo) Tor the fractional crystallization stage to ensure consistency with the D; used in the
calculation of the bulk partition coefficients (egn 5). We summarize our new Kp values
compared to the Elkins-Tanton (2008) model in Table S2. Most values are in relatively close
agreement, and we find little change in the overall model behavior when using either set of
values.

To take into account the uncertainties on the partition coefficients, we performed Monte Carlo
simulations using 10° randomized draws of oxide partition coefficients, assuming uncorrelated
normal distributions, to perform the batch crystallization calculations. These simulations
produced mean oxide abundances that were reproducible within 0.01 wt%, which we use as the
starting compositions for the fractional crystallization models. We report the mean values for
each batch scenario in Table 1, along with the Bulk Silicate Earth (BSE) (McDonough 2003)
and Bulk Silicate Mars (BSM) (Taylor 2013) compositions, which are also used as starting
conditions for the shallow magma ocean models.

2.4 Pressure of last equilibration

To relate the oxygen fugacity predicted by our fractional crystallization models to the D/H
constraints of Pahlevan et al. (2019, 2022), we must determine the conditions under which the
magma ocean and the atmosphere begin to evolve separately. Magma ocean thermal evolution
models suggest that the mantle evolves from a fully molten system to a partially molten “mush”
system, at which point a thick lid (> a few km) can form (Solomatov 2007, Lebrun et al. 2012,
Monteux et al. 2020). The lid inhibits direct magma ocean-atmosphere exchange, with
subsequent transfer of volatiles from the interior to the atmosphere requiring physical advection



229
230
231
232
233
234
235
236
237
238
239
240
241
242
243
244
245
246
247
248
249
250

251
252

253
254
255
256
257
258
259
260
261
262
263
264
265
266
267
268
269

270
271

272
273
274
275

manuscript submitted to Journal of Geophysical Research: Planets

of material through the lid. This is often called the rheological transition. Some portion of the
upper mantle remains molten at this stage, with additional volatiles trapped within the melt layer
(Elkins-Tanton 2008, Hier-Majumder & Hirschmann 2017, Miyazaki & Korenaga 2022). We
characterize the separation of the atmosphere and remaining magma ocean by the pressure at the
base of the partially molten layer when the thick lid forms, which we refer to as the basal
pressure of last equilibration (BPLE). We show an example thermal profile that illustrates the
intersection of solidus and magma ocean adiabat that determines the BPLE in Figure S4.
Although our fractional crystallization models continue to lower pressures than the BPLE, we
search for models which produce the allowed oxygen fugacity within the bounds of the BPLE
that we calculate below.

We use a 1D magma ocean thermal evolution model (Schaefer et al. 2016, Lebrun et al. 2013) to
constrain the BPLE for both Earth and Mars. Note that this model is a physical simulation that is
separate from the chemical model of fractional crystallization that we discuss throughout the rest
of this paper. The thermal evolution model calculates the evolution of mantle and surface
temperatures along with volatile evolution within the coupled mantle-atmosphere system. We
find that the BPLE is not sensitive to the volatile content or any parameters that determine the
timing of solidification. Instead, we find that the BPLE depends most sensitively on the assumed
solidus and liquidus curves, and especially the temperature difference between the solidus and
liquidus (Tiiquidus-Tsotidus, called liquidus offset hereafter) within the upper mantle layers, which
determines melt fraction (¢= (Tmantle — Tsotidus)/(Triquidus-Tsolidus)) @nd dictates the evolution of the
rheological front. We find that if the liquidus offset is reduced, the BPLE drops to lower
pressures.

A conservative assumption of a dry peridotite solidus and liquidus (Pierru et al. 2022) for Earth
yields BPLE of 15.3 GPa. Pierru et al. (2022) find a liquidus offset of ~300 K in the upper
mantle, which increases to ~600 K at the core-mantle boundary. We find similar BPLE values
using Pierru et al (2022)’s solidus temperature with a constant liquidus offset of 300 K.
However, the presence of volatiles such as water and CO: in the liquid will lower solidus and
liquidus temperatures (Katz et al. 2003, Medard & Grove 2008). If we reduce both the solidus
and liquidus temperatures equally by 200 and 400 K, we find BPLE for Earth of 14.6 and 14.0
GPa, respectively, a relatively small effect. If volatile effects do not equally reduce the solidus
and liquidus temperatures, these results may vary more greatly, with higher (lower) BPLE values
if the solidus-liquidus gap increases (decreases). An additional effect to consider is that fractional
crystallization enriches the liquid in incompatible elements, which can produce an equal or
greater decrease in the solidus temperatures compared to volatile-rich models (Elkins-Tanton
2008). Elkins-Tanton (2008) determined solidus temperatures for Earth and Mars by calculating
melting points for their fractionally crystallizing systems using the MELTs model, incorporating
both the incompatible element and volatile effects. We use their reported solidus temperatures
with liquidus offsets ranging from 300 to 600 K and find BPLE from 6 — 10 GPa. Note also that
we assume that the liquidus offset is constant with pressure, which is likely an oversimplification
but provides reasonable upper and lower bounds.

The solidus temperature of Mars is different from the peridotite solidus of the Earth due to higher
FeO contents. Liquidus temperatures are not well-determined for Mars, but based on work by
Longhi et al. (1992), we estimate a solidus-liquidus offset of between 300 — 400 K. Duncan et al.
(2018) measured solidus temperatures for Mars-analog compositions. Using their solidus plus

7
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liquidus offsets of 300 — 400 K, we find BPLE of 2.8 — 3.8 GPa for Mars. This range is much
lower than for the Earth due to the effect of the lower gravity of Mars on the temperature
structure with pressure. We again find minimal differences if both solidus and liquidus are
equally reduced by impurities. Elkins-Tanton (2008) also determined the solidus for a
fractionally crystallizing Mars. Using their solidus with 300 — 400 K liquidus offsets, we find
BPLE of 1.7 -2.5 GPa.

Based on these results, we adopt a range of 6 — 15 GPa for the BPLE for Earth, and 1.7 — 3.8
GPa for Mars. Miyazaki & Korenaga (2022) find a slightly lower but similar pressure of ~5 GPa
for the base of the partially molten layer when the surface becomes solid for an Earth-mass
planet. We emphasize that further investigation of the factors that control the pressure of last
equilibration for magma ocean atmospheres, as well as the timing of separation of atmosphere
and interior will be necessary to further our understanding of the early atmospheres of rocky
planets.

2.5 Ferric iron partitioning

Our chemical models of fractional crystallization allow the oxygen fugacity of the magma ocean
to evolve as a result of changes in the ferric to ferrous iron ratio (Fe®*/Fe?*) in the silicate melt.
This ratio evolves as a result of differences in the partitioning behavior of the two iron oxide
species. To study this, we modify the model of Elkins-Tanton (2008) by adding ferric iron
partitioning between the silicate minerals and melt. The ferric iron partition coefficients used for
each mineral along with estimated uncertainties are given in Table 3. Models have shown that
the bulk FeO content of the melt phase will increase as the magma ocean crystallizes due to the
incompatibility of Fe relative to Mg in silicate minerals (Boukaré et al. 2018; Elkins-Tanton et
al. 2003). Fe/Mg partition coefficients have been updated from previous models (see Section
2.3) and are assumed to represent Fe?* only. Ferric iron also behaves as a moderately
incompatible element in most mineral/melt systems (Canil and O’Neill, 1996). Bulk partition
coefficients for ferric oxide in peridotite/melt systems under upper mantle conditions are
typically found to be between 0.1 — 0.3 (Canil & O’Neill 1996; Cottrell & Kelley 2011;
Sorbadere et al. 2018). Cottrell and Kelley (2011) calculated a bulk Fe;O3 partition coefficient of
0.22 for fertile mantle composed of 55% olivine, 25% orthopyroxene, 18% clinopyroxene and
2% spinel using the partition coefficients of Mallmann and O’Neill (2009). The comparable
value of the bulk mantle/melt partition coefficient for FeO using the same mineralogy is 0.85,
indicating that ferrous iron behaves more compatibly than ferric iron. Therefore, our expectation
is that the Fe®*/Fe?* ratio of the magma ocean should increase as the magma ocean crystallizes,
although this depends in detail on the crystallizing phases and their proportions. In particular, the
ferric iron abundance and partitioning behavior in the lower mantle minerals are largely
unknown, but they have been shown to have a high capacity to hold ferric iron under current
mantle conditions in mineral physics experiments.

For most of the minerals in our model, we assume a constant mineral/melt partition coefficient
derived from experiments. It is likely that ferric iron partition coefficients depend on other
factors, including pressure, temperature, oxygen fugacity, melt fraction, electronic spin state
and/or bulk composition. However, there is insufficient experimental data to robustly constrain
these dependencies for any major mantle phase beyond the upper mantle. We consider the ferric
iron partition coefficients presented here to be the best current achievable estimate, but we
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emphasize the need for additional experimental measurements in order to better constrain the
evolution of magma ocean redox state.

In Section 3, we will explore how the uncertainty in the ferric iron partition coefficients may
alter the results of the calculations and the implications for the evolution of the earliest
atmospheres of Earth and Mars. Below, we briefly discuss the partition coefficients for the
phases included in this model, and the typical Fe** abundance observed in mantle samples where
available. Additional literature review of ferric iron partition coefficients is available in Text S1.

2.5.1 Upper mantle assemblage (ol, opx, cpx, sp)

We halt crystallization of the magma ocean model at 2 GPa, as accumulated compositional
fractionation may alter low pressure crystallization sequences, and mass balance becomes
difficult to achieve with our prescribed mineralogy. We therefore do not include plagioclase in
the following discussion, which only crystallizes at pressures less than 2 GPa.

2.5.1.1 Olivine (ol) Fe*" is highly incompatible in olivine, and typically has abundances below
reporting standards in most upper mantle olivines. Many models of partitioning during partial

melting of the upper mantle assume that D°4"* = 0 (e.g. Canil et al. 1994, Rudra &

Fe3+

Hirschmann 2022). Mallmann & O’Neill (2009) find a non-zero but very low partition
coefficient of 0.0626 + 0.0102 for Fe** into olivine. We adopt a partition coefficient of 0 for
olivine, but calculations using the partition coefficient of Mallmann & O’Neill (2009) do not
produce significantly different results.

2.5.1.2 Spinel (sp) Spinel is a major host phase for ferric iron in the upper mantle. Although it is
not an abundant mineral, ferric iron is very compatible in spinels. In Iherzolite peridotites in the
present day upper mantle, spinel has Fe3*/SFe of 15-34% (Woodland et al. 2006). Davis &
Cottrell (2021) conducted peridotite partial melting experiments at 1.5 GPa and over a range of
fO.. Using their data along with corrected data from Sorbadere et al. (2018), Davis & Cottrell

(2021) find that D=P/7"*' increases with spinel Fe;O3 concentration, independent of fO,, and

Fe3+
decreases with temperature. We adopt their corrected D;%Te“ equation:
D/ = a =24 b + ¢ In(C3E ,, (Wt%)) (6)

wherea=0.87 +0.07,b=-4.6 £ 0.4, and c = 0.24 + 0.02.

2.5.1.3 Clinopyroxene (cpx)- and Orthopyroxene (opx) Ferric iron is more compatible in
clinopyroxene than orthopyroxene, making it an important host phase in the upper mantle. In
modern day lherzolite peridotites, opx and cpx have Fe**/ Fe = 2 — 9% and 3 — 32%,
respectively (Woodland et al. 2006). Rudra & Hirschmann (2022) used experiments on an
andesite composition liquid to measure the Fe** partition coefficient for cpx at 1 — 2.5 GPa. They
found that it depends on both the Al.O3 and Fe2O3 concentrations in the clinopyroxene, although
the fit including Fe2O3 gives only marginal improvement over fitting by Al.Oz alone, which we
prefer for simplicity. This relationship is given by the equation:

peP/melt — (0165 + 0_047)532’23 (Wt%) + (—0.297 + 0.108) ()

Fe3+



366
367
368
369
370
371

372

373
374
375
376
377
378
379
380
381
382
383
384
385
386
387

388

389
390

391

392
393
394

395

396
397
398
399
400
401
402
403
404
405

406
407
408
409

manuscript submitted to Journal of Geophysical Research: Planets

However, this equation gives negative values for the partition coefficient when Al>Oz is below
1.8 wt%, which is within the range of natural abundances for cpx in garnet peridotites
(Woodland 2009). Therefore, we refit this relationship using logarithmic values for both D and
Al>03 concentration. We include the three cpx/melt values from Davis and Cottrell (2021),
which are at higher Al,O3 concentration, and derive:

In DPFI™E = (1,997 + 0.640) In C5P%, (Wt%) + (—3.987 + 0.965) ©)
We find an r? = 0.6027, compared with r? = 0.575 for the equation given in Rudra & Hirschmann
(2022) (see Fig. S1).Our model finds Al20s concentrations of 0.5 — 1.5 wt% in clinopyroxene,
with slightly wider ranges in whole mantle models (batch + fractional crystallization) versus
shallow mantle models (fractional crystallization only). High pressure clinopyroxenes are
typically Mg-rich, becoming more Ca-rich as crystallization progresses. Because of the strong
dependence on Al>Oz abundance, the cpx partition coefficients are much lower (~0.05) than
those determined by Mallmann & O’Neill (2009) of 0.45, which leads to slighlty stronger
fractionation of ferric iron in the upper mantle. This effect is further propagated by linking the
clinopyroxene partition coefficient to those of orthopyroxene and garnet, as discussed below.

The ferric iron partition coefficient of orthopyroxene is poorly constrained by experimental data,
especially regarding compositional dependencies. We follow Rudra & Hirschmann (2022) in
using the relationship:

opx/melt __ opx/cpx cpx/melt
DFe3+ - DFe3+ X DFe3+ (9)

We fit data on ferric iron concentration in opx and cpx in peridotites to a log-normal distribution,
which gives D?PX/P* = 070715 (Woodland et al. 2006, Canil & O°Neill 1996, Malaspina et al.

Fe3+

2012, Nimis et al. 2015, Luth & Canil 1993) (see Fig. S2). We note that this is close to, but
somewhat lower than the values of 0.80 (Rudra & Hirschmann 2022, fit to normal distribution)
and 0.81 (Davis and Cottrell 2021, constrained by 3 experimental data points). Typical values of

D;’fﬂme“ in our models range from 0.02 — 0.05.

2.5.2 Garnet (gt)

Garnet in upper mantle peridotites typically has Fe3*/ XFe =2 — 7% (Canil & O’Neill 1996,
Malaspina et al. 2012, Nimis et al. 2015). As with other high pressure phases, little to no
information is available on partitioning of ferric iron between silicate melt and garnet, although
data is available on partitioning of ferric iron between garnet and pyroxene phases in natural
samples (Canil & O’Neill 1996, Woodland et al. 2006, Woodland 2009, Nimis et al. 2015,
Aulbach et al. 2022). We therefore again adopt the parameterization of Rudra & Hirschmann
(2022), using the relationship:

DI = DI w DI (10
We fit a log-normal distribution to data from natural peridotites, which yields leetéfpx = 0.68+1%

(Woodland 2009, Canil & O’Neill 1996, Malaspina et al. 2012, and Nimis et al. 2015) (see Fig.
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S3). Typical values of DFggTe” in our models range from 0.02 — 0.05. We note that this model

does not capture the temperature dependence of gt/cpx partition coefficients noted by others
(Canil and O’Neill 1996, Woodland 2009, Purwin et al. 2013). The garnet/cpx partition
coefficient determined here is biased to sub-solidus temperatures. Because the garnet/cpx
partition coefficient increases with temperature, using a constant value may underestimate the
ferric iron partition coefficient that would be appropriate for a magma ocean system. We discuss
the effect of uncertainties on the garnet partition coefficient further in Section 4.1.

2.5.3 Majorite (maj), Wadsleyite (wad), Ringwoodite (ring)

Ferric iron is more compatible in the high-pressure phases wadsleyite and ringwoodite than in
the lower pressure polymorph olivine and becomes increasingly more compatible in the majoritic
form of garnet at high pressures. However, there are few studies that report measured ferric iron
content of these minerals along with co-existing minerals like pyroxene or garnets and none with
melts. However, minimum ferric iron abundances in the minerals have been measured at metal
saturation. O’Neill et al. (1993) found that the minimum Fe3*/~Fe of majorite, wadsleyite, and
ringwoodite coexisting with metallic iron was 0.07, 0.03 and 0.04, respectively. For magma
ocean conditions at or below IW, we expect similar ferric iron contents in these minerals. We use
the silicate melt model of Hirschmann (2022) for a melt that would hypothetically co-exist with
the minerals at these conditions in order to estimate the ferric iron partition coefficient. We use
both the Deng and Armstrong EOS for ferric iron oxide (FeO15). We report our calculated
average values in Table 3, with details about the calculation provided in Text S2 and Table S1.

2.5.4 Bridgmanite (bg)

Boujibar et al. (2016) report Fe**/Fer measurements of bridgmanite specimens under partial
melting conditions at 25 GPa and IW — 2, with values ranging from 14 — 25%. They also report
degree of melting and the bulk oxide abundances of both minerals and the quenched melt phase.
We use the measured fO, and melt phase abundances to calculate the Fe**/Fer ratio in the silicate
melt using the model of Hirschmann (2022) and both the Deng and Armstrong EOS for ferric
iron oxide (FeOu15). Additional details are given in the Text S3 and Table S2. We find an

average value of D29/"¢! of 2.07 + 0.50 with the Deng EOS and 0.17 + 0.03 with the

Fe3+
Armstrong EOS. The two equations of state predict radically different partitioning behavior of

ferric iron in bridgmanite. More recently, Kuwahara & Nakada (2023) report ferric iron partition
coefficients between silicate melt and bridgmanite at 23-27 GPa, with values of D2%/7e! =

F83+

0.43 — 0.51. These experiments were at fO> conditions slighlty below the Re-ReO> buffer, with
calculated values of IW+1.0 to +1.5 (note that we calculate slightly higher fO than reported in
the paper, assuming pure Re metal foil, as alloy compositions were not reported). These
experiments, as well as work by Kuwahara et al. (2023), suggest closer agreement with the
Armstrong EOS, although Kuwahara et al. adopt different values for the first pressure derivative
of the bulk modulus k’ of both FeO and FeO1 .5 of 4 and 1.4, compared to 8 and 1.3 from
Armstrong et al. . In our model below, we prefer our calculated partition coefficients for
bridgmanite rather than the more recent measurements by Kuwahara et al. for three reasons: 1)
the Boujibar et al. (2016) experiments occur at oxygen fugacity conditions more consistent with
predicted magma ocean conditions post-core-formation (e.g. IW-2, Rubie et al. 2015), 2) they
allow us to explore a more extreme range of partitioning behaviors in the lower mantle, and 3) to
conduct a consistent test of a single EOS’s predictions for ferric iron partitioning behavior. We

11
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explore how the outcomes of our models change when using the partition coefficient of
Kuwabhara et al. in Section 4.1. There is a clear need for more partitioning experiments at a wider
range of experimental conditions in order to better constrain deep mantle behavior.

2.5.5 Magnesiowdstite (mw)

Magnesiowdstite (or ferropericlase) contains a relatively small amount of ferric iron, ranging
from ~0 to 0.1 times the ferrous iron abundance (McCammon et al. 2004a) when in equilibrium
with metallic iron. At higher oxygen fugacities, periclase can incorporate more significant
amounts of ferric iron. Otsuka et al. (2013) show that the ferric iron abundance in periclase
depends strongly on composition (Fe#), oxygen fugacity, and pressure. They find that ferric iron
abundances can be large for Fe# > ~ 0.2 at relatively high oxygen fugacities. However, ferric
iron abundances are likely negligible (< 1%) for all reasonable Fe#s at pressures greater than ~
24GPa. Measurements of natural ferropericlase inclusions in diamonds from the lower mantle
find Fe**/ZFe < 7% (Kaminsky et al. 2015; McCammon et al. 1997, 2004b), consistent with the
experimental results. For our calculations, we therefore neglect ferric iron in magnesiowustite
under the assumption that the lower mantle will begin crystallizing at a relatively low (<IW) fO..

2.5.6 Testing uncertainties

We report estimated uncertainties for the ferric iron partition coefficients in Table 3. To explore
how these uncertainties would affect the redox evolution of the crystallizing magma ocean, we
perform Monte Carlo simulations with 1000 random draws from normal distributions (log-
normal for opx/cpx and gt/cpx) for each of the ferric iron partition coefficients. For
clinopyroxene and spinel, we draw for each of the fit coefficients from equations (6) and (8). We
assume all uncertainties are uncorrelated. We found that 100 draws was sufficient to produce
stable mean values for Fe®*/Fer and fO- but that the ranges of these calculated values were
substantially smaller than when using 1000 simulations. In order to more accurately estimate the
uncertainty on the calculated fO, we used the larger number of simulations. Simulations beyond
1000 did not substantially change means or increase calculated ranges but did substantially
increase computation time.

2.6 Initial Fe** abundance

Hirschmann (2022) calculated ferric iron contents of magma oceans for Earth and Mars at core-
forming conditions, using different pressure-temperature-fO; from literature models of trace
element behavior during core-formation. He found ranges of Fe®*/Fer = 0.034 — 0.10 for Earth
and 0.026 — 0.038 for Mars, depending on mantle FeOr abundance. We use these as our starting
range of ferric iron abundance in our magma ocean models. Hirschmann (2022) modified his
calculated ferric iron abundance due to Cr?* oxidation during sub-solidus reactions with Fe** in
the upper mantle. We neglect this effect here as we are largely focused on the liquid silicate
behavior. We start with nominal abundances of Fe**/Fer = 0.10 for Earth and 0.02 for Mars.
More recently, Kuwahara et al. (2023) experimentally found a Fe®*/Fer = 0.2 — 0.5 for peridotite
under metal-saturated conditions at pressures of 23 — 28 GPa. While these numbers are
challenging to explain from a mantle redox evolution perspective (Hirschmann 2023), they are
consistent with a modified Armstrong et al. (2019) EOS for FeO1s. We will therefore explore a
range of initial Fe**/Fer up to 0.20.

2.7 Interstitial Liquids
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Previous magma ocean models have noted that in the crystallization of magma chambers, some
liquid is often trapped by the crystals that settle to the bottom of the magma chamber. Elkins-
Tanton et al. (2005) adopted an interstitial liquid volume fraction in each solid layer of 1%.
Recent models by Hier-Majumder & Hirschmann (2017) & Miyazaki & Korenga (2022) looking
at the two-phase dynamics of magma ocean crystallization have suggested that the trapped liquid
fraction may be much higher, especially in the upper mantle, and increase as the rate of
solidification increases. Hier-Majumder & Hirschmann (2017) find trapped liquid fractions of
20-30 vol% in the upper mantle. This has implications for trapped volatile fraction but will also
modify the results of our redox-partitioning model explored here. We find the effect to be minor
in comparison to uncertainties on the ferric iron partition coefficients. We use a nominal value of
20% in our fractional crystallization models but discuss results with as little as 1%. Effects of
interstitial fluid on compositional fractionation are minimal for pressures higher than 5 GPa.

3 Results

In the following section, we discuss the oxygen fugacity evolution of the magma oceans of Earth
and Mars, with a focus on matching the constraints for the D/H ratios of the last magma ocean
atmospheres at the BPLE. We show results for different initial Fe>* abundances and consider the
different magma ocean depths and crystallization scenarios discussed in Section 2.6 and Figure
1. The evolution of the oxide abundances within the solid and liquid phases largely matches the
results of previous work (Elkins-Tanton et al. 2003, 2005, Elkins-Tanton 2008), with increasing
concentration of incompatible oxides such as FeO, CaO, and Al>O3 and decreasing
concentrations of compatible oxides including MgO and SiO: in the late-stage liquid. We
provide a brief description of these results in Supplemental Text S4 but focus here on the new
results related to Fe** partitioning and oxygen fugacity.

3.1 Fe®** Evolution of the Terrestrial Magma Ocean

The Deng and Armstrong EOSs produce opposite ferric iron partitioning behavior in the lower
mantle, with the Deng EOS yielding compatible behavior (D;”eigjme” > 1) and the Armstrong EOS
yielding incompatible behavior (p™7/™" < 1) (see Table 3). For the Deng EOS, ferric iron

Fe3+
concentrations therefore decrease during crystallization of the lower mantle and transition zone,
whereas ferric iron concentrations increase for the Armstrong EOS. Within the upper mantle,
ferric iron partition coefficients are identical and Fe3* concentrations generally increase due to

bulk partition coefficients being much less than 1.

The oxygen fugacity of a silicate melt can be calculated using the ratio of Fe®* to Fe?* (Kress &
Carmichael, 1991, O’Neill et al. 2006, Jayasuriya et al. 2004, Zhang et al. 2017, Armstrong et al.
2019, Sossi et al. 2020, Deng et al., 2020). Here we use the recently recalibrated equation of
Hirschmann (2022) to calculate the oxygen fugacity at the surface of the magma ocean, which is
relevant for the outgassed atmosphere. This equation depends on the pressure, temperature and
oxide abundances of the silicate liquid as follows:

To

P
| (XFeOLS) | b4 c AG, To | (T) fPo AVdP (11)
8\ Xy, ) = 4108 T0: T Rmiol 7" RTIn 10

1
+ T [Y1X5i02 + Y2 X110, + YsXugo + YaXcao + YsXnao, s + YeXko, o T Y7Xpo, <

+ Y5 Xsi0,Xa10, s + Y9XSL'02XMgO]
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where parameter values are given in Table 4, T is temperature in K, P is pressure in GPa, and X;
are mole fractions of the oxides in the silicate melt. We calculate the temperature at the surface
of the magma ocean by assuming a one-phase magma ocean adiabatic profile anchored by the
solidus temperature at the base of the magma ocean. We assume a pressure of 1 bar at the
surface, so that the Avdp term is negligible. Models suggest that magma oceans may have
atmospheres of 100 — 1000 bars (e.g. Hamano et al. 2013, Lebrun et al. 2013), but this produces
a very minor pressure effect that we neglect here. We also utilize the evolving oxide mole
fractions determined with the fractional crystallization model (see Figure S8) in equation (11).
This calculation assumes that the composition of the silicate liquid remains homogeneous
throughout the liquid layer due to rapid convection and therefore that the relative concentrations
of Fe3* and Fe?* and the other oxides are the same at both the surface and the base of the magma
ocean. Note that we prefer the relationship between Fe*/Fe?* and fO, from Hirschmann (2022)
rather than Sossi et al. (2020) because of the dependence on the oxide mole fractions in the
silicate melt, which deviate from the peridotite composition measured by Sossi et al. after
fractional crystallization.

Figure 2 shows the evolution of the oxygen fugacity of outgassing for the whole mantle magma
ocean models, with either fully fractional crystallization (right, ‘whole Earth’) or a switch from
batch to fractional crystallization occurring at 500 (left) or 2000 km (middle). The base of the
magma ocean evolves from right to left in these figures, with time from start of crystallization
following in the same direction, although note that we do not specifically model the timing of
solidification. For these calculations, we use a nominal initial Fe**/Fer = 0.10. This value is the
upper limit of Fe**/Fer determined for core-formation conditions by Hirschmann (2022). In
Figure 2, we plot all 1000 draws of different ferric iron partition coefficient values in grey and
the average of the 1000 simulations in black. The calculations shown in the top row use partition
coefficients for the lower mantle and transition zone calculated with the Deng EOS, whereas the
bottom row uses those derived with the Armstrong EOS. The pink horizontal shaded region
shows the allowed fO> of the last magma ocean atmosphere from D/H constraints (Pahlevan et al.
2019) and the gray vertical shaded region shows our constraints for the BPLEBPLE from
Section 2.4; the overlap between pink and gray areas represent valid solutions.

The oxygen fugacity evolution closely follows the ferric iron content of the magma ocean.
Therefore the Deng EOS models produce a decreasing fO> as pressures drop from 120 GPa to 18
GPa (Fig. 2, right and middle) due to crystallization of bridgmanite, majorite, ringwoodite and
wadsleyite, whereas the Armstrong EOS produces increasing fO. across the same region. The
Armstrong EOS produces a smaller spread in solutions because of the smaller absolute value and
therefore smaller uncertainty on the bridgmanite partition coefficient compared to the Deng EOS
(note that we treat both uncertainties as a normal distribution, truncated at zero). For both EOS
models, the 500 km magma ocean shows increasing fO2 as the magma ocean crystallizes up to
pressures of ~5 GPa and a relatively narrow range of possible solutions, but note that the
Armstrong EOS model starts at much higher fO2 because of the incompatible behavior of Fe®*
during the batch crystallization stage. In contrast, the fO. of both the 2000 km and whole Earth
models using Deng EQOS partition coefficients initially decrease before increasing at pressures
less than ~20 GPa. This is due to the compatible behavior of ferric iron in the transition zone and
lower mantle minerals, unlike the upper mantle. At pressures lower than 5 GPa, Fe*" in the liquid

and fO; of outgassing decreases due to a) increase in D;Zﬂmeltbecause of increasing Al,O3
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contents in the cpx phase, and b) the eventual crystallization of spinel, which has a large

it
D;Zﬁ”e value.

Only 7 of the 3000 realizations (all for the whole Earth fractional model) of Deng EOS models
shown in Fig. 2(right) produce results that agree with the combined D/H and BPLE bounds. In
contrast, all 3000 realizations of the Armstrong EOS models produce valid solutions. The
successful Deng EOS models have an average bridgmanite partition coefficient of 1.00 in
comparison to the average for all of the whole Earth Deng EOS models of 1.99. Taken at face
value, the D/H constraints suggest that the Armstrong EOS produces more realistic ferric iron
partition coefficients, and therefore that ferric iron behaved incompatibly throughout the entire
magma ocean.

However, it is possible that the initial ferric iron content of the magma ocean was either higher or
lower than our nominal value and that the Deng EOS could produce results consistent with D/H
with different initial conditions. Figure 3 shows only the mean oxygen fugacities for the three
different whole mantle configurations with different starting Fe®*/Fer from 0.04 up to 0.20. For
the Deng EOS models, initial Fe**/Fer of 0.04 and 0.14 do not produce valid solutions to the
D/H constraints. For the initial Fe®*/Fer = 0.20, we find that 993, 47, and 249 realizations out of
1000 match the 500 km, 1000 km and whole Earth models, respectively (see Table S5). In
contrast, effectively all realizations of all Armstrong EOS models match the D/H constraints
within the BPLE bounds. The Armstrong EOS model only fails if Fe**/Fer is less than 0.04.
However, we note that for Fe**/Fer > 0.10, the Armstrong EOS models predict fO- greater than
the present day upper mantle, which are likely too high to be valid. Recent experimental work by
Kuwahara et al. (2023) suggests that initial mantle Fe**/Fer was 0.2-0.50 and favors the
Armstrong EOS over the Deng EQOS, although with modified k’ for both FeO and FeO15. We
find these conclusions contradictory with the extreme redox evolution of the models using the
Armstrong EOS developed here.

To find whether there are any configurations under which the Deng EOS predicts valid solutions,
we additionally consider shallow magma oceans, by beginning the 500 km and 1000 km models
with a BSE composition (see Fig.1 (right)). Shallow magma oceans may be generated by smaller
impactors in which only a portion of the mantle is melted. Alternatively, some models suggest
that a magma ocean may solidify from the middle of the mantle, with a basal magma ocean
crystallizing much more slowly than the upper mantle portion of the magma ocean (Labrosse et
al. 2007). Our shallow magma ocean models could then be interpreted as simulating the upper
mantle portion of such a layered crystallization model. By using BSE as the starting composition,
we assume that the mantle is homogenized prior to settling of crystals to the starting depth (either
500 or 1000 km), followed by upward fractional crystallization. We plot the averages of these
realizations as dashed lines in Figure 3. These realizations are much more successful at
matching the D/H constraint for the Deng EOS because the BSE has a higher starting Fe**/Fer
than the batch crystallization models. For the 500 km partial magma ocean, 0, 989 and 1000
realizations match for initial Fe*/Fer = 0.04, 0.10, and 0.14. For the 1000 km magma ocean, 0,
620 and 976 realizations are successful for the same initial Fe3*/Fer. Bulk partition coefficients
are similar (see Figure S5) between the whole mantle and shallow magma ocean models, with
outcomes differing due to the differences in ferric iron content of the magma ocean when
fractional crystallization begins.
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We also run simulations with different amounts of interstitial liquid, as discussed in Section 2.7.
Our nominal simulations use 20% interstitial fluid. We neglect the compositional evolution of
the interstitial fluid as it crystallizes in situ. Smaller amounts of interstitial fluid generate slightly
more compositional fractionation, with differences becoming significant at pressures less than 5
GPa. These models produce steeper increases of Fe** in the liquid and therefore higher oxygen
fugacities for outgassing. However, since the BPLEBPLE for Earth is at pressures higher than 5
GPa, interstitial fluid abundance does not affect our conclusions regarding the oxygen fugacity at
the time that the atmosphere and magma ocean begin to evolve separately.

3.2 Fe®** Evolution of a Martian Magma Ocean

Our nominal model for Mars used initial Fe**/Fer = 0.02, slightly lower than the range of values
calculated for core formation conditions by Hirschmann (2022) of 0.026 — 0.038 (see Figure
S6). The D/H constraint for Mars (Pahlevan et al. 2022) is a maximum fO; of IW-1 for the last
magma ocean atmosphere. All of the whole mantle magma ocean models produce monotonically
increasing values for Fe®*/Fer and fO. of outgassing with decreasing pressure, due to
incompatible Fe®* behavior throughout most of the Martian mantle. Because there is only a small
portion of the Martian mantle containing high pressure phases, the Deng and Armstrong EOS
models produce nearly identical results within ~0.5 log units of fO, of each other, unlike the
Earth models, although the Deng models are modestly more successful, especially for the whole
mantle fractional crystallization model. For calculations using our nominal ferric iron abundance,
most models produce oxygen fugacities of IW to IW+1 at 2 GPa. Only 265, 89, and 875 out of
1000 simulations are successful for the three Deng EOS models, but 0, 2, and 171 for the
Armstrong models. The successful simulations have bulk ferric iron partition coefficients
roughly an order of magnitude higher than the mean in the 2.5-15 GPa region, where olivine,
orthopyroxene, clinopyroxene and garnet all form. Reducing the initial ferric iron content of the
planet produced more successful results for both EOS models.

In Figure 4, we show simulations for a lower initial Fe**/Fer = 0.01 for the three whole mantle
magma ocean models, which provides a better fit to the constraints. This initial ferric iron
content is substantially lower than predicted values but produces 100% successful outcomes for
all three whole mantle batch crystallization models for both EOSs. Successful models have
oxygen fugacities lower than IW-1 somewhere within the predicted BPLEBPLE range, although
not necessarily at the lowest pressure. In Figure 5, we compare mean values for 1000
simulations for the whole mantle and shallow magma ocean models with different initial
Fe®*/Fer.

The shallow magma oceans, which start from the Bulk Silicate Mars (BSM) composition (see
dashed lines for 500 and 1000 km models), diverge more strongly for the 500 km models at low
pressure, and more so for the Armstrong EOS than the Deng EOS. As for the Earth, these models
simulate either shallower magma oceans, or ones that produce a neutrally buoyant cumulate pile
at midmantle depth that isolates the upper mantle from the lower mantle. For the 1000 km
models, evolution is nearly identical to the whole mantle crystallization case, with the Fe**/Fer =
0.01 model producing 100% successful simulations, whereas with Fe**/Fer = 0.02, there are only
~1% successful simulations for both EOSs. In comparison, the 0.02 model for the 500 km partial
magma ocean produces 100% successful simulations for both EOSs. Changes in interstitial fluid
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produce larger increases in oxygen fugacity as pressure decreases, so there are fewer successful
realizations for each magma ocean model. However, mean values for Fe3*/Fer = 0.01 with both
20% and 1% interstitial fluid are successful for all three magma ocean depths.

Based on the D/H constraints within the BPLE, the initial ferric iron content of Mars may have
been lower than calculated from core-formation conditions. This could be achievable through
less efficient equilibration between the mantle and core or continuous accretion of metal-bearing
building blocks rather than a single-stage core formation scenario that sets the magma ocean
redox state. Alternatively, a shallow, 500 km magma ocean with higher initial Fe**/Fer would
also match the observed D/H constraints. Another possible solution is that our calculated BPLE
is too low and the separation between atmosphere and magma ocean occurs at higher pressures,
where oxygen fugacities are lower. This would be possible if the liquidus offset was smaller than
the 300-400 K that we assumed, or if the solidus were steeper than the Elkins-Tanton (2008)
model.

Bulk ferric iron partition coefficients are shown in Figure S7. The ferric iron partition
coefficient does not change significantly for different initial Fe3*/Fer, and bulk partition
coefficients are generally the same for all of the whole mantle (batch + fractional crystallization)
models for a given mineralogical layer. Partition coefficients are greater than 1 at pressures
above 15 Gpa for the Deng EOS models, where wadsleyite, ringwoodite and majorite form, but
slightly below 1 in this pressure region for the Armstrong EOS models. In the upper mantle, the
2.5-15 Gpa layer contains olivine, orthopyroxene, clinopyroxene and garnet. Partition
coefficients are largely determined by Al>Oz content in clinopyroxenes, which is low. A spike in
the bulk partition coefficient at low pressure occurs where spinel begins to form. Ferric iron is
compatible in spinel, but the bulk partition coefficient remains less than 1 because of the
relatively small phase proportion of spinel.

4. Discussion
4.1 Ferric iron partition coefficient uncertainties

Ferric iron mineral-melt partition coefficients for several critical mineral phases remain mostly
unmeasured. We have estimated those quantities here to the extent possible, but a high degree of
uncertainty remains. In particular, garnet plays a key role in the redox budget of the upper
mantle, but there have been no direct measurements of ferric iron mineral-melt partition
coefficients. There is only one direct measurement of the ferric iron partition coefficient
(Kuwahara and Nakada 2023) of bridgmanite and no direct measurements of ferric iron partition
coefficients for any of the other lower mantle minerals (majoritic garnet, wadsleyite,
ringwoodite). In addition, the pressure, temperature and compositional dependencies of ferric
iron partition coefficients would be valuable to improve our understanding of the redox evolution
of the Earth’s mantle.

Figures 2 & 4 show the effect of the current estimated uncertainties of the current ferric iron
partition coefficient estimates on the oxygen fugacity calculations. Both the 1000 km and whole
mantle models for the Deng EOS have much larger uncertainties on the fO> evolution than for
the 500 km model. This is because the uncertainties on the ferric iron partition coefficients of the
lower mantle minerals allow both incompatible and compatible behaviors, which produce a
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wider spread of behaviors. In contrast, ferric iron partition coefficients of the upper mantle are
very small and absolute uncertainties are therefore also much smaller than the lower mantle,
producing a narrower range of outcomes. However, this likely does not capture the full
uncertainties of partitioning because we do not include the uncertainty of the major oxide
partitioning, which effects cpx, and therefore opx and gt, partition coefficients.

The Armstrong EOS produces nearly compatible behavior for ringwoodite, wadsleyite, and
majorite, whereas the Deng EOS predicts strongly compatible behavior for these minerals. The
two EOS predict more contrasting behavior for bridgmanite (~2 vs. ~0.2), but the calculated
uncertainty for the Armstrong EOS led us to only explore a narrow range of strongly
incompatible states, as opposed to the moderately incompatible behavior shown by Kuwahara &
Nakada (2023). To explore how our model results would be affected if these minerals (bg, ring,
maj, wad, as well as gt) had ferric iron partition coefficients that produced different compatibility
behavior, we run simulations of the whole Earth magma ocean with lower values of ferric iron
partition coefficients (0.50 + 0.50 for bg (based on Kuwahara & Nakada 2023), 0.50 + 0.50 for
ring and maj, 0.25+0.25 for wad) for all of the lower mantle minerals and a higher value for
garnet (1.75 = 0.75). We run each of these changes individually to determine which partition
coefficient has the strongest effect on the fO2 evolution (Figure 6a), otherwise using the Deng
EOS ferric iron partition coefficients. We find minimal effects of changing the partition
coefficients of ringwoodite, wadsleyite, majorite and garnet. However, bridgmanite has a very
strong effect on the fO2 evolution. Within the BPLE region, average fO> are 3 log units higher
than the nominal model, approximately the same as the Armstrong EOS results, and match the
D/H constraints on fO. very well. This effect is due to the very large volume fraction which
bridgmanite occupies in the whole Earth model (~70 vol% of whole mantle), whereas all of the
transition zone minerals combined occupy only ~8 vol%. Garnet has similarly low volume
fraction (~1.5 vol%) and therefore has only a minor effect. Therefore this test confirms that the
primary difference between the Deng and Armstrong EOS results is due to the radically different
ferric iron partition coefficients these two EOS predict for bridgmanite.

We vary the same ferric iron partition coefficients for the whole Mars model, shown in Fig. 6b.
We find a much smaller effect on the magma ocean oxygen fugacity for Mars. Increasing the
garnet partition coefficient causes a drop in the final oxygen fugacity of ~0.5 log units, whereas
decreasing all of the lower mantle mineral partition coefficients together increases the final
oxygen fugacity ~0.5 log units. Garnet occupies ~6 vol% of the Martian mantle, whereas the
combined lower mantle minerals (ringwoodite, majorite, wadsleyite) occupy ~ 21%. Note that
variations for Mars are much smaller than for Earth because there is no bridgmanite present.
Overall, we find that the largest improvements in the Earth and Mars models would come from
more constraints on the ferric iron partition coefficient of bridgmanite and garnet under
conditions appropriate to a magma ocean.

4.1.1 Bridgmanite

Since bridgmanite’s mineral-melt partition coefficient has the largest effect on the Earth model
outcomes, it is worth discussing in more detail. The abundance of ferric iron in bridgmanite
under current mantle conditions has been shown to depend on Al content, oxygen fugacity,
temperature, and total Fe content (Huang et al. 2021). In addition, ferric iron content seems to
vary with depth in the modern mantle (Kurnosov et al. 2017, Mashino et al. 2020), likely due to
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changes in substitution mechanisms at different pressures (Shim et al. 2017), which may be
caused by changes in the spin state of Fe** on the B site (Lin et al. 2013). Shim et al. (2017) find
that the Fe**/Fer of bridgmanite may drop to low values (~0.10) between 1,000 and 1,700 km,
with higher values (>0.50) at both higher and lower pressures. Our nominal whole Earth model
(Fe**/Fer = 0.10), which assumes both constant ferric iron partition coefficient as well as Fe/Mg
exchange coefficient, produces bridgmanite with FeOt = 4 — 6 wt% (Deng EOS) or 3-6%
(Armstrong EOS) increasing at lower pressures, whereas (Fe®*/Fer)ng decreases from ~0.40 at the
core mantle boundary to ~0.10 at 22 GPa for the Deng EOS, but only changes from 0.05 — 0.06
for the Armstrong EOS. The variations with depth are due to the enrichment of the melt with
FeO and relative depletion/enrichment of FeO1s. Although we can artificially impose a decrease
in the ferric iron partition coefficient for the depths suggested by Shim et al. (2017), we find that
doing so produces a minimal change in the oxygen fugacity evolution. For the Armstrong EOS,
we find maximum values of (Fe3*/Fer)ng of 0.11 when the initial bulk (Fe3*/Fer) = 0.20.
Achieving higher values of (Fe**/Fer)nq of 0.50 would require initial bulk (Fe**/Fer) up to or
greater than 0.50, which would predict final outgassed atmospheres with fO; = IW+7 — I[W+9,
well above present day upper mantle oxidation state (QFM ~IW+4) and high enough that
molecular O2 gas would be significant in the outgassed atmosphere. We find this an implausible
result, given evidence that the Archean mantle was 1 to 2 log units more reduced than the present
day (Aulbach & Stagno 2016, Nicklas et al. 2019, Gao et al. 2022, Stagno & Aulbach 2021).
However, note that the late accretion of small reduced planetesimals throughout the Hadean and
late Archean may have delivered sufficient metal to reduce the upper mantle to the observed
Archean values (Pahlevan et al. 2019, Kuwahara & Nakada 2023).

The thermodynamic model of Huang et al. (2021) shows that at a given pressure, Fe**/Fer in
bridgmanite increases with decreasing temperature. Therefore, as the lower mantle cools below
the solidus, Fe®* should become more stabilized in bridgmanite, and additional
disproportionation is likely to occur to increase the Fe*/Fer of the lower mantle. This is further
supported by evidence that a metallic phase could be present within the modern day mantle
(Frost et al. 2004, Rohrbach et al. 2007, Rohrbach & Schmidt 2011, Zhang et al. 2016).
Therefore, we should not expect our magma ocean model to predict present-day Fe®* abundances
in bridgmanite. Pressure or temperature-dependence of the ferric iron partition coefficient or
later thermochemical modification or mixing may account for the differences between our
predictions for the magma ocean vs. present day mantle. However, a better understanding of how
much disproportionation has occurred over the planet’s lifetime is necessary to permit better
modeling of the redox evolution during both the magma ocean stage and subsequent evolution.

4.2 Redox effects not included

In this paper, we have explored only the crystal-liquid chemistry of a dry, volatile-free magma
ocean, and so these models are strictly only applicable to volatile-depleted planets. However, it is
likely that the final magma oceans of both the Earth and Mars contained nearly their full
complement of planetary volatiles. Recent experimental works have shown that all of the major
volatile elements (H, C, N, S) can be highly soluble in core-forming alloy fluids under various
conditions (Hirschmann 2016, Dalou et al. 2019, Grewal et al. 2019). Following the segregation
of the core, volatiles within the magma ocean will partition between the atmosphere and silicate
liquid based on their solubilities to form the earliest atmospheres (e.g. Elkins-Tanton 2008).
Carbon and sulfur may exsolve as separate solid/liquid species, including carbides, sulfides,
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graphite, and diamonds (Grewal et al. 2020, Gaillard et al. 2022). The compositions of secondary
phases will depend strongly on the redox. Redox reactions between volatile elements and Fe-
bearing species may also play a role in both the overall redox balance and the final composition
of the system (Gaillard et al. 2014, 2022) as well as long term evolution (Hirschmann 2023). For
instance, Genda & Ikoma (2008) and more recently Young et al. (2023) suggest that all of
Earth’s water could be produced by redox reactions between solar nebular H> gas with FeO-
bearing silicate liquids within the magma ocean. Similar models have also been applied to
exoplanets (Kite & Schaefer 2021, Schlichting & Young 2022). While these volatile-driven
redox mechanisms are likely important for the overall redox evolution, incorporating them into
the model presented here would require a more complete thermodynamic model for reactions
between volatiles and iron-bearing species in both the melt and each mineral species throughout
the full pressure range of the Earth’s mantle, which is beyond the scope of this paper.

We note that additional redox evolution is likely to happen in the crystallizing mushy upper
mantle layers, including post-solidus evolution due to Cr?* oxidation by Fe** reduction
(Hirschmann 2022), which we do not model here. Other redox sensitive elements such as Ti and
V are also likely to play a role in the redox evolution as well, but are relatively low in abundance
and are likely to produce more second-order effect. Given the large uncertainties in the behavior
of ferric iron alone, the additional complexity of including these minor elements is not warranted
at this time.

Sub-solidus reactions as well as crystallization of trapped interstitial melts are also likely to
modify the Fe**/Fer of the mantle past the point where our models halt, so we do not expect our
models to produce a direct match to the present day mantle. In addition, post-magma ocean
mantle overturn and solid state convection will redistribute ferric and ferrous iron throughout the
modern day mantle. Recent models suggest that, chondritic D/H values notwithstanding, solid
state convection may initiate within the solidified cumulate layer below a liquid layer, even
before full solidification, which may erase some of the density stratification generated by magma
ocean crystallization (Maurice et al. 2017, Ballmer et al. 2017, Boukare et al. 2018, Morison et
al. 2019, Bolrao et al. 2021, Sharp et al. 2013).

Because many of our models predict oxygen fugacities that are well below IW, many of our
models may be metal-saturated, especially for low initial Fe3*/Fer values for the Earth models.
While the initial Fe®*/Fer values are set by metal-silicate partitioning (Hirschmann 2022) under
different conditions, removal of Fe3* from the liquid by mineral/melt partitioning forces the
liquid phase into below metal saturation. Therefore additional Fe** and metal production may
occur during the magma ocean crystallization. We choose not to model this process here in the
interest of minimizing the number of free parameters in the model, but in future work, we will
explore how much additional disproportionation may occur as a result of crystallization.

4.4 Atmosphere evolution beyond the rheological transition

Using the thermal evolution model from Section 2.4, we examine the rate and timing of
outgassing that occurs following the lid formation to estimate how quickly post-magma ocean
outgassing will modify the last magma-ocean-equilibrated atmosphere. Unlike the BPLE, the
timing of outgassing is sensitive to the absolute values of the solidus and liquidus temperatures,
not just their offset. For dry solidus temperatures (Pierru et al. 2022), solid state outgassing for
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the Earth can increase the atmospheric mass by 10% in 2 — 14 Myr, depending on initial volatile
budget. However, if the solidus is depressed by 200 K, then it takes 200-300 Myr to see a similar
increase in atmospheric mass. Bower et al. (2019) similarly find that outgassing pauses for ~100
Myr following solidification of the surface for an Earth-mass planet using a mixing-length
thermal evolution model. The long pause before outgassing resumes suggests that the last magma
ocean atmosphere remains unmodified by outgassing for a sufficient length of time for D/H
fractionation to occur, such that the D/H constraint (Pahlevan et al. 2019) for Earth is a true
probe of the oxygen fugacity of the magma ocean. We note that the Sun is most active and
capable of driving atmospheric escape for the first 100 Myr after formation, so this lag in
outgassing may distinctly separate a last magma ocean atmosphere from outgassing occurring in
the mush mode. Recent work by Miyazaki & Korenaga (2022) suggests that upward melt
transport via percolation may enhance early outgassing. However, Monteux et al. (2020) showed
that the remaining melt layers may take 500 — 800 Myr to fully crystallize. We stress the need for
additional dynamical magma ocean models to further assess the behavior of volatile transport
during this time period.

For Mars, we find continued outgassing can increase the atmospheric mass by 10% within ~0.5
Myr when using the dry solidus (Duncan et al. 2018), but may take as much as 150-170 Myrs
when the dry solidus is depressed by 200 K. Given the fast formation time of Mars (< 10 Myr,
Dauphas & Pourmand 2011), solid-state outgassing may initiate well within the early active
period of the Sun. Therefore, the lag in outgassing fluxes after surface solidification may not
robustly separate the last magma ocean atmosphere from subsolidus outgassing, so it is possible
that the D/H record for Mars may probe an atmosphere combined of both last magma ocean
atmosphere and early sub-solidus outgassing.

5 Conclusions

In this paper, we show that it is possible to match the the D/H ratios of both the Earth and Mars
through fractional crystallization of a magma ocean without the need for exogenous processes.
We explore the redox evolution of magma oceans due to the different crystallization behaviors of
ferric and ferrous iron.

We also constrain the pressure at the base of the magma ocean at the time of last atmosphere-
mantle equilibration (BPLE). Magma ocean thermal evolution models predict a spread of
pressures that depends sensitively on the gap between solidus and liquidus temperatures.
Fractional crystallization and volatile trapping in melt will both act to lower solidus and liquidus
temperatures, although it remains unclear if the effect on both is equal. More experimental data
on residual liquid compositions, including both solidus and liquidus temperatures, are needed to
better constrain the behavior of the late-stage magma ocean-atmosphere system, and subsequent
outgassing. Further exploration of the dynamics of crystallization and melt sequestration during
the late stage magma ocean is also needed to better understand what constitutes the last magma
ocean atmosphere.

Hirschmann (2022) has calculated from first principles what the initial ferric iron content of
Earth (Fe**/Fer = 0.034 — 0.10) and Mars (Fe**/Fer = 0.026 — 0.038) should be at the time of
core formation using new data and equations of state for FeO and FeO1s. The range of ferric iron
abundances span observed values for the present day. However, no whole mantle model for the
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Earth with these ferric iron contents match the last magma ocean atmosphere oxygen fugacity,
based on measurements of D/H ratios (Pahlevan et al. 2019) when using lower mantle ferric iron
partition coefficients calculated with the Deng EOS. The best fitting model for the Earth with the
Deng EOS requires shallow magma ocean conditions, starting from a Bulk Silicate Earth
composition with initial Fe3*/Fer above ~0.06. A partial magma ocean could be explained by
either an impact smaller than the moon-forming impact, or by the formation of a buoyant layer of
minerals at mid-mantle depths that leads to separate evolution of an upper and lower (basal)
magma ocean. However, a likelier explanation for the Earth is that the Armstrong EOS provides
a more accurate description of lower mantle ferric iron partitioning, which is strongly
incompatible. This is consistent with new bridgmanite partition coefficient measurements by
Kuwahara and Nakada (2023). We find that all of our tested Earth magma ocean scenarios with
the Armstrong EOS except the lowest initial Fe**/Fer are consistent with the D/H constraints.

For Mars, best fit models have initial ferric iron abundances ~2.5x lower than predicted values,
but partial magma oceans produce somewhat better matches to the D/H constraint. Because the
minerals wadsleyite, ringwoodite, and majorite do not make up a significant portion of the
Martian mantle, there is little difference between the Deng and Armstrong EOS models for Mars.
If the magma ocean and atmosphere are separated when the magma ocean still has a greater
depth than our predicted BPLE, then it would be possible to match the D/H constraint with larger
initial ferric iron abundances more consistent with predictions.

We emphasize the need for more experimental data on ferric iron partition coefficients and
melting temperatures of diverse compositions. Experimental synthesis of bridgmanite and
transition zone minerals suggests that ferric iron could behave more compatibly in the lower
mantle than the upper mantle, but unfortunately, there is little data on mineral/melt partition
coefficients for lower mantle minerals and the two available equations of state for ferric iron
oxide predict opposite partitioning behavior for these minerals. Some key upper mantle minerals
(garnet) are likewise missing direct measurements of ferric iron partitioning with a co-existing
melt. In particular, measurements of the ferric iron partition coefficients of bridgmanite and
garnet will produce the biggest improvements in redox evolution models.

There remain many uncertainties in the redox evolution of magma oceans on rocky planets. We
show that the most likely behavior for solar system bodies is an overall net increase in oxygen
fugacity of outgassing, but this behavior does not necessarily hold true for all planets, depending
on the bulk composition and minerals that form at different depths. Because we find that ferric
iron must behave incompatibly in the lower mantle in order to match the Earth, we find that
larger planets such as super-Earths, which have larger lower mantle volumes, will likely produce
higher final oxygen fugacities than a smaller planet of the same initial composition. Therefore,
on average, larger planets should produce more oxidized initial atmospheres than smaller planets.
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Open Research

The magma ocean crystallization simulation code developed in this article is available at the
Stanford Digital Repository (Schaefer, 2023a, https://doi.org/10.25740/yg376bh0915) along with
all necessary input files to run the simulations shown in Figures 2-5. Matlab data files of all
simulations are available in the archive.

The magma ocean thermal evolution model used in Section 2.7 and 4.1 is a modified version of
the model described by Schaefer et al. (2016). The code used in this paper is archived at the
Stanford Digital Repository (Schaefer, 2023b, https://doi.org/10.25740/rk050tc3031).

The literature data used to calculate ferric iron partition coefficients and bulk oxide partition
coefficients are provided in the supplemental material as an .xlIsx file.
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Table 1. Composition of residual magma ocean liquid following batch crystallization. Starting
compositions are the Bulk Silicate Earth (BSE) (McDonough 2003) and Bulk Silicate Mars
(BSM) (Taylor 2013). We use lower mantle ferric iron partition coefficients calculated from
both the Deng (D) and Armstrong (A) EOSs for the batch calculations.

Earth Mars

Oxide 500 km 1000 km  BSE 500 km 1000 km BSM
(Wt%) D A D A D A D A

FeO 127 125 112 110 7.82 242 242 214 213 181
MgO 318 312 340 336 383 178 177 252 252 312
SiO 40.1 394 422 417 455 493 493 467 46.6 446
CaO 105 103 745 7.35 3.58 460 460 327 327 248
Al,O3 433 425 458 452 449 358" 357" 3.09" 3.09" 3.15
FeOis 053" 242" 060" 1.87° 0.36 0.54™ 0.677 0417 0.48™ 041

Fe**/Fer 0.037 0.17 0.049 015 0.0 0.020 0.025 0.017 0.020 0.02

“reported for initial Fe3*/Fer = 0.10, ““Reported for initial Fe3*/Fer = 0.02, fassumes Al,Os = 1.2wt% in
cpx, based on full fractional crystallization model.
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Table 2: Parameters for models that switch from batch to fractional crystallization at
different depths, including the mass fraction of magma ocean, the pressure and depth
at the base of the magma ocean when it transitions from batch to fractional, and the

mineral fractions within the solid layer crystallized during the batch step.

Earth Mars
500 km 1000 km 500 km 1000 km
Fmo 0.20 0.39 0.36 0.665
Ptrans (GPa) 18 37 6.20 12.3
Ztrans (Km) 535 1005 508 1002
Ttrans (K) 2160 2850 1930 2070
Mineral fractions in batch Bg 090 Bg 0.95 Maj 0.15 Maj 0.31
crystallized layer Mw 0.05 Mw 0.05 Ring 0.08 Ring 0.16
Maj 0.03 Wad 0.06  Wad 0.12
Ring 0.02 Cpx 0.14 Cpx 0.13
Opx 0.07 Opx 0.03
Gt 0.10 Gt 0.05
010.40 010.20
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Table 3. Ferric iron partition coefficients for the minerals included in our magma ocean model (see
also Elkins-Tanton 2008). Partition coefficients for wadsleyite, majorite, ringwoodite, and
bridgmanite are calculated using either the Deng or Armstrong (italic) EOS for ferric iron in silicate
melts (see Text S2 and S3 for details). Abbreviations: sp — spinel, ol — olivine, cpx — clinopyroxene,
opx — orthopyroxene, gt — garnet, wad — wadsleyite, maj — majorite, ring — ringwoodite, bg —
bridgmanite, mw — magnesiowustite

phase D‘;li;liral/melt Ref
10,000 ‘

Sp exp[(0.87 £ 0.07) Tt (—4.6 £ 0.4) + (0.24 + 0.02)In (555’203 (wt%))] 1

ol 0 --

Cpx exp [(1.997 + 0.640) In %, + (—3.987 £ 0.965)] 2

Opx (07055003 37

Gt (0682535 Dps ™" 3-6

Wad 1.08+0.49 8
0.98+0.44

Maj 1.95 +0.69 8
0.97 £+0.34

Ring 2.13+1.17 8
0.97+0.53

Bg 2.07+0.50 9
0.17+0.03

Mw 0 --

1 — Davis & Cottrell (2021), 2 — refit from Rudra & Hirschmann (2022), 3 - Woodland et al. 2006, 4-
Canil & O’Neill 1996, 5 - Malaspina et al. 2012, 6- Nimis et al. 2015, 7-Luth & Canil 1993, 8 —
calculated from data in O’Neill et al. 1993, 9 — calculated from data in Boujibar et al. 2016
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Table 4. Fit parameters for calculating fO, from

Xx”ﬁ in silicate melts from equation (12).

FeO

Reproduced from Hirschmann (2022), Table 2.
Parameter Value Units
a 0.1917

b -1.961

c 4158.1 K
ACp 33.25 JIK
To 1673.15 K
y1 -520.46 K
y2 -185.37 K
y3 494.39 K
ya 1938.34 K
Y5 2888.48 K
Y6 3473.68 K
y7 -4473.6 K
ys -1245.09 K
Yo -1156.86 K
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Whole Mantle M.O. Shallow M.O.

Figure 1. Diagram of model setup showing the differences between the whole mantle models
and shallow magma ocean models. All models begin with a BSE or BSM composition (see
Table 1). In the whole mantle models (left), we assume the magma ocean initially occupies the
whole mantle, with either pure fractional crystallization or a mix of batch and fractional
crystallization, with the switch occurring once the base of the magma ocean is above Ryrans. We
model batch crystallization as a single stage to find the compositions from which to initialize the
fractional crystallization model (see Table 3). Table 2 gives the conditions (P, T, z) at Rirans. We
adopt the whole mantle magma ocean configurations as our nominal models and show the
evolution during the fractional crystallization stages in Fig. 2 and Fig. 4, as well as the solid lines
in Fig. 3 and Fig. 5. In the shallow magma ocean models (right), we assume that only a portion
of the mantle melts (Rmo = Rp — 1000 km, or Rp — 500 km) and solidifies entirely through
fractional crystallization. The physical conditions at Rmo for the shallow models are the same as
for Ruans given in Table 2. The shallow magma ocean models are shown as dashed lines in Fig. 3
and Fig. 5.
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Figure 2. Evolution of oxygen fugacity for the fractional crystallization stages of whole mantle
magma ocean models of Earth (see Fig. 1 (left)). The oxygen fugacity is calculated at the surface
of the Earth’s magma ocean and is plotted as a function of the pressure at the base of the magma
ocean at a given time. Therefore, the x-axis represents time evolution of the magma ocean, with
time from the beginning of the magma ocean increasing from right to left. These calculations
start with a nominal initial Fe*/Fer = 0.10 and use ferric iron partition coefficients calculated
from either the Deng EOS (top row) or Armstrong EOS (bottom row). Oxygen fugacity is shown
relative to the iron-wastite buffer (Hirschmann 2021). The starting conditions for the three
models are given in Table 1, assuming batch crystallization of the lower mantle for the 500 and
1000 km models. Grey lines are individual simulations with randomly drawn ferric iron partition
coefficients, the black line is the average of all 1000 simulations. Pink horizontal shaded region
highlights fO, permitted by D/H constraint (Pahlevan et al. 2019), vertical grey shaded region
highlights basal pressure of last equilibration (BPLEBPLE).
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1439  Figure 3. Mean oxygen fugacities at the surface of the Earth’s magma ocean for different initial
1440  Fe*/Fer (blue: 0.04, red: 0.10, yellow: 0.14, purple: 0.20). The oxygen fugacity is calculated at
1441 the surface of the Earth’s magma ocean and is plotted as a function of the pressure at the base of
1442  the magma ocean at a given time. Therefore, the x-axis represents time evolution of the magma
1443 ocean, with time from the beginning of the magma ocean increasing from right to left. Ferric iron
1444  partition coefficients were determined with the Deng EOS (top) or the Armstrong EOS (bottom).
1445  All lines represent the mean of 1000 simulations. Solid lines show the fractional crystallization
1446  evolution of whole mantle magma ocean models with interstitial liquid = 20% (see Fig. 1 (left)).
1447  Dashed lines are for the shallow magma ocean models (see Fig. 1 (right)) starting at either 500
1448  km or 1000 km (interstitial = 20%). Table S5 gives the number of successful simulations for
1449  each model configuration. Pink horizontal shaded region highlights fO, permitted by D/H

1450  constraint (Pahlevan et al. 2019), vertical grey shaded region highlights basal pressure of last
1451  equilibration (BPLEBPLE).
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Figure 4. Evolution of oxygen fugacity for the fractional crystallization stages of whole mantle
magma ocean models of Mars (see Fig. 1 (left)). The oxygen fugacity is calculated at the surface
of Mars’ magma ocean and is plotted as a function of the pressure at the base of the magma
ocean at a given time. Therefore, the x-axis represents time evolution of the magma ocean, with
time from the beginning of the magma ocean increasing from right to left. These calculations
start with a nominal initial Fe3*/Fer = 0.01 and use ferric iron partition coefficients calculated
from either the Deng EOS (top row) or Armstrong EOS (bottom row). Oxygen fugacity is shown
relative to the iron-waustite buffer (Hirschmann 2021). The starting conditions for the three
models are given in Table 1, assuming batch crystallization of the lower mantle for the 500 and
1000 km models. Grey lines are individual simulations with randomly drawn ferric iron partition
coefficients, the black line is the average of all 1000 simulations. Pink horizontal shaded region
highlights fO, permitted by D/H constraint (Pahlevan et al. 2022), vertical grey shaded region
highlights pressure of last equilibration (BPLEBPLE).
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Figure 5. Mean oxygen fugacities at the surface of Mars’ magma ocean for different initial
Fe3*/Fer (blue: 0.01, red: 0.02). The oxygen fugacity is calculated at the surface of Mars” magma
ocean and is plotted as a function of the pressure at the base of the magma ocean at a given time.
Therefore, the x-axis represents time evolution of the magma ocean, with time from the
beginning of the magma ocean increasing from right to left. Ferric iron partition coefficients
were determined with the Deng EOS (top) or the Armstrong EOS (bottom). All lines represent
the mean of 1000 simulations. Solid lines show the fractional crystallization evolution of whole
mantle magma ocean models with interstitial liquid = 20% (see Fig. 1 (left)). Dashed lines are
for the shallow magma ocean models (see Fig. 1 (right)) starting at either 500 km or 1000 km
(interstitial = 20%). Table S6 gives the number of successful simulations for each model
configuration. Pink horizontal shaded region highlights fO. permitted by D/H constraint
(Pahlevan et al. 2022), vertical grey shaded region highlights basal pressure of last equilibration
(BPLEBPLE).
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Figure 6. Effect of changing ferric iron partition coefficients of different minerals on the mean
oxygen fugacity at the surface of the magma ocean. Left: whole Earth magma ocean with
(Fe**/Fer)init = 0.10, right: whole Mars magma ocean with (Fe**/Fer)init = 0.01. Bold lines show
nominal mean values from Figures 1 & 3. We reduce the partition coefficients of
ringwoodite(18 — 22 GPa), wadsleyite (15-18 GPa), majorite (15 — 22 GPa), bridgmanite (>22
GPa) individually, and all together (I.m. = lower mantle) to 0.5+0.5. We also increase the garnet
(2.5 —15 GPa) partition coefficient to 1.75 = 0.75.

45



