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Abstract

Stratospheric temperature perturbations (STPs) caused by e.g. variations in stratospheric ozone, are an important driver
of changes in tropospheric dynamics, particularly pertinent to the long-term climate evolution of the Southern Hemisphere.
However, the impact of ocean feedbacks on this interaction has not been fully examined. To study it, positive STPs were
applied in three otherwise identical, idealised model configurations —atmosphere-only (A), atmosphere + slab-ocean (AS), and
fully-coupled atmosphere-ocean (AO) — and the resulting atmospheric changes compared. In the AO model, changes in the
tropics/extratropics experienced a positive/negative feedback after “100-200 years, whilst the AS model showed few significant
changes, compared to the A model. Changes in tropical ocean heat content were responsible, attributable to changes in the
Ekman transport. These results indicate that full atmosphere-ocean coupling should be accounted for when studying the long-
term (100+ years) tropospheric response to STPs in the Southern Ocean region. Validation with higher-resolution and more

realistic models is necessary.
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Key Points:

e Ocean feedbacks significantly alter the atmospheric response to applied stratospheric
temperature perturbations after 100-200+ years;

e Changes in low-latitude ocean heat content, driven by changes in Ekman transport, are
responsible.

Abstract

Stratospheric temperature perturbations (STPs) caused by e.g. variations in stratospheric ozone,
are an important driver of changes in tropospheric dynamics, particularly pertinent to the long-
term climate evolution of the Southern Hemisphere. However, the impact of ocean feedbacks on
this interaction has not been fully examined. To study it, positive STPs were applied in three
otherwise identical, idealised model configurations —atmosphere-only (A), atmosphere + slab-
ocean (AS), and fully-coupled atmosphere-ocean (AO) — and the resulting atmospheric changes
compared. In the AO model, changes in the tropics/extratropics experienced a positive/negative
feedback after ~100-200 years, whilst the AS model showed few significant changes, compared
to the A model. Changes in tropical ocean heat content were responsible, attributable to changes
in the Ekman transport. These results indicate that full atmosphere-ocean coupling should be
accounted for when studying the long-term (100+ years) tropospheric response to STPs in the
Southern Ocean region. Validation with higher-resolution and more realistic models is necessary.

Plain Language Summary

In recent decades, the Southern Ocean region has seen significant climatic changes in response to
stratospheric ozone depletion. It is important to understand what impact oceanic feedbacks might
have on this response. To that end, experiments were performed, in which temperature
perturbations were applied to the stratospheres of three otherwise identical atmospheric models —
with/without oceans present — and their results compared. Ocean feedbacks were found to
significantly amplify/weaken and expand/shift the atmospheric responses towards the poles in
the tropics/extratropics after about 100-200 years. This was caused by wind-driven changes in
sea surface temperatures at low-latitudes. These results underscore the importance of accounting
for oceanic feedbacks when studying long-term (100+ years) climatic changes, caused by
stratospheric changes, in the Southern Ocean region. However, further verification of these
results with higher-resolution and more realistic models will be necessary to ensure their
applicability, and to better quantify their effects.
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1 Introduction

As the region containing over 90% of atmospheric ozone - a strong absorber of UV
radiation, and an important greenhouse gas - the stratosphere is of huge importance to Earth’s
radiative balance. Furthermore, in the late 90s/2000s, numerous studies demonstrated a
downward dynamical influence of stratospheric zonal wind and/or temperature perturbations
upon the tropospheric below (e.g. Baldwin & Dunkerton 1999; Polvani & Kushner 2002;
Kushner & Polvani 2004; Haigh et al. 2005; Lorenz & DeWeaver 2007; Simpson et al. 2009).
Since ozone concentrations can influence stratospheric temperatures, they can also — via thermal
wind balance — influence stratospheric zonal winds. Thus, fluctuations in the levels of
stratospheric ozone, and other chemical species, have the potential to influence the troposphere
both radiatively and — though their influence upon stratospheric temperatures and zonal winds -
dynamically.

More recently, studies examining the impact of 20" century changes in stratospheric
ozone in the Southern Hemisphere found them to be responsible for most of the observed
climatic changes over that timeperiod, with decreases in polar stratospheric ozone causing
cooling, inducing a poleward-shift in the tropospheric zonal winds and circulations (Polvani et
al. 2011; Son et al. 2018; see Chapter 4 of Karpechko et al. (2019) for an overview). Looking
ahead, the recovery in stratospheric ozone has the potential to mitigate, or even cancel out,
further climatic changes which are driven by increasing levels of greenhouse gases (Gerber &
Son 2014).

Further, numerous studies have simulated an oceanic response to varying levels of
stratospheric ozone in the Southern Hemisphere, and the changes in surface wind stress they
produce (Cai 2006; Cai & Cowen 2007; Wang et al. 2014; Ferreira et al. 2015; Seviour et al.
2016). These studies found that, accompanying the poleward shift in the tropospheric midlatitude
jet, an enhanced midlatitude ocean circulation was produced, causing an increased poleward heat
transport into the midlatitudes, and anomalous vertical upwelling at higher latitudes. The net
result was an increase in midlatitude sea surface temperatures (SSTs), and an initial decrease
(~0-20/25 years) followed by a long-term increase (20/25+ years) in SSTs poleward.

It is therefore clear that varying levels of stratospheric ozone can exert a profound
influence over both the troposphere and ocean, especially in the Southern Hemisphere. However,
relatively few of the studies which simulated this type of stratosphere-troposphere coupling with
fully coupled atmosphere-ocean models (e.g. Ferreira et al. 2015) have examined the interaction
between these different couplings, and whether the presence of a fully dynamical ocean might
have an impact. Sigmond et al. (2010) found no discernable impact of atmosphere-ocean
coupling upon the tropospheric response to ozone depletion. Neither did other studies, concerned
with the robustness of the tropospheric response to ozone depletion across different models
(Seviour et al. 2017; Son et al. 2018). Some of these were fully-coupled, but they generally
suffered from a relatively short timeperiod of study (max 100 years), and large model internal
variability, compounded by a small (often one) ensemble size, obscuring the significance of any
impact.

That said, there have been some studies looking at the oceanic response to solar
variability and stratospheric extratropical variability, and feedbacks upon the atmosphere, mainly
in the Northern Hemisphere. For example, Reichler et al. (2012) and Menary & Scaife (2014)
found evidence of decadal-scale changes in Atlantic Meridional Overturning Circulation
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(AMOOC) strength in response to successive strong polar vortex events and solar variability
respectively. O’Callaghan et al. (2014) also found evidence of implied surface heat flux
anomalies in the North Atlantic, in response to SSW events. Simulations and analyses performed
by Scaife et al. (2013) and Andrews et al. (2015) found evidence of a lagged amplification of
solar cycle-induced anomalies in the North Atlantic Oscillation (NAO), mediated via NAO-
induced SST anomalies in the North Atlantic. Omrani et al. (2014) also found evidence of
downward-propagating negative NAO stratospheric anomalies during boreal winter, in response
to decadal-scale North Atlantic SST anomalies. This all serves to suggest that solar and
extratropical stratospheric variability plays a role in the forcing of North Atlantic oceanic
variability, which can in turn feed back onto the troposphere and stratosphere via altered SSTs.

Here we examine the impact of atmosphere-ocean coupling on the tropospheric response
to imposed stratospheric temperature perturbations (STPs) by imposing them in three different
global atmosphere model configurations — atmosphere-only (A), atmosphere and slab-ocean
(AS), and fully-coupled atmosphere and ocean (AO) — and comparing the responses. Section 2
provides an outline of the model, configurations and equations used, and experiments performed.
Section 3 details the results of these experiments, and mechanisms involved. Section 4 discusses
these results, their limitations, and the conclusions and broader implications of this study.

2 Methodology
2.1 Model setup and experiments

Simulations were carried out with the MITgem model, placed in an aquaplanet, double-drake
(two oceanic ridges, 90°N to 30°S, 90° longitudinal separation; see Ferreira et al. (2015) for more
details) configuration, with no seasonal or diurnal cycle. This model utilises the full set of
atmospheric and oceanic hydrodynamic equations via a single dynamical core, and
parameterisations of various sub-gridscale physical processes, such as diffusion and convection,
which follow O’Gorman & Schneider (2008). A two-stream gray radiation package (see
supporting information of Geen et al. 2016) was used, and no representations of ice or clouds
were included. Albedo was held fixed at 37%.

For each of the three configurations (A, AS and AO), the model used a 192x32 cube-sphere grid,
with an approximate horizontal resolution of 3°-4°, and 25 evenly spaced atmospheric pressure
levels, 980 to 20hPa. Although the low vertical resolution (3-7 levels) and low-top in the model
stratosphere will mean a full representation of stratospheric dynamics is not possible, this is
arguably not necessary when studying the impact of imposed temperature perturbations in the
lower stratosphere upon the troposphere below. This is because the primary mechanism of this
downwards impact involves stratospheric control of upward-propagating planetary and synoptic-
scale waves, mediated by changes in the quasigeostrophic potential vorticity gradient (QG PV
gradient), which peaks around the lower stratosphere/upper troposphere. (Simpson et al. 2009;
White et al. 2020)

In the AO model, the ocean has 15 vertical levels, 0-3400m, with increasing vertical spacing
from top to bottom (table S1). In the AS model, the ocean is a non-dynamical ‘slab’ of fixed
depth 50m, with heat transport parameterised as a constant ‘Q-flux’ term. The A model is
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124 identical to the AS model, except that its SSTs are held fixed. The model atmosphere was the
125  same across each configuration.
Model | Atmosphere/Ocean | Equilibration time | Ensemble | Experiments Experiments duration
version | dynamics (approximate) Size performed (after equilibration of
initial state)
AO Full atmospheric 2000 years 8 U0 (control), UO1, 300 years
dynamics P01, TO1
Full ocean dynamics
AS Full atmospheric 10 years 6 U0 (control), UO1, 50 years
dynamics P01, TO1
Slab-ocean
A Full atmospheric 200 days 6 U0 (control), UO1, 30 years
dynamics P01, TO1
Fixed SSTs SST perturbation
experiments
126 Table 1: Summary of the different model versions used, their representations of atmospheric and
127 oceanic dynamics, equilibration times, experiments performed, their durations, and ensemble
128  sizes.
129 To set up the model control states, the following steps were performed. The AO model was run
130 until equilibrium (considered a global-average net surface heat flux of magnitude <0.1Wm™3).
131 Its SSTs (figure S1) and net ocean heat fluxes (figure S2) were then diagnosed, and applied to
132 the simplified oceans of the A and AS models, as the SST and Q-flux values respectively.
133 For each model version, different ensemble member initial states were constructed, for use in
134 subsequent experiments. For the AO model, these were obtained by taking eight separate
135 snapshots of the equilibrated control simulation at 10-year intervals. For the AS and A models,
136 these were obtained by applying six different temperature and humidity profiles to the model
137  atmospheres and allowing the models to run to equilibrium.
138 Once the equilibrated ensemble member initial states had been obtained, each was used to
139 perform four separate simulations: one control, and three experiments (UO1, PO1, & TO1). In the
140  experimental runs, STPs were applied via the addition of a constant warming rate of +0.1°C/day
141 to the radiative temperature tendency. These were applied in the stratosphere only, diagnosed as
142 the atmospheric region in which the lapse rate falls and remains below 2°C/km (figure S3). The
143 STPs were applied over the entire stratosphere (U01), or regions of finite latitudinal extent in
144 both hemispheres: 30°S to 30°N (TO01), and 60° to 90°S/N (P01). These STPs were designed to




145
146
147
148
149
150
151

152
153
154
155
156
157
158

159
160
161
162
163
164
165
166
167

168

169
170
171
172

173

174

manuscript submitted to Geophysical Research Letters

produce temperature signals in the lower stratosphere which qualitatively resembled those
caused by e.g. ozone depletion/recovery (PO1), or 11-year solar cycle variability (TO1), whilst
also being quantitatively of the same order of magnitude. Each control and experimental
ensemble simulation was run for 30/50/300 years in the A/AS/AO model. See table 1 for a
summary of the experiments, their durations and ensemble sizes, in each model version. Since
the response of UO1 in the A model resembled a weakened version of PO1 (see figure S4), we
will mostly omit this experiment from our results.

By comparing between the simulations with and without the STPs present, their effect on the
model atmospheres and oceans may be ascertained. Moreover, comparison of the atmospheric
anomalies obtained in response to the same STPs, applied across different (A vs. AS/AO) model
versions, can elucidate the impact of atmosphere-ocean coupling upon this interaction. In
contrast to previous studies (e.g. Sigmond et al. 2010), by utilising relatively long model runs
and large ensemble sizes, the obscuring effects of internal model variability should be
minimised.

To isolate the role of SST anomalies in altering the atmospheric response to applied STPs,
separate SST-perturbation experiments were also performed. In these, SST perturbations —
derived all or in part from the SST anomalies obtained in response to experiments PO1 and TO1
in the AO model (figures 4, S9) — were applied in the A model. These were applied for 5 years to
each previously detailed ensemble member, and compared to corresponding control runs. In
addition, to investigate how the atmospheric response to SST perturbations was initiated, the
SST anomaly found in UO1 in the AS model (figure 4, green curve) was applied for 36 days in
the A model, with an ensemble size of 24, and compared to a control run of identical ensemble
size and duration.

2.2 Dynamical diagnostics

To understand better the mechanisms behind the atmospheric and oceanic response to SST
changes and STPs respectively, various atmospheric and oceanic equations will be utilised in
section 3.4. For the atmosphere, we utilise the Transformed Eulerian Mean (TEM) meridional
velocity, ¥, and streamfunction, 1), as developed by Andrews & MclIntyre (1976):
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where v and v is the Eulerian meridional velocity and mass streamfunction respectively, p is
pressure, 6 is the potential temperature, R is Earth’s radius, ¢ is the latitude in radians, and v’
indicates a deviation of v from the zonal mean. This formulation reduces the zonal-mean zonal
velocity, u, equation to:

Ju 5
—=fU+E+ V.F

Jt Rcos ¢

3)

where t is time, f is the Coriolis parameter, F, is the zonal friction component, and V. F Is the
Eliassen-Palm (EP) flux divergence (see e.g. Peixoto & Oort 1992). For the purposes of
constructing EP flux diagrams, we will follow Edmon et al. (1980), and use annular mass-
weighted versions of the EP fluxes, F= (Fy, Fp):

. 2mR 2mR? cos? ¢
F,=——F,=———" 20
g g
4
- 21R? cos 2R3 f cos? ¢ ——
F,=— %R o _ IR cos” ¢
g g(')pH

&)

Following quasigeostrophic (QG) theory, the EP flux divergence is equal to the poleward eddy

flux of potential vorticity (PV, q), v'q’ (e.g. Vallis 2006). If these fluxes are downgradient, we
would therefore expect a net EP flux convergence/divergence towards/away from regions of
positive/negative meridional PV gradient, given under QG theory as:

d (9, (ucos @) +f2Ri ﬁap_u
Rcos ¢ R; Op\ T 0,0

(6)
where T is temperature (see e.g. Karoly & Hoskins, 1982).

When calculating the anomalous oceanic heating power due to advection, it is useful to look at
the contribution from the zonally-averaged mean flow, v = (v, w), and its separation into
contributions from changes in the mean flow, v, and changes in the temperature gradient, VT, as
follows:

AP = ﬂf c,pAT AV’ = —fff cppAV.VT) dV' = —ﬂf cpp((AV). VT + v.V(AT)) dV’
174 74 174

(7
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where ¢, is the heat capacity of water at constant pressure, p is the density of (ocean) water, and
V is the volume of water integrated over, and we have neglected higher order terms.

Oceanic currents are separated into Ekman and geostrophic components, driven by surface wind
stress and pressure-gradient forces respectively. For the vertical velocity, utilising Sverdrup
vorticity balance, these two components can be expressed as follows:

1(2(7) *(7)

wg(z =0) = 5| Tox ay |~ —wg(z =0)
(®)
0 0
Bvg B dp
wg(z ) = wg(z )+ N z =wg(z ) + L pfox VA

©))

where wg and w; are the Ekman and geostrophic vertical velocities, h is the depth below the
ocean surface (z=0), 7, and 7,, are the zonal and meridional components of surface wind stress

respectively, and S is the Rossby parameter (Peixoto & Oort 1982).
3 Results
3.1 A model

Figure 1: Control values (contours) and anomalies (red/blue shading) in ensemble- and
zonally-averaged zonal wind (a, ¢) and mass streamfunction (b, d), for experiment PO1 (a,
b) and TO1 (c, d), averaged over years 0-30 and both hemispheres (i.e. uzgo =

(u300N + ugoos)/Z, Y300 = (l/J300N — 1/)3005)/2), in A model. Stippling indicates regions
where the confidence levels in the experiment vs control values are above 95%, as
measured by a two-tail student's t-test.

Figure 1 displays the equilibrium control values and anomalies in ensemble- and zonally-
averaged zonal wind and mass streamfunction, in response to experiments PO1 and TO1,
in the A model. In PO1/T01, we observe a strengthening/weakening of the underlying
atmospheric dynamics equatorward of about 50°, and a weakening/strengthening
poleward. The Hadley cells, Ferrel cells, and midlatitude jet all strengthen/weaken, whilst
the poleward flanks of the latter two get weaker/stronger, suggestive of an equatorward
contraction/poleward expansion. Experiment PO1 exhibits an overall stronger response,
with peak changes in Ferrel cell/midlatitude jet strength of around -5Sv/+2m/s, vs. +2Sv/-
1m/s for TO1 (1Sv=10°kg/s). The results of experiment U01in the A model are shown in
figure S4, and resembled a weakened version of PO1. This experiment shall thus be
mostly omitted from subsequent subsections.

These results are in good agreement with those of previous studies using similar applied
STPs, such as Haigh et al. (2005), Simpson et al. (2009), and White et al. (2020).
Moreover, those of TO1 bear a striking qualitative resemblance to studies simulating the
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response of the Southern Hemisphere atmosphere to historical ozone depletion, such as
Polvani et al. (2011), and Son et al. (2018).

Although not the main focus of this paper, experiments examining the transient and
equilibrated response of the A model to the applied STPs revealed the mechanism
responsible for this downwards transmission to be eddy-mean flow feedbacks, mediated
by changes in the QG PV gradient originating around the tropopause (see chapter 3 of
Trencham 2022), in agreement with Simpson et al. (2009), and White et al. (2020). This
mechanism involves only synoptic-scale dynamics, and so can be simulated by even
relatively coarse-resolution GCMs, with highly-parameterised physics, which explains
why the atmospheric response appears to be generic across a wide range of GCMs and
stratospheric forcings.

3.2 AO model
3.2.1 SST changes

Figure 2: Changes in ensemble- and zonally-averaged SSTs in experiment (a) PO1 and
(b) TOI in AO model, averaged over years 0-30 (red), 100-130 (green) and 200-230
(blue). Errorbars are calculated as the standard deviations of ensemble-mean values,
calculated over the time dimension.

Figure 2 displays the changes in SST, seen in response to experiments PO1 and TO1 in the
AO model, averaged over years 0-30, 100-130, and 200-230 of the spinup. In both
experiments, a signal in the extratropics becomes evident relatively quickly, within the
first 30 years, with experiment PO1/T01 displaying a decrease/increase in SST south of
60°S, and similarly north of 70°N in PO1. This is like the “slow” response, documented in
Ferreira et al. (2015) and Seviour et al. (2016), to ozone depletion. In PO1, we see also an
increase in SST 45°-70°N, and 40°-60°S, in this timeperiod. Subsequently (years
100/200+), we also see significant increases/decreases in SST equatorward of about 60°
in both hemispheres, whilst the polar cold/warm anomalies hold steady. These changes in
low-latitude SST are larger (+0.5°C vs. -0.2°C) and faster (years 100+ vs. years 200+) in
P01, corresponding to the larger magnitude atmospheric response (figure 1a,b). We note,
from the significant changes in low-latitude SST between years 100-130 and 200-230,
that the model has evidently not fully equilibrated, which can take up to 2000 years (see
table 1). However, the general trend of SST changes appears clear by year 200+, with the
relatively rapid high-latitude SST changes appearing steady, and low-latitude SSTs
continuing to rise/fall gradually.

3.2.2 Changes in atmospheric response

Figure 3: As figure 1, but with the red/blue shading indicating the difference in
anomalies between years 100-130 of PO1 (a,b), and years 200-230 of TO1 (c,d) in the AO
model, vs. years 0-30 of PO1/T01 in the A model. Stippling indicates regions where the
confidence levels in the AO vs A model anomalies are above 95%, as measured by a two-
tail student's t-test.
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Figure 3 shows the differences (red/blue shading) in the response of the zonal winds and
mass streamfunctions to experiment PO1 and TO1 in the AO model, compared to those
seen in the A model (figure 1). So, areas of red/blue shading and stippling indicate
regions where the atmospheric response in the AO model is significantly different to that
seen in the A model.

We observe a poleward-/equatorward-shift in the midlatitude jet and Ferrel cell in
experiments PO1/T01, and a slight strengthening and poleward-expansion of the Hadley
cell in PO1. When superimposed on the underlying A model response (figure 1), this
amounts to a slight strengthening and poleward-expansion of the signal in the tropics, and
a slight weakening and poleward-shift of the signal in the extratropics. These changes in
atmospheric response are evident from around year 100/200+ for experiment PO1/TO01,
but not earlier (see figures S5-6).

3.3 AS model

The results of experiments PO1 & TO1 in the AS model were also examined and
compared to those in the A model (see figures S7-8). For P01, a slight weakening of the
Hadley cell, equatorial easterlies, and subtropical jet were observed, in contrast to the
response seen in the AO model. For TO1, there was a small equatorward shift of the
midlatitude jet, similar to that seen in the AO model (figure 3c). In both cases, the SST
changes were very different to that seen in the AO model, with local SST increases in
regions of positive zonal wind anomalies in the extratropics (compare with figure 1a,c),
and very small (max. 0.2°C) tropical SST increases (figure S8).

This all serves to suggest that changes in the ocean heat transport - parameterised as fixed
fluxes in the AS model — are crucial to providing the full SST anomaly, and feedback
upon the atmosphere. We will therefore exclude the AS model from further analysis, and
concentrate upon explaining the SST anomalies and atmospheric feedback we see in the
AO model in the next subsection.

3.4 Mechanisms

3.4.1 Changes in atmospheric response

Figure 4: Zonally-averaged SST anomalies corresponding to: full SST anomaly in PO1 in
AO model, averaged over years 0-300 (black curve), its extratropical component only,
minus a uniform +0.3K SST increase (blue curve), a uniform +0.3K SST increase (red
curve), and the full SST anomaly in UO1 in the AS model, averaged over years 25-50
(green curve).

As outlined in section 3.2.2, significant modifications to the atmospheric responses of the
A model, detailed in section 3.1, were only seen after 100/200+ years for PO1/TO1 in the
AO model. Since the only differences between the A and AO models are the
absence/presence of a fully dynamical ocean with variable SST, it stands to reason that
these changes must be caused by the SST changes shown in figure 2. This is confirmed
by looking at the atmospheric response in the A model to the applied SST perturbation
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only (figures 5, S10, a-b), which qualitatively resembles the full anomaly (figure 3),
although further, non-linear feedbacks may be required to obtain the full atmospheric
response.

Further, since the only SST changes seen over this timeperiod (years 30-100/200) are
near-uniform increases/decreases in SST in the low-to-mid latitudes, it is these SST
changes which we expect to be responsible for driving the difference in atmospheric
response. This is confirmed by looking at the atmospheric response in the A model to a
range of SST perturbations, representing different aspects of the full AO SST anomalies
(figures 5, S10, a-b): uniform +/-0.3°C SST perturbations (figures 5, S10,e-f) produce an
atmospheric response qualitatively similar to that caused by the full SST perturbation,
whilst application only of the changes in extratropical meridional gradient produce an
opposite/negligible atmospheric response (figures 5, S10,c-d). However, the atmospheric
response to the full SST perturbations does not appear fully linearly separable into these
two responses (figures 5, S10,g-h), probably due to non-linear atmospheric feedbacks.
Still, these results lend at least some support to the hypothesis that the changes in low-to-
midlatitude SST are responsible for triggering the observed atmospheric changes seen in
the AO model vs the A model.

Figure 5: As figure 1, but with red/blue shading indicating the anomalous response to the
applied SST anomalies of figure 4: the full SST anomaly (a,b), the extratropical SST
anomaly (c,d), the uniform +0.3K anomaly (e,f), and the linear combination of (c,d) +

(e,f) (g.h).

Figure 6: Atmospheric response to near-uniform SST increase (figure 4, green curve),
averaged over days 1-5 of spinup: anomalous mass streamfunction (contours, Sv) and
zonal wind (red/blue shading, m/s) (a); anomalous residual streamfunction (contours, Sv)
and residual Coriolis torque, f¥ (red/blue shading, m/s/day) (b); anomalous meridional
PV gradient, q,, (contours, /day), mass-weighted EP fluxes (arrows) and EP flux
divergence (red/blue shading, /day) (c); anomalous 3 meridional PV gradient
component in equation (6) (contours, /day) and temperature (shading, K) (d).

To investigate how the atmospheric response to these SST changes was initiated, we look
at the initial atmospheric response to a near-uniform SST perturbation (green curve of
figure 4), as outlined in section 2. The response to this SST anomaly was analysed
because of its qualitative resemblance to that due to the full PO1 SST anomaly in the AO
model, but stronger magnitude (compare figures S11 & 5a,b). The atmospheric response
during the first 5 days of forcing is shown in figure 6. We observe a greatly strengthened
Hadley cell, and a more baroclinic subtropical jet, with positive/negative zonal wind
anomalies in the upper/lower troposphere (figure 6a), the former powering the latter
through Coriolis acceleration (figure 6b, red/blue shading). The Hadley cell itself is likely
powered by the strong tropical heating (figure 6d, shading), resulting from tropical
convection, enhancing the equator-to-pole temperature gradient (e.g. Vallis 2006). The
enhanced subtropical baroclinicity creates an anomalous dipole in the meridional PV
gradient in the upper subtropical troposphere (figure 6¢, contours) - driven primarily by
the third component of equation (6) (figure 6d, contours) - which acts as a waveguide to
the anomalous EP fluxes generated in the subtropics-to-midlatitudes (figure 6¢, arrows).
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The net effect of this dipole, combined with eddy-mean flow feedbacks, will be to cause
zonal momentum to be carried away from the subtropical upper troposphere, and towards
the midlatitude lower troposphere, accelerating the eddy-driven midlatitude jet and
circulation. For further details, see chapter 6 of Trencham (2022). This mechanism is
similar to that detailed in Hou (1998), and agrees with previous studies looking at the
effect of tropical diabatic heating on the Hadley circulation itself (Held & Hou 1980;
Frierson et al. 2007), and its downstream dynamical impacts (Kang & Polvani 2011;
Ceppi & Hartmann 2013; Mbengue & Schneider 2018).

A near-uniform SST increase/decrease, therefore, acts to strengthen/weaken the
underlying mean zonal winds and circulations, through its effect upon the tropical
temperatures and circulation, creating a region of enhanced/diminished subtropical
baroclinicity, with downstream impacts upon the eddy-driven midlatitude jet and
circulation.

In many ways, the mechanism controlling the atmospheric response to SST perturbations
is similar to that controlling the response to STPs. Both involve modifications to the
strength and position of the midlatitude jet and circulation, mediated by synoptic-scale
eddies via changes in baroclinicity/QG PV gradient. A fundamental difference, though, is
how applied SST perturbations directly modify — via changes in the absolute temperature
and meridional temperature gradient - the available energy for eddy generation, and the
atmospheric baroclinicity.

3.4.2 Changes in ocean heat content (OHC)

Figure 7 shows the time-evolution of anomalous ocean heating terms, integrated over the
top 1800m, and over the low-/high-latitudes, for experiment PO1 in the AO model (see
figure S12 for the corresponding figure for TO1). We see how, after the first ~20years,
heating in the tropics is powered primarily by advective heating anomalies (figure 7a,
green curve), which in turn is driven by anomalous downwelling for the first ~50years
(figure 7b, green curve), and a combination of that and passive advection by the
meridional currents subsequently (figure 7b, magenta curve). In the Southern Ocean
region, anomalous cooling occurs in the first ~50years (figure 7c, black curve), and is
clearly driven by anomalous downwelling (figure 7d, green curve). The Northern high-
latitudes tells a similar story to the Southern Ocean (figures 7e-f), although, similar to the
tropics, cooling by passive meridional advection is of a similar magnitude to that by
anomalous downwelling currents (figure 7f, magenta & green curves). However, heating
by anomalous poleward advection (figure 7f, yellow curve) overrides this to give a net
heating by meridional advection (figure 7f, red curve). It is noteworthy that the
heating/cooling due to anomalous vertical and meridional currents is always in opposition
to each other (figures 7b,d.f, green & yellow curves), as in the mechanism of Ferreira et
al. (2015).

Figure 8 shows the changes in ocean temperature, meridional, and vertical currents for
P01 in the AO model (see figure S13 for the corresponding figure for TO1). We see very
deep temperature increases in the low-latitudes, 40S-40N, extending down to around
1600m at 30S (figure 6a). These are centered around 30S/N and 500/1000m respectively,
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which appears to correspond approximately to the bottom, poleward, downwelling
branches of a tropical Ekman cell (see figures 6b,c). This subtropical downwelling is
clearly strengthened, as is the midlatitude upwelling, whilst anomalous downwelling
occurs around the poles (figure 6¢). Most of these changes in vertical currents is
geostrophically-driven (figure 6d), the bulk of which is due to changes in the Ekman
pumping, as indicated by the relative vertical-uniformity of the geostrophic anomalies.

Figure 7: The anomalous oceanic heating rates in POl in AO model, integrated over 0-
1800m, and 39S-39N (a,b), 89S-39S (c,d) and 39N-89N (e,f). In the left panel (a,c,e):
black=net heating, black stippled = surface flux + advective + diffusive heating, red =
surface flux heating, blue = advective + diffusive heating, magenta = diffusive heating,
green = advective heating, cyan = mean-flow advective heating. In the right panel (b,d,f):
black = total mean-flow advective heating, blue/red = total vertical/meridional mean-flow
heating, green/yellow = heating due to anomalous vertical/meridional currents (1* term
on RHS of equation (7)), cyan/magenta = heating due to anomalous vertical/meridional
temperature gradients (2™ term on RHS of equation (7)).

Figure 8. Control values (contours) and anomalies (red/blue shading) of zonal-mean
oceanic: temperature, (K, a), meridional velocity (mm/s, b; positive = northward), vertical
velocity (m/day, c; positive = upward), and geostrophic vertical velocity (m/day, d;
positive = upward; see equation (9)), with (a) averaged over years 250-300, and (b-d)
averaged over years 0-300. Stippling indicates regions where the confidence levels in the
anomalies are above 95%, as measured by a two-tail student's t-test.

Therefore, what appears to be happening in experiment PO1 in the AO model is as
follows: anomalous Ekman downwelling in the subtropics/poles drives local, deep
increases/decreases in ocean temperature (opposite sign due to polar temperature
inversion), throughout the thermocline. Slow, passive meridional advection and diffusion
then redistributes this throughout the rest of the tropical thermocline, appearing at the
surface after 100s of years. The converse explanation holds for TO1 (see figures S12-13),
although the magnitudes and timescales of oceanic changes is generally half and double
those in PO1 respectively, likely due to the weaker atmospheric response seen in TO1 vs.
PO1 (see figure 1c,d). Also, the low-latitude surface heat fluxes have a positive heat flux
into the ocean for the first ~200 years (see figure S12a, red curves), explaining the initial
positive low-latitude SST anomaly seen in TO1 (figure 2b, red & green curves).

As far as interhemispheric-asymmetry in the extratropics is concerned, we note a weaker
vertical temperature gradient in the northern vs. southern polar region (figure 8a). This
would cause the same magnitude of induced downwelling/upwelling to have a weaker
cooling/heating, which is indeed what we see (see figure 2). This weaker polar
cooling/warming may also allow for the warming/cooling effects of anomalous
poleward/equatorward surface Ekman currents to be more prominent, causing the
warm/cold anomaly we observe around 60N in PO1/T01. Alternatively, or additionally,
this could be caused by the local vertical temperature inversion we see there (see figure
8a) — probably caused by the poleward overturning circulation we see in the top 1200m
of the extratropical NH (figure 8c), transporting warm tropical water poleward beneath
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the Ekman layer - superimposed on an anomalous upwelling/downwelling (figures 8c,
S13c), causing local warming/cooling.

3.4.3 Overall mechanism

The emergent picture of oceanic feedbacks upon STPs in the AO model is as follows.
Applied positive STPs cause an equatorward/poleward (P01/T01) shift in the
tropospheric midlatitude circulation and jet. This causes an equatorward/poleward shift in
the zero surface wind stress line, causing an anomalous Ekman transport of heat
towards/away from the tropics, and gradual rise/fall in tropical SST, on a diffusive
timescale. Through its enhancing/diminishing effect upon tropical temperatures and
equator-to-pole temperature gradients, this drives a strengthened/weakened and
poleward-expanded/equatorward-contracted Hadley cell and subtropical jet, in turn
generating stronger/weaker poleward eddy heat and momentum fluxes, driving a
strengthened/weakened and poleward-/equatorward-shifted midlatitude jet and
circulation. The net result is an amplification/reduction of the underlying atmospheric
zonal-mean jets and circulation, causing a positive feedback (strengthening) upon the
STP signal in the tropics, and a negative feedback (weakening) upon the STP signal in
the extratropics.

4 Discussion and Conclusions

We have tested the hypothesis that atmosphere-ocean coupling affects the atmospheric response
to positive STPs by imposing such STPs in three different versions of the MITgem, with varying
degrees of atmosphere-ocean coupling present.

From section 3.2.2, it is evident that atmosphere-ocean coupling is significant, causing a general
strengthening/weakening and poleward-expansion/-shift to the underlying atmospheric response
in the tropics/extratropics, after 100/200+ years in the AO model. In other words, the response to
positive STPs in the tropics experiences a positive feedback, and that in the extratropics a
negative feedback. The lack of significance prior to this, and the inability of the AS model to
capture the full atmospheric and SST changes, suggested a key role played by changes in the
ocean dynamics, and would explain the apparent lack of impact seen in previous, shorter-term
studies (Sigmond et al. 2010; Seviour et al. 2017; Son et al. 2018). Indeed, section 3.4.2 found
the changes in tropical SST to be driven primarily by changes in the Ekman transport, itself
attributable to the changes in surface wind stress. Such tropical SST changes were found, in
section 3.4.1, to be primarily responsible for the observed atmospheric changes, via their impact
upon the tropical Hadley circulation and subtropical jet, and downstream impacts upon the eddy
heat and momentum transport. We note that, whilst longer (100+ years) simulations are
necessary to identify this response, an ensemble of runs may not be, owing to model sensitivity
to tropical SST changes.

Broadly speaking, the tropical SST changes allow the Hadley cell to further strengthen/weaken,
and to expand/contract latitudinally. This drives a corresponding strengthening/weakening and
poleward-/equatorward-shift in the midlatitude jets and circulation, displacing the underlying
extratropical atmospheric changes towards the poles. Applied to Earth, the implication is that the
Southern Hemisphere midlatitude jet and circulation — whose poleward-shift since the 1970s has
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been observed, and attributed to declining levels of stratospheric ozone (e.g. Polvani et al. 2011)
- may, in the coming 100+ years, shift further poleward. This is particularly likely if levels of
greenhouse gases continue to rise throughout the 21* century, cancelling or overriding the effects
of stratospheric ozone recovery (Gerber & Son 2014).

In this paper, our focus has been on testing the effect of oceanic feedbacks on the tropospheric
response to positive STPs, using a relatively simple model, setup, and applied STPs. It would be
instructive to see whether similar results arise from use of a more complex, realistic model and
setup, with STPs that more closely resemble those seen due to e.g. stratospheric ozone depletion.
In particular, sea ice, which was excluded from this model, may impact the polar SST changes
significantly. This would also allow for greater quantitative clarification of the precise
atmospheric/oceanic changes and timescales involved. Further, it may be worth repeating similar
experiments using a higher-resolution AO model, capable of resolving mesoscale (<100km)
ocean eddies. It has been noted (e.g. Czaja et al. 2019) that such increased model resolution can
lead to an enhanced representation of extratropical atmosphere-ocean coupled processes, such as
cyclogenesis. This may significantly modify the atmospheric response to STPs by the
extratropical SST anomalies, and at shorter timescales than that caused by tropical SST
anomalies, owing to the former’s relatively fast (~30 years) appearance in model simulations.

Lastly, a useful extension of the work in this paper would be to apply a similar analysis to the
uncoupled/coupled atmospheric response to increased levels of greenhouse gases, possibly
combined with stratospheric ozone changes. Whilst the changes in atmospheric dynamics would
be similar those seen in experiment TO1, increases in tropospheric temperature may drive
significantly different SST anomalies, especially in the low-to-midlatitudes, which cooled under
TOI in the AO model. This may significantly impact our assessment of if and how oceanic
feedbacks need to be accounted for when analysing the long-term tropospheric response.
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