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Abstract

Is it possible for a rocky planet to have too much internal heating to maintain a habitable surface environment? In the Solar
System, the best example of a world with high internal heating is Jupiter’s moon Io, which has a heat flux of approximately
2 W m-2 compared to the Earth’s 90 mW m-2. The ultimate upper limit to internal heating rates is the Tidal Venus Limit,
where the geothermal heat flux exceeds the Runaway Greenhouse Limit of 300 W m-2 for an Earth-mass planet. Between Io
and a Tidal Venus there is a wide range of internal heating rates whose effects on planetary habitability remain unexplored.
We investigate the habitability of these worlds, referred to as Ignan Earth’s. We demonstrate how the mantle will remain
largely solid despite high internal heating, allowing for the formation of a convectively buoyant and stable crust. In addition,
we model the long-term climate of Ignan Earth’s by simulating the carbonate-silicate cycle in a vertical tectonic regime (known
as heat-pipe tectonics, expected to dominate on such worlds) at varying amounts of internal heating. We find that Earth-mass
planets with internal heating fluxes below 30 W m-2 produce average surface temperatures that Earth has experienced in its
past (below 30 oC), and worlds with higher heat fluxes still result in surface temperatures far below that of 100 oC, indicating

a wide range of internal heating rates may be conducive with habitability.
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Key Points:

« Terrestrial planets with extreme internal heating exhibit rheologically solid man-
tles, and thus stable crusts.

e These planets should exhibit negative climate feedbacks, allowing for habitable
surface temperatures to be maintained over geologic time.

« Wide ranges of heating rates yield temperatures similar those Earth has experi-
enced in the past, meaning Ignan Earths should be habitable.
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Abstract

Is it possible for a rocky planet to have too much internal heating to maintain a
habitable surface environment? In the Solar System, the best example of a world with
high internal heating is Jupiter’s moon Io, which has a heat flux of approximately 2 W
m~2 compared to the Earth’s 90 mW m~2. The ultimate upper limit to internal heat-
ing rates is the Tidal Venus Limit, where the geothermal heat flux exceeds the Runaway
Greenhouse Limit of 300 W m~2 for an Earth-mass planet. Between Io and a Tidal Venus
there is a wide range of internal heating rates whose effects on planetary habitability re-
main unexplored. We investigate the habitability of these worlds, referred to as Ignan
Earth’s. We demonstrate how the mantle will remain largely solid despite high internal
heating, allowing for the formation of a convectively buoyant and stable crust. In ad-
dition, we model the long-term climate of Ignan Earth’s by simulating the carbonate-
silicate cycle in a vertical tectonic regime (known as heat-pipe tectonics, expected to dom-
inate on such worlds) at varying amounts of internal heating. We find that Earth-mass
planets with internal heating fluxes below 30 W m~2 produce average surface temper-
atures that Earth has experienced in its past (below 30 °C), and worlds with higher heat
fluxes still result in surface temperatures far below that of 100 °C, indicating a wide range
of internal heating rates may be conducive with habitability.

Plain Language Summary

Greenhouse gases are naturally put into Earth’s atmosphere by volcanoes, and taken
out by rain, incorporating them into the rocks of Earth’s tectonic plates, which then sink
back into the Earth’s interior. This cycle keeps our planet comfortable for life. However,
this cycle needs a hot planetary interior to function. If a planet’s internal heating is too
low, this cycle shuts down resulting in a dead world, as can be see in the planet Mars.
What about the other extreme? Could a planet sustain life if its interior were heated far
more than the Earth? We call these worlds Ignan Earths and find that they should have
solid interiors with stable crusts. However, their crusts will experience continuous vol-
canic activity, releasing greenhouse gases and reshaping the surface. We explore the buildup
of these gases in the atmosphere, investigate the resulting climate, and find that Ignan
Earths should have surface temperatures similar to those Earth has experienced in the
past, meaning these planets should be able to support life.

1 Introduction

A habitable planet like the Earth requires active geology to maintain a temperate
climate over long timescales (Kasting et al., 1993). In order to power such geologic pro-
cesses, the planetary interior must have sufficient heat. The question then arises as to
how much heating can a terrestrial world experience before it is rendered uninhabitable?
Barnes et al. (2009) takes the upper limit to be comparable to the heating rate of Jupiter’s
moon Jo (around 2 W m~2 (Lainey et al., 2009)), as it is generally assumed that a world
with the volcanism rate of Io could not support the development of life. However, this
assumption remains untested. The absolute maximum upper limit is where the inter-
nal heating rate will trigger a runaway greenhouse, known as the Tidal Venus Limit de-
scribed by Barnes et al. (2013). A runaway greenhouse occurs when the total energy flux
into the atmosphere of a planet (the sum of stellar insolation and geothermal heat) is
sufficient to initiate a positive feedback loop between the evaporation of water and the
resulting increase in the planetary greenhouse effect (Nakajima et al., 1992; Goldblatt
& Watson, 2012). Calculated values of this flux range from 285 to 310 W m~2, with a
value of 300 W m~2 being generally accepted (Selsis et al., 2007; Barnes et al., 2013).
The difference between the assumed limit and the definitive limit (Io’s 2 W m~2 and the
Tidal Venus’s 300 W m~?2) is vast, encompassing a wide range of heating rates in po-
tential terrestrial planets (generally referred to as Super Io’s) whose habitability remains
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unexplored. The subset of Super Io’s that are potentially habitable will be referred to
from here on as Ignan Earth’s.

For rocky worlds, there are numerous sources to provide internal heat, including
the energy received during planetary accretion, the latent heat of crystallization of the
core and the decay of radioactive isotopes (Solomatov, 2007). However, none of these
are able to produce and sustain the internal heating necessary for a Super lo, and thus
an Ignan Earth. One source of heating that could be sufficient is that caused by tidal
dissipation. Tidal heating can raise the average geothermal heat flux of a rocky world
by orders of magnitude, such as the 2 W m~2 of Io (Lainey et al., 2009; Barr et al., 2018).
The magnitude of tidal heating within a body is dependent on the size of the body, mean
orbital motion, eccentricity and compositional properties (Murray & Dermott, 2000). The
orbital periods for planets in habitable zones around Sun-like stars are too long for any
significant tidal heating due to stellar tides. However, the majority of stars in the Uni-
verse are low mass M-dwarfs. Planets within the habitable zones of such stars have very
short orbits, as red dwarfs have very low stellar luminosities (Shields et al., 2016). In fact,
tidal heating should dominate the internal heat budget of planets in the habitable zone
around stars less than 0.3 Mg (Driscoll & Barnes, 2015). Therefore, we expect that most
Ignan Earths in the Universe will be orbiting M-dwarfs. In addition, M-dwarf stars are
fully convective and therefore produce strong magnetic fields, which any Ignan Earth will
be orbiting through. Any such planets with an orbit inclined to their star’s magnetic dipole
will experience continuously changing magnetic fields within the planet’s mantle. The
eddy currents generated would dissipate as heat, adding to the planet’s internal heat bud-
get. Kislyakova et al. (2018) suggests that this magnetic induction heating could be a
significant internal heat source for such planets.

In this paper we investigate the habitability of Ignan Earths. This required the use
of two independent models: One for determining the nature of the mantle and thus the
stability of the crust (see Sec. 2), and the other for modeling the the atmosphere-interior
coupling and simulating the resulting climate (see Sec. 3). Each of these models has their
own methods and results section along with their own sets of terms found in their own
respective tables. The terms in each section applies to their section only.

In Sec. 2, we determine if the mantle of an Ignan Earth behaves as a liquid or a
solid, and subsequently assess the long term stability of the crust. In order for a plan-
etary surface to be habitable, the crust needs to be stable, persisting for timescales long
enough for ecological communities to gain a foothold. Crust formation on a planet with
a solid mantle is caused by the eruption and buildup of partial melt from within onto
the surface. This crust is less dense than the underlying mantle and thus remains buoy-
ant. However, the buoyancy of any solid crust over a liquid mantle is less certain.

Once we establish the buoyancy and stability of the crust, we investigate the na-
ture of the tectonic regime of an Ignan Earth, as they are likely to be very unlike clas-
sical terrestrial planets. Earth experiences a mobile lid plate tectonic regime that works
to recycle old oceanic crust (Davies, 2007), as opposed to Mars and Venus where no frac-
turing or large scale recycling of the crust is evident. This is known as a stagnant lid tec-
tonic regime (O’Neill & Roberts, 2018). Worlds with partially molten mantles are ex-
pected to experience a different tectonic regime known as heat-pipe tectonics, known to
dominate on Io (O’Reilly & Davies, 1981; Moore & Webb, 2013). Melt is erupted onto
the surface and builds up, forcing the older layers down, causing a vertical recycling of
the crust. It is this advection of melt to the surface that is the primary mechanism of
heat transport through the crust, as opposed to conduction. Evidence for advection of
heat can be seen not only on o, but also at Earth’s mid-ocean ridges, where our planet
experiences the highest geothermal heat flux and where the majority of this heat is trans-
ported up through hydrothermal fluids and vents (Fontaine et al., 2011; Sleep et al., 2014).
It is therefore reasonable to assume that heat-pipe tectonics and vertical recycling may
be common on worlds where geothermal heat fluxes are high, such as Ignan Earths.
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In Sec. 3, we couple the mantle with the atmosphere using a heat-pipe tectonic regime
to determine the resulting atmospheric composition. We will then combine the stellar
flux and the high geothermal flux with the resultant atmosphere in climate models to
determine average surface temperature to characterize planetary habitability. Finally,
in Sec. 4, we examine the circumstellar and planetary environments where Ignan Earths
could exist, and explore some possible Ignan Earth candidates among known exoplan-
ets.

2 Mantle and Crust

In the following section, we describe a magma ocean thermal evolution model which
we use to explore the mantle rheology and crustal stability of Ignan Earths. We then dis-
cuss results from our model and how they vary with respect to planet mass. All constants
for this section are displayed in Table 1.

2.1 Methods

Earth’s internal heat is transported through mantle convection, meaning the man-
tle temperature profile follows an adiabatic gradient. This adiabat lies below the solidus,
thus the mantle is entirely solid (Solomatov, 2007). Partial melting does occur, but it
is limited to volcanic centers like mid-ocean ridges and hot spots, where melting is driven
by adiabatic decompression of rising mantle material (Davies, 2007). However, worlds
with higher internal heating rates will have higher temperature adiabats and thus the
potential for permanent partial melt regions within their mantles. Observations suggest
that To has a subsurface layer of mantle over 50 km deep with a melt fraction of up to
0.2 (Khurana et al., 2011) and therefore it is reasonable to assume that the presence of
permanent partial melt layers may be common on Ignan Earths.

We simulate the thermal evolution of the mantle for a terrestrial planet and allow
it to come to a steady state. This is modeled by modifying the internal evolution mod-
els for magma oceans described by Schaefer et al. (2016). The mantle thermal evolution
is determined by calculating the upper mantle potential temperature using

dTman _ pmﬂQr (Rg - RS) - 37TR12)qm
dt— pmmey(Ry — RY)

(1)

were @, is the total internal heat generated, ¢,, is the heat flux through the surface, p,,

is the mantle density, ¢, is the silicate heat capacity, and R, and R, are the planet and
core radii, respectively. With this, we can calculate the thermal evolution of a rocky planet
from a fully molten magma ocean through crystallization and subsequent solid-state con-
vection. Internal heating @, is assumed to occur uniformly throughout the planet, with
each kilogram having a specific heat production term. This will be set as the sum of an
Earth-like radiogenic heating component and an arbitrarily specified heating value.

QT =4 + Qeztra (2)

were (g is the modern Earth’s heat production and Qeztrq is the arbitrarily specified heat-
ing value, ranging from 0 W kg~! up to 3.91x10~8 W kg~! (for an Earth-mass planet),
equivalent to the geothermally induced runaway greenhouse described by Barnes et al.
(2013). We assume both of these heat production terms are confined to the mantle only.
The heat flux through the surface, ¢,,, is dependent on both the mantle below and the
atmosphere above. To fully capture this term, we must not only model mantle evolu-

tion, but the resulting planetary atmosphere as well. To do this, we use the model set
forth by Elkins-Tanton (2008).
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As the magma ocean cools, it degases any volatiles that exceed the magma’s sat-
uration limit. We determine the atmospheric partial pressures of the relevant greenhouse
gases carbon dioxide Pco, and water vapor Pp,o:

HyOra0 (wi%) — 0.3 757

PHQO:< - 2.0§(>< 1034 ) [Pal ®)
COsmas (W%) — 0.05 775

= (o)

Each are calculated from the saturation weight percent of water and COg (H20,,44 and
CO2mag, respectively) in a magma ocean equilibrated to an atmosphere with an assumed
initial surface pressure of 1 bar. Our assumed HO,q4 weight percent (see Table 1), ap-
plied to the entire mantle, would result in 1.48 x 10?2 kg of H5O, or 10.7 earth oceans

of water in the mantle. For the modern Earth, estimates for mantle water capacity range
from approximately one ocean in the upper mantle (Fei et al., 2017), up to three oceans

in the transition zone (Nishi et al., 2014; Schmandt et al., 2014) and possibly four oceans
in the lower mantle (Peslier et al., 2017). However, estimates for the total abundance

of water within the Earth have a wide range, with Hirschmann (2018) suggesting only

2 oceans worth, while Marty (2012) estimates approximately 11.7 oceans worth. Our es-
timate therefore falls within these extremes, and therefore we surmise it to be a reason-
able estimate. Similarly, our assumed COgp,qq4 also falls within the independently esti-
mated extremes. We calculate a C'O, content in the mantle of 3.62 x 102! kg. Hirschmann
(2018) estimates 5.56 x 10%° kg of C, which would translate to 2.04 x 102! of CO,, while
Marty (2012) estimates 3.14 x 10! kg of C, which would translate to 1.15 x 102 of CO,.

We now calculate the partial atmospheric mass of each species i (HoO and CO3)
as described by Bower et al. (2019)

47TR2P‘ i
Matmi = (J) (5)
g Iz

where g is the acceleration due to gravity, ii is the mean molar mass of the atmosphere,
and P; and p; are the surface partial pressure and molar mass of species i. To find how

easily heat escapes this atmosphere to space, we calculate the optical depth for each species

1

3Matm' kzg 2
P = s 6
T ( 87R2 >(3me> (6)

where k; is the atmospheric absorption coefficient for species ¢ at a set reference pres-
sure of P.y. Using the full optical depth 7 = )" 7, = Ta,0 + Tco,, we determine the
atmospheric emissivity

2
T+ 2

€ =

(7)

Assuming the atmosphere is a grey radiator with no convective heat transport, we can
use the emissivity to calculate the heat flux out of the atmosphere to space

qoq = €0 (Ts4urf - Te4q) (8)

where T, ¢ is the surface temperature and 7, is the equilibrium blackbody tempera-
ture of the planet, described by
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e [(#52 ) (2)]

where S is the solar constant, A is the planetary albedo and o is the Stefan-Boltzmann
constant.

Finally, we can calculate the surface temperatures for varying internal heating rates

using

ATgurs AT R2 (qm — qa)
dt MuimCp Hy0 + %cpﬂpm(Rf; —13)

(10)

where C}, m,0 is the thermal capacity of water vapor and [ is the thermal boundary layer
(defined below). We find surface temperatures of 255 K for no additional heating, rang-
ing up to over 400 K for extreme heating rates. These temperatures depend on the re-
sulting water and COg atmospheric concentrations, which are dependent of the initial
H30 49 and COazpqg weight percents specified in Eq. 3 and Eq. 4. These weight per-
cents are based on their saturation values for a given atmospheric pressure. The higher
the initial atmospheric pressures, the higher the resulting surface temperatures. For ex-
ample, assuming an initial 10 bar atmosphere results in a surface temperature range from
259 K up to 770 K.

The thermal boundary layer is defined by

kAT
m

I (11)

where AT = Tyan—Teury and k is the thermal conductivity of the mantle. Equations
1, 10 and 11 all are dependent on the surface heat flux out of the mantle

kAT \ [ Ra\”
m = 12
! (Dman> (Rac> 12)

where Ra and Ra. are the Rayleigh and Critical Rayleigh Numbers, respectively, whose
ratio is raised to a scaling factor 5. D,,an is the depth of the convecting mantle layer.
During magma ocean crystallization, it is likely that two-layer convection did occur as

the mantle crystallized from the bottom up (Maurice et al., 2017; Boukaré et al., 2018;
Morison et al., 2019). However, we are interested in the nature of the mantle at a final
steady-state where the entire mantle will be rheologically homogeneous. Therefore we
assume the depth of the convecting layer D, is equal to the thickness of the entire man-
tle

The Rayleigh Number describes the vigor of convection and is calculated by

ATD3
Ra = 2924 Pman (13)

RV

where « is the thermal expansion coefficient, k is the thermal diffusivity and v is the kine-
matic viscosity. To find the kinematic viscosity, we need to understand the rheology of
the mantle throughout the cooling process. A liquid mantle will cool quickly as it ex-
periences rapid convection due to the low viscosities of its liquid rheology and high tem-
peratures. When the liquid mantle begins to crystallize, solids are introduced into the
system, and eventually the mantle rheology will change from a liquid to a solid. This rhe-
ology depends on the melt fraction within, described by
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where Ts01, Tiiq and Thpqy are the solidus, liquidus and upper mantle potential temper-
atures, respectively (Lebrun et al., 2013). We use the upper liquidus and solidus tem-
peratures shown in Abe (1997); Lebrun et al. (2013), where Tj;, = 2000 K and Ty =
1400 K.

With the solidus and liquidus temperatures specified, we can calculate the melt frac-
tion of the mantle, and from that the viscosity. Melt fraction ranges from 0 (completely
solid) to 1 (completely liquid) with the viscosity transition occurring at the critical value
of ¢. = 0.4. Above this threshold, solid particles loose connectivity allowing the man-
tle to behave as a liquid, while below ¢, solid particles retain connectivity, making the
mantle rigid and thus a solid. We simulate the changing viscosity of liquid convection
to solid convection using different viscosity formulations, as described by Lebrun et al.
(2013). For liquid convection the dynamic viscosity is

Ul

2.5
1-9¢
(1 - 1—%)

n= (15)

where

B
-y S 1
= SaeEp (Tman - 1000) (16)

where A; and B are empirical, material dependent parameters given in Table 1. For solid
convection the dynamic viscosity is

n = 1sexp(—on @) (17)

where «,, is a constant dependent on the creep mechanism and 7, is described by

2.5
_ 1 (R L
s =54, <b) P (RTWW> (18)

where p is the shear modulus, h is the grain size, As is the pre-exponential factor, b is
the Burger vector length, R is the universal gas constant and FE' is the activation energy.
We then find the kinematic viscosity

V= — (19)

where 7 is the dynamic viscosity of either a liquid or a solid rheology, calculated in Eq.
15 or Eq. 17, respectively. This kinematic viscosity is used in calculating the Rayleigh
Number in Eq. 13

The melt fraction ¢ is calculated for each simulated Ignan Earth to determine the
mantle rheology. Understanding this rheology is critical for understanding the buoyancy
of the crust and thus the planet’s habitability. If the mantle behaves as a liquid, the man-
tle at the surface will cool to form a solid quench crust which will have the same com-
position as the liquid mantle below. This crust will be negatively buoyant and will founder
into the mantle almost immediately, rendering the planet uninhabitable. If the mantle
behaves as a solid, any crust that forms on the surface has the potential to be positively



248

249

250

251

252

253

254

255

256

257

258

259

260

261

262

263

264

265

266

267

268

269

0.45_---‘|----|----|----|----|

04
0.35 [
03}

0.25 F

Melt Fraction
o
%]

———

o
wn
T

o
T

0.05 |

0 L 1 1 1 1 1
50 100 150 200 250 300

Geothermal Heat Flux (W m'2)

Figure 1. Melt fraction of the mantle for planets with masses ranging from 0.1 - 5 Mg for

geothermal heat fluxes between 2 - 300 W m™2.

buoyant and stable over geologic time (like Earth’s crust), thus allowing for habitabil-
ity.

2.2 Mantle and Crust - Results

The equilibrium upper mantle temperatures and mantle melt fractions are deter-
mined for geothermal heat fluxes ranging from 2 —300 W/m? for planet masses rang-
ing from 0.1—5 Mg, shown in Fig. 1. The parameters of each planet are calculated based
on the work by Zeng et al. (2019) and are displayed in Table 2. We find that even at Tidal
Venus limits of heating (300 W/m?), the melt fraction of the mantle never rises above
the critical value of 0.4, meaning the mantle will remain in a solid rheological state. For
the lowest mass planets, the critical melt fraction of 0.4 is reached but never surpassed.
The reason for this is that viscosities are low in the liquid regime, allowing for vigorous
convection and rapid heat loss, far surpassing any heat production within. If the man-
tle ever finds itself in this regime, it will rapidly cool off until the mantle reaches the solid
regime, where an equilibrium between heat loss and heat production is possible. Note
that these results are consistent with the work of Lebrun et al. (2013), who find heat fluxes
similar to the Tidal Venus limit for the transition from partially molten (¢ > 0.4) to
"mush” stage (¢ < 0.4), depending on the radiative transfer model used for atmospheric
heat loss. They also find that fully molten magma oceans produce heat fluxes of order
10° - 107 W m~2, well above the Tidal Venus limit. Therefore, the mantles of all Ignan
Earth’s will have melt fractions of 0.4 or less and exhibit a solid rheology. With a solid
mantle, a planetary crust will be able to form by the same process as on Earth: The erup-
tion of partial melts from below. As partial melts are compositionally distinct from the
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Table 1.

Parameters used in mantle thermal evolution model described in Sec. 2.

Parameter Symbol  Value Units
Earth Mass Mg 5.97 x 10%4 kg

Core Radius R, 3.48 x 108 m
Planet Radius R, 6.37 x 10° m

Grav. Acceleration g 9.8 m s 2
Planet density P 5510 kg m—3
Mantle density Pm 4000 kg m—3
Mantle specific heat Cp 1000 Jkg ! K1
Initial water content of mantle H2O0peg 0.37 wt%
Initial carbon dioxide content of mantle COgpeg 0.09 wt%
Specific heat of water vapor Cp,H,0 1990 Jkg P Kt
Absorption coefficient of water k0 0.01 m? kg~!
Absorption coefficient of carbon dioxide kco, 0.05 m? kg~!
Reference pressure Py 1 x 10° Pa
Atmospheric mean molar mass I 28.97 g mol~1
Molar mass of water vapor WH,O 18.02 g mol~1
Molar mass of carbon dioxide LCO, 44.01 g mol™1
Planetary albedo A 0.3

Solar constant S 1360 W m—2
Earth modern heat production qo 1.17 x 1071 W kg~!
Thermal conductivity k 4.2 Wmt Kt
Thermal diffusivity K 1x10°° m? s7!
Thermal expansion coefficient « 2x107° K-!
Critical Rayleigh Number Ra. 1000

Liquidus Temperature Tiiq 2000 K
Solidus Temperature Tsor 1400 K
Critical melt fraction O 0.4

Empirical constant A, 2.4 x 1074 Pa
Empirical constant B 4600 K
Creep constant ap, 26

Shear modulus u 8 x 1019 Pa
Grain size h 0.01 m
Burger vector length b 5 x 10710 m
Pre-exponential factor A, 5.3 x 10'%

Activation energy E 3 x 10° J kg™!

bulk mantle, the resulting solid crust will also be compositionally distinct from the man-
tle, meaning the crust will likely be positively buoyant and therefore stable.

Our simulations are designed to model an evolving magma ocean and assumes an
instantaneous exchange of volatiles between the mantle and atmosphere. Realistically,
the concentration of water and COs in the silicate liquid will change as the magma ocean
solidifies, but we neglect this evolution for simplicity. However, the goal with our model
is to determine the rheology of the mantle of an Ignan Earth during a steady state, not
to accurately simulate an evolving magma ocean and resulting planetary atmosphere.
While we have made a number of simplifying assumptions compared to the original volatile
evolution model, we find that our results are robust to changes of HoO and CO5 abun-
dances in melt across a range of values that would be encountered in an evolution model.
What is important is the predicted rheological behavior of the mantle: Even when in-
ternal heating reaches extreme levels, the critical melt fraction will always remain at or
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Mg R Ry g P

0.1 0.508 0.515 0.395 0.766
0.5 0.694 0.833 0.771 0.927
1 1 1 1 1

2 1.223 1.123 1.590 1.158
5 1.602 1.524 2.143 1.482

Table 2. Planet properties used for Fig. 1. Each value (planet mass, core radius, planet radius,
gravitational acceleration and average density) is normalized to the Earth, and was calculated
using the work of Zeng et al. (2019).

below the critical value of 0.4, due to the negative feedback loop of mantle viscosity, tem-
perature and convective heat loss. Therefore the mantle remains rheologically solid, al-
lowing for a stable crust.

3 Ignan Earth Climate

In this section, we first provide a detailed discussion of a coupled atmosphere-crust-
mantle vertical tectonic model which we use to explore the climatic habitability of Ig-
nan Earths. We then discuss results from our nominal model and how our results vary
by using different assumptions for seafloor weathering, stellar insolation, stellar spectrum,
planet mass, total carbon budget and land fraction. Finally, we explore the types of en-
vironments where such Ignan Earth’s might be found, and look at potential Ignan Earth
candidates among known exoplanets. All constants for this section are displayed in Ta-
ble 3.

3.1 Methods

The long-term habitability of a terrestrial planet is generally simulated by mod-
eling the carbonate-silicate climate feedback. On Earth, COs is pulled from the atmo-
sphere through rain and consequently weathers silicate minerals in the crust and ocean
floor. These carbonate rocks produced from weathering reactions are then subducted into
the mantle and COs is then degassed back into the atmosphere through volcanism. As
surface weathering is temperature dependent, a temperate climate is maintained on Earth
through this negative feedback cycle (Walker et al., 1981; Berner et al., 1983; Kasting
et al., 1993). On an Ignan Earth, a similar feedback should operate, except with verti-
cal heat-pipe tectonics in place of mobile lid plate tectonics.

We adopt the model of Valencia et al. (2018) to simulate the carbonate-silicate cy-
cle on an Ignan Earth with vertical cycling. We start by assuming the planet is covered
entirely by a global ocean with oceanic crust and lithosphere. As a consequence, seafloor
weathering will be the only mechanism drawing down atmospheric CO4 levels (unlike
the Earth, where weathering occurs on both the continents and the seafloor). The car-
bon is brought into the mantle by the vertical cycling and released back into the atmo-
sphere by volcanism. As these processes are directly linked, the resurfacing rate and sub-
sidence rate will be equal (O’Reilly & Davies, 1981). We will model the steady-state at-
mospheric composition as a balance of CO5 outgassing and burial, tracking the carbon
in each important reservoir: Mantle, basaltic crust, and atmosphere-ocean (labeled as
pC O™, pCOL* and pCOS™ °¢ respectively). The rate at which CO, is changing in
each reservoir is described by the following linked differential equations
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altpCOgthrOC = D (pCO35**") = W (pcogt"% TS) (20)
d man bas man
%pCOz =F (PCOz ) — D (pCO3"*™) (21)
d
apCOS“S =W (pCOs™,T,) — F (pCO5"™, Ty) (22)

where D is the degassing rate from volcanism, W is the total weathering rate and F' is
the foundering rate at the base of the crust. Both the degassing and foundering rates
are directly dependent on the resurfacing rate of basalt in the vertical cycling regime.
Each of these are described in the subsections below.

3.1.1 Resurfacing Velocity

The resurfacing velocity is the rate at which the basaltic crust replenishes itself through

volcanism. As we assume the planet is in steady-state, this rate is also equal to the sub-
sidence rate, and is described by

m

YT oL + C,AT)

(23)

where L, and C,, are the latent and specific heat of the mantle, respectively, and AT =
Tineit — Ts , where Tt is the temperature of the erupting melt. Typical resurfacing
velocities range from under 20 mm yr—! up to 320 mm yr—! over the range of explored

internal heat fluxes, compared to Earth’s average spreading ridge velocity of 50 mm yr—1.

3.1.2 Weathering

COg is removed from the atmosphere-ocean reservoir by weathering, both on the
seafloor and on the continents. The seafloor weathering rate depends on CO4 concen-
trations in the water and the temperature of the deep ocean. The COy concentration
in the ocean is related to the atmospheric concentrations according to Eq. 34, and the
ocean temperature is broadly related to the average surface temperature, therefore it is
possible to calculate the seafloor weathering as a function of atmospheric temperature
and CO; concentrations in the following way

cogtm\ ¢ E 1 1
Ty - g (PYYy — - = 24
Wsea( s) wWila < PE ) xp (R |:Teq TS:|> ( )

where R is the universal gas constant, F is the activation energy, Pg is the atmospheric
equilibrium partial pressure of COy, « is a dimensionless scaling factor and WE is the

baseline weathering rate. The term w describes the possible dependence weathering m?y

have on the resurfacing velocity. This term can be parameterized such that w = (%) ,
where the resurfacing velocity v (Eq. 23) is normalized to the Earth’s modern spread-
ing ridge velocity vg, scaled by a factor of 5. We set the w term to be equal to 1, and

in subsequent runs calculate w with varying factors of 5. These variations do not influ-
ence our results significantly and a full discussion of their implications can be seen in Sec.

5.

However, some studies suggest seafloor weathering of COs may be dependent on
the geothermal heat flow at the site of hydrothermal alteration rather than the temper-
ature of the deep ocean (Alt & Teagle, 1999). In addition, if the rate of oceanic crust
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formation is significantly slower than the weathering process, then the weathering rate
is limited by the supply of fresh basalt and not the kinetics of the reaction itself. This
would result in temperature-independent seafloor weathering. We explore its effects us-
ing the model described by Foley (2015), where the temperature component is neglected

atm \ &
Wiea = wWE, (pCOZ> (25)
PE
To simulate continental weathering we also use the model described by Foley (2015).
If there is little exposed land, low erosion rates or high weathering rates, weathering is
limited by the supply of fresh continental rocks at the surface. This supply-limited weath-
ering is described by

A Era eAcclHrcon
Woup = pfl teXccPcont (26)

Mee

where F,q. is the physical erosion rate, f; is the exposed land fraction of the planet, x..
is the fraction of reactable ions in the crust, peon: is the density of the exposed continen-
tal surface crust and m.. is the average molar mass of reactable elements available for
reaction within the exposed crust.

When the supply of fresh rock to the surface is substantial enough the limiting fac-
tor is the kinetics of the weathering reaction itself. This kinetically-limited weathering
is described by

CO™\° [ P\ ElT1 1 1,
e (27 (=) o (5[ AD ()
F b PE Ps*at P R Teq TS fl* ( )

where W[ is the reference continental weathering rate, f; is the land fraction of the
modern Earth, P, is the reference saturation vapor pressure of H,O, and ¢ and +y are
silicate weathering scaling factors for the atmospheric CO5 and saturation vapor pres-

sure ratios, respectively. The saturation vapor pressure can be found by

Lo (1 1
Pyar = P2 exp {—“Hﬁ (T -7 )} (28)
s sat

where L,, is the latent heat of water and T,; is the temperature for the reference sat-

uration vapor pressure PJ,,. To find a general description of continental weathering, the

kinetically-limited and supply-limited rates are combined into the form

Weont = Wup <1 — exp {—3;’“"}) . (29)
sup

To find the overall weathering rate of COq, the continental and seafloor weathering rates
are combined in the following manner

W = Wcont + (1 - fl)VVsea (30)

where the seafloor weathering term must be scaled by the fraction of the planet surface
covered by ocean (1 — f).
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3.1.3 Foundering

Once the carbon from the atmosphere-ocean reservoir has been sequestered in the
basaltic crust, the process of vertical cycling pushes that rock to the base of the crust
where it delaminates and founders into the mantle. This foundering rate is given by

F = pCobes < d: ) (31)

where pCO}?* is the carbon content of the crustal basalt, v is the resurfacing velocity
and dpgs is the thickness of the crust given by

K kv AT
dpas = —1 1+ ——F 32
b vog( +f<&qt0t(1 1)> (32)

aq

where k and k are the thermal diffusivity and thermal conductivity, respectively, v is the
resurfacing velocity (see Eq. 23 ), g0t is the total geothermal heat flux, AT is the tem-
perature difference between the surface and upper mantle, and a, is the ratio of added
heat to total internal heating, assuming the total heat is the sum of radioactive decay
and artificially added heat. This yields varying thicknesses for different geothermal heat
fluxes. Taking a low @) value of 1 W m~2 with a AT of 1250 K, aq of 0.917, g0 of 1.09
W m~2, and a resurfacing velocity v of 2.18x1071% m s=! (6.9 mm yr~1), we compute
a crustal thickness dpqs of 4.5 km. For extreme values of @), this thickness decreases to
only a few hundred meters. We found that setting the thickness to a single value of 4
kilometers was sufficient for our models, as crustal thicknesses ranging from 5 - 0.1 km
made no noticeable change to the final results.

3.1.4 Degassing Rate

COq is returned from the mantle to the atmosphere through degassing during vol-
canic eruptions. The partial melt of the mantle buoyantly rises to the surface through
the volcanic heat pipes and and degases the CO5 to the atmosphere-ocean reservoir ac-
cording to the following flux equation

A
D = pComen (f g‘jsv ”) (33)

where v is the resurfacing velocity, fqqs is the fraction of COy outgassed, A, is the sur-
face area of the planet and V4, is the volume of the mantle.

3.1.5 Climate Model

Using Eq. 20 we find the COs content of the atmosphere-ocean reservoir. To find
the atmospheric content we calculate the partitioning of COy between the atmosphere
and the ocean

Ky pCO3°
atm __ 2
pCO3™ = 1o, (210 L pCOT (34)
HHy0 HCOy

where Ky is the solubility constant, pm,o is the water content of the ocean expressed
as an atmospheric pressure in bars, pcoge is the CO2 content of the ocean and p is the
molar mass of each respective species.
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406 With the atmospheric COs calculated, the global climate can be modeled and an

a07 average surface temperature T is determined. This temperature is calculated by com-
208 bining the effects of stellar insolation (we initially assume a modern day, Earth-analogous
409 solar insolation) and geothermal heat flux, while accounting for the greenhouse effects
410 of CO5 and H5O in the atmosphere. The equilibrium temperature of a planet is calcu-
a1 lated from Eq. 9. To account for the effect of greenhouse gases, we relate atmospheric
a2 COs content to surface temperature by the simple parameterization used in Foley (2015):
0.346

Ty = Tyey + 2Toq +T7,) + 4.6 (iggg) — 46 (35)
a3 where T} is the surface temperature, pCOs is the partial pressure of COg, T, is the ef-
414 fective temperature (calculated using Eq. 9), T¢, is the reference effective temperature,
ats Tyey is reference surface temperature and pC'O3 is the reference partial pressure of COs.
416 This is a first order approximation that accounts for the warming for both atmospheric
a7 CO4 and H2O (the atmosphere is assumed to always be saturated with water vapor),
418 and reproduces the results of more sophisticated radiative-transfer models. However, it
419 deviates under high COs levels (approximately 10 bar or above), but as can be seen in
20 Section 3.2, our predicted COs levels never approach these values. We use this param-
21 eterization by Foley (2015) as it is built for terrestrial, Earth-like planets, whereas of the
a2 climate model described in Sec. 2 is built for evolving magma ocean planets.
23 3.2 Results
o For an Earth-mass planet, the Runaway Greenhouse Limit is when the total plan-
25 etary insolation reaches 300 W m~2. For our initial model, we assume a total absorbed
a2 short wave solar flux equal to the modern Earth value of 240 W m~2. Therefore, if the
427 geothermal heat flux exceeds 60 W m~2, the total insolation will exceed the Runaway
228 Greenhouse Limit. As our climate model does not account for the Runaway Greenhouse,
29 we use that value of 60 W m~2 as an artificial cutoff. Our baseline assumption is a planet
430 completely covered in a global ocean where seafloor weathering is temperature-dependent,
31 with an Earth-like planetary albedo and solar constant (0.3 and 1360 W m~2, respec-
432 tively). We calculate CO4y concentrations and resulting average surface temperatures.
433 In Fig. 2 we show the the results of our climate models for such a planet with geother-
a3 mal heat flux values ranging from 2 - 60 W m~2. Fig. 2a and Fig. 2b show the average
435 surface temperature and atmospheric CO2 content, respectively, for a given geothermal
436 heat flux with the modern Earth’s values given for reference. It is important to note that
a37 the predicted surface temperature for a given CO5 concentration is distinctly higher that
438 it would be on Earth due to the increased energy flux the atmosphere experiences from
439 geothermal heat.
440 While the vast majority of model results predict Ignan Earth’s to be warmer than
aa1 modern Earth, almost all fall within temperature ranges Earth has experienced in it’s
a2 past. Heat fluxes between 20 - 45 W m~? yield average temperatures between 25 and
3 35 °C, similar to temperature estimates for multiple hyperthermal events in Earth’s his-
m tory, including the Late Cretaceous Period (O’Connor et al., 2019), the Paleocene-Eocene
a5 Thermal Maximum and the Eocene Climatic Optimum (Inglis et al., 2020). Heat fluxes
a6 less than 7 W m~2 predict Ignan Earths with global temperatures cooler than the mod-
a7 ern value of 14 °C and similar to Earth’s glacial periods, with Io-like heat fluxes predict-
a8 ing temperatures around 10 °C, close to the 8 °C of the Last Glacial Maximum (Tierney
449 et al., 2020). The takeaway from this is that most predicted temperatures fall within ranges
450 Earth has experienced during its history while life thrived, and thus these predicted sur-
451 face temperatures should offer no barrier to the habitability of Ignan Earth’s.
452 For a planet with exposed continents and temperature-dependent seafloor weath-
453 ering, continental weathering will become important. We vary the land fraction f; for
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Figure 2. Average surface temperature (A) and atmospheric CO2 (B) for a 1 Mg Ignan

Earth for geothermal fluxes ranging up to 60 W m~2. The black horizontal lines represent the
modern Earth surface temperature and COz partial pressures, for comparison. Beyond a geother-
mal heat flux of 60 W m™2, the sum of solar insolation + geothermal heat flux exceeds the

Runaway Greenhouse Limit.

Surface Temperature (°C)

Heat Flux (W/m?)
Figure 3. Average surface temperatures for Ignan Earth’s while varying land fractions from
0 (ocean planet) to 1 (land planet). The ocean planet (blue curve) is the same reference case
described in Fig. 2. In both plots, continental weathering is temperature dependent. However, in
(A) seafloor weathering is temperature dependent, while in (B) seafloor weathering is tempera-

ture independent

our baseline planet from 0 - 1, shown in Fig. 3a. We see that continental weathering has
the largest effect at high surface heat fluxes, lowering the predicted surface temperatures.
Conversely, we find that the addition of continents increases the expected surface tem-
peratures for low heat fluxes, though far less substantially. For temperature independent
seafloor weathering we once again vary the land fraction from 0 - 1, shown in Fig. 3b.
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Figure 4. Average surface temperatures for Ignan Earth’s while varying different proper-

ties. The blue curve is the same reference case in each plot, described in Fig. 2. (A) Varying
solar insolation as a proxy for different locations within the habitable zone of a Sun-like star.
These temperatures are calculated out to the geothermal heat flux that would trigger a runaway
greenhouse, given that solar insolation + geothermal heat flux = total heat flux, and runaway
greenhouse limit is a heat flux of 300 W m~2. (B) Varying total amounts of carbon in the sys-
tem. (C) Varying the simulated Ignan Earth mass. (D) Simulating an Ignan Earth around a red

dwarf star receiving a stellar flux of 0.8 Sg with a planetary albedo of 0.1.

When seafloor weathering is temperature independent, there is no temperature-induced
negative feedback on COs, and thus no stabilizing effect acts to moderate the surface
temperature, resulting in an inhospitable climate even at intermediate surface heat fluxes
for low exposed land fractions. However, these inhospitable climates are replaced with
hospitable ones once enough exposed continents are present for kinetically-limited con-
tinental weathering to dominate. Kinetically-limited weathering is temperature depen-
dent, thus providing that temperature-induced negative feedback, stabilizing the climate
at a temperate level.

Altering the location of our simulated Ignan Earth within the standard Habitable
Zone, the total solar insolation will change, but so will the maximum geothermal heat
flux needed to reach the Runaway Greenhouse Limit. We simulate the same Ignan Earth
in the inner and outer Habitable Zone at 1.1 S and 0.5 Sg, with the resulting surface
temperatures shown in Fig. 4a. As expected, pushing the planet closer to the inner edge
of the Habitable Zone increases the predicted surface temperatures, while pushing the
planet farther out decreases the predicted temperatures. The Circumstellar Habitable
Zone is the region around a star where it is possible for a planet to experience habitable
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conditions, given the right atmospheric greenhouse gas concentrations. However, this does
not mean that a planet will have the right concentrations. For the planet receiving a stel-
lar insolation of 0.5 S, the greenhouse effect of the predicted CO45 concentrations will
not be sufficient to bring the average surface temperatures above the freezing point of
water without extremely high geothermal heat fluxes (above 65 W m~—2).

As this model relies on COz as the primary greenhouse gas that regulates surface
temperature, the total content of carbon in the system will change the equilibrium COq
concentration in the atmosphere for any given geothermal heat flux. We explore vari-
ations in total COq by taking the initial simulation result (Fig. 2) with total carbon con-
tents of 2x and 0.5x our nominal value of 120 bars, seen in Fig. 4b. The results are as
expected, with higher carbon contents leading to greater atmospheric CO2 concentra-
tions and thus higher predicted surface temperatures, and with lower carbon contents
leading to lower predicted surface temperatures. However, these temperature variations
are not significant enough to change the overall habitability of the planet.

In addition, we explore a wide range of planetary masses, as shown in Fig. 4c, where
we find the predicted surface temperatures do not change significantly, especially for lower
heat fluxes. The planet properties used in calculating the results in Fig. 4c are shown
in Table 2. Like changes in overall carbon content, varying the mass of the planet causes
relatively small changes in the predicted surface temperatures, especially at low geother-
mal heat fluxes and thus does not impact the overall habitability of the planet.

Another variation to consider is that of the star type the planet orbits, specifically
red dwarf stars (known as M-dwarfs). It is around these stars that geothermal heat fluxes
necessary for Ignan Earths might be possible through tidal heating. M-dwarfs are sig-
nificantly cooler than Sun-like stars, meaning that their stellar spectrum will be dom-
inated by infrared light. As both CO5 and HO are stronger absorbers in infrared wave-
lengths than visible wavelengths, and materials such as water, rock, ice and clouds are
less reflective in these wavelengths, planets around M-dwarfs will absorb far more of their
host stars light than planets around Sun-like stars. Taking these factors into account,
an Earth-like planet’s albdeo would be reduced from our adopted nominal value of ap-
proximately 0.3 to values ranging from 0.17 (Joshi & Haberle, 2012) to 0.1 (Kopparapu
et al., 2013). This difference in stellar spectra also alters the boundaries of the habit-
able zone, pushing the inner edge from 1.1 Sg to 0.85 S5. We simulate an Earth-like planet
near the inner edge of the habitable zone of an M-dwarf star by by setting the solar in-
solation to 0.8 Sg and the albedo to 0.1, comparing it to the results of the first simu-
lation (see Fig. 4d). We find the predicted surface temperatures increased by less than
5 °C across the entire explored range of geothermal heat fluxes.

However, actual planets in the habitable zones around M-dwarf stars are likely to
be tidally locked. This can cause their albedos to be higher than that of Earth, as the
continuous stellar fluxes on their sub-stellar points may drive significant atmospheric con-
vection and thus cloud formation, resulting in extensive cloud coverage. Yang et al. (2013)
describes how albedos for such planets can reach up to 0.6. With such an albedo, our
model predicts surface temperatures in the -50 to -80 °C range, which is likely not re-
alistic. The high albedos proposed by Yang et al. (2013) come as the result of 3D GCM
models of the planet’s atmosphere, where the clouds produced by the extreme convec-
tive potential are caused by high stellar insolation localized to one region of the planet.
An Ignan Earth will have a significant geothermal heat flux in addition to the stellar flux,
and this geothermal flux would be spread uniformly across the planet. In order to un-
derstand the effects this would have on such a planet’s climate would require using a 3D
GCM model and including a significant geothermal heat flux.
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Table 3. Parameters used in Ignan Earth climate model described in Sec. 3.

Parameter Symbol  Value Units
Henrian solubility constant of COs in HoO Ky 235.48 bar
Water content of the ocean PH,O 269 bar
Molar mass of HoO WO 18.02 g mol~!
Molar mass of CO, HCO, 44.1 g mol~!
Latent heat of HoO Ly 2469 J gt
Reference saturation vapor pressure P 610 Pa
Saturation vapor pressure reference temperature Tsat 273 K
Reference surface temperature Threy 285 K
Reference effective temperature Tz, 254 K
Reference spreading ridge velocity Ve 1.58 x 1072 ms!
Reference seafloor weathering rate wWE, 12 bar Gyr—!
Reference continental weathering rate WkEm 53 bar Gyr—!
COz seafloor weathering scaling factor Q@ 0.23

Velocity ratio scaling factor B 1-0.5

Psq+ scaling factor ¥ 0.3

COg continental weathering scaling factor 1 0.55

Crustal thickness dpas 4000 m
Mantle density Pm 4000 kg m~3
Mantle specific heat Cp 1000 JK kg™t
Mantle latent heat Ly, 4 x 10° J kg™!
Temperature of erupted melt T, et 1625 K

COg equilibrium partial pressure Pg 0.01 bar
Activation energy E 3 x 10° J kg1
CO;, fraction outgassed fgas 0.1

Land fraction fi 0-1

Land fraction of the modern Earth i 0.3

Crustal surface density Peont 3000 kg m—3
Fraction of reactable ions in crust Xee 0.08

Average molar mass of reactable elements in crust me. 32 g mol ™!
Physical erosion rate E,ate 102 m yr—!

4 Ignan Earth’s in the Universe

Tidal dissipation is the most likely source of geothermal heating for potential Ig-
nan Earths. This implies the planet orbits an M dwarf star, as only they have low enough
stellar fluxes for their habitable zones to be close enough to allow a fast enough mean
orbital motion of the planet for tidal heating to become significant. In addition to a short
orbital period, there are numerous other factors needed for a world to experience high
tidal heating. One of the most pressing is that of a non-zero eccentricity. However, the
energy released due to tidal heating comes from the orbit of the planet, and thus inter-
nal heating comes at the cost of orbital eccentricity. On its own, tidal dissipation will
circularize the orbit on any planet. The simplest way to overcome this and thus allow
a planet to maintain a non-zero eccentricity and experience continuous tidal heating is
for the planet to be in or near resonance with the orbits of other planets in the system,

as o is with Europa and Ganymede in the Jovian system (Luger et al., 2017).

MeclIntyre (2022) defines an optimal tidal heating zone between 40 mW m~2 and
300 W m~2, where the lower limit is set by the minimum internal heat flux necessary
to allow for mobile lid plate tectonics. As we have defined them here, Ignan Earth’s would
be found in the overlap of the circumstellar habitable zone and a more constrained range
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of McIntyre (2022)’s tidal heating zone, extending down to 2 W m~2. This overlap is
shown in Fig. 4 by McIntyre (2022), and as the tidal heating zone for an Ignan Earth

is narrower than the one shown in the figure, Ignan Earths would only be found in cases
where there is substantial overlap between the two zones. Such overlap can be found in
planets with masses greater than 0.5 Mg and with eccentricities of 0.1 and above. How-
ever, overlap is negligible or nonexistent for less massive worlds and those with eccen-
tricities at or below 0.01.

4.1 Candidate Ignan Earths

Determining the tidal heating rates of exoplanets is a challenging task, as it requires
knowledge of a wide variety of factors about the planets and their planetary system that
are often unconstrained. While the planetary size, mass and mean orbital motion might
be well known, large uncertainties often exist in the orbital eccentricity. In addition, the
dissipation of tidal energy within the planet depends on the material properties and struc-
ture of the planet, which are also highly unconstrained. Different studies have attempted
to calculate the tidal heating for some notable habitable zone M-dwarf planets using dif-
ferent models of tidal dissipation.

The TRAPPIST-1 system is one of the most well known potentially habitable M-
dwarf systems, and consequently has been well studied. Numerous sources have estimates
for the tidal heat fluxes of the systems seven planets. TRAPPIST-1b is estimated to have
heat fluxes ranging from that of Io up to 10 W m~2 (Luger et al., 2017), meaning it is
a Super lo candidate. However, the two innermost TRAPPIST-1 planets are inside the
circumstellar habitable zone, meaning they are not Ignan Earths. Looking at the hab-
itable zone planets, McIntyre (2022) estimates the tidal heating fluxes of TRAPPIST-

1d, eand fto be 1.27 W m~2, 100 mW m~2 and 70 mW m™2, respectively, whereas Bolmont

et al. (2020) has differing values depending of the interior structure model used for each
planet. For TRAPPIST-1e, they find a heat flux of 22 - 36 mW m~2 for the multi-layer
and layer averaged models, and 1.5 - 2.4 W m~?2 according to the homogeneous model.
For TRAPPIST-1 f they calculate 25 - 34 mW m™2 for the multi-layer and layer aver-
aged models, and 130 - 400 mW m~?2 according to the homogeneous model. This is sim-
ilar to the calculations done by Barr et al. (2018), where they found the tidal heating
rates of TRAPPIST-1 d - f to be 140 - 180 mW m~2. Regardless, even the most opti-
mistic models predict the tidal heat fluxes barely reach those needed to be considered
an Ignan Earth, making the habitable zone TRAPPIST-1 planets unlikely Ignan Earth
candidates.

Other M-dwarf systems possess planets that are far more likely to be Ignan Earths.
Teegarden’s Star c is the outermost of the two known habitable zone Earth-massed plan-
ets within the system, and has an estimated tidal heat flux of 5.98 W m~=2 (McIntyre,
2022), making it a prime Ignan Earth candidate. A similar candidate is Ross 128 b with
an estimated tidal heat flux of 8.02 W m~2 (Mclntyre, 2022). Even larger heat fluxes
are calculated for Proxima Centauri b and GJ 1061 d, with values of 33.31 W m~2 and
42.28 W m~2, respectively (McIntyre, 2022), making both of these worlds extreme Ig-
nan FEarth candidates. Some planets have simulated tidal heat fluxes in excess of the crit-
ical Tidal Venus limit set by Barnes et al. (2013), placing them outside the Ignan Earth
tidal heating range. For example, Teegarden’s Star b, the innermost known planet of Tee-
graden’s Star system, has an estimated tidal heat flux of 392 W m~2 (McIntyre, 2022),
likely making the planet a Tidal Venus. A similar fate is also probable for GJ 1061 ¢ with
an estimated tidal heat flux of 344 W m~2 (Mclntyre, 2022), meaning both worlds have
likely experienced a full runaway greenhouse.
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5 Discussion

A terrestrial world should experience heat-pipe tectonics as long as the internal heat
production is sufficient to maintain a mantle above the solidus temperature, thus ensur-
ing a continuous supply of partial melt available for heat-pipe volcanism and thus sus-
tain super-solidus convection (Moore et al., 2017). Moore et al. (2017) describes how all
rocky worlds experience a heat-pipe tectonic phase after the solidification of their ini-
tial magma oceans, after which most will then transition to either a stagnant lid or mo-
bile lid tectonic regime when internal heat production and mantle temperatures drop far
enough for sub-solidus convection to dominate. As seen in Fig. 1, most of the explored
range of geothermal heating is sufficient to maintain a mantle with continuous partial
melt, regardless of planet mass, and thus any terrestrial world experiencing such inter-
nal heating will remain in a heat-pipe tectonic regime indefinitely and thus be classified
as an Ignan Earth.

For Ignan Earth’s powered by tidal heating, we assume a heat-pipe, vertical cycling
tectonic regime and not a mobile lid regime. However, McIntyre (2022) indicates that
enough tidal stress can provide sufficient lateral force on the crust to initiate subduc-
tion and thus force a planet into a mobile lid regime. Our model does not assume a mo-
bile lid regime, or any type of hybrid mobile lid and heat-pipe tectonic system, there-
fore our model does not apply to any tidally induced mobile lid world. However, our model
should still be widely applicable, as out of a sample of 767 terrestrial exoplanets stud-
ied by McIntyre (2022), only 28 % exceeded the threshold of tidal stress and are predicted
to be in a mobile lid regime. Their data set includes numerous planets that are both in
the habitable zone and have the optimal tidal heating rates to be Ignan Earths while not
enough tidal stress to have mobile lid tectonics.

5.1 Climate Model Limitations

Even for terrestrial planets with continuous partial melt in their mantles that ex-
perience only heat-pipe tectonics, there are other limitations that should be specified.
Our climate model does not take into account the transition to a runaway greenhouse,
as we simply end the simulations at the 300 W/m? cutoff. It is possible that, in reality,
the average surface temperature could rise distinctly as the critical heat flux is approached.
Therefore our model likely underpredicts the average surface temperature when the to-
tal heat flux is near the Runaway Greenhouse Limit. However, this weakness in the model
is probably not a problem for describing real Ignan Earths, as such worlds are very un-
likely to have geothermal heat fluxes that extreme.

Underpredictions are also likely to occur for cold planets in the outer reaches of their
stars habitable zone with low geothermal heat fluxes. As seen in Fig. 4a, an Ignan Earth
at 0.5S will have surface temperatures far below freezing for low heat flux values. Our
model assumes weathering occurs regardless of temperature, but in reality, low enough
global temperatures will likely cut off the ocean from the atmosphere through a global
glaciation, thus preventing seafloor weathering from occurring. In this case, CO2 will build
up in the atmosphere to keep the planet warm enough for at least some ocean to be ice
free, allowing for atmosphere-ocean COs exchange to occur, thus permitting seafloor weath-
ering. Our model again underpredicts these surface temperatures, and a realistic tem-
perature profile would flatten as it entered the -45°C to -70 °C range, the range of tem-
perature predicted for a Snowball Earth (Micheels & Montenari, 2008).

One of the factors that influence the seafloor weathering rate is the resurfacing ve-
locity. The normalizing factor w in Eq. 24 was initially assumed to be 1, but if calcu-
lated, the value of w varies from 0.2 - 6 in the 2 - 60 W/m? heat flux range, reaching val-
ues near 6 at 60 W/m?2. As this is a multiplicative factor when calculating the weath-
ering rate, the highest values would increase the weathering rate, lowering the final at-
mospheric COy content and thus lowering the final average global temperature by ap-
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proximately 6 °C. At the other extreme, a value of 0.2 would decrease the rate of CO9

removal from the atmosphere, yielding higher concentrations overall and a higher aver-

age temperature, but by less than 2 °C. However, this is assuming the scaling factor 3

has the typical value of 1 (Valencia et al., 2018). For a value of 0.5, as suggested by Krissansen-
Totton and Catling (2017), the value of w varies less than a factor of 2, causing an even

smaller final temperature variations than when g8 = 1. Overall, these temperature vari-

ations are not significant enough to change the overall habitability of the simulated Ig-

nan Earth.

Another possible limit to our Ignan Earth climate model is the possible inhibition
of carbon return to the atmosphere due to volatile overpressure. As magma rises to the
surface, the pressure experienced by the melt will decrease. The amount of dissolved COs
in the melt is determined in part by the pressure, and as that pressure decreases, the max-
imum COg able to be dissolved will also decrease. Once a critical pressure is reached,
the magma will become saturated and the COs will degas to the atmosphere-ocean reser-
voir. However, for an Earth-mass planet, a 100 km deep ocean will increase the overall
pressure of the ocean floor and underlying crust such that the COs never reaches the crit-
ical degassing pressure. With a deep enough ocean, the resulting overpressure could cut
off the means by which COg is returned to the atmosphere, preventing this climate feed-
back cycle for taking place. For example, Kite et al. (2009) shows how an ocean 100 km
deep on an Earth-mass planet will prevent CO4 degassing from erupting melt contain-
ing 0.5 wt% COs. Going further, if an Earth-mass planet has surface water of over 40
Earth-oceans, the overpressure is high enough to raise the solidus temperature of the man-
tle such that no partial melting is possible, preventing heat-pipe tectonics from occur-
ring at all (Kite et al., 2009). In either case, our model would no longer be applicable.

5.2 Geothermal Heating Model Limitations

In our model, we assume the mantle is homogeneous and any partial melt will be
evenly distributed amongst the solids in a "magmatic sponge.” However, recent work by
Miyazaki and Stevenson (2022) indicates that magmatic sponges are not always stable,
and a phase separation between the melt and the solid could sometimes occur, leading
to separate magma ocean layer above the rest of the solid mantle. A magmatic sponge
of a certain melt fraction requires sufficient heating to sustain that melt fraction, oth-
erwise the melt will percolate up, separating the magmatic sponge into a liquid layer above
a solid layer. Measurements suggests Io has an upper mantle melt fraction up to 0.2 (Khurana
et al., 2011), but Miyazaki and Stevenson (2022) indicates estimates for Io’s tidal heat-
ing rates are not sufficient to sustain a magmatic sponge with that melt fraction, argu-
ing for the existence of separated melt and solid layers within. This would decouple the
surface of Io from the interior, like the icy surface of Europa is decoupled from the in-
terior by a liquid water ocean. If correct, this could imply that Ignan Earth mantles with
intermediate melt fractions might undergo a phase separation, resulting in subsurface
magma oceans. If this is true about lo, it implies that a solid crust can remain buoyant
and thus stable over geologic time on a liquid mantle. While this is completely contrary
to our basic assumptions in Sec. 2, observations do show that the crust of Io is stable,
and thus perhaps our assumptions of what is necessary for a stable crust are too restric-
tive.

Such concerns could be circumvented if we consider the source of internal heating
for the Ignan Earth. If internal heating is caused by tidal dissipation, then it is impor-
tant to consider how dissipative mantle material is. A magmatic sponge is an effective
dissipator of tidal stress, while a magma ocean is a likely poor dissipator, due to the lower
viscosity (Miyazaki & Stevenson, 2022). For this reason, a similar feedback phenomenon
might take place in a phase-separating mantle as we found in our own mantle evolution
model: Internal heating might push the mantle past a critical point, where the melt and
solid phases separate. Once this occurs, the mantle is no longer as effective at dissipat-
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ing heat, cooling of the interior until the two separate phases re-aggregate. In this way,
a magma ocean layer might be prevented from persisting for the same reasons a man-
tle with a melt fraction of over 0.4 is prevented, as described in Sec. 2.2.

Our work also assumes heating would be uniformly distributed throughout the planet,
but in reality this is likely not the case. Evidence suggests that most of the tidally dis-
sipated heat in Io is deposited in the equatorial regions of the mantle, given the higher

concentrations of volcanoes found in those regions (Hamilton et al., 2013). A non-homogeneous

surface heat flux would not affect the results of this work, as our models involve aver-
ages over the whole planet. However, tidal dissipation does not always occur within the
mantle: In the Earth-Moon system, most dissipation happens in Earth’s surface oceans
(Murray & Dermott, 2000). If this is true for planet with Ignan Earth-like tidal condi-
tions and similar ocean-land configurations as Earth, most of the dissipation will not be
in the mantle, meaning it will not contribute to the internal heating and thus prevent
the planet from being an Ignan Earth.

If tidal heating is the primary pathway that a terrestrial planet can become an Ig-
nan Earth, this might effect the extent of the Habitable Zone. Habitable Zones for Ig-
nan FEarths may differ from those of more conventional, terrestrial planets. The inner
and outer edges of traditional habitable zones are defined by the runaway greenhouse
limit (Nakajima et al., 1992; Goldblatt & Watson, 2012) and the maximum greenhouse
limit (Kopparapu et al., 2013), respectively. The entirety of the habitable zone is cal-
culated assuming the planets possesses the carbonate-silicate cycle. However, an Ignan
Earth would have a modified cycle which could affect the locations of the inner and outer
edges. As the outer edge is farther from the star, the semi-major axis would be larger
and consequently the mean orbital motion of the planet would be significantly slower,
resulting in a significantly weaker tidal force. Therefore, it is likely that M-dwarf terres-
trial planets are more likely to be Ignan Earths near the inner edge of habitable zones
rather than the outer edge.

6 Conclusion

We investigate the habitability of Ignan Earths using a two-part method: First, by
performing a mantle thermal evolution model to determine the rheology of the mantle
and thus assess the stability of the crust, and second, using a climate model to deter-
mine the average surface temperature and overall habitability of the planet. We find that
the mantle will maintain a melt fraction below the critical threshold of 0.4 ensuring a
solid rheological state and thus permitting a stable, buoyant crust to form and persist
over geologic time. A solid rheology is maintained even under extreme internal heating
through a negative feedback loop, where increasing the melt fraction beyond 0.4 and pro-
ceeding into a liquid rheology will drop the mantle viscosity by orders of magnitude, in-
creasing the vigor of convection and thus heat loss, cooling the mantle back until the crit-
ical threshold is met and a solid rheology dominates again.

With a stable surface, we simulate climate on an Ignan Earth over varying inter-
nal heat flux. We model a vertical, heat-pipe tectonic regime with a global ocean where
seafloor weathering absorbs CO, and sequesters it in the crust, vertical cycling brings
it to the mantle where the eruption of melt through heat-pipe volcanism degases it back
to the surface. CO; is partitioned between the atmosphere and global ocean, where the
atmospheric component is used as a greenhouse gas in a climate model where in incom-
ing energy flux is a sum of the solar radiation from above plus the geothermal radiation
from below. From this we compute the average surface temperatures expected on these
Ignan Earths and find them to not only be suitable for liquid water to exist, but com-
parable to climate conditions Earth has experienced in its past. Therefore, Ignan Earth’s
should be habitable in principle and thus should not be overlooked in future searches for
habitable exoplanets.
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Ignan Earths: Habitability of Terrestrial Planets with
Extreme Internal Heating

Matthew Reinhold!, Laura Schaefer?

L.2Stanford University

Key Points:

« Terrestrial planets with extreme internal heating exhibit rheologically solid man-
tles, and thus stable crusts.

e These planets should exhibit negative climate feedbacks, allowing for habitable
surface temperatures to be maintained over geologic time.

« Wide ranges of heating rates yield temperatures similar those Earth has experi-
enced in the past, meaning Ignan Earths should be habitable.
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Abstract

Is it possible for a rocky planet to have too much internal heating to maintain a
habitable surface environment? In the Solar System, the best example of a world with
high internal heating is Jupiter’s moon Io, which has a heat flux of approximately 2 W
m~2 compared to the Earth’s 90 mW m~2. The ultimate upper limit to internal heat-
ing rates is the Tidal Venus Limit, where the geothermal heat flux exceeds the Runaway
Greenhouse Limit of 300 W m~2 for an Earth-mass planet. Between Io and a Tidal Venus
there is a wide range of internal heating rates whose effects on planetary habitability re-
main unexplored. We investigate the habitability of these worlds, referred to as Ignan
Earth’s. We demonstrate how the mantle will remain largely solid despite high internal
heating, allowing for the formation of a convectively buoyant and stable crust. In ad-
dition, we model the long-term climate of Ignan Earth’s by simulating the carbonate-
silicate cycle in a vertical tectonic regime (known as heat-pipe tectonics, expected to dom-
inate on such worlds) at varying amounts of internal heating. We find that Earth-mass
planets with internal heating fluxes below 30 W m~2 produce average surface temper-
atures that Earth has experienced in its past (below 30 °C), and worlds with higher heat
fluxes still result in surface temperatures far below that of 100 °C, indicating a wide range
of internal heating rates may be conducive with habitability.

Plain Language Summary

Greenhouse gases are naturally put into Earth’s atmosphere by volcanoes, and taken
out by rain, incorporating them into the rocks of Earth’s tectonic plates, which then sink
back into the Earth’s interior. This cycle keeps our planet comfortable for life. However,
this cycle needs a hot planetary interior to function. If a planet’s internal heating is too
low, this cycle shuts down resulting in a dead world, as can be see in the planet Mars.
What about the other extreme? Could a planet sustain life if its interior were heated far
more than the Earth? We call these worlds Ignan Earths and find that they should have
solid interiors with stable crusts. However, their crusts will experience continuous vol-
canic activity, releasing greenhouse gases and reshaping the surface. We explore the buildup
of these gases in the atmosphere, investigate the resulting climate, and find that Ignan
Earths should have surface temperatures similar to those Earth has experienced in the
past, meaning these planets should be able to support life.

1 Introduction

A habitable planet like the Earth requires active geology to maintain a temperate
climate over long timescales (Kasting et al., 1993). In order to power such geologic pro-
cesses, the planetary interior must have sufficient heat. The question then arises as to
how much heating can a terrestrial world experience before it is rendered uninhabitable?
Barnes et al. (2009) takes the upper limit to be comparable to the heating rate of Jupiter’s
moon Jo (around 2 W m~2 (Lainey et al., 2009)), as it is generally assumed that a world
with the volcanism rate of Io could not support the development of life. However, this
assumption remains untested. The absolute maximum upper limit is where the inter-
nal heating rate will trigger a runaway greenhouse, known as the Tidal Venus Limit de-
scribed by Barnes et al. (2013). A runaway greenhouse occurs when the total energy flux
into the atmosphere of a planet (the sum of stellar insolation and geothermal heat) is
sufficient to initiate a positive feedback loop between the evaporation of water and the
resulting increase in the planetary greenhouse effect (Nakajima et al., 1992; Goldblatt
& Watson, 2012). Calculated values of this flux range from 285 to 310 W m~2, with a
value of 300 W m~2 being generally accepted (Selsis et al., 2007; Barnes et al., 2013).
The difference between the assumed limit and the definitive limit (Io’s 2 W m~2 and the
Tidal Venus’s 300 W m~?2) is vast, encompassing a wide range of heating rates in po-
tential terrestrial planets (generally referred to as Super Io’s) whose habitability remains
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unexplored. The subset of Super Io’s that are potentially habitable will be referred to
from here on as Ignan Earth’s.

For rocky worlds, there are numerous sources to provide internal heat, including
the energy received during planetary accretion, the latent heat of crystallization of the
core and the decay of radioactive isotopes (Solomatov, 2007). However, none of these
are able to produce and sustain the internal heating necessary for a Super lo, and thus
an Ignan Earth. One source of heating that could be sufficient is that caused by tidal
dissipation. Tidal heating can raise the average geothermal heat flux of a rocky world
by orders of magnitude, such as the 2 W m~2 of Io (Lainey et al., 2009; Barr et al., 2018).
The magnitude of tidal heating within a body is dependent on the size of the body, mean
orbital motion, eccentricity and compositional properties (Murray & Dermott, 2000). The
orbital periods for planets in habitable zones around Sun-like stars are too long for any
significant tidal heating due to stellar tides. However, the majority of stars in the Uni-
verse are low mass M-dwarfs. Planets within the habitable zones of such stars have very
short orbits, as red dwarfs have very low stellar luminosities (Shields et al., 2016). In fact,
tidal heating should dominate the internal heat budget of planets in the habitable zone
around stars less than 0.3 Mg (Driscoll & Barnes, 2015). Therefore, we expect that most
Ignan Earths in the Universe will be orbiting M-dwarfs. In addition, M-dwarf stars are
fully convective and therefore produce strong magnetic fields, which any Ignan Earth will
be orbiting through. Any such planets with an orbit inclined to their star’s magnetic dipole
will experience continuously changing magnetic fields within the planet’s mantle. The
eddy currents generated would dissipate as heat, adding to the planet’s internal heat bud-
get. Kislyakova et al. (2018) suggests that this magnetic induction heating could be a
significant internal heat source for such planets.

In this paper we investigate the habitability of Ignan Earths. This required the use
of two independent models: One for determining the nature of the mantle and thus the
stability of the crust (see Sec. 2), and the other for modeling the the atmosphere-interior
coupling and simulating the resulting climate (see Sec. 3). Each of these models has their
own methods and results section along with their own sets of terms found in their own
respective tables. The terms in each section applies to their section only.

In Sec. 2, we determine if the mantle of an Ignan Earth behaves as a liquid or a
solid, and subsequently assess the long term stability of the crust. In order for a plan-
etary surface to be habitable, the crust needs to be stable, persisting for timescales long
enough for ecological communities to gain a foothold. Crust formation on a planet with
a solid mantle is caused by the eruption and buildup of partial melt from within onto
the surface. This crust is less dense than the underlying mantle and thus remains buoy-
ant. However, the buoyancy of any solid crust over a liquid mantle is less certain.

Once we establish the buoyancy and stability of the crust, we investigate the na-
ture of the tectonic regime of an Ignan Earth, as they are likely to be very unlike clas-
sical terrestrial planets. Earth experiences a mobile lid plate tectonic regime that works
to recycle old oceanic crust (Davies, 2007), as opposed to Mars and Venus where no frac-
turing or large scale recycling of the crust is evident. This is known as a stagnant lid tec-
tonic regime (O’Neill & Roberts, 2018). Worlds with partially molten mantles are ex-
pected to experience a different tectonic regime known as heat-pipe tectonics, known to
dominate on Io (O’Reilly & Davies, 1981; Moore & Webb, 2013). Melt is erupted onto
the surface and builds up, forcing the older layers down, causing a vertical recycling of
the crust. It is this advection of melt to the surface that is the primary mechanism of
heat transport through the crust, as opposed to conduction. Evidence for advection of
heat can be seen not only on o, but also at Earth’s mid-ocean ridges, where our planet
experiences the highest geothermal heat flux and where the majority of this heat is trans-
ported up through hydrothermal fluids and vents (Fontaine et al., 2011; Sleep et al., 2014).
It is therefore reasonable to assume that heat-pipe tectonics and vertical recycling may
be common on worlds where geothermal heat fluxes are high, such as Ignan Earths.
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In Sec. 3, we couple the mantle with the atmosphere using a heat-pipe tectonic regime
to determine the resulting atmospheric composition. We will then combine the stellar
flux and the high geothermal flux with the resultant atmosphere in climate models to
determine average surface temperature to characterize planetary habitability. Finally,
in Sec. 4, we examine the circumstellar and planetary environments where Ignan Earths
could exist, and explore some possible Ignan Earth candidates among known exoplan-
ets.

2 Mantle and Crust

In the following section, we describe a magma ocean thermal evolution model which
we use to explore the mantle rheology and crustal stability of Ignan Earths. We then dis-
cuss results from our model and how they vary with respect to planet mass. All constants
for this section are displayed in Table 1.

2.1 Methods

Earth’s internal heat is transported through mantle convection, meaning the man-
tle temperature profile follows an adiabatic gradient. This adiabat lies below the solidus,
thus the mantle is entirely solid (Solomatov, 2007). Partial melting does occur, but it
is limited to volcanic centers like mid-ocean ridges and hot spots, where melting is driven
by adiabatic decompression of rising mantle material (Davies, 2007). However, worlds
with higher internal heating rates will have higher temperature adiabats and thus the
potential for permanent partial melt regions within their mantles. Observations suggest
that To has a subsurface layer of mantle over 50 km deep with a melt fraction of up to
0.2 (Khurana et al., 2011) and therefore it is reasonable to assume that the presence of
permanent partial melt layers may be common on Ignan Earths.

We simulate the thermal evolution of the mantle for a terrestrial planet and allow
it to come to a steady state. This is modeled by modifying the internal evolution mod-
els for magma oceans described by Schaefer et al. (2016). The mantle thermal evolution
is determined by calculating the upper mantle potential temperature using

dTman _ pmﬂQr (Rg - RS) - 37TR12)qm
dt— pmmey(Ry — RY)

(1)

were @, is the total internal heat generated, ¢,, is the heat flux through the surface, p,,

is the mantle density, ¢, is the silicate heat capacity, and R, and R, are the planet and
core radii, respectively. With this, we can calculate the thermal evolution of a rocky planet
from a fully molten magma ocean through crystallization and subsequent solid-state con-
vection. Internal heating @, is assumed to occur uniformly throughout the planet, with
each kilogram having a specific heat production term. This will be set as the sum of an
Earth-like radiogenic heating component and an arbitrarily specified heating value.

QT =4 + Qeztra (2)

were (g is the modern Earth’s heat production and Qeztrq is the arbitrarily specified heat-
ing value, ranging from 0 W kg~! up to 3.91x10~8 W kg~! (for an Earth-mass planet),
equivalent to the geothermally induced runaway greenhouse described by Barnes et al.
(2013). We assume both of these heat production terms are confined to the mantle only.
The heat flux through the surface, ¢,,, is dependent on both the mantle below and the
atmosphere above. To fully capture this term, we must not only model mantle evolu-

tion, but the resulting planetary atmosphere as well. To do this, we use the model set
forth by Elkins-Tanton (2008).
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As the magma ocean cools, it degases any volatiles that exceed the magma’s sat-
uration limit. We determine the atmospheric partial pressures of the relevant greenhouse
gases carbon dioxide Pco, and water vapor Pp,o:

HyOra0 (wi%) — 0.3 757

PHQO:< - 2.0§(>< 1034 ) [Pal ®)
COsmas (W%) — 0.05 775

= (o)

Each are calculated from the saturation weight percent of water and COg (H20,,44 and
CO2mag, respectively) in a magma ocean equilibrated to an atmosphere with an assumed
initial surface pressure of 1 bar. Our assumed HO,q4 weight percent (see Table 1), ap-
plied to the entire mantle, would result in 1.48 x 10?2 kg of H5O, or 10.7 earth oceans

of water in the mantle. For the modern Earth, estimates for mantle water capacity range
from approximately one ocean in the upper mantle (Fei et al., 2017), up to three oceans

in the transition zone (Nishi et al., 2014; Schmandt et al., 2014) and possibly four oceans
in the lower mantle (Peslier et al., 2017). However, estimates for the total abundance

of water within the Earth have a wide range, with Hirschmann (2018) suggesting only

2 oceans worth, while Marty (2012) estimates approximately 11.7 oceans worth. Our es-
timate therefore falls within these extremes, and therefore we surmise it to be a reason-
able estimate. Similarly, our assumed COgp,qq4 also falls within the independently esti-
mated extremes. We calculate a C'O, content in the mantle of 3.62 x 102! kg. Hirschmann
(2018) estimates 5.56 x 10%° kg of C, which would translate to 2.04 x 102! of CO,, while
Marty (2012) estimates 3.14 x 10! kg of C, which would translate to 1.15 x 102 of CO,.

We now calculate the partial atmospheric mass of each species i (HoO and CO3)
as described by Bower et al. (2019)

47TR2P‘ i
Matmi = (J) (5)
g Iz

where g is the acceleration due to gravity, ii is the mean molar mass of the atmosphere,
and P; and p; are the surface partial pressure and molar mass of species i. To find how

easily heat escapes this atmosphere to space, we calculate the optical depth for each species

1

3Matm' kzg 2
P = s 6
T ( 87R2 >(3me> (6)

where k; is the atmospheric absorption coefficient for species ¢ at a set reference pres-
sure of P.y. Using the full optical depth 7 = )" 7, = Ta,0 + Tco,, we determine the
atmospheric emissivity

2
T+ 2

€ =

(7)

Assuming the atmosphere is a grey radiator with no convective heat transport, we can
use the emissivity to calculate the heat flux out of the atmosphere to space

qoq = €0 (Ts4urf - Te4q) (8)

where T, ¢ is the surface temperature and 7, is the equilibrium blackbody tempera-
ture of the planet, described by
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where S is the solar constant, A is the planetary albedo and o is the Stefan-Boltzmann
constant.

Finally, we can calculate the surface temperatures for varying internal heating rates

using

ATgurs AT R2 (qm — qa)
dt MuimCp Hy0 + %cpﬂpm(Rf; —13)

(10)

where C}, m,0 is the thermal capacity of water vapor and [ is the thermal boundary layer
(defined below). We find surface temperatures of 255 K for no additional heating, rang-
ing up to over 400 K for extreme heating rates. These temperatures depend on the re-
sulting water and COg atmospheric concentrations, which are dependent of the initial
H30 49 and COazpqg weight percents specified in Eq. 3 and Eq. 4. These weight per-
cents are based on their saturation values for a given atmospheric pressure. The higher
the initial atmospheric pressures, the higher the resulting surface temperatures. For ex-
ample, assuming an initial 10 bar atmosphere results in a surface temperature range from
259 K up to 770 K.

The thermal boundary layer is defined by

kAT
m

I (11)

where AT = Tyan—Teury and k is the thermal conductivity of the mantle. Equations
1, 10 and 11 all are dependent on the surface heat flux out of the mantle

kAT \ [ Ra\”
m = 12
! (Dman> (Rac> 12)

where Ra and Ra. are the Rayleigh and Critical Rayleigh Numbers, respectively, whose
ratio is raised to a scaling factor 5. D,,an is the depth of the convecting mantle layer.
During magma ocean crystallization, it is likely that two-layer convection did occur as

the mantle crystallized from the bottom up (Maurice et al., 2017; Boukaré et al., 2018;
Morison et al., 2019). However, we are interested in the nature of the mantle at a final
steady-state where the entire mantle will be rheologically homogeneous. Therefore we
assume the depth of the convecting layer D, is equal to the thickness of the entire man-
tle

The Rayleigh Number describes the vigor of convection and is calculated by

ATD3
Ra = 2924 Pman (13)

RV

where « is the thermal expansion coefficient, k is the thermal diffusivity and v is the kine-
matic viscosity. To find the kinematic viscosity, we need to understand the rheology of
the mantle throughout the cooling process. A liquid mantle will cool quickly as it ex-
periences rapid convection due to the low viscosities of its liquid rheology and high tem-
peratures. When the liquid mantle begins to crystallize, solids are introduced into the
system, and eventually the mantle rheology will change from a liquid to a solid. This rhe-
ology depends on the melt fraction within, described by
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where Ts01, Tiiq and Thpqy are the solidus, liquidus and upper mantle potential temper-
atures, respectively (Lebrun et al., 2013). We use the upper liquidus and solidus tem-
peratures shown in Abe (1997); Lebrun et al. (2013), where Tj;, = 2000 K and Ty =
1400 K.

With the solidus and liquidus temperatures specified, we can calculate the melt frac-
tion of the mantle, and from that the viscosity. Melt fraction ranges from 0 (completely
solid) to 1 (completely liquid) with the viscosity transition occurring at the critical value
of ¢. = 0.4. Above this threshold, solid particles loose connectivity allowing the man-
tle to behave as a liquid, while below ¢, solid particles retain connectivity, making the
mantle rigid and thus a solid. We simulate the changing viscosity of liquid convection
to solid convection using different viscosity formulations, as described by Lebrun et al.
(2013). For liquid convection the dynamic viscosity is

Ul

2.5
1-9¢
(1 - 1—%)

n= (15)

where

B
-y S 1
= SaeEp (Tman - 1000) (16)

where A; and B are empirical, material dependent parameters given in Table 1. For solid
convection the dynamic viscosity is

n = 1sexp(—on @) (17)

where «,, is a constant dependent on the creep mechanism and 7, is described by

2.5
_ 1 (R L
s =54, <b) P (RTWW> (18)

where p is the shear modulus, h is the grain size, As is the pre-exponential factor, b is
the Burger vector length, R is the universal gas constant and FE' is the activation energy.
We then find the kinematic viscosity

V= — (19)

where 7 is the dynamic viscosity of either a liquid or a solid rheology, calculated in Eq.
15 or Eq. 17, respectively. This kinematic viscosity is used in calculating the Rayleigh
Number in Eq. 13

The melt fraction ¢ is calculated for each simulated Ignan Earth to determine the
mantle rheology. Understanding this rheology is critical for understanding the buoyancy
of the crust and thus the planet’s habitability. If the mantle behaves as a liquid, the man-
tle at the surface will cool to form a solid quench crust which will have the same com-
position as the liquid mantle below. This crust will be negatively buoyant and will founder
into the mantle almost immediately, rendering the planet uninhabitable. If the mantle
behaves as a solid, any crust that forms on the surface has the potential to be positively
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Figure 1. Melt fraction of the mantle for planets with masses ranging from 0.1 - 5 Mg for

geothermal heat fluxes between 2 - 300 W m™2.

buoyant and stable over geologic time (like Earth’s crust), thus allowing for habitabil-
ity.

2.2 Mantle and Crust - Results

The equilibrium upper mantle temperatures and mantle melt fractions are deter-
mined for geothermal heat fluxes ranging from 2 —300 W/m? for planet masses rang-
ing from 0.1—5 Mg, shown in Fig. 1. The parameters of each planet are calculated based
on the work by Zeng et al. (2019) and are displayed in Table 2. We find that even at Tidal
Venus limits of heating (300 W/m?), the melt fraction of the mantle never rises above
the critical value of 0.4, meaning the mantle will remain in a solid rheological state. For
the lowest mass planets, the critical melt fraction of 0.4 is reached but never surpassed.
The reason for this is that viscosities are low in the liquid regime, allowing for vigorous
convection and rapid heat loss, far surpassing any heat production within. If the man-
tle ever finds itself in this regime, it will rapidly cool off until the mantle reaches the solid
regime, where an equilibrium between heat loss and heat production is possible. Note
that these results are consistent with the work of Lebrun et al. (2013), who find heat fluxes
similar to the Tidal Venus limit for the transition from partially molten (¢ > 0.4) to
"mush” stage (¢ < 0.4), depending on the radiative transfer model used for atmospheric
heat loss. They also find that fully molten magma oceans produce heat fluxes of order
10° - 107 W m~2, well above the Tidal Venus limit. Therefore, the mantles of all Ignan
Earth’s will have melt fractions of 0.4 or less and exhibit a solid rheology. With a solid
mantle, a planetary crust will be able to form by the same process as on Earth: The erup-
tion of partial melts from below. As partial melts are compositionally distinct from the
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Table 1.

Parameters used in mantle thermal evolution model described in Sec. 2.

Parameter Symbol  Value Units
Earth Mass Mg 5.97 x 10%4 kg

Core Radius R, 3.48 x 108 m
Planet Radius R, 6.37 x 10° m

Grav. Acceleration g 9.8 m s 2
Planet density P 5510 kg m—3
Mantle density Pm 4000 kg m—3
Mantle specific heat Cp 1000 Jkg ! K1
Initial water content of mantle H2O0peg 0.37 wt%
Initial carbon dioxide content of mantle COgpeg 0.09 wt%
Specific heat of water vapor Cp,H,0 1990 Jkg P Kt
Absorption coefficient of water k0 0.01 m? kg~!
Absorption coefficient of carbon dioxide kco, 0.05 m? kg~!
Reference pressure Py 1 x 10° Pa
Atmospheric mean molar mass I 28.97 g mol~1
Molar mass of water vapor WH,O 18.02 g mol~1
Molar mass of carbon dioxide LCO, 44.01 g mol™1
Planetary albedo A 0.3

Solar constant S 1360 W m—2
Earth modern heat production qo 1.17 x 1071 W kg~!
Thermal conductivity k 4.2 Wmt Kt
Thermal diffusivity K 1x10°° m? s7!
Thermal expansion coefficient « 2x107° K-!
Critical Rayleigh Number Ra. 1000

Liquidus Temperature Tiiq 2000 K
Solidus Temperature Tsor 1400 K
Critical melt fraction O 0.4

Empirical constant A, 2.4 x 1074 Pa
Empirical constant B 4600 K
Creep constant ap, 26

Shear modulus u 8 x 1019 Pa
Grain size h 0.01 m
Burger vector length b 5 x 10710 m
Pre-exponential factor A, 5.3 x 10'%

Activation energy E 3 x 10° J kg™!

bulk mantle, the resulting solid crust will also be compositionally distinct from the man-
tle, meaning the crust will likely be positively buoyant and therefore stable.

Our simulations are designed to model an evolving magma ocean and assumes an
instantaneous exchange of volatiles between the mantle and atmosphere. Realistically,
the concentration of water and COs in the silicate liquid will change as the magma ocean
solidifies, but we neglect this evolution for simplicity. However, the goal with our model
is to determine the rheology of the mantle of an Ignan Earth during a steady state, not
to accurately simulate an evolving magma ocean and resulting planetary atmosphere.
While we have made a number of simplifying assumptions compared to the original volatile
evolution model, we find that our results are robust to changes of HoO and CO5 abun-
dances in melt across a range of values that would be encountered in an evolution model.
What is important is the predicted rheological behavior of the mantle: Even when in-
ternal heating reaches extreme levels, the critical melt fraction will always remain at or
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Mg R Ry g P

0.1 0.508 0.515 0.395 0.766
0.5 0.694 0.833 0.771 0.927
1 1 1 1 1

2 1.223 1.123 1.590 1.158
5 1.602 1.524 2.143 1.482

Table 2. Planet properties used for Fig. 1. Each value (planet mass, core radius, planet radius,
gravitational acceleration and average density) is normalized to the Earth, and was calculated
using the work of Zeng et al. (2019).

below the critical value of 0.4, due to the negative feedback loop of mantle viscosity, tem-
perature and convective heat loss. Therefore the mantle remains rheologically solid, al-
lowing for a stable crust.

3 Ignan Earth Climate

In this section, we first provide a detailed discussion of a coupled atmosphere-crust-
mantle vertical tectonic model which we use to explore the climatic habitability of Ig-
nan Earths. We then discuss results from our nominal model and how our results vary
by using different assumptions for seafloor weathering, stellar insolation, stellar spectrum,
planet mass, total carbon budget and land fraction. Finally, we explore the types of en-
vironments where such Ignan Earth’s might be found, and look at potential Ignan Earth
candidates among known exoplanets. All constants for this section are displayed in Ta-
ble 3.

3.1 Methods

The long-term habitability of a terrestrial planet is generally simulated by mod-
eling the carbonate-silicate climate feedback. On Earth, COs is pulled from the atmo-
sphere through rain and consequently weathers silicate minerals in the crust and ocean
floor. These carbonate rocks produced from weathering reactions are then subducted into
the mantle and COs is then degassed back into the atmosphere through volcanism. As
surface weathering is temperature dependent, a temperate climate is maintained on Earth
through this negative feedback cycle (Walker et al., 1981; Berner et al., 1983; Kasting
et al., 1993). On an Ignan Earth, a similar feedback should operate, except with verti-
cal heat-pipe tectonics in place of mobile lid plate tectonics.

We adopt the model of Valencia et al. (2018) to simulate the carbonate-silicate cy-
cle on an Ignan Earth with vertical cycling. We start by assuming the planet is covered
entirely by a global ocean with oceanic crust and lithosphere. As a consequence, seafloor
weathering will be the only mechanism drawing down atmospheric CO4 levels (unlike
the Earth, where weathering occurs on both the continents and the seafloor). The car-
bon is brought into the mantle by the vertical cycling and released back into the atmo-
sphere by volcanism. As these processes are directly linked, the resurfacing rate and sub-
sidence rate will be equal (O’Reilly & Davies, 1981). We will model the steady-state at-
mospheric composition as a balance of CO5 outgassing and burial, tracking the carbon
in each important reservoir: Mantle, basaltic crust, and atmosphere-ocean (labeled as
pC O™, pCOL* and pCOS™ °¢ respectively). The rate at which CO, is changing in
each reservoir is described by the following linked differential equations
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altpCOgthrOC = D (pCO35**") = W (pcogt"% TS) (20)
d man bas man
%pCOz =F (PCOz ) — D (pCO3"*™) (21)
d
apCOS“S =W (pCOs™,T,) — F (pCO5"™, Ty) (22)

where D is the degassing rate from volcanism, W is the total weathering rate and F' is
the foundering rate at the base of the crust. Both the degassing and foundering rates
are directly dependent on the resurfacing rate of basalt in the vertical cycling regime.
Each of these are described in the subsections below.

3.1.1 Resurfacing Velocity

The resurfacing velocity is the rate at which the basaltic crust replenishes itself through

volcanism. As we assume the planet is in steady-state, this rate is also equal to the sub-
sidence rate, and is described by

m

YT oL + C,AT)

(23)

where L, and C,, are the latent and specific heat of the mantle, respectively, and AT =
Tineit — Ts , where Tt is the temperature of the erupting melt. Typical resurfacing
velocities range from under 20 mm yr—! up to 320 mm yr—! over the range of explored

internal heat fluxes, compared to Earth’s average spreading ridge velocity of 50 mm yr—1.

3.1.2 Weathering

COg is removed from the atmosphere-ocean reservoir by weathering, both on the
seafloor and on the continents. The seafloor weathering rate depends on CO4 concen-
trations in the water and the temperature of the deep ocean. The COy concentration
in the ocean is related to the atmospheric concentrations according to Eq. 34, and the
ocean temperature is broadly related to the average surface temperature, therefore it is
possible to calculate the seafloor weathering as a function of atmospheric temperature
and CO; concentrations in the following way

cogtm\ ¢ E 1 1
Ty - g (PYYy — - = 24
Wsea( s) wWila < PE ) xp (R |:Teq TS:|> ( )

where R is the universal gas constant, F is the activation energy, Pg is the atmospheric
equilibrium partial pressure of COy, « is a dimensionless scaling factor and WE is the

baseline weathering rate. The term w describes the possible dependence weathering m?y

have on the resurfacing velocity. This term can be parameterized such that w = (%) ,
where the resurfacing velocity v (Eq. 23) is normalized to the Earth’s modern spread-
ing ridge velocity vg, scaled by a factor of 5. We set the w term to be equal to 1, and

in subsequent runs calculate w with varying factors of 5. These variations do not influ-
ence our results significantly and a full discussion of their implications can be seen in Sec.

5.

However, some studies suggest seafloor weathering of COs may be dependent on
the geothermal heat flow at the site of hydrothermal alteration rather than the temper-
ature of the deep ocean (Alt & Teagle, 1999). In addition, if the rate of oceanic crust
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formation is significantly slower than the weathering process, then the weathering rate
is limited by the supply of fresh basalt and not the kinetics of the reaction itself. This
would result in temperature-independent seafloor weathering. We explore its effects us-
ing the model described by Foley (2015), where the temperature component is neglected

atm \ &
Wiea = wWE, (pCOZ> (25)
PE
To simulate continental weathering we also use the model described by Foley (2015).
If there is little exposed land, low erosion rates or high weathering rates, weathering is
limited by the supply of fresh continental rocks at the surface. This supply-limited weath-
ering is described by

A Era eAcclHrcon
Woup = pfl teXccPcont (26)

Mee

where F,q. is the physical erosion rate, f; is the exposed land fraction of the planet, x..
is the fraction of reactable ions in the crust, peon: is the density of the exposed continen-
tal surface crust and m.. is the average molar mass of reactable elements available for
reaction within the exposed crust.

When the supply of fresh rock to the surface is substantial enough the limiting fac-
tor is the kinetics of the weathering reaction itself. This kinetically-limited weathering
is described by

CO™\° [ P\ ElT1 1 1,
e (27 (=) o (5[ AD ()
F b PE Ps*at P R Teq TS fl* ( )

where W[ is the reference continental weathering rate, f; is the land fraction of the
modern Earth, P, is the reference saturation vapor pressure of H,O, and ¢ and +y are
silicate weathering scaling factors for the atmospheric CO5 and saturation vapor pres-

sure ratios, respectively. The saturation vapor pressure can be found by

Lo (1 1
Pyar = P2 exp {—“Hﬁ (T -7 )} (28)
s sat

where L,, is the latent heat of water and T,; is the temperature for the reference sat-

uration vapor pressure PJ,,. To find a general description of continental weathering, the

kinetically-limited and supply-limited rates are combined into the form

Weont = Wup <1 — exp {—3;’“"}) . (29)
sup

To find the overall weathering rate of COq, the continental and seafloor weathering rates
are combined in the following manner

W = Wcont + (1 - fl)VVsea (30)

where the seafloor weathering term must be scaled by the fraction of the planet surface
covered by ocean (1 — f).
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3.1.3 Foundering

Once the carbon from the atmosphere-ocean reservoir has been sequestered in the
basaltic crust, the process of vertical cycling pushes that rock to the base of the crust
where it delaminates and founders into the mantle. This foundering rate is given by

F = pCobes < d: ) (31)

where pCO}?* is the carbon content of the crustal basalt, v is the resurfacing velocity
and dpgs is the thickness of the crust given by

K kv AT
dpas = —1 1+ ——F 32
b vog( +f<&qt0t(1 1)> (32)

aq

where k and k are the thermal diffusivity and thermal conductivity, respectively, v is the
resurfacing velocity (see Eq. 23 ), g0t is the total geothermal heat flux, AT is the tem-
perature difference between the surface and upper mantle, and a, is the ratio of added
heat to total internal heating, assuming the total heat is the sum of radioactive decay
and artificially added heat. This yields varying thicknesses for different geothermal heat
fluxes. Taking a low @) value of 1 W m~2 with a AT of 1250 K, aq of 0.917, g0 of 1.09
W m~2, and a resurfacing velocity v of 2.18x1071% m s=! (6.9 mm yr~1), we compute
a crustal thickness dpqs of 4.5 km. For extreme values of @), this thickness decreases to
only a few hundred meters. We found that setting the thickness to a single value of 4
kilometers was sufficient for our models, as crustal thicknesses ranging from 5 - 0.1 km
made no noticeable change to the final results.

3.1.4 Degassing Rate

COq is returned from the mantle to the atmosphere through degassing during vol-
canic eruptions. The partial melt of the mantle buoyantly rises to the surface through
the volcanic heat pipes and and degases the CO5 to the atmosphere-ocean reservoir ac-
cording to the following flux equation

A
D = pComen (f g‘jsv ”) (33)

where v is the resurfacing velocity, fqqs is the fraction of COy outgassed, A, is the sur-
face area of the planet and V4, is the volume of the mantle.

3.1.5 Climate Model

Using Eq. 20 we find the COs content of the atmosphere-ocean reservoir. To find
the atmospheric content we calculate the partitioning of COy between the atmosphere
and the ocean

Ky pCO3°
atm __ 2
pCO3™ = 1o, (210 L pCOT (34)
HHy0 HCOy

where Ky is the solubility constant, pm,o is the water content of the ocean expressed
as an atmospheric pressure in bars, pcoge is the CO2 content of the ocean and p is the
molar mass of each respective species.
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406 With the atmospheric COs calculated, the global climate can be modeled and an

a07 average surface temperature T is determined. This temperature is calculated by com-
208 bining the effects of stellar insolation (we initially assume a modern day, Earth-analogous
409 solar insolation) and geothermal heat flux, while accounting for the greenhouse effects
410 of CO5 and H5O in the atmosphere. The equilibrium temperature of a planet is calcu-
a1 lated from Eq. 9. To account for the effect of greenhouse gases, we relate atmospheric
a2 COs content to surface temperature by the simple parameterization used in Foley (2015):
0.346

Ty = Tyey + 2Toq +T7,) + 4.6 (iggg) — 46 (35)
a3 where T} is the surface temperature, pCOs is the partial pressure of COg, T, is the ef-
414 fective temperature (calculated using Eq. 9), T¢, is the reference effective temperature,
ats Tyey is reference surface temperature and pC'O3 is the reference partial pressure of COs.
416 This is a first order approximation that accounts for the warming for both atmospheric
a7 CO4 and H2O (the atmosphere is assumed to always be saturated with water vapor),
418 and reproduces the results of more sophisticated radiative-transfer models. However, it
419 deviates under high COs levels (approximately 10 bar or above), but as can be seen in
20 Section 3.2, our predicted COs levels never approach these values. We use this param-
21 eterization by Foley (2015) as it is built for terrestrial, Earth-like planets, whereas of the
a2 climate model described in Sec. 2 is built for evolving magma ocean planets.
23 3.2 Results
o For an Earth-mass planet, the Runaway Greenhouse Limit is when the total plan-
25 etary insolation reaches 300 W m~2. For our initial model, we assume a total absorbed
a2 short wave solar flux equal to the modern Earth value of 240 W m~2. Therefore, if the
427 geothermal heat flux exceeds 60 W m~2, the total insolation will exceed the Runaway
228 Greenhouse Limit. As our climate model does not account for the Runaway Greenhouse,
29 we use that value of 60 W m~2 as an artificial cutoff. Our baseline assumption is a planet
430 completely covered in a global ocean where seafloor weathering is temperature-dependent,
31 with an Earth-like planetary albedo and solar constant (0.3 and 1360 W m~2, respec-
432 tively). We calculate CO4y concentrations and resulting average surface temperatures.
433 In Fig. 2 we show the the results of our climate models for such a planet with geother-
a3 mal heat flux values ranging from 2 - 60 W m~2. Fig. 2a and Fig. 2b show the average
435 surface temperature and atmospheric CO2 content, respectively, for a given geothermal
436 heat flux with the modern Earth’s values given for reference. It is important to note that
a37 the predicted surface temperature for a given CO5 concentration is distinctly higher that
438 it would be on Earth due to the increased energy flux the atmosphere experiences from
439 geothermal heat.
440 While the vast majority of model results predict Ignan Earth’s to be warmer than
aa1 modern Earth, almost all fall within temperature ranges Earth has experienced in it’s
a2 past. Heat fluxes between 20 - 45 W m~? yield average temperatures between 25 and
3 35 °C, similar to temperature estimates for multiple hyperthermal events in Earth’s his-
m tory, including the Late Cretaceous Period (O’Connor et al., 2019), the Paleocene-Eocene
a5 Thermal Maximum and the Eocene Climatic Optimum (Inglis et al., 2020). Heat fluxes
a6 less than 7 W m~2 predict Ignan Earths with global temperatures cooler than the mod-
a7 ern value of 14 °C and similar to Earth’s glacial periods, with Io-like heat fluxes predict-
a8 ing temperatures around 10 °C, close to the 8 °C of the Last Glacial Maximum (Tierney
449 et al., 2020). The takeaway from this is that most predicted temperatures fall within ranges
450 Earth has experienced during its history while life thrived, and thus these predicted sur-
451 face temperatures should offer no barrier to the habitability of Ignan Earth’s.
452 For a planet with exposed continents and temperature-dependent seafloor weath-
453 ering, continental weathering will become important. We vary the land fraction f; for
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Figure 2. Average surface temperature (A) and atmospheric CO2 (B) for a 1 Mg Ignan

Earth for geothermal fluxes ranging up to 60 W m~2. The black horizontal lines represent the
modern Earth surface temperature and COz partial pressures, for comparison. Beyond a geother-
mal heat flux of 60 W m™2, the sum of solar insolation + geothermal heat flux exceeds the

Runaway Greenhouse Limit.

Surface Temperature (°C)

Heat Flux (W/m?)
Figure 3. Average surface temperatures for Ignan Earth’s while varying land fractions from
0 (ocean planet) to 1 (land planet). The ocean planet (blue curve) is the same reference case
described in Fig. 2. In both plots, continental weathering is temperature dependent. However, in
(A) seafloor weathering is temperature dependent, while in (B) seafloor weathering is tempera-

ture independent

our baseline planet from 0 - 1, shown in Fig. 3a. We see that continental weathering has
the largest effect at high surface heat fluxes, lowering the predicted surface temperatures.
Conversely, we find that the addition of continents increases the expected surface tem-
peratures for low heat fluxes, though far less substantially. For temperature independent
seafloor weathering we once again vary the land fraction from 0 - 1, shown in Fig. 3b.
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Figure 4. Average surface temperatures for Ignan Earth’s while varying different proper-

ties. The blue curve is the same reference case in each plot, described in Fig. 2. (A) Varying
solar insolation as a proxy for different locations within the habitable zone of a Sun-like star.
These temperatures are calculated out to the geothermal heat flux that would trigger a runaway
greenhouse, given that solar insolation + geothermal heat flux = total heat flux, and runaway
greenhouse limit is a heat flux of 300 W m~2. (B) Varying total amounts of carbon in the sys-
tem. (C) Varying the simulated Ignan Earth mass. (D) Simulating an Ignan Earth around a red

dwarf star receiving a stellar flux of 0.8 Sg with a planetary albedo of 0.1.

When seafloor weathering is temperature independent, there is no temperature-induced
negative feedback on COs, and thus no stabilizing effect acts to moderate the surface
temperature, resulting in an inhospitable climate even at intermediate surface heat fluxes
for low exposed land fractions. However, these inhospitable climates are replaced with
hospitable ones once enough exposed continents are present for kinetically-limited con-
tinental weathering to dominate. Kinetically-limited weathering is temperature depen-
dent, thus providing that temperature-induced negative feedback, stabilizing the climate
at a temperate level.

Altering the location of our simulated Ignan Earth within the standard Habitable
Zone, the total solar insolation will change, but so will the maximum geothermal heat
flux needed to reach the Runaway Greenhouse Limit. We simulate the same Ignan Earth
in the inner and outer Habitable Zone at 1.1 S and 0.5 Sg, with the resulting surface
temperatures shown in Fig. 4a. As expected, pushing the planet closer to the inner edge
of the Habitable Zone increases the predicted surface temperatures, while pushing the
planet farther out decreases the predicted temperatures. The Circumstellar Habitable
Zone is the region around a star where it is possible for a planet to experience habitable
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conditions, given the right atmospheric greenhouse gas concentrations. However, this does
not mean that a planet will have the right concentrations. For the planet receiving a stel-
lar insolation of 0.5 S, the greenhouse effect of the predicted CO45 concentrations will
not be sufficient to bring the average surface temperatures above the freezing point of
water without extremely high geothermal heat fluxes (above 65 W m~—2).

As this model relies on COz as the primary greenhouse gas that regulates surface
temperature, the total content of carbon in the system will change the equilibrium COq
concentration in the atmosphere for any given geothermal heat flux. We explore vari-
ations in total COq by taking the initial simulation result (Fig. 2) with total carbon con-
tents of 2x and 0.5x our nominal value of 120 bars, seen in Fig. 4b. The results are as
expected, with higher carbon contents leading to greater atmospheric CO2 concentra-
tions and thus higher predicted surface temperatures, and with lower carbon contents
leading to lower predicted surface temperatures. However, these temperature variations
are not significant enough to change the overall habitability of the planet.

In addition, we explore a wide range of planetary masses, as shown in Fig. 4c, where
we find the predicted surface temperatures do not change significantly, especially for lower
heat fluxes. The planet properties used in calculating the results in Fig. 4c are shown
in Table 2. Like changes in overall carbon content, varying the mass of the planet causes
relatively small changes in the predicted surface temperatures, especially at low geother-
mal heat fluxes and thus does not impact the overall habitability of the planet.

Another variation to consider is that of the star type the planet orbits, specifically
red dwarf stars (known as M-dwarfs). It is around these stars that geothermal heat fluxes
necessary for Ignan Earths might be possible through tidal heating. M-dwarfs are sig-
nificantly cooler than Sun-like stars, meaning that their stellar spectrum will be dom-
inated by infrared light. As both CO5 and HO are stronger absorbers in infrared wave-
lengths than visible wavelengths, and materials such as water, rock, ice and clouds are
less reflective in these wavelengths, planets around M-dwarfs will absorb far more of their
host stars light than planets around Sun-like stars. Taking these factors into account,
an Earth-like planet’s albdeo would be reduced from our adopted nominal value of ap-
proximately 0.3 to values ranging from 0.17 (Joshi & Haberle, 2012) to 0.1 (Kopparapu
et al., 2013). This difference in stellar spectra also alters the boundaries of the habit-
able zone, pushing the inner edge from 1.1 Sg to 0.85 S5. We simulate an Earth-like planet
near the inner edge of the habitable zone of an M-dwarf star by by setting the solar in-
solation to 0.8 Sg and the albedo to 0.1, comparing it to the results of the first simu-
lation (see Fig. 4d). We find the predicted surface temperatures increased by less than
5 °C across the entire explored range of geothermal heat fluxes.

However, actual planets in the habitable zones around M-dwarf stars are likely to
be tidally locked. This can cause their albedos to be higher than that of Earth, as the
continuous stellar fluxes on their sub-stellar points may drive significant atmospheric con-
vection and thus cloud formation, resulting in extensive cloud coverage. Yang et al. (2013)
describes how albedos for such planets can reach up to 0.6. With such an albedo, our
model predicts surface temperatures in the -50 to -80 °C range, which is likely not re-
alistic. The high albedos proposed by Yang et al. (2013) come as the result of 3D GCM
models of the planet’s atmosphere, where the clouds produced by the extreme convec-
tive potential are caused by high stellar insolation localized to one region of the planet.
An Ignan Earth will have a significant geothermal heat flux in addition to the stellar flux,
and this geothermal flux would be spread uniformly across the planet. In order to un-
derstand the effects this would have on such a planet’s climate would require using a 3D
GCM model and including a significant geothermal heat flux.
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Table 3. Parameters used in Ignan Earth climate model described in Sec. 3.

Parameter Symbol  Value Units
Henrian solubility constant of COs in HoO Ky 235.48 bar
Water content of the ocean PH,O 269 bar
Molar mass of HoO WO 18.02 g mol~!
Molar mass of CO, HCO, 44.1 g mol~!
Latent heat of HoO Ly 2469 J gt
Reference saturation vapor pressure P 610 Pa
Saturation vapor pressure reference temperature Tsat 273 K
Reference surface temperature Threy 285 K
Reference effective temperature Tz, 254 K
Reference spreading ridge velocity Ve 1.58 x 1072 ms!
Reference seafloor weathering rate wWE, 12 bar Gyr—!
Reference continental weathering rate WkEm 53 bar Gyr—!
COz seafloor weathering scaling factor Q@ 0.23

Velocity ratio scaling factor B 1-0.5

Psq+ scaling factor ¥ 0.3

COg continental weathering scaling factor 1 0.55

Crustal thickness dpas 4000 m
Mantle density Pm 4000 kg m~3
Mantle specific heat Cp 1000 JK kg™t
Mantle latent heat Ly, 4 x 10° J kg™!
Temperature of erupted melt T, et 1625 K

COg equilibrium partial pressure Pg 0.01 bar
Activation energy E 3 x 10° J kg1
CO;, fraction outgassed fgas 0.1

Land fraction fi 0-1

Land fraction of the modern Earth i 0.3

Crustal surface density Peont 3000 kg m—3
Fraction of reactable ions in crust Xee 0.08

Average molar mass of reactable elements in crust me. 32 g mol ™!
Physical erosion rate E,ate 102 m yr—!

4 Ignan Earth’s in the Universe

Tidal dissipation is the most likely source of geothermal heating for potential Ig-
nan Earths. This implies the planet orbits an M dwarf star, as only they have low enough
stellar fluxes for their habitable zones to be close enough to allow a fast enough mean
orbital motion of the planet for tidal heating to become significant. In addition to a short
orbital period, there are numerous other factors needed for a world to experience high
tidal heating. One of the most pressing is that of a non-zero eccentricity. However, the
energy released due to tidal heating comes from the orbit of the planet, and thus inter-
nal heating comes at the cost of orbital eccentricity. On its own, tidal dissipation will
circularize the orbit on any planet. The simplest way to overcome this and thus allow
a planet to maintain a non-zero eccentricity and experience continuous tidal heating is
for the planet to be in or near resonance with the orbits of other planets in the system,

as o is with Europa and Ganymede in the Jovian system (Luger et al., 2017).

MeclIntyre (2022) defines an optimal tidal heating zone between 40 mW m~2 and
300 W m~2, where the lower limit is set by the minimum internal heat flux necessary
to allow for mobile lid plate tectonics. As we have defined them here, Ignan Earth’s would
be found in the overlap of the circumstellar habitable zone and a more constrained range
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of McIntyre (2022)’s tidal heating zone, extending down to 2 W m~2. This overlap is
shown in Fig. 4 by McIntyre (2022), and as the tidal heating zone for an Ignan Earth

is narrower than the one shown in the figure, Ignan Earths would only be found in cases
where there is substantial overlap between the two zones. Such overlap can be found in
planets with masses greater than 0.5 Mg and with eccentricities of 0.1 and above. How-
ever, overlap is negligible or nonexistent for less massive worlds and those with eccen-
tricities at or below 0.01.

4.1 Candidate Ignan Earths

Determining the tidal heating rates of exoplanets is a challenging task, as it requires
knowledge of a wide variety of factors about the planets and their planetary system that
are often unconstrained. While the planetary size, mass and mean orbital motion might
be well known, large uncertainties often exist in the orbital eccentricity. In addition, the
dissipation of tidal energy within the planet depends on the material properties and struc-
ture of the planet, which are also highly unconstrained. Different studies have attempted
to calculate the tidal heating for some notable habitable zone M-dwarf planets using dif-
ferent models of tidal dissipation.

The TRAPPIST-1 system is one of the most well known potentially habitable M-
dwarf systems, and consequently has been well studied. Numerous sources have estimates
for the tidal heat fluxes of the systems seven planets. TRAPPIST-1b is estimated to have
heat fluxes ranging from that of Io up to 10 W m~2 (Luger et al., 2017), meaning it is
a Super lo candidate. However, the two innermost TRAPPIST-1 planets are inside the
circumstellar habitable zone, meaning they are not Ignan Earths. Looking at the hab-
itable zone planets, McIntyre (2022) estimates the tidal heating fluxes of TRAPPIST-

1d, eand fto be 1.27 W m~2, 100 mW m~2 and 70 mW m™2, respectively, whereas Bolmont

et al. (2020) has differing values depending of the interior structure model used for each
planet. For TRAPPIST-1e, they find a heat flux of 22 - 36 mW m~2 for the multi-layer
and layer averaged models, and 1.5 - 2.4 W m~?2 according to the homogeneous model.
For TRAPPIST-1 f they calculate 25 - 34 mW m™2 for the multi-layer and layer aver-
aged models, and 130 - 400 mW m~?2 according to the homogeneous model. This is sim-
ilar to the calculations done by Barr et al. (2018), where they found the tidal heating
rates of TRAPPIST-1 d - f to be 140 - 180 mW m~2. Regardless, even the most opti-
mistic models predict the tidal heat fluxes barely reach those needed to be considered
an Ignan Earth, making the habitable zone TRAPPIST-1 planets unlikely Ignan Earth
candidates.

Other M-dwarf systems possess planets that are far more likely to be Ignan Earths.
Teegarden’s Star c is the outermost of the two known habitable zone Earth-massed plan-
ets within the system, and has an estimated tidal heat flux of 5.98 W m~=2 (McIntyre,
2022), making it a prime Ignan Earth candidate. A similar candidate is Ross 128 b with
an estimated tidal heat flux of 8.02 W m~2 (Mclntyre, 2022). Even larger heat fluxes
are calculated for Proxima Centauri b and GJ 1061 d, with values of 33.31 W m~2 and
42.28 W m~2, respectively (McIntyre, 2022), making both of these worlds extreme Ig-
nan FEarth candidates. Some planets have simulated tidal heat fluxes in excess of the crit-
ical Tidal Venus limit set by Barnes et al. (2013), placing them outside the Ignan Earth
tidal heating range. For example, Teegarden’s Star b, the innermost known planet of Tee-
graden’s Star system, has an estimated tidal heat flux of 392 W m~2 (McIntyre, 2022),
likely making the planet a Tidal Venus. A similar fate is also probable for GJ 1061 ¢ with
an estimated tidal heat flux of 344 W m~2 (Mclntyre, 2022), meaning both worlds have
likely experienced a full runaway greenhouse.
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5 Discussion

A terrestrial world should experience heat-pipe tectonics as long as the internal heat
production is sufficient to maintain a mantle above the solidus temperature, thus ensur-
ing a continuous supply of partial melt available for heat-pipe volcanism and thus sus-
tain super-solidus convection (Moore et al., 2017). Moore et al. (2017) describes how all
rocky worlds experience a heat-pipe tectonic phase after the solidification of their ini-
tial magma oceans, after which most will then transition to either a stagnant lid or mo-
bile lid tectonic regime when internal heat production and mantle temperatures drop far
enough for sub-solidus convection to dominate. As seen in Fig. 1, most of the explored
range of geothermal heating is sufficient to maintain a mantle with continuous partial
melt, regardless of planet mass, and thus any terrestrial world experiencing such inter-
nal heating will remain in a heat-pipe tectonic regime indefinitely and thus be classified
as an Ignan Earth.

For Ignan Earth’s powered by tidal heating, we assume a heat-pipe, vertical cycling
tectonic regime and not a mobile lid regime. However, McIntyre (2022) indicates that
enough tidal stress can provide sufficient lateral force on the crust to initiate subduc-
tion and thus force a planet into a mobile lid regime. Our model does not assume a mo-
bile lid regime, or any type of hybrid mobile lid and heat-pipe tectonic system, there-
fore our model does not apply to any tidally induced mobile lid world. However, our model
should still be widely applicable, as out of a sample of 767 terrestrial exoplanets stud-
ied by McIntyre (2022), only 28 % exceeded the threshold of tidal stress and are predicted
to be in a mobile lid regime. Their data set includes numerous planets that are both in
the habitable zone and have the optimal tidal heating rates to be Ignan Earths while not
enough tidal stress to have mobile lid tectonics.

5.1 Climate Model Limitations

Even for terrestrial planets with continuous partial melt in their mantles that ex-
perience only heat-pipe tectonics, there are other limitations that should be specified.
Our climate model does not take into account the transition to a runaway greenhouse,
as we simply end the simulations at the 300 W/m? cutoff. It is possible that, in reality,
the average surface temperature could rise distinctly as the critical heat flux is approached.
Therefore our model likely underpredicts the average surface temperature when the to-
tal heat flux is near the Runaway Greenhouse Limit. However, this weakness in the model
is probably not a problem for describing real Ignan Earths, as such worlds are very un-
likely to have geothermal heat fluxes that extreme.

Underpredictions are also likely to occur for cold planets in the outer reaches of their
stars habitable zone with low geothermal heat fluxes. As seen in Fig. 4a, an Ignan Earth
at 0.5S will have surface temperatures far below freezing for low heat flux values. Our
model assumes weathering occurs regardless of temperature, but in reality, low enough
global temperatures will likely cut off the ocean from the atmosphere through a global
glaciation, thus preventing seafloor weathering from occurring. In this case, CO2 will build
up in the atmosphere to keep the planet warm enough for at least some ocean to be ice
free, allowing for atmosphere-ocean COs exchange to occur, thus permitting seafloor weath-
ering. Our model again underpredicts these surface temperatures, and a realistic tem-
perature profile would flatten as it entered the -45°C to -70 °C range, the range of tem-
perature predicted for a Snowball Earth (Micheels & Montenari, 2008).

One of the factors that influence the seafloor weathering rate is the resurfacing ve-
locity. The normalizing factor w in Eq. 24 was initially assumed to be 1, but if calcu-
lated, the value of w varies from 0.2 - 6 in the 2 - 60 W/m? heat flux range, reaching val-
ues near 6 at 60 W/m?2. As this is a multiplicative factor when calculating the weath-
ering rate, the highest values would increase the weathering rate, lowering the final at-
mospheric COy content and thus lowering the final average global temperature by ap-
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proximately 6 °C. At the other extreme, a value of 0.2 would decrease the rate of CO9

removal from the atmosphere, yielding higher concentrations overall and a higher aver-

age temperature, but by less than 2 °C. However, this is assuming the scaling factor 3

has the typical value of 1 (Valencia et al., 2018). For a value of 0.5, as suggested by Krissansen-
Totton and Catling (2017), the value of w varies less than a factor of 2, causing an even

smaller final temperature variations than when g8 = 1. Overall, these temperature vari-

ations are not significant enough to change the overall habitability of the simulated Ig-

nan Earth.

Another possible limit to our Ignan Earth climate model is the possible inhibition
of carbon return to the atmosphere due to volatile overpressure. As magma rises to the
surface, the pressure experienced by the melt will decrease. The amount of dissolved COs
in the melt is determined in part by the pressure, and as that pressure decreases, the max-
imum COg able to be dissolved will also decrease. Once a critical pressure is reached,
the magma will become saturated and the COs will degas to the atmosphere-ocean reser-
voir. However, for an Earth-mass planet, a 100 km deep ocean will increase the overall
pressure of the ocean floor and underlying crust such that the COs never reaches the crit-
ical degassing pressure. With a deep enough ocean, the resulting overpressure could cut
off the means by which COg is returned to the atmosphere, preventing this climate feed-
back cycle for taking place. For example, Kite et al. (2009) shows how an ocean 100 km
deep on an Earth-mass planet will prevent CO4 degassing from erupting melt contain-
ing 0.5 wt% COs. Going further, if an Earth-mass planet has surface water of over 40
Earth-oceans, the overpressure is high enough to raise the solidus temperature of the man-
tle such that no partial melting is possible, preventing heat-pipe tectonics from occur-
ring at all (Kite et al., 2009). In either case, our model would no longer be applicable.

5.2 Geothermal Heating Model Limitations

In our model, we assume the mantle is homogeneous and any partial melt will be
evenly distributed amongst the solids in a "magmatic sponge.” However, recent work by
Miyazaki and Stevenson (2022) indicates that magmatic sponges are not always stable,
and a phase separation between the melt and the solid could sometimes occur, leading
to separate magma ocean layer above the rest of the solid mantle. A magmatic sponge
of a certain melt fraction requires sufficient heating to sustain that melt fraction, oth-
erwise the melt will percolate up, separating the magmatic sponge into a liquid layer above
a solid layer. Measurements suggests Io has an upper mantle melt fraction up to 0.2 (Khurana
et al., 2011), but Miyazaki and Stevenson (2022) indicates estimates for Io’s tidal heat-
ing rates are not sufficient to sustain a magmatic sponge with that melt fraction, argu-
ing for the existence of separated melt and solid layers within. This would decouple the
surface of Io from the interior, like the icy surface of Europa is decoupled from the in-
terior by a liquid water ocean. If correct, this could imply that Ignan Earth mantles with
intermediate melt fractions might undergo a phase separation, resulting in subsurface
magma oceans. If this is true about lo, it implies that a solid crust can remain buoyant
and thus stable over geologic time on a liquid mantle. While this is completely contrary
to our basic assumptions in Sec. 2, observations do show that the crust of Io is stable,
and thus perhaps our assumptions of what is necessary for a stable crust are too restric-
tive.

Such concerns could be circumvented if we consider the source of internal heating
for the Ignan Earth. If internal heating is caused by tidal dissipation, then it is impor-
tant to consider how dissipative mantle material is. A magmatic sponge is an effective
dissipator of tidal stress, while a magma ocean is a likely poor dissipator, due to the lower
viscosity (Miyazaki & Stevenson, 2022). For this reason, a similar feedback phenomenon
might take place in a phase-separating mantle as we found in our own mantle evolution
model: Internal heating might push the mantle past a critical point, where the melt and
solid phases separate. Once this occurs, the mantle is no longer as effective at dissipat-
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ing heat, cooling of the interior until the two separate phases re-aggregate. In this way,
a magma ocean layer might be prevented from persisting for the same reasons a man-
tle with a melt fraction of over 0.4 is prevented, as described in Sec. 2.2.

Our work also assumes heating would be uniformly distributed throughout the planet,
but in reality this is likely not the case. Evidence suggests that most of the tidally dis-
sipated heat in Io is deposited in the equatorial regions of the mantle, given the higher

concentrations of volcanoes found in those regions (Hamilton et al., 2013). A non-homogeneous

surface heat flux would not affect the results of this work, as our models involve aver-
ages over the whole planet. However, tidal dissipation does not always occur within the
mantle: In the Earth-Moon system, most dissipation happens in Earth’s surface oceans
(Murray & Dermott, 2000). If this is true for planet with Ignan Earth-like tidal condi-
tions and similar ocean-land configurations as Earth, most of the dissipation will not be
in the mantle, meaning it will not contribute to the internal heating and thus prevent
the planet from being an Ignan Earth.

If tidal heating is the primary pathway that a terrestrial planet can become an Ig-
nan Earth, this might effect the extent of the Habitable Zone. Habitable Zones for Ig-
nan FEarths may differ from those of more conventional, terrestrial planets. The inner
and outer edges of traditional habitable zones are defined by the runaway greenhouse
limit (Nakajima et al., 1992; Goldblatt & Watson, 2012) and the maximum greenhouse
limit (Kopparapu et al., 2013), respectively. The entirety of the habitable zone is cal-
culated assuming the planets possesses the carbonate-silicate cycle. However, an Ignan
Earth would have a modified cycle which could affect the locations of the inner and outer
edges. As the outer edge is farther from the star, the semi-major axis would be larger
and consequently the mean orbital motion of the planet would be significantly slower,
resulting in a significantly weaker tidal force. Therefore, it is likely that M-dwarf terres-
trial planets are more likely to be Ignan Earths near the inner edge of habitable zones
rather than the outer edge.

6 Conclusion

We investigate the habitability of Ignan Earths using a two-part method: First, by
performing a mantle thermal evolution model to determine the rheology of the mantle
and thus assess the stability of the crust, and second, using a climate model to deter-
mine the average surface temperature and overall habitability of the planet. We find that
the mantle will maintain a melt fraction below the critical threshold of 0.4 ensuring a
solid rheological state and thus permitting a stable, buoyant crust to form and persist
over geologic time. A solid rheology is maintained even under extreme internal heating
through a negative feedback loop, where increasing the melt fraction beyond 0.4 and pro-
ceeding into a liquid rheology will drop the mantle viscosity by orders of magnitude, in-
creasing the vigor of convection and thus heat loss, cooling the mantle back until the crit-
ical threshold is met and a solid rheology dominates again.

With a stable surface, we simulate climate on an Ignan Earth over varying inter-
nal heat flux. We model a vertical, heat-pipe tectonic regime with a global ocean where
seafloor weathering absorbs CO, and sequesters it in the crust, vertical cycling brings
it to the mantle where the eruption of melt through heat-pipe volcanism degases it back
to the surface. CO; is partitioned between the atmosphere and global ocean, where the
atmospheric component is used as a greenhouse gas in a climate model where in incom-
ing energy flux is a sum of the solar radiation from above plus the geothermal radiation
from below. From this we compute the average surface temperatures expected on these
Ignan Earths and find them to not only be suitable for liquid water to exist, but com-
parable to climate conditions Earth has experienced in its past. Therefore, Ignan Earth’s
should be habitable in principle and thus should not be overlooked in future searches for
habitable exoplanets.
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Models for this research can be found at (Reinhold & Schaefer, 2023a), while data
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