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Abstract

Climate warming is likely resulting in ocean deoxygenation, but models still cannot fully explain the observed decline in

oxygen. One unconstrained parameter is the oxygen demand for respiring particulate organic carbon and nitrogen (i.e., the

total respiration quotient, rΣ-O2:C). It is untested if rΣ-O2:C systematically declines with depth. Here, we tested for such depth

variance by quantifying particulate organic carbon (POC), particulate organic nitrogen (PON), particulate organic phosphorus

(POP), particulate chemical oxygen demand (PCOD, the oxygen demand for respiring POC), and total oxygen demand (-O2

= PCOD + 2PON) concentrations down to a depth of 1000 m in the Sargasso Sea. C:N and -O2:N changed with depth, but

values at the surface were similar to those at 1000 m. C:P, N:P, and -O2:P exponentially decreased with depth. The respiration

quotient (r-O2:C = PCOD:POC) and total respiration quotient (rΣ-O2:C = -O2:POC) were both higher below the euphotic

zone. We hypothesize that rΣ-O2:C is linked to multiple environmental factors that change with depth, such as phytoplankton

community structure and the preferential production/removal of biomolecules. Using a global model, we show that the global

distribution of dissolved oxygen is sensitive to changes in the PCOD surface production (PPCOD) and depth attenuation

(bPCOD). These variables mostly affect oxygen in the tropical and North Pacific Ocean, where deoxygenation rates and model

discrepancy are the highest. This study aims to improve our understanding of biological oxygen demand as warming-induced

deoxygenation continues.
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Abstract 29 

Climate warming is likely resulting in ocean deoxygenation, but models still cannot fully 30 

explain the observed decline in oxygen. One unconstrained parameter is the oxygen demand 31 

for respiring particulate organic carbon and nitrogen (i.e., the total respiration quotient, rΣ-O2:C). It 32 

is untested if rΣ-O2:C systematically declines with depth. Here, we tested for such depth variance 33 

by quantifying particulate organic carbon (POC), particulate organic nitrogen (PON), particulate 34 

organic phosphorus (POP), particulate chemical oxygen demand (PCOD, the oxygen demand 35 

for respiring POC), and total oxygen demand (-O2 = PCOD + 2PON) concentrations down to a 36 

depth of 1000 m in the Sargasso Sea. C:N and -O2:N changed with depth, but values at the 37 

surface were similar to those at 1000 m. C:P, N:P, and -O2:P exponentially decreased with 38 

depth. The respiration quotient (r-O2:C =  PCOD:POC) and total respiration quotient (rΣ-O2:C 39 

= -O2:POC) were both higher below the euphotic zone. We hypothesize that rΣ-O2:C is linked to 40 

multiple environmental factors that change with depth, such as phytoplankton community 41 

structure and the preferential production/removal of biomolecules. Using a global model, we 42 

show that the global distribution of dissolved oxygen is sensitive to changes in the PCOD 43 

surface production (PPCOD) and depth attenuation (bPCOD). These variables mostly affect oxygen 44 

in the tropical and North Pacific Ocean, where deoxygenation rates and model discrepancy are 45 

the highest. This study aims to improve our understanding of biological oxygen demand as 46 

warming-induced deoxygenation continues. 47 

 48 

Plain Language Summary 49 

 Rising ocean temperatures are likely causing the observed decline of dissolved oxygen 50 

below the ocean surface. This continued oxygen loss threatens the survival of many marine 51 

animals. Currently, global models cannot fully explain the observed rate of oxygen loss with 52 

warming. One missing component could be variance in the respiration quotient, the ratio of 53 

oxygen consumed per organic carbon respired. However, the respiration quotient has yet to be 54 

estimated at different depths by directly measuring the chemical composition of organic matter. 55 

Here, we used direct measurements to find that the respiration quotient varied with depth in the 56 

western Atlantic Ocean. Therefore, the respiration quotient at the surface should not represent 57 

values at deeper depths. In addition, we used a global model to find that the respiration quotient 58 

mostly affects oxygen in the tropical and North Pacific Ocean, where unexplained oxygen loss is 59 

the highest. Therefore, more extensive data on the respiration quotient may significantly 60 

improve global models61 
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1 Introduction 62 

Climate warming is anticipated to lead to a reduction of dissolved oxygen in the ocean 63 

interior (Schmidtko et al., 2017; Levin, 2018). This deoxygenation will put many animal species 64 

at risk of extinction (Gallo & Levin, 2016; Breitburg et al., 2018), and significantly impact global 65 

carbon and nitrogen cycles (Keeling et al., 2010). The rate of ocean deoxygenation is calculated 66 

through models that incorporate established mechanisms by which ocean warming contributes 67 

to oxygen loss. Currently, it is known that warming decreases oxygen solubility, decreases the 68 

vertical transport of oxygen, and increases respiration rates (Shepherd et al., 2017). However, 69 

oxygen models can only capture ~50% of the observed deoxygenation rate (Oschlies et al., 70 

2018), with the largest discrepancy in tropical thermocline waters (Stramma et al., 2012). It is 71 

hypothesized that this discrepancy will decrease with a better understanding of the 72 

stoichiometric demand for dissolved oxygen when respiring organic carbon and nitrogen 73 

(Robinson, 2019). 74 

In the open ocean, the oxygen demand is controlled by elemental ratios of organic 75 

matter (Redfield, 1934; Anderson, 1995). First, from a mass balance approach, phytoplankton 76 

C:N and C:P link a limiting nutrient supply to the abundance of respirable compounds (Dugdale, 77 

1967). Second, considering the reaction for respiring an organic compound: 78 

 79 

(1) Cx(H2O)w(NH3)yHzH3PO4 + (x + ¼ z)O2 → xCO2 + yNH3 + H3PO4 + (w + ½ z)H2O  80 

 81 

the oxygen demand for respiring organic carbon (i.e., the respiration quotient, r-O2:C) is 82 

dependent on the carbon oxidation state (Cx:Hz in Equation 1; Paulmier et al., 2009). Therefore, 83 

r-O2:C is sensitive to proportions of biomolecules, since lipids are more chemically-reduced than 84 

carbohydrates (Laws, 1991). Third, due to additional oxygen consumption for nitrification: 85 

 86 

(2) yNH3 + (2y)O2 → yHNO3 + yH2O 87 

 88 

the oxygen demand for respiring nitrogen is also dependent on C:N of organic matter (Babbin et 89 

al., 2014). Despite the effects of variable stoichiometry, a fixed C:N:P:-O2 is still commonly 90 

prescribed in biogeochemical models (Robinson, 2019). Observations show that C:N:P:-O2 91 

varies between phytoplankton lineages (Finkel et al., 2016; Jónasdóttir, 2019), and is linked to 92 

temperature and nutrient stress (Liefer et al., 2019; Moreno et al., 2022). Variable C:N:P:-O2 has 93 
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also been estimated from steady-state modeling (Takahashi et al., 1985; Anderson & 94 

Sarmiento, 1994) and bottle incubations (Arístegui et al., 2005) with mixed reviews and many 95 

caveats (Robinson, 2019). However, C:N:P:-O2 has yet to be measured throughout the water 96 

column using direct elemental analysis of particulate organic matter (POM). 97 

 C:N:P:-O2 of POM may vary with depth in the open ocean. Direct H:C measurements 98 

from sinking POM have shown decreasing trends with depth (Karl & Grabowski, 2017). This 99 

suggests an increase in the carbon oxidation state of POM through the water column and a 100 

possible decrease in r-O2:C. The vertically-changing carbon oxidation state may result from the 101 

partial oxidation of sinking organic matter, or selective feeding by zooplankton for energy-rich 102 

(i.e., more chemically-reduced) food throughout the upper ocean (Karl & Grabowski, 2017; 103 

Gunina & Kuzyakov, 2022). Additionally, C:N of POM often increases with depth (Schneider et 104 

al., 2003), which has been attributed to the preferential recycling of nitrogen-rich compounds by 105 

bacterial decomposers (Olesen & Lundsgaard, 1995). We hypothesize that the total respiration 106 

quotient for respiring both carbon and nitrogen of POM (rΣ-O2:C) systematically declines with 107 

depth due to these drivers of H:C and C:N. 108 

Here, we test whether rΣ-O2:C decreases with depth by quantifying particulate organic 109 

carbon (POC), particulate organic nitrogen (PON), particulate organic phosphorus (POP), and 110 

particulate chemical oxygen demand (PCOD, the oxygen demand for respiring POC) 111 

concentrations from the surface to 1000 m deep. In addition, we use a steady-state model to 112 

determine the global dissolved oxygen sensitivity to r-O2:C variance. We also address how 113 

C:N:P:-O2 compares to the Redfield (1934) proportions with depth, identify the environmental 114 

processes that likely drive depth variance in rΣ-O2:C, and discuss how our results impact oxygen 115 

cycling in the interior ocean.116 

 117 

2 Methods 118 

2.1 Cruise Stations  119 

We sampled seawater and collected hydrographic data aboard the R/V Atlantic Explorer 120 

as part of the Bermuda Atlantic Times-series Study (BATS) Validation Cruise 58 (BVal58) 121 

(Figure 1). For BVal58, the cruise started at St. George’s, Bermuda on 11 October 2021 and 122 

ended at San Juan, Puerto Rico on 21 October 2021. We sampled seawater and collected 123 

hydrographic data at a total of 13 stations (Stations #2 - 14) including the BATS site (Station 124 

#2). The 13 stations followed a transect from 31°40’N 64°10’W to 19°40’N 65°58’W separated 125 

by 1° in latitude. Seawater sampling and hydrographic data collection occurred at random times 126 



 
 

5 

throughout the 24 h cycle. We measured elemental concentrations of POM throughout the 127 

euphotic zone (5 - 120 m) at all 13 stations, and throughout the disphotic zone (150 - 1000 m) at 128 

5 stations (Stations #2, 5, 9, 11, & 12). 129 

 130 

2.2 Hydrography  131 

Temperature, dissolved oxygen concentration, and chlorophyll-a fluorescence were 132 

measured using a Sea-bird 911 CTD at all 13 stations. These variables were quantified at 133 

depths of 5 - 1000 m, with depth binned as every 2 m. For each station, the depth below the 134 

mixed layer where chlorophyll-a fluorescence intensity reached a maximum was the depth of 135 

the deep chlorophyll maximum (DCM). The DCM depth can be used to estimate the base of the 136 

euphotic zone (Terzić et al., 2019), and proxy the nutricline depth, an indicator of surface 137 

nutrient scarcity (Estrada et al., 1993).  138 

 139 

2.3 Nutrient Sampling 140 

Nitrate and phosphate concentrations were measured from all sampled depths. 141 

Seawater for nutrient determination was sampled using a JGOFS protocol by Ducklow & 142 

Dickson (1994) and updated by Sanderson et al. (1997). The seawater was filtered by attaching 143 

an 0.8 µm Nuclepore filter to the spigot of an Ocean Test Equipment (OTE) bottle. The seawater 144 

was then bottled (HDPE) and frozen at -20 oC until analysis. Nitrate and phosphate were 145 

photometrically determined using Continuous Flow Analysis on a Technicon AutoAnalyzer II. To 146 

detect nitrate, the nitrate is first reduced to nitrite using a copperized cadmium column. The 147 

nitrite reacts with 0.06 M sulfanilamide and then 4 mM N-(1-naphthyl)ethylene-1,2-diamine 148 

(NEDA) to produce a red azo dye. To detect phosphate, 0.186 M molybdic acid in 6.3 M sulfuric 149 

acid is introduced to phosphate to form a blue phosphomolybdenum solution. 150 

 151 

2.4 POM Sampling in the Euphotic Zone (Depths of 5 - 120 m)  152 

Seawater was collected in the euphotic zone at Stations #2 - 14 for determining 153 

elemental concentrations of POM (POC/N, POP, & PCOD). At Station #2 and #9, we sampled 154 

POM 4 and 3 times respectively to constrain any diel variation. A total of 18 casts were made in 155 

the euphotic zone. Per cast, seawater was collected at 5, 40, 80, and 120 m deep using a CTD 156 

rosette fitted with twenty-four 10 L Niskin bottles (OTE). All sampling carboys were rinsed 3 157 

times with collected seawater before filling to 8 L. POM was collected on 25 mm GF/F filters (0.7 158 

µm pore size, Whatman, GE Healthcare) pre-combusted at 500 °C for 4 h. The 6 filters 159 

collected at each depth of each station resulted in duplicate samples for the POC/N, POP, and 160 
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PCOD assays. After filtering 8 L, the filters for the POP assay were rinsed with 5 mL of 0.17 M 161 

NaSO4 to remove dissolved inorganic phosphorus, and the filters for the PCOD assay were 162 

rinsed with 5 mL of deionized water to remove chloride ions. All filters were folded in half after 163 

filtration, sealed inside pre-combusted aluminum foil (500˚C for 4 h),  and stored at -80 °C. Post-164 

assays, we accounted for POM on blank filters by subtracting the average value of 10 dry 165 

blanks. The dry blanks were pre-combusted filters that had not been used for filtering. 166 

 167 

2.5 POM Sampling in the Disphotic Zone (Depths of 150 - 1000 m)  168 

The methodology for sampling seawater in the disphotic zone was different due to the 169 

low POM concentrations. We deployed McLane Large Volume - Water Transfer System (WTS-170 

LV) pumps at 5 stations (Stations #2, 5, 9, 11, & 12) to filter large volumes of seawater. Per 171 

cast, McLane pumps were lowered to depths of 150, 200, 300, 400, 500, and 1000 m. Each 172 

McLane pump directly filtered 557 - 821 L of seawater through a 142 mm diameter pre-173 

combusted GF/F filter (0.7 µm pore size, Whatman, GE Healthcare). After recovering the 174 

McLane pumps, the filters were similarly folded in half, sealed with pre-combusted aluminum 175 

foil, and stored at -80 °C.  176 

On shore, we hole-punched the 142 mm diameter filters in 15 places with a carbon-steel 177 

18 mm hole-puncher that had been pre-combusted (500 °C for 4 h). Since the filters were still 178 

folded in half, each hole-punch created a pair of chads that were stuck together with organic 179 

matter in between them, resembling an “Oreo cookie.” These chad pairs had a diameter of 18 180 

mm and were a sufficient size for the assays. Taking into account the O-ring, two 18 mm 181 

diameter circles equal 3.8% of the total filter area containing POM. 1 - 4 chad pairs served as 182 

one replicate sample depending on the sensitivity of the assay. 2 - 4 replicate samples were 183 

made for each assay. Dry blanks were prepared by hole-punching a pre-combusted, but unused 184 

142 mm GF/F filter. 185 

 186 

2.6 Particulate Organic Carbon and Nitrogen (POC/N) Assay  187 

Particulate organic carbon and nitrogen were quantified from the same filter. The POC/N 188 

samples were processed using a JGOFS protocol (Ducklow & Dickson, 1994). Filters for the 189 

POC/N assay were dried at 55 °C for 24 h. Filters were then placed in a desiccator with 12 M 190 

hydrochloric acid for 24 h to remove inorganic carbonates. Filters were then re-dried for a 191 

minimum of 48 h at 55 °C. After drying, the filters were folded and pelletized into pre-combusted 192 

tin capsules (CE Elantech, Lakewood, NJ). Each tin-wrapped sample was analyzed in a 193 

FlashEA 1112 Elemental Analyzer using the NC Soils setup (Thermo Scientific, Waltham, MA). 194 
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Known masses of atropine and acetanilide were used as standards for each run. The minimum 195 

detection limits for carbon and nitrogen were 2.4 µg and 3.0 µg respectively.  196 

 197 

2.7 Particulate Organic Phosphorus (POP) Assay 198 

 We quantified particulate organic phosphorus using an ash-hydrolysis method presented 199 

by Lomas et al. (2010). Filters were placed in autoclaved glass vials with 2 mL of 0.017 M 200 

MgSO4, covered with pre-combusted aluminum foil (500 oC for 4 h), and then combusted at 500 201 
oC for 2 h. 5 mL 0.2 M HCl was added and incubated at 80 - 90 oC for 30 min. After cooling, the 202 

solution was poured into a glass centrifuge tube. The glass vial was rinsed with 5 mL of 203 

deionized water, which was then poured into the same centrifuge tube. A mixed reagent of 204 

0.0243 M ammonium molybdate tetrahydrate, 5 N sulfuric acid, 0.004 M potassium antimonyl 205 

tartrate, and 0.3 M ascorbic acid (2:5:1:2) was added to each tube before being set in the dark 206 

for 30 min. Tubes were then centrifuged at 4000 rpm and quantified at 885 nm with a 207 

spectrophotometer using a potassium monobasic phosphate standard (1.0 mM-P). 208 

 209 

2.8 Particulate Chemical Oxygen Demand (PCOD) Assay  210 

The PCOD assay is a wastewater assay that has been modified by Moreno et al. (2020) 211 

to accurately quantify oxygen needed to fully oxidize organic carbon on GF/F filters. Note that 212 

because dichromate does not oxidize ammonium, this assay does not quantify oxygen demand 213 

for nitrification. Prior to the assay, the filters were dried at 55 °C for at least 24 h. For analysis, 214 

filters were added into HACH COD HR+ reagent vials (Product no. 2415915 containing mercuric 215 

sulfate) with 2 mL of milli-Q water. Vials were digested at 150 °C for 2 h, then 92.1 μL of 0.163 216 

M NaCl was added to induce even precipitation of silver chloride. Vials were then inverted twice 217 

and centrifuged for 30 min at 2,500 rpm. The absorbance of each vial was measured at 600 nm 218 

using a spectrophotometer. The oxygen demand was quantified using a standard curve made 219 

from HACH certified phthalate-based standards. 220 

 221 

2.9 Calculating Ratios and -O2 222 

 Elemental ratios (µM:µM) were quantified using mean concentrations from the same 223 

depth and station. Here, the respiration quotient (r-O2:C) is defined as ratio of PCOD to POC. We 224 

quantified the total oxygen demand for respiring both organic carbon and nitrogen (-O2) as 225 

PCOD plus double PON in units of micromolar (Equations 1 and 2; Paulmier et al., 2009). The 226 

total respiration quotient (rΣ-O2:C) is the ratio of -O2 to POC. 227 

 228 
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2.10 Depth Variance in Ratios with Respect to Redfield Proportions 229 

 We defined X* for all elemental ratios similarly to how Gruber & Sarmiento (1997) 230 

defined the nutrient tracer N*. Considering a ratio’s numerator (n), denominator (d), and 231 

respective Redfield proportion value (R):  232 

 233 

(3) 𝑋 ∗ = 𝑛 − (𝑑 × 𝑅) 234 

 235 

R was 106/16, 106/1, and 16/1 for C:N, C:P, and N:P respectively. R was 1.0 and 1.3 for r-O2:C 236 

and rΣ-O2:C (Redfield, 1934). We refer to X* of a ratio based on the ratio’s numerator and 237 

denominator (e.g., the X* of C:N is called CN*).  238 

 239 

2.11 Statistical Tests and Regression Models 240 

 First, we tested for latitudinal and temporal variability in the elemental concentrations 241 

from the euphotic zone. We evaluated each elemental concentration as a linear combination of 242 

depth and latitude. Second, we defined each concentration from the euphotic zone as another 243 

linear combination using depth and the local time when seawater was sampled. In this model, 244 

we incorporated the time of day as part of a sinusoidal function that indicates the intensity of 245 

sunlight at the sampling hour (Garcia et al., 2022). Elemental concentrations (y), depth (D), and 246 

sampling hour (t) were defined such that: 247 

 248 

(4) 𝑦 =  𝑐௖  +  𝑐஽(𝐷)  +  𝐴 𝘴𝘪𝘯(𝜋𝑡/12 +  𝜙)     249 

 250 

Lastly, we tested the hypothesis that the rΣ-O2:C systematically decreased with depth by defining 251 

rΣ-O2:C as a linear function of depth. Models were considered to be significant if an F-test 252 

determined that all coefficients were significant (p > 0.05). 253 

 254 

2.12 The Sensitivity of Global Dissolved Oxygen to r-O2:C Variance 255 

 It is uncertain how variance in r-O2:C impacts the global dissolved oxygen distribution. 256 

Building on the model of Wang et al. (2019), Moreno et al. (2020) created a steady-state model 257 

to predict this distribution based on the surface production and depth attenuation of PCOD and 258 

POC fluxes. In the model, r-O2:C varies at the surface as a function of sea surface temperature. 259 

The production rate of PCOD (PPCOD) is defined as POC production multiplied by r-O2:C. The 260 

depth attenuation of PCOD follows a Martin curve with a characteristic b-exponent (bPCOD) 261 

(Martin et al., 1987). PPCOD and bPCOD are adjustable model variables whose values and 262 
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associated uncertainties are estimated using hydrographic dissolved oxygen and dissolved 263 

inorganic carbon distributions. Using this approach of Moreno et al. (2020), we predicted the 264 

global distribution of dissolved oxygen at a depth of 1000 m under four scenarios: 90% PPCOD, 265 

110% PPCOD, 90% bPCOD, and 110% bPCOD. For each scenario, we compared the predicted 266 

oxygen distribution to the observed distribution at a global scale. 267 

 268 

3 Results 269 

 To test our hypothesis, we quantified hydrographic data and POM elemental 270 

concentrations in the western North Atlantic Ocean (Figure 1). POC, PON, POP, and PCOD 271 

concentrations were quantified throughout the euphotic zone (5 - 120 m) at 13 stations, and the 272 

disphotic zone (150 - 1000 m) at 5 stations. POM ratios (C:N, C:P, and N:P) and respiration 273 

ratios (r-O2:C, rΣ-O2:C, -O2:N, and -O2:P) were quantified using mean concentrations from unique 274 

depths and stations. In addition, we used a steady-state model (Moreno et al., 2020) to 275 

determine the sensitivity of global oxygen at 1000 m depth to r-O2:C variance. We varied r-O2:C by 276 

changing either PCOD surface production (PPCOD) or depth attenuation (bPCOD) by ±10%. Here, 277 

we first describe the hydrographic setting of our observations, then present the observed 278 

variability in elemental concentrations and ratios, and lastly report the modeled sensitivity of 279 

global oxygen to r-O2:C variance. 280 

 281 

 282 

 283 
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 284 
 285 
Figure 1: Map of station from BATS validation cruise. Stations #2 - 14 of the Bermuda Atlantic Time-286 
series Study Validation cruise #58 (31°40’N 64°10’W to 19°40’N 65°58’W). The cruise went from St. 287 
George’s, Bermuda to San Juan, Puerto Rico, 11-21 October 2021. Station #2 is the site of the Bermuda 288 
Atlantic Time-series Study (BATS). We measured concentrations of POM in the euphotic zone (5, 40, 80, 289 
& 120 m depth) at all 13 stations, and in the disphotic zone (150, 200, 300, 400, 500, & 1000 m depth) at 290 
Stations #2, 5, 9, 11, & 12. 291 
 292 

3.1. Hydrography 293 

We observed clear vertical gradients and limited latitudinal gradients in hydrographic 294 

conditions (Figure S1 in Supporting Information S1). Sea surface temperature steadily 295 

increased from north to south by ~3˚C. Temperature in the disphotic zone was relatively 296 

constant throughout the transect, except for slightly higher temperatures below 300 m at 19 - 297 

21°N. Dissolved oxygen concentrations declined from north to south in both the euphotic and 298 

disphotic zones. The highest concentrations of dissolved oxygen were towards the base of the 299 

euphotic zone at 27 - 32°N, whereas a concentration minimum was seen at 400 - 900 m from 20 300 

- 24°N. Chlorophyll-a fluorescence reached maximum values at depths of 100 - 130 m, defining 301 

the deep chlorophyll maximum and approximate upper bound of the euphotic zone base. The 302 

nutricline depth (where nitrate reaches 1 µmol/kg) ranged from 150 - 200 m depth. Considering 303 

the limited latitudinal gradient in hydrographic conditions, we expected to find limited latitudinal 304 

variability in the elemental concentrations and ratios.  305 
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 306 

3.2 Latitudinal and Temporal Variability of Elemental Concentrations 307 

 Elemental concentrations from the euphotic zone did not have strong latitudinal or 308 

temporal variability (Figure S2 in Supporting Information S1). We tested for significant latitudinal 309 

variability by defining each concentration in the euphotic zone as a linear combination of depth 310 

and latitude. Only POC varied with latitude (Table S1 in Supporting Information S1). We also 311 

tested if concentrations in the euphotic zone showed diel shifts, but only PCOD showed any 312 

significant changes with time (±0.8 µM) and peaked toward the end of the photic period (5:20 313 

pm; Figure S3 and Table S2 in Supporting Information S1). Since elemental concentrations from 314 

the euphotic zone showed limited latitudinal and diel variability, we treated all casts as replicates 315 

for determining the depth variance in ratios. 316 

 317 

3.3 Elemental Concentrations and Ratios vs. Depth 318 

We found clear depth variance in elemental concentrations and ratios (Figure 2). The 319 

highest mean concentrations of PCOD and POC were detected at the surface, whereas PON 320 

and POP peaked at 80 m (Figure 2a). All elemental concentrations exponentially decreased 321 

with depth below 80 m (Figure 2a). C:N and -O2:N generally decreased from the surface to 500 322 

m, but increased back to surface values at 1000 m (Figures 2b and 2c). In contrast, C:P, N:P, 323 

and -O2:P consistently decreased from the surface to 1000 m (Figures 2b and 2c). r-O2:C and rΣ-324 

O2:C decreased with depth in the euphotic zone, but increased in the disphotic zone (Figure 2c). 325 

There was a large change in most ratios from 120 m to 150 m, which may be in part due to the 326 

different sampling methods (Figures 2b and 2c). When defining rΣ-O2:C as a linear function of 327 

depth from the surface to 1000 m, rΣ-O2:C increased with depth (slope [SE] = 3.0 x 10-4 [6.2 x 10-328 
5], intercept [SE] = 1.3 [0.02], p = 7 x 10-6). Generally, PCOD and PON declined more slowly 329 

with depth than POC and POP, and some ratios exhibited a change in trend below the euphotic 330 

zone. 331 

 332 

 333 
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 334 
 335 
Figure 2: Depth profiles of elemental concentrations and ratios. (a) Elemental concentrations, (b) 336 
POM ratios, and (c) respiration ratios were quantified at depths of 5, 40, 80, 120, 150, 200, 300, 400, 500, 337 
and 1000 m (N = 19, 16, 17, 17, 4, 5, 4, 4, 5, and 5 respectively). -O2 = PCOD + 2PON in units of 338 
micromolar. r-O2:C is PCOD:POC and rΣ-O2:C is -O2:POC. The gray dashed line separates the euphotic and 339 
disphotic zones, which had been sampled using different methods (see Methods). Red lines show the 340 
medians, blue boxes show the 25th and 75th percentiles, and black whiskers show the 5th and 95th 341 
percentiles. 342 
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 367 
3.5 The Sensitivity of Global Dissolved Oxygen to r-O2:C Variance 368 

In the steady-state model by Moreno et al. (2020), changing the PCOD surface 369 

production (PPCOD)  vs. depth attenuation (bPCOD)  had different regional impacts on the global 370 

distribution of dissolved oxygen (Figure 4). Our observed PCOD and POC concentrations at 371 

1000 m were one order of magnitude higher than the global averages estimated by the model 372 

(Figures 4a and 4b). r-O2:C at 1000 m was more sensitive to a 10% change in bPCOD rather than 373 

PPCOD (Figures 4a and 4b). Changing PPCOD or bPCOD resulted in similar distributions of oxygen 374 

sensitivity, with the highest sensitivity occurring in the tropical and North Pacific Ocean (Figure 375 

4c). Between the two variables, bPCOD had a stronger effect in this region, especially in the 376 

California Current System (Figure 4c). In contrast, PPCOD had greater influence over the Atlantic 377 

Ocean, Arctic Ocean, and Arabian Sea (Figure 4c). When comparing opposite scenarios of the 378 

same variable, a 10% increase had an almost identical distribution as a 10% decrease for both 379 

PPCOD and bPCOD (Figure S4 in Supporting Information S1). In addition, the total O2 at 1000 m 380 

was equally sensitive to a 10% change in PPCOD or bPCOD (Figure 4c). In summary, changing 381 

PPCOD or bPCOD resulted in similar distributions of oxygen sensitivity at 1000 m, but bPCOD had a 382 

greater effect on oxygen in the North Pacific. 383 

 384 

 385 
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 386 
 387 
 388 
Figure 4: Sensitivity of global ocean oxygen to variation in the respiration quotient. (a,b) Depth 389 
profiles of PCOD and POC from the model scenarios and observations. Modeled concentrations originate 390 
from globally-averaged predictions based on hydrographic dissolved oxygen and dissolved inorganic 391 
carbon distributions. Observed concentrations are averaged from the BVal58 data set. (c) the sensitivity 392 
of global oxygen at 1000 m deep to ±10% bPCOD (depth attenuation) or PPCOD (production). 393 
 394 
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4 Discussion  395 

We did not find evidence that the rΣ-O2:C vertically declines from the surface to 1000 m 396 

and thus reject our initial hypothesis. rΣ-O2:C did decline with depth in the euphotic zone, which is 397 

possibly due to changes in phytoplankton physiology rather than the removal processes 398 

suggested in Karl & Grabowski (2017). For example, phytoplankton at deeper depths have 399 

larger cell size, thus a lower percentage of biomass is attributed to their phospholipid membrane 400 

(Arin et al., 2002; Latasa et al., 2016). Lower light intensity at the base of the euphotic zone also 401 

decreases lipid over carbohydrate production by phytoplankton (Suárez & Marañón, 2003; 402 

Rayati et al., 2020). However, the select removal of more oxidized biomolecules, such as 403 

carbohydrates, could be driving the elevated rΣ-O2:C observed in the disphotic zone (Liu et al., 404 

2022). In addition, some chemically-reduced carbon that sinks may be preserved from bacterial 405 

degradation and accumulate in the disphotic zone (Lee et al., 2004). Therefore, a higher 406 

abundance of more reduced carbon may explain a higher -O2:N found in the Sargasso Sea, 407 

rather than underestimated C:N (Fawcett et al., 2018). To conclude, rΣ-O2:C varies with depth, 408 

thus surface values alone should not be used to constrain oxygen consumption at deeper 409 

depths. 410 

C:N:P with depth may explain some nuances in the respiration ratios. Here, the trend of 411 

C:N with depth is similar to Hansell & Carlson (2001), which may be due to increasing bacterial 412 

abundance with depth (Gunderson et al., 2002). However, global POM trends show increasing 413 

C:N and C:P with depth in most regions (Schneider et al., 2003; Tanioka et al., 2021). Higher 414 

C:N and C:P with depth result in a higher -O2:N and -O2:P than what is estimated from nutrient 415 

flux alone (DeVries & Deutsch, 2014). In addition, N:P is considered to generally increase due 416 

to the faster attenuation of P, however we found that N:P decreased with depth (Clark et al., 417 

1998). Nevertheless, our measurements of elevated N:P show that the euphotic zone r-O2:C is 418 

depressed under P limitation (Geider & La Roche, 2002; Klausmeier et al., 2004). Similarly, 419 

Moreno et al. (2022) found that the surface r-O2:C is depressed in P stressed regions of the 420 

eastern Pacific and Atlantic oceans. In summary, C:N:P relates respiration ratios to nutrient flux 421 

and the type of nutrient stress present. 422 

Here we present the first data set of C:N:P:-O2 measured at different depths by direct 423 

elemental analysis of POM, but there are multiple caveats to our results. First, POM 424 

concentrations measured from large volume pumps were on average lower than concentrations 425 

from Niskin bottles at the same depths (Figure S5 in Supporting Information S1). This is 426 

consistent with past observations showing that large volume pumps can lead to lower estimates 427 

of POM elemental concentrations (Altabet et al., 1992; Schneider et al., 2003). In addition, the 428 
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lower deviation between concentrations from the disphotic zone is in part due to the lower 429 

sampling size. This difference in sampling technique can also contribute to some of the variance 430 

in elemental ratios at the bottom of the euphotic zone, but will not affect the gradients within 431 

either the euphotic or disphotic zones. Despite a potential bias between our two sampling 432 

methods, our elemental concentrations still fall within expected ranges with respect to depth, 433 

region, and season (Lomas et al., 2010; Lomas & Moran, 2011). Second, the Sargasso Sea has 434 

a unique ecosystem due to the high production of the Sargassum macroalgae (Stoner & 435 

Greening, 1984). The trends we found in the ratios may be due to regional drivers distinct from 436 

the global ocean. Thus, measurements of vertical C:N:P:-O2 gradients in other regions are 437 

needed. Third, we do not know the proportion of the POM respired at each depth since we 438 

measured standing stocks rather than sinking rates (Shanks & Trent, 1980; Buesseler et al., 439 

2020). This uncertainty makes it harder to constrain the true oxygen demand at each depth. It is 440 

important to recognize these limitations if incorporating the observed stoichiometric gradients 441 

into global models. 442 

Despite these caveats, we introduce observational data describing r-O2:C and rΣ-O2:C depth 443 

variances, which are important for modeling global oxygen consumption. We observed PCOD 444 

and POC concentrations that are higher than the global averages estimated by the steady-state 445 

model, which is unexpected for the Sargasso Sea (Figures 4a and 4b) (Ono et al., 2001). 446 

However, the depth attenuation of POM could be overestimated by the model (Buesseler et al., 447 

2020). Nonetheless, PPCOD  and bPCOD mostly affect oxygen in the tropical and North Pacific 448 

Ocean, where deoxygenation rates and model discrepancy are the highest (Stramma et al., 449 

2012; Schmidtko et al., 2017). (Figure 4c). Model discrepancy of oxygen is thought to be mostly 450 

caused by unconstrained circulation, but r-O2:C spatial variance may explain some of the 451 

observed oxygen decline (Stramma et al., 2012). r-O2:C spatial variance is also subject to 452 

change, since POM depth attenuation and r-O2:C at the ocean surface are both hypothesized to 453 

increase with warming (Boscolo-Galazzo et al., 2018; Moreno et al., 2020). Additionally, 454 

increasing nutrient stress could increase C:N and C:P, which will affect estimating PPCOD from 455 

nutrients (Bopp et al., 2001; Klausmeier et al., 2004). Hence, it is crucial to gather more 456 

observational data on C:N:P:-O2 across various depths, regions, and seasons to enhance our 457 

understanding of whether the oxygen demand for respiration plays a role in the escalating rate 458 

of global deoxygenation. 459 

 460 

 461 

 462 
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