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Abstract

Supercooled fogs can have an important radiative impact at the surface of the Greenland Ice Sheet, but they are difficult
to detect and our understanding of the factors that control their lifetime and radiative properties is limited by a lack of
observations. This study demonstrates that spectrally resolved measurements of downwelling longwave radiation can be used
to generate retrievals of fog microphysical properties (phase and particle effective radius) when the fog visible optical depth is
greater than ~0.25. For twelve cases of fog under otherwise clear skies between June and September 2019 at Summit Station
in central Greenland, nine cases were mixed-phase. The mean ice particle (optically-equivalent sphere) effective radius was
24.047.8 ym, and the mean liquid droplet effective radius was 14.04+2.7 ym. These results, combined with measurements of
aerosol particle number concentrations, provide observational evidence supporting the hypotheses that (a) low surface aerosol
particle number concentrations can limit fog liquid water path, (b) fog can act to increase near-surface aerosol particle number
concentrations through enhanced mixing, and (c) multiple fog events in quiescent periods gradually deplete near-surface aerosol

particle number concentrations.
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Key Points:

¢ Ground-based measurements of downwelling longwave radiation can be used to
determine the microphysical properties of optically thin fogs.

« Almost all aerosol particles larger than 250 nm diameter are scavenged during twelve
summer fog events in central Greenland.

e Multiple pathways exist through which the aerosol population can impact fog de-
velopment, and fog can modify the surface aerosol population.
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Abstract

Supercooled fogs can have an important radiative impact at the surface of the Green-
land Ice Sheet, but they are difficult to detect and our understanding of the factors that
control their lifetime and radiative properties is limited by a lack of observations. This
study demonstrates that spectrally resolved measurements of downwelling longwave ra-
diation can be used to generate retrievals of fog microphysical properties (phase and par-
ticle effective radius) when the fog visible optical depth is greater than ~0.25. For twelve
cases of fog under otherwise clear skies between June and September 2019 at Summit
Station in central Greenland, nine cases were mixed-phase. The mean ice particle (optically-
equivalent sphere) effective radius was 24.0 & 7.8 um, and the mean liquid droplet ef-
fective radius was 14.0 & 2.7 pm. These results, combined with measurements of aerosol
particle number concentrations, provide observational evidence supporting the hypothe-
ses that (a) low surface aerosol particle number concentrations can limit fog liquid wa-
ter path, (b) fog can act to increase near-surface aerosol particle number concentrations
through enhanced mixing, and (¢) multiple fog events in quiescent periods gradually de-
plete near-surface aerosol particle number concentrations.

Plain Language Summary

Fogs over the central Greenland Ice Sheet can modify the net radiation that reaches
the ice surface. How much a fog influences the net surface radiation is related to the fog
lifetime and optical depth. These properties are related to the phase and size distribu-
tion of the particles that make up the fog, that in turn depend on the characteristics of
the atmospheric aerosol particles on which the fog forms. This study shows that the phase
and size distribution of fog particles can be determined from ground-based measurements
of downwelling longwave radiation, and explores how fogs interact with the number con-
centration of atmospheric aerosols measured near the surface during twelve cases of summer-
time fog in central Greenland.

1 Introduction

Central Greenland is a unique environment in the Northern Hemisphere: A uni-
form surface of snow-covered ice extends for over 250 km in every direction from the ice
sheet’s highest point at 3,250 m a.s.l (Howat et al., 2017). The structure of the atmo-
spheric boundary layer over the ice sheet is driven by large-scale circulation, including
atmospheric rivers associated with extratropical storms (Mattingly et al., 2018; Gallagher
et al., 2018) and blocking anticyclones (Pettersen et al., 2022), and is modulated locally
by strong radiative cooling at the ice sheet surface (Hoch et al., 2007). Under quiescent
conditions (clear skies, light winds), surface radiative cooling frequently drives the for-
mation of supercooled radiation fog through the condensation of water onto aerosol par-
ticles that act as cloud condensation nuclei (CCN) (Bergin et al., 1994; Cox et al., 2019).

At Summit Station (Summit), a research base located at the highest point on the
Greenland Ice Sheet (72.57°N, -38.47°E), fogs comprised of supercooled droplets occur
year-round even when the surface temperature falls below -30°C (Cox et al., 2019). These
fogs can have a strong effect on the ice sheet surface energy budget, contributing on av-
erage an additional 27 W m~2 of total net downwelling radiation relative to clear sky
conditions (Cox et al., 2019). In the summer months (May to September) solar heating
of the ice sheet surface during the day results in a diurnal cycle of net surface radiation.
Radiation fog forms during the period of the diurnal cycle when the sun elevation is low-
est and the net radiative cooling at the surface is strongest, and the associated increase
in net downwelling longwave radiation acts to damp the diurnal temperature cycle, which
has been hypothesised to precondition the ice sheet surface for melt (Cox et al., 2019).
These fogs can also increase the rate of aerosol deposition to the surface (Bergin et al.,
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1994, 1995) and reduce ice sheet mass loss by recondensing sublimated water onto fog
particles that then settle out under gravity (Berkelhammer et al., 2016).

Understanding the controls on the processes that modify the surface mass balance
of the Greenland Ice Sheet is becoming increasingly important as melt events become
more common and widespread (Tedesco & Fettweis, 2020; Hanna et al., 2021). The ra-
diative impact of fog at the ice sheet surface depends on fog occurrence, duration, and
optical depth, which itself is determined by the fog liquid water path (LWP), and mi-
crophysical properties such as fog particle phase and size distribution. The representa-
tion of fog microphysical properties is one of the largest sources of uncertainty in fog fore-
cast models and Large-eddy simulations (Boutle et al., 2022), and the representation of
cloud microphysical properties in general is one of the largest sources of uncertainty in
projections of future Greenland Ice Sheet melt (Hofer et al., 2019). One of the reasons
for these uncertainties is that there are very limited observations available to constrain
model parameterisations. This is particularly true for fog over Greenland, which often
occurs in shallow layers (< 100 m) below the lowest range gate of most ground-based
active remote sensing instruments (such as radar or lidar). These very shallow fog lay-
ers are often subgrid-scale for most climate and weather models.

Important controls on fog (and cloud) lifetime, microphysical, and radiative prop-
erties are the number concentration, size distribution, and composition of aerosol par-
ticles on which droplets or ice crystals can form. Droplets form on CCN, so the num-
ber concentration of CCN determines the number concentration of droplets at a given
supersaturation. When the CCN concentration is increased, a fog will contain a greater
number of smaller droplets than an equivalent fog (with the same liquid water content)
forming under a reduced CCN concentration, resulting in a relatively high fog optical
depth and solar reflectivity, and hence impacting the net downwelling radiation at the
surface (Twomey, 1977). Increased fog droplet number concentration also leads to en-
hanced longwave radiative cooling at fog top (e.g. Garrett, Radke, & Hobbs, 2002), en-
couraging further droplet activation, and smaller droplets that are not removed as quickly
by sedimentation, with both processes working to extend fog lifetime (Maalick et al., 2016;
Boutle et al., 2018; Yan et al., 2021). Increased fog top cooling can also enhance mix-
ing and entrainment that, depending on the humidity of the overlying air, can either re-
duce or increase cloud/fog water content (Ackerman et al., 2004; Small et al., 2009; Williams
& Tgel, 2021).

In very clean environments, low CCN concentrations can limit fog (and cloud) for-
mation and lifetime, because the few activated CCN will grow to relatively large sizes
and precipitate out, removing CCN and preventing further droplet formation (Mauritsen
et al., 2011; Stevens et al., 2018). Evidence suggests that this situation can occur in the
Arctic, where naturally low concentrations of CCN (1 to 100 cm~3) have the potential
to control cloud radiative properties (Mauritsen et al., 2011; Sterzinger et al., 2022). At
Summit, the annual mean aerosol particle concentration is low even compared to other
Arctic sites (Schmeisser et al., 2018); the mean annual total surface aerosol particle num-
ber concentration (> 20 nm) at Summit in 2019-2020 was just 129 cm ™3, and fell to less
than 10 cm ™2 on occasions in all seasons (Guy et al., 2021). Given that only some of these
aerosol particles act as CCN, these numbers are an upper limit on the number of CCN
available near the surface where fog forms.

When the temperature is below freezing, which is the case almost all the time in
central Greenland (Shupe et al., 2013), the phase partitioning of the fog is also impor-
tant for fog lifetime and the radiative effect of the fog at the surface. Ice fogs usually form
through the direct deposition of vapour onto ice-nucleating particles (INPs, a subset of
the aerosol population that can catalyse freezing) when the air is supersaturated with
respect to ice (Gultepe et al., 2015). Ice nucleation can also occur in supercooled liquid
fogs by either immersion freezing (INPs are activated within a droplet) or contact freez-
ing (droplets freeze upon contact with an INP) (Kanji et al., 2017). Once primary ice
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is present, further ice can form through several different multiplicative mechanisms, col-
lectively known as secondary ice production (Field et al., 2017). If the air becomes su-
persaturated with respect to ice but subsaturated with respect to water, ice crystals will
grow at the expense of liquid water droplets, causing the liquid droplets to evaporate and
the ice crystals to grow to relatively large sizes and settle out, removing moisture from
the surface layer and acting to reduce fog lifetime; this is known as the Wegener-Bergeron-
Findeisen process (e.g. Korolev, 2007).

In addition to the aerosol population having the potential to control fog lifetime
and radiatively important microphysical properties, fog formation may also be an im-
portant control on the lifecycle of aerosol particles in the boundary layer over central Green-
land. Fog can act as an aerosol sink, because the fog droplet deposition flux exceeds that
of aerosol dry deposition (Bergin et al., 1994, 1995). Through this mechanism, fog may
act to ‘clean’ the boundary layer of CCN and INP, which may in turn impact fog and/or
cloud formation later in time. Conversely, fog could act to increase aerosol particles in
the boundary layer by enhancing the transport of aerosol particles from above the fog
top into the surface layer, either by buoyancy or windshear driven turbulent entrainment
at fog top, or by aerosol activation at fog top followed by droplet evaporation closer to
the surface. Observational and model studies have demonstrated that the latter process
can be important in low-level Arctic stratocumulus (Solomon et al., 2014; Igel et al., 2017).

The relative importance of each of these fog-aerosol interactions over central Green-
land is unknown, and our ability to model these processes is hindered by a lack of ob-
servations of both fog microphysical properties and surface aerosol number concentra-
tion and size distribution. Using in-situ measurements collected at Summit in 2013-2014,
Cox et al. (2019) completed a comprehensive assessment of the occurrence, microphys-
ical characteristics, and radiative properties of fogs at Summit, but there were no aerosol
particle measurements available during this period. This study builds on the findings of
Cox et al. (2019), and has two main objectives: (1) to explore the possibility of using
spectral measurements of downwelling longwave radiation to generate retrievals of fog
microphysical properties, and (2) to use these results alongside measurements of surface
aerosol particle number concentration to look for observational evidence of fog-aerosol
interactions over central Greenland.

The spectral signature of downwelling longwave radiation is sensitive to the radia-
tive properties of fog that are important for the ice sheet surface energy budget and can
be measured continuously by passive ground-based instrumentation that, unlike many
active remote sensing instruments, are not limited by the height of their lowest range gate
and so do not have a ‘blind’ spot close the surface. Such measurements have been used
to study the microphysical properties of mixed-phase polar clouds (Mahesh et al., 2001;
Rathke et al., 2002; Turner, 2005; Garrett & Zhao, 2013; Cox et al., 2014; Shupe et al.,
2015; Lubin et al., 2020; Richter et al., 2022); however, these studies did not specifically
focus on fog.

Here, we use a case-study based approach to examine the advantages and limita-
tions of retrieving the microphysical properties of fog from downwelling longwave radi-
ation measurements. Such measurements have the greatest sensitivity to the microphys-
ical properties of clouds when the atmosphere is dry and the clouds are low and opti-
cally thin. In addition, retrieval accuracy relies on a well-constrained cloud temperature.
Taken together, this makes such measurements ideal for studying fog over central Green-
land.

For objective (2), we combine the results of the fog microphysical retrievals with
measurements of surface aerosol particle number concentrations and supplementary ob-
servations of atmospheric state to look for observational evidence to support (or negate)
the following hypotheses:
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(a) That low aerosol particle number concentration can be a critical control on fog
liquid water path and lifetime.

(b) That fogs can act to increase surface aerosol particle number concentration by en-
hancing mixing of air from above into near-surface stable layer.

(¢) That multiple fog events during quiescent conditions act to deplete near surface
aerosol particle number concentration, impacting fog development later in time.

The results of this analysis may be used as the basis of future modelling studies to sys-
tematically distinguish the importance of different fog-aerosol interaction processes, and
to identify instrumentation requirements for future observational campaigns to study fog-
aerosol interactions over central Greenland or in similar environments.

2 Measurements and instrumentation

We make use of measurements from the ICECAPS project (the Integrated Char-
acterisation of Energy, Clouds, Atmospheric state, and Precipitation at Summit; Shupe
et al., 2013) which consists of a suite of instrumentation for monitoring atmospheric pro-
cesses at Summit. To generate the microphysical retrievals of fog properties we use data
from the Atmospheric Emitted Radiance Interferometer (AERI), which measures spec-
trally resolved downwelling infrared radiance between 3 and 19 pum at ~0.48 cm ™! res-
olution (Knuteson et al., 2004b, 2004a). At Summit, the AERI measures downwelling
radiation continuously, alternating between views of the sky at zenith and two calibra-
tion sources, resulting in sky measurements every 15-20 s. The AERI data are quality
controlled as described in Guy et al. (2022) and subjected to noise filtering using the tech-
nique described by Antonelli et al. (2004) and Turner et al. (2006). Section 3 describes
the retrieval algorithm.

To explore individual fog cases in more depth we examine data from the ceilome-
ter (CT25K, Miinkel, 2006), sodar (Neff et al., 2008), total sky imager, and near-surface
temperature profiles and sensible heat flux estimates from tower-mounted in-situ sen-
sors (Guy et al., 2020). Data from the millimetre cloud radar and precipitation occur-
rence sensor system were used to help identify fog cases during the summer of 2019, and
radiosonde data were used to help constrain retrievals of continuous thermodynamic pro-
files from the AERI that are required as an input to the microphysical retrieval algorithm;
both steps are described in detail in Guy et al. (2022). See Shupe et al. (2013) for fur-
ther information about the overall ICECAPS instrumentation suite.

2.1 Aerosol particle measurements

During the summer of 2019 there were two instruments at Summit measuring sur-
face aerosol particle number concentration in different size ranges: a butanol-based con-
densation particle counter (CPC, GRIMM 5.400) that measured the total concentration
of condensation nuclei every second, and an optical particle counter (SKYOPC, GRIMM
1.129) that measured size-resolved concentrations of 250 to 4500 nm diameter particles
every six seconds. Guy et al. (2021) describe the CPC data in more detail, including the
estimation of particle loss in the inlet line, which resulted in the CPC measuring the num-
ber concentration of condensation nuclei with diameters between 20 and 230 nm with
greater than 50% efficiency. For this reason, measurements from the CPC are henceforth
referred to as Nyg, indicating the number concentration of particles > 20 nm diameter.

The SKYOPC had an identical inlet to the CPC but a higher flow rate (1.2 L min~1),
and as a result larger particles could pass through the SKYOPC inlet. After account-
ing for particle losses in the inlet (using the Particle Loss Calculator, Von der Weiden,
Drewnick, & Borrmann, 2009), the SKYOPC measured the number concentration of par-
ticles with diameters between 250 and 4500 nm with greater than 50% efficiency. For the
SKYOPC, the measurements were corrected for particle loss in the inlet by multiplying
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the particle number concentration by a correction factor based on the modelled inlet ef-
ficiency as a function of particle size (which varied from 1.02 to 1.97 in the 250 to 4500
nm size range). The total particle number concentration between 250 and 4500 nm (hence-
forth Nosg) was calculated by summing the corrected size resolved SKYOPC data.

Particles larger than 6 ym in diameter, which is smaller than the typical size of fog
droplets (e.g. Mazoyer, Burnet, & Denjean, 2022), could not pass through either inlet,
and the instruments were located in a heated building that was always >15°C warmer
than the outside air. Thus, during fog events, we assume that Nog and Noso are mea-
surements of the dried interstitial aerosol particle number concentration. Both Nog and
Ns59 were resampled to five-minute medians for the purpose of this study, and quality
controlled to remove any instances of contamination from station pollution as in Guy
et al. (2021). Note that this quality control does not impact any of the data presented
here, because none of the fog cases coincide with local pollution events (which was part
of the original event selection criteria).

Figure 1 shows how the measurements from the SKYOPC (Ng50) and CPC (Ngg)
intersect with the ‘typical’ size range of CCN and INP from past literature, although the
proportion of aerosol particles that can act as a CCN depends on the aerosol type and
degree of supersaturation, and our knowledge of the typical size range of INP particles
is limited by sparse observations (particularly of small INP particles < 250 nm diam-
eter). Supersaturations can reach higher values when the aerosol particle number con-
centration is low, and particles as small as 20 nm have been observed to act as CCN in
clean Arctic environments (Leaitch et al., 2016; Baccarini et al., 2020). Several studies
indicate that the INP population is mostly made up of coarse-mode particles > 250 nm
diameter (Mason et al., 2016; Creamean et al., 2018; Si et al., 2018), however recent stud-
ies of size-resolved INP concentration over the central Arctic suggest that particles as
small as 150 nm diameter can be an important source of INP (Creamean et al., 2022;
Porter et al., 2022). Figure 1 also shows how measurements during the summer of 2019
compare to those collected between 15 May and 16 June 2007 using a scanning mobil-
ity particle sizer to detect particles with diameters from 5.5 to 195 nm diameter (Ziemba
et al., 2010), and how they compare to the ‘typical’ size distribution of near-surface aerosol
particles in the Arctic summer, which is mostly based on measurements from coastal and
low elevation Arctic sites (Carslaw, 2022).

2.2 Fog events

We focus on the twelve radiation fog events identified by Guy et al. (2022) that oc-
curred during the summer of 2019 (Table 1). Each fog event occurred under otherwise
clear skies and had a detectable longwave radiative impact at the surface; the duration
of each fog event was defined as when the 962 cm~! downwelling radiance measured by
the AERI is greater than a threshold of 1.7 RU (1 RU = 1 mW m~2 st~! ecm™1), which
is three standard deviations above the mean clear sky radiance between June and Septem-
ber 2019. The 962 cm ™! microwindow is almost completely transparent under clear skies
for conditions at Summit, and is therefore particularly sensitive to the presence of clouds
(e.g. Cox, Walden, & Rowe, 2012). Note that this radiative definition of fog is distinct
from the traditional definition of fog (a reduction of horizontal visibility to < 1,000 m)
but is appropriate for this study because we are concerned with the radiative impact of
fog on the surface energy budget. See Guy et al. (2022) for further details about the se-
lection criteria for each of these case studies.

Table 1 details each case study and indicates where aerosol particle number con-
centration measurements are available. The SKYOPC vacuum pump experienced inter-
mittent faults resulting in missing Noso data for some of the fog cases, and an issue with
the CPC power supply resulted in incomplete Noy data for case 3.
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Figure 1. The portion of the aerosol particle size distribution measured in this study, Nag

shaded in blue and Na50 in red, overlaid on the typical size distribution of the near-surface Arctic
atmosphere in summer (Carslaw, 2022, black dashed line), and the observed size distribution of
surface aerosol particles at Summit between May and June 2007 from Ziemba et al. (2010) (green
line). The blue and red lines indicate the mean values from the CPC (a single value in the range
20 to 230 nm) and the SKYOPC (size resolved measurements in 20 bins between 250 and 4500
nm) observed between June (or July for the SKYOPC) and September 2019.

3 Retrieval of fog microphysical properties

We use the mixed-phase cloud property retrieval algorithm (MIXCRA, Turner, 2005),
which uses optimal estimation to retrieve fog microphysical properties at 5-min inter-
vals from the spectral longwave radiation measured by the AERI (note that we did not
apply temporal averaging to the AERI spectra). The longwave radiation is sensitive to
changes in cloud/fog phase, particle size, and optical depth when the optical depth is
between ~0.25 and 6, allowing the retrieval of these properties using optimal estimation
(Turner, 2005; Cox et al., 2014). As the optical depth approaches the upper end of this
range, the longwave spectral signature of the cloud/fog approaches that of a black body
and contains little information about microphysical properties. As the optical depth ap-
proaches the lower end of this range, the signal to noise ratio of the AERI becomes too
low for meaningful retrievals. Figure 2 shows how the mean spectral signature from the
AERI during the fog events varied, spanning much of the dynamical range between clear
sky conditions and optically thick stratus in the atmospheric window region (where the
cloud-free atmosphere is mostly transparent to longwave gaseous absorption ~800 to 1200

cm™1).

MIXCRA models each fog event as two collocated ‘clouds’, one consisting of ice crys-
tals and the other of water droplets. Starting from user input a priori values of optical
depth (7) and particle effective radius (R) for each cloud (7,4 and Ry, for the liquid cloud
and T;.. and Ry for the ice cloud), as well as vertical profiles of atmospheric temper-
ature and water vapor content, the algorithm uses a forward model to calculate the ex-
pected spectral signature of the combined cloud and atmosphere, and then iterates us-
ing optimal estimation to determine the values [7i;4, Riig, Tice; Rice] that optimally match
the spectral signature observed by the AERI, given the a priori and the measurement

uncertainty.
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Figure 2. AERI radiance measurements averaged over each fog case (colored lines, see leg-
end inset). The thick black line shows the median for all fog cases, which can be contrasted to
the median over all confirmed clear sky hours (thick grey line), and an example of an optically
thick stratus cloud (from 01 to 02 UTC on 08 June 2019, dashed black line). Spectral radiance
is resampled to 4 cm™! for clarity (native resolution is 0.5 cm™'). Vertical grey lines show the
spectral bands used in the MIXCRA retrievals (between major gaseous absorption bands). Note
the two spectral bands at wavenumbers below 570 cm™!; these are critical for ascertaining the
phase of the fog layers (7, 7; Turner, 2005).

Note that throughout this study 7 refers to the visible optical depth (where extinc-
tion efficiency is 2), transformed from the optical depth at 11 pm as described in Turner
(2005). See Turner (2005) for further information about the implementation of the op-
timal estimation. After the retrieval of [7iq, Riig, Tice, Rice], fog LWP is determined from
equation (1), where p is the bulk density of water.

LWPZM (1)

MIXCRA uses the Line-by-Line Radiative Transfer Model (LBLRTM) version 12.1
(Clough et al., 1992; Clough & Iacono, 1995) as a forward model to calculate the gaseous
clear sky optical depth spectra as a function of height, and the DISORT algorithm (Stamnes
et al., 1988) to simulate radiance from the ice and liquid cloud (which accounts for both
scattering and absorption); the combined LBLRTM and DISORT code is referred to as
LBLDIS. The HITRAN 2008 database (Rothman et al., 2009) provides the molecular
absorption properties used by the LBLRTM. The single-scattering properties used by
DISORT are discussed in section 3.1.1. The radiative transfer calculation also requires
information about the thermodynamic structure of the atmosphere and profiles of at-
mospheric gases. Trace gas concentrations are supplied by the U.S. standard atmosphere
(1976), and CO4 concentrations are scaled to mimic the seasonal and yearly increase in
atmospheric CO4 observed at the Mauna Loa observatory. Uncertainties related to the
distribution and concentration of these gases are mitigated in MIXCRA by only includ-
ing narrow spectral bands (micro-windows) from the AERI in the optimal estimation pro-
cess, and hence avoiding major gaseous absorption bands (the micro-windows used in
this study are highlighted on fig. 2).

Thermodynamic profiles (temperature and water vapor) used within MIXCRA were
retrieved using the TROPoe algorithm, which also uses an optimal estimation approach
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based on AERI observations, taking advantage of the fact that the AERI is also highly
sensitive to the thermodynamic structure of the atmosphere (Turner & Blumberg, 2019;
Turner & Loéhnert, 2021). The accuracy of the TROPoe thermodynamic profile retrievals
during the 12 fog case studies is 41.0°C for temperature and 40.39 g kg=! for water va-
por in the lowest 1,000 m a.g.l (Guy et al., 2022). We assume that any impact of aerosols
on the radiative transfer calculation is negligible, because the absorption and scatter-

ing coeflicients of aerosol particles in the infrared at Summit are generally small (Schmeisser
et al., 2018) and there are no local sources of aerosol particles near Summit after instances
of local pollution from the station are excluded.

The a priori value of 7;;, used as starting point for the optimal estimation is based
on the LWP retrieved by the TROPoe algorithm (Guy et al., 2022) with a standard de-
viation of 6. Note that TROPoe does not account for scattering processes and assumes
only liquid droplets are present; MIXCRA adjusts this first guess value to account for
the possible presence of ice particles and accounts for multiple scattering. The a priori
value for Ry;, is set to 11+6 pm, based on in-situ measurements of the size distribution
of fog droplets at Summit in 2013 and 2014 (Cox et al., 2019). The a priori ice optical
depth is set to 0 with a standard deviation of 6, which gives the algorithm flexibility to
retrieve ice properties. The choice to initiate the retrieval with a liquid-only cloud is based
on the fact that liquid phase fogs are more commonly detected than ice fogs during the
summer at Summit (Cox et al., 2019). The a priori ice particle effective radius is set to
18415 pm based on the distribution of ice crystal effective radius retrieved from mixed-
phase clouds over the Arctic Ocean in 1998 (Turner, 2005).

3.1 Uncertainty quantification and quality control

As an initial quality control, we omit any retrievals where the root mean squared
error (RMSE) between the final forward radiance calculation (that is, the calculation of
expected radiance using the retrieved cloud properties) and the measured AERI radi-
ance is > 1.2 RU. The goal of this quality control is to omit any retrievals for which the
retrieval is unable to bring the calculated radiance into agreement with the measured
radiance to within the expected instrument uncertainty level (a threshold of 1.2 RU is
selected because in 90% of all retrievals the RMSE corresponding to a 30 uncertainty
in the AERI measurements due to noise and calibration uncertainty falls below this value).
For rejected retrievals, we assume that additional unknown sources of error exist (e.g.
large errors in temperature), hindering accurate cloud property retrievals. Cox et al. (2019)
also used a threshold of 1.2 RU for the retrieval of cloud microphysical properties from
AERI measurements in northern Canada.

MIXCRA calculates the uncertainties in [7i4, Riigs Tice, Rice] by propagating the
calibration uncertainty of the AERI (< 1% of ambient radiance, described in Knuteson
et al., 2004a) and the uncertainty associated with the sensitivity of the forward model
(i.e. how much the spectral cloud emissivity changes with small perturbations in [7y;4,
Riig, Tices Rice]) through the optimal estimation algorithm (Turner, 2005). Figure 3 shows
how the 20 percentage uncertainty (as output by the MIXCRA algorithm) varies as a
function of 7, (for 7,4 and Ry;4) and 7. (for 7ice and Ryee) for all the retrievals dur-
ing the fog events. For all retrieved properties, the minimum percentage uncertainties
occur when the fog optical depth is ~1, consistent with the findings of Turner (2005).

The percentage uncertainties in all properties increase when the fog is mixed phase
(i.e. when both 75,4 and 7;ce > 0.02, light blue and pink colours in fig. 3), which is re-
lated to the additional degrees of freedom when retrieving properties for a mixed-phase
cloud compared to a single-phase cloud as well as the challenges of separating the two
phases cleanly (because the liquid and ice signals are correlated). The higher percent-
age uncertainties in R;.. compared to Ry, are related to the fact that the retrieval is more
sensitive to small particles, and ice particles are generally larger than liquid droplets.
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Figure 3. Percentage uncertainty (20) in (a) 7,4 and (b) Ryq as a function of 75,4 , and in (c)
Tice and (d) Rice as a function of 7ic., for every retrieval used in this study. The red line is the

mean value (in nine logarithmically spaced bins). Points are coloured based on the magnitude of
Tice (a and b) or 754 (¢ and d). The black vertical dashed line highlights an optical depth of 0.25

used as a minimum required optical depth for valid retrievals in this study.
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As the fog optical depth approaches zero, the percentage uncertainties in all retrieved
properties become very large due to the decreasing signal-to-noise ratio, necessitating
the selection of a minimum optical depth above which fog microphysical properties can
be retrieved with an acceptable level of uncertainty. For this study we choose to use an
optical depth threshold of 7;4 > 0.25 (for 734, Riiq and LWP) and 7,ce > 0.25 (for e,
Rice), consistent with Cox et al. (2014), resulting in a mean 20 percentage uncertainty
of < 40% for 7,4 and < 20% for Ry, (fig. 3). This corresponds to a minimum detectable
liquid water path of 2.0-3.0 g m~2 (for Ry;, 12 to 18 um) with a 20 uncertainty of 0.9-
1.5 ¢ m—2. For ice properties, T;ce > 0.25 corresponds to when the mean percentage un-
certainties in 7;.. and R;.. are below ~60% (fig. 3).

We do not need to be concerned about a loss of sensitivity due to saturation in the
infrared, because none of the fog cases have a spectral signature approaching that of a
black body (fig. 2). Furthermore, because the maximum precipitable water vapor (PWV)
during the 12 fog events is only 0.78 cm (with a mean value of 0.35 cm across all events),
the ability of MIXCRA to determine fog phase is not impacted by excessive water va-
por (> 1 cm PWYV can lead to signal saturation in the 16 to 20 um region, Turner, 2005;
Cox et al., 2014). Figure 4 shows the percentage of retrievals during each case study that
meet the quality control criteria of RMSE < 1.2 RU and 7,4 > 0.25 (for liquid phase re-
trievals) or 7;ce > 0.25 (for ice phase retrievals). Less than 8% of all retrievals are dis-
carded due to poor RMSE, but the optical depth threshold severely limits the percent-
age of valid retrievals in each fog case, and in case 7, the optical depth is too low for any
valid retrievals.

100
TU:; - e T,>025
i) Tjig <0.25
5 5ol N T >025
= Tice <0.25
4= RMS > 1.2
;3 251 RMS > 1.2

o

3 4 5 6 7
Case ID

Figure 4. The percentage of all retrievals from each case study that meet the quality control
criteria of RMSE < 1.2 and optical depth > 0.25 for liquid properties (blue) and ice properties
(orange). The percentage of good retrievals used in the remainder of this study are shown by the

dark blue and orange colours.

The MIXCRA algorithm does not account for uncertainties in the atmospheric state
(gas and temperature profiles) or for uncertainties related to the choice of single-scattering
properties (SSPs) for liquid droplets and ice crystals. As mentioned above, uncertain-
ties related to the concentrations of atmospheric gases are minimised through the selec-
tion of micro-windows used by MIXCRA. The atmospheric temperature profile has a mean
RMSE (compared to radiosonde profiles) of £1°C in the lowest 1,000 m a.g.l during these
case studies (Guy et al., 2022), and the difference in the retrieved values of [, Riiq,
Tices Rice] if the temperature profile is uniformly increased or decreased by 1°C are small,
resulting in a mean difference in 75,4 of 0.2 and Ry;; of 0.8 m based on sensitivity tests
with 38 retrievals.
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3.1.1 Uncertainties related to the choice of SSPs

The choice of single-scattering properties (SSPs) to use in the retrievals is non-trivial.
There is emerging evidence that the SSPs of supercooled water droplets are tempera-
ture dependent, and that the use of SSPs that assume a warmer temperature than re-
ality can result in overestimations of ice fraction and underestimations of liquid droplet
effective radius (Rowe et al., 2013, 2022). Although the temperature profile during the
fog events is well characterised, the temperature during a single event can vary by up
to 13°C both temporally and vertically within the lowest 15 m a.g.l due to radiative cool-
ing and changes in boundary layer mixing (fig. S1, supporting information). Further-
more, the SSPs of ice crystals depend on the ice crystal habit (e.g. Yang et al., 2005),
but there is very little information about ice crystal habit at Summit during fog events.
Isolated plates and bullets are often reported by observers, but whether any of these crys-
tals are associated with fog events (as opposed to snow, blowing snow, or diamond dust)
is unclear. A multi-angled snowflake camera operational at Summit in 2019, which pho-
tographed particles with a maximum dimension > 30 ym (Garrett et al., 2012), did not
detect any identifiable ice crystals during the fog events. This suggests that any ice par-
ticles that were present during the fog were unlikely to be bullets or columns, which are
typically > 30 pum along their major axis (Walden et al., 2003). Schmitt et al. (2013) found
that ice fog particles in the interior of Alaska are generally droxtals or plates, although
these fogs are not necessarily comparable to Summit because they were heavily polluted.

To account for the additional uncertainty related to the choice of SSPs, we ran MIX-
CRA in three configurations (P,,, P., and D,,; Table 2). We choose from four databases
of liquid droplet SSPs corresponding to temperatures of 240, 253, 263, and 273 K (Rowe
et al., 2013, 2020). For P,, and D,,, we use the liquid SSPs that correspond to the warmest
temperature measured in the lowest 15 m a.g.l during each fog event, and for P. we use
the liquid SSPs that correspond to the coldest temperature measured during the fog (fig.
S1). For the ice habit, we use SSPs associated with hexagonal plates (for P,, and P,)
and droxtals (for D,,) (Yang et al., 2005). We choose these three configurations as a com-
promise between reducing the computational time of running multiple configurations and
representing the uncertainty associated with the SSPs well. Results from individual test
cases indicated that changing the liquid SSPs between the warmest and coolest temper-
atures had a larger impact on the results than changing the ice SSPs.

Table 2. The three configurations of single-scattering properties (SSPs) for ice and liquid par-
ticles used in the MIXCRA retrievals. Liquid SSPs at temperatures of either 240, 253, 263, or
273 K were used, corresponding to the warmest (or coldest, per table) measured temperature in

the lowest 15 m a.g.l. during each fog event.

Tce Liquid SSP
habit temperature
P, Plates warmest

P. Plates coldest
D, Droxtals warmest

For the rest of this study, the microphysical retrievals shown are the mean values
of the three configurations in Table 2, and we account for the additional uncertainty in-
troduced by the SSPs assumption using equation (2), where 20 is the combined uncer-
tainty of each retrieved parameter (i.e. 7, Riig, Tice, and Rice), 204 is the 20 uncer-
tainty output by the MIXCRA algorithm, AS; is the maximum difference in the retrieved
parameter resulting from varying the ice crystal SSPs, and ASy, is the maximum differ-
ence in the retrieved parameter resulting from varying the liquid SSPs.
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a4 3.2 Validation against in-situ measurements

a5 The ability of the MIXCRA algorithm to accurately determine simultaneous ice
446 and liquid optical depths of single-layer mixed-phase Arctic clouds is well established through
a7 comparisons with depolarisation lidars (Turner et al., 2003; Turner & Eloranta, 2008),

g but assessments of the accuracy of MIXCRA retrievals of cloud droplet effective radius
a9 are limited to two comparisons with in-situ aircraft measurements of liquid-phase stra-
450 tus clouds over the south-central US (Vogelmann et al., 2012) and off the west coast of
451 California (Turner, 2007). Vogelmann et al. (2012) found that MIXCRA captured the

152 primary mode of the cloud droplet distribution well; the mean and standard deviation

453 of the MIXCRA size distribution was 5.3 + 1.6 um compared to 4.9 £ 0.7 pm for the

454 aircraft probe. Turner (2007) found a mean bias of 0.1 um between the aircraft measure-
455 ments and MIXCRA, with an interquartile spread of 1.9 pym. In both cases, the aircraft
456 measurements represent just one level in the cloud whereas the MIXCRA retrievals are
457 representative of a column value (weighted by optical depth). To date, there have been
458 no assessments of the accuracy of MIXCRA in determining the microphysical proper-

459 ties of fog.

460 Here, we assess the ability of MIXCRA to retrieve Ry;, during fog at Summit by

461 comparing MIXCRA Ry, retrievals with droplet effective radius determined from FM100
162 single-particle light scattering spectrometers installed at 2 m and 10 m a.g.] during a su-
463 percooled liquid fog event at Summit on 16 June 2013 (fig. 5). Note that the FM100 in-
464 struments were installed on a tower approximately 480 m from the AERI instrument.

465 This case is described further in Cox et al. (2019) and is a near-idealised example of ra-
466 diation fog formation at Summit, the development of which is particularly similar to case

467 4 in 2019.

ac8 The FM100 probes made size-resolved measurements of particles with radii (r) of
469 1-25 pm based on individual particle scattering characteristics, under the assumption
470 that the particles are liquid spheres. The effective radius (R) was calculated from the

an FM100 particle size distribution [n(r)] using equation (3).

_ fooo mr3n(r)dr

i h= Iy~ mr2n(r)dr ®)
73 To estimate the uncertainty in R determined from the FM100 measurements, we

474 recalculated the FM100 particle size distribution 100 times, each time randomly select-

ats ing errors from uniform distributions of five possible sources of uncertainty: (1) probe

476 air speed (+5%), (2) wind speed (0.5 m s7!), (3) wind direction (£5°), (4) whether

arr or not overlapping bins were combined (as described in Cox et al., 2019) (binary), and

a8 (5) the uncertainty in bin sizing (randomised shifts to neighbouring bins). For more de-
479 tails on the uncertainties associated with the FM100 probe, see Cox et al. (2019) and

480 supplement. Bin sizing ambiguities were dominant over sampling errors for this case be-
481 cause the latter were small due to the ambient wind direction and speed being optimally
2 aligned with the probe inlet geometry and the speed of the pumped air through the probe
483 (see also Spiegel et al., 2012). The 20 uncertainty in R is then determined from the stan-
484 dard deviation of R across all the perturbed calculations.

485 MIXCRA Ry;q is not directly comparable to R determined from the FM100 probes,
486 because the downwelling radiance measured by the AERI is sensitive to the bulk infrared
287 signal from the entire population of particles in the scene view of the AERI instrument

288 (the height of which varies with accumulation but is typically around 3 m a.g.l), whereas

489 R determined from the FM100 is based on the forward scattering of light in the visible
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Figure 5. Fog event on 16 June 2013. (a) Calculated effective radius (R) from FM100 mea-

surements at 10 m a.g.l (red line) and 2 m a.g.l (white line) overlaid on the FM100 particle size
distribution at 10 m a.g.l. (coloured shading). (b) Retrieved liquid optical depth (black line), raw
ceilometer backscatter (grey shading), and ceilometer vertical visibility values (blue markers, and
orange for ‘obscured’). (c) Cross validation of fog droplet Ry;q retrieved from the MIXCRA algo-
rithm (black) and determined from in-situ measurements (FM100 probes at 2 m, cyan, and 10 m,
red). Shading represents 2 o uncertainties, and the light blue region shows where the retrieved

optical depth was greater than 0.25.
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range from individual particles passed across the detector at a set height above the sur-
face (2 m or 10 m). Therefore, we would only expect these values to compare well if the
size distribution of the particle population at the height of the FM100 instrument was
representative of the vertical distribution of the particle population. Cox et al. (2019)
show that the fog droplet size distribution varies with height, with the 2 m probe gen-
erally measuring larger particles than the 10 m probe, consistent with particles prefer-
entially forming higher up before settling out. However, on 16 June 2013, after the ini-
tial fog formation, the R at 2 m was consistently smaller than at 10 m (fig. 5), the par-
ticle number concentration at 2 m was also consistently higher than at 10 m (Cox et al.,
2019), possibly indicating partial evaporation of droplets and a reduction in settling ve-
locity at 2 m.

Despite this caveat, the MIXCRA Ry;, compares very well to the R calculated from
both FM100 probes when 7,4 > 0.25 (fig. 5¢) over a range of R from 12.5 to 20 pum. The
RMSE between the MIXCRA Rj;, and FM100 R is 2.0 pm at both 2 m and 10 m, with
a Pearson’s correlation coefficient of 0.57 and 0.69 respectively. However, the strength
of this correlation is not consistent over the fog lifetime. During the initial stage of the
fog (02:20 to 04:00) the MIXCRA Ry;q was consistently smaller than R from both FM100
instruments (by an average of 1.5 pm at 2 m and 2.7 pm at 10m). Between 04:00 and
05:00 there was an initial reduction in R in the FM100 measurements (and a reduction
in particle number concentration, Cox et al., 2019) followed by a sharp increase in R at
04:15. This coincided with a sharp increase in optical depth (fig. 5b), erosion of the sur-
face temperature inversion, and evidence of wind-shear driven mixing in sodar observa-
tions (Cox et al., 2019). The increase in R was also apparent in the MIXCRA Ry;q, but
started earlier (at 04:00), and the maximum Ry, between 04:30 and 05:00 (17 pm) was
lower than the maximum R measured by the FM100 probes during this interval (21 ym
at 2 m and 19 ym at 10 m). This could be explained by an increase in altitude of the
main layer of droplet formation; when the optical depth increases and the surface-based
temperature inversion is eroded, new droplet formation would be initiated by radiative
cooling at the fog top (Haeffelin et al., 2013). If the droplet formation layer height in-
creased to greater than 10 m a.g.l, these droplets would have then grown and settled,
resulting in larger particles at 10 m and even larger particles at 2 m (as observed between
04:30 and 05:15). After 05:15, the fog LWP decreased (Cox et al., 2019) suggesting no
further droplet growth, and the optical depth gradually decreased. Between 06:00 and
10:00, the boundary layer was well-mixed (Cox et al., 2019), R varied consistently at 2
m and 10 m, and the MIXCRA Ry;, captured these variations well. Overall, the MIX-
CRA Ry;q is slightly better correlated with the measurements at 10 m, although this is
largely due to detection of large (> 20 um) particles detected at 2 m that are not reflected
in the MIXCRA retrieval.

In summary, this cross-validation demonstrates that the MIXCRA algorithm can
accurately retrieve Ry;q during fog events at Summit with the following caveats:

1. Due to the threshold optical depth of 0.25, below which signal to noise ratio in
the AERI measurements is insufficient to accurately retrieve fog microphysical prop-
erties, MIXCRA is not able to capture the initial growth period of the fog droplets
(between 00:10 and 02:20 in fig. 5).

2. These results are based off a single case study and cover an effective radius range
of 12.5 to 20 um. More observations of R at a variety of heights and over a larger
range of fog conditions are necessary to fully characterise the ability of MIXCRA
to accurately retrieve fog droplet effective radius.
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4 Results
4.1 Summary of microphysical retrievals during the 2019 fog cases

Figure 6 summarises the retrieved fog microphysical properties from the twelve case
studies, and figures S2 and S3 in the supporting information show the temporal evolu-
tion of the microphysical properties during each case. Retrievals were calculated every
five minutes during each fog event, so the number of valid retrievals indicated on fig. 6a
is the number of five-minute intervals during which there was sufficient optical depth for
the retrieval (75,4 > 0.25 for liquid, or ;e > 0.25 for ice properties).

(a) Optical depth (1)

# valid retrievals: Mean:
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Figure 6. Relative probability distribution of fog microphysical properties retrieved during
each individual case study listed in table 1 and for all cases (right hand side). The mean and in-
terquartile range of each distribution is shown by the diamond shaped point and associated error
bars when the number of valid retrievals is > 10, otherwise crosses show values from individual
retrievals. (a) Liquid (714, green) and ice (Tice, purple) optical depth, (b) liquid (Risq, green) and
ice (Rice, purple) particle effective radius, and (c) liquid water path (LWP). Only retrievals where
the optical depth is sufficient are shown (7ice > 0.25 for ice properties, or 71,4 > 0.25 for liquid

properties).

For the cases where there was sufficient ice optical depth for a retrieval, the mean
Rice was 24.0 pm (fig. 6b) and the range was 18.5 to 31.4 um. This is in broad agree-
ment with the mean effective radii of ice crystals measured in low-level Arctic clouds (~21-
25 pum, Lawson, Baker, Schmitt, & Jensen, 2001; Turner et al., 2003; McFarquhar et al.,
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2007). The mean Ry;; was 14.0 ym and the mean during individual events varied from
10.0 to 15.1 pum (fig. 6b). The overall mean Ry;, is slightly larger than the mean R de-
termined from the summertime FM100 measurements at 10 m in 2013/14 from Cox et
al. (2019), which was 11.4 + 3 pm. However, it is important to note that the MIXCRA
retrievals are only valid when 7;, > 0.25, and hence they do not include the initial phase
of fog formation where there are a lot of very small droplets that can be detected by the
FM100 (for example, see fig. 5). The range in Ry;, across all retrievals was 6.6 pum (at
the beginning of case 3) to 34.8 pm (just prior to fog dispersal in case 6).

Most of the fog cases have a mean LWP < 10 g m~2 (fig. 6¢), but for cases 2 and
4 the maximum LWP exceeds 30 g m~2, which can result in an increase in downwelling
longwave radiation of > 50 W m~2 relative to clear sky conditions (Miller et al., 2015;
Cox et al., 2019). The minimum LWP retrieved by MIXCRA was 1.3 g m~?2 at the be-
ginning of event 3, associated with the smallest retrieved droplet size (Ry;q 6.6 pm). In
cases 7, 8, and 10, the fog is so optically thin that the LWP is below the limit of detec-
tion for most of the event despite a reduction in horizontal visibility at the surface (to
just 400 m in case 8) and observations of fog bows confirming the presence of liquid wa-
ter on all three occasions. No optics were reported by onsite observers during the ice-
phase fog (case 12), although the sun was below the horizon most of the time.

4.2 Aerosol particle measurements during fog events

The mean Nasq across all fog events was 1.7 ecm ™3 (with the mean during individ-
ual events ranging from 0.4 to 2.2 cm ™3, fig. 7a), and the mean Ny across all fog events
was 187 cm ™3 (ranging from 41.9 to 448 cm~3, fig. 7b), these values represent the in-
terstitial aerosol particle number concentration during fog. The temporal evolution of
Nsg and Nogsg during each event is shown in fig. S4 in the supporting information. The
mean Nosg during fog events is slightly lower than the overall mean value (including clear
and foggy periods) from June to September 2019 (2.4 cm™3), whereas the mean value
of Ny during fog is slightly higher than the seasonal mean (170 cm~3). However, the
mean Nasg and Nyg over the 2 hours prior to fog onset are 8.2 and 191 cm ™3 respectively,
both of which are higher than the mean values over the entire period. In all but case 7,
Nayso drops below 0.5 cm ™2 during the fog event, suggesting that almost all particles in
the N5 size range are activated into (or scavenged by) fog particles. This is not the case
for Ngg; an order of magnitude decrease in Nog during fog is only apparent in case 10,
where Ny falls below 10 cm™3.

Figure 8 illustrates the temporal evolution of Noso and Ny during each fog event,
where fog onset is defined as when the downwelling radiance measured by the AERI in-
creases above the clear sky threshold (see section 2.2), and the percentage change in N
is relative to the mean value during the two hours prior to fog onset. On average, both
Nos0 and Nog decrease during the first 300 minutes after fog onset, consistent with the
growth and activation of aerosol particles into fog particles that are too large for either
instrument to detect (> 6 um). Note that this does not necessarily mean that these par-
ticles are removed from the atmosphere; they may sediment out or they may be released
back into the atmosphere after the fog evaporates, either in the same form or after pro-
cessing within the fog particle.

For No5q there is a reduction in number concentration after fog onset in all events
(of 72 + 26% after 300 minutes). For case 12, the magnitude of the percentage decrease
is small compared to the other events, which is related to the fact that the absolute val-
ues of Nosg during case 12 are exceptionally low, with an initial mean Ny5q in the two
hours prior to fog onset of only 0.2 cm~3. The initial Nosg in the 2 hours prior to fog
onset is consistent in time for all cases apart from case 11, where it varies between 1.2
and 6.8 cm™3. In cases 8 and 10, a sharp reduction in Nasg of 80% begins 30 minutes
prior to the radiative detection of fog onset, whereas in cases 3 and 7, there is a slight
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increase in Nogg at fog onset followed by a reduction in Nosg that starts 20-30 minutes
later. The duration of case 7 is only 102 minutes in total, and 80 minutes into the event
Ns50 begins to increase, returning to the concentration prior to fog formation 10 min-
utes after the fog is no longer detected, suggesting that on this occasion, 100% of the par-
ticles that were incorporated into the fog were re-released after the fog dissipated.

In contrast to Nasg, the change in Nyq is highly variable between different fog events
(fig. 8). In cases 2 and 11, there was more than a 100% increase in Nog during the event.
For case 2, this increase started two hours before the fog was detected, meaning that the
‘initial’ Nog concentration is not a good representation over average conditions prior to
the fog. In case 11 there was an initial decrease in Ny followed by a sharp increase 60
minutes into the fog event, during which Nag reached 1370 cm™2 (> 99th percentile of
Nog measured between June and September 2019), but 240 minutes later, after the fog
was no longer detected, Nog returned to values close to those prior to fog onset. This anoma-
lous case is discussed further in section 5. In cases 8, 9, and 10, there was a reduction
in Nyg that started 30-40 minutes prior to fog onset (of 20%, 30%, and 50% respectively).

Note that some of the variability in evolution of Nyy during fog events could be re-
lated to the size distribution of Ny particles; for example, if most of the Ny particles
are closer to 30 nm diameter (i.e. the first mode in the Ziemba et al., 2010 measurements,
fig. 1) these particles might be subject to different processes during a fog event than to
N particles closer to 150 nm (the second mode in the Ziemba et al., 2010 measurements,
fig. 1). Particles closer to 150 nm in size more readily act as CCN, whereas smaller par-
ticles would require larger supersaturations before activation. Size resolved measurements
of particles < 250 nm diameter would be required to investigate these details further.

For five of the six cases where both Nosg and Nog are available, the two measure-
ments are positively correlated (fig. 9). The exception is case 11, during which Na5¢ de-
creases to < 0.2 em ™3, but there was an anomalous spike in Ny in the middle of the fog
event (discussed further in section 5). In cases 4 and 8, N5 was almost completely de-
pleted, but there is only a small reduction (< 35%) in Nog. This suggests that during
these two cases, the supersaturations were not high enough to activate many particles
with diameters < 250 nm. In cases 10 and 12, Ny5¢ was almost completely depleted, and
Nag was also depleted by 73 and 41% respectively. During case 10, the reduction in Nag
occurred simultaneously with the reduction in Noso (fig. 9) even though the initial Nasq
concentration was above average. The reduction in Nog and Nasg started 30 minutes prior
to fog detection, and then both concentrations remained steady after fog onset, suggest-
ing that supersaturations during this event were high enough to activate smaller parti-
cles (or that the Nog concentration in this case was dominated by larger particles). In
case 12 the initial concentration of Nasg was only 0.24 cm ™3, and there was a gradual
decrease in Nyg after fog onset.

5 Discussion: Observational evidence of fog-aerosol interactions

The results described in section 4 hint that there are a variety of different ways in
which fog interacts with the surface aerosol particle population across the twelve case
studies. Of the seven cases for which Ng5y measurements are available, only cases 4 and
11 develop a LWP > 10 g m~2. The longwave radiative forcing for a LWP of 5 to 30 g
m~2 compared to that of an equivalent clear sky day is very sensitive to small changes
in LWP, and the difference between a LWP of 5 g m—2 and a LWP of 10 g m~2 can equate
to > 20 W m~2 difference in longwave radiation at the surface (Miller et al., 2015). For
this reason, understanding why some fogs develop a LWP > 10 g m~2 while others do
not is important for understanding the radiative impact of fog over the GrIS. One of the
factors that can influence LWP in liquid and mixed-phase fogs is the properties of the
aerosol population. In this section, we use the observations presented in section 4 to dis-
cuss the role of fog-aerosol interactions over central Greenland. Throughout this discus-
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sion we make the assumption that changes in the fog and aerosol population were oc-
curring in-situ (i.e. not related to advective processes). We justify this assumption based
on the fact that (a) most of the fog events are likely to be radiation fogs due to the fact
that they form in the evening on days with clear skies, and (b) that the wind speeds (2
to 14 m a.g.l) during all events are relatively low (3.5 & 0.3 m s~!). Despite the low wind
speeds, for some of the longer events (> 8 hours) the horizontal length scale can be ~100
km, and we acknowledge that advective process may have played a role in some of the
observed changes in fog and aerosol properties.

5.1 Aerosol particle controls on fog microphysics

The goal of this section is to identify whether there is observational evidence that
low aerosol particle number concentrations is a critical control on fog liquid water path
and lifetime. To do this, we focus on the cases of liquid and mixed-phase fog where Nagq
measurements are available (cases 3, 4, 7, 8, 10, and 11).

In radiation fog, liquid droplets form when the surface cools radiatively until the
air becomes saturated with respect to water, after which water condenses on CCN par-
ticles, growing them into fog droplets (e.g. Gultepe et al., 2007). Whether or not ice is
present, liquid droplets will continue to grow as long as supersaturation with respect to
water is maintained (either by continued radiative cooling or moisture influx) until they
are large enough to settle out, and new droplet formation will continue as long as there
are CCN particles present that may be activated for the given degree of supersaturation.
In the initial stages of radiation fog development, when the atmosphere is stable and close
to saturation, the degree of supersaturation is determined by the cooling rate, and by
the properties of the aerosol particle population, which determine the number concen-
tration of CCN for a given supersaturation. The air mass specific humidity also plays
a role in determining the amount of cooling required to reach a given supersaturation,
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but this effect is small because the saturation mixing ratio does not change much at cold
temperatures (< 0.1 g kg~ °C~! for temperatures <-8 °C). Based on this, and assum-
ing an absence of advective processes and limited turbulent mixing, the initial forma-

tion of liquid droplets in a supercooled radiation fog development might either be ‘aerosol-
limited’ or ‘cooling-rate limited’ (similar to how a convective cloud might be ‘aerosol-
limited’ or ‘updraft limited’, i.e. Reutter et al., 2009).

In a ‘cooling-rate limited’ scenario, the initial supersaturation would increase slowly.
Using the observations available in this study, this situation would be characterised by
relatively low activated fractions of Nosg at fog onset, because particles that can act as
CCN at low supersaturations will be a subsample of Nosq (McFiggans et al., 2006), fol-
lowed by a gradual droplet growth and continual activation while cooling continues, and
higher supersaturations allow the activation of further particles. In contrast, an ‘aerosol-
limited’ fog would be characterised by high initial activation ratios of Naosg and Ngg at
fog onset, as all particles that can act as CCN are activated. With continued cooling,
and in the absence of new droplet formation due to a lack of CCN, the existing fog droplets
would grow to relatively large sizes, ultimately settling out and preventing an increase
in fog LWP despite continued cooling (as described by Mauritsen et al., 2011). The pres-
ence of ‘aerosol-limited’ fogs would support the hypothesis that the low aerosol parti-
cle number concentrations can be a critical control on fog liquid water path and lifetime.

To identify whether there are any cases of ‘aerosol-limited’ fogs, we calculate cool-
ing rates during each fog event from temperature measurements at 2 m, 4 m, 9 m and
14 m a.g.l. The development of the near surface temperature profile during each fog event
is shown in the supporting information (fig. S1). The cooling rate is calculated from the
60-minute rolling mean of the mean temperature across these four heights. Of the six
cases for which Ny5g measurements are available and liquid water is detected, case 7 has
an extremely low cooling rate (< 0.5 K h~!, fig. 10a) and a low activated fraction of Nasq
at fog onset (fig. 8), suggesting that this event is more likely to be limited by the low
cooling rate than by the aerosol population.

For the remaining five cases, the maximum cooling rate ranges from 2.4 K h=! (case
11) to 4.0 K h™! (case 10) and occurs 30 to 50 minutes after fog onset, except in case
3, where the maximum cooling rate occurs 140 minutes after fog onset (fig. 10a). These
cooling rates are within the range of those observed in mid-latitude radiation fogs (~1
to 4 K h™!, e.g. Price, 2011; Haeffelin et al., 2013). In cases 3 and 4, Na5o decreases grad-
ually as the surface layer continues to cool, which suggests that neither of these two cases
were in the ‘aerosol-limited’ regime, and that aerosol number concentrations were not
the main reason why case 4 developed into an optically thick fog with LWP > 10 g m™
but case 3 did not. The near-surface specific humidity and temperature profiles in both
cases were similar (see table 1), and so the difference in fog development was likely due
to differences in dynamics: In case 3, 110 minutes into the event, a burst of turbulent
kinetic energy (0.3 m? s~2, not shown) at 14 m is followed by warmer temperatures prop-
agating downwards towards the surface (fig. S1), this mixing of warm air downwards could
have limited the fog development.

2

In cases 8 and 10, there is a high activated fraction of Nosg at fog onset (68 and
62% respectively) as well as a relatively high activated fraction of Ny (15 and 45% re-
spectively). Case 10 had the highest activated fraction of Nog out of all fog cases. In both
cases, there is little further change in No5g or Nog after fog onset despite continued cool-
ing (figs. 8 and 10). This suggests that the aerosol particle number concentration could
have limited fog development (lifetime and LWP) in these cases. Unfortunately, the low
fog optical depths limit the ability of the MIXCRA retrieval algorithm to provide infor-
mation about fog phase and particle sizes for both cases. Finally, in case 11, there is greater
variability in Nosg both prior to and after fog onset compared to the other cases, and
in this case the fog develops much more rapidly than in case 4, with LWP increasing to
> 10 g m~2 80 minutes after fog onset (as opposed to 180 minutes in case 4). The warm-
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Figure 10. Time series of (a) cooling rate (2 to 14 m a.g.l), (b) percentage change in Nasg, (c)
liquid water path (LWP), and (d) Liquid droplet effective radius (Ryiq) during the case studies
for which Naso measurements are available. Note that cases 7 and 12, identified as ‘cooling-rate
limited’ fogs are only included on panel (a). The error bars on panels (c) and (d) show the 20
uncertainties in the MIXCRA retrievals.

ing of the surface layer that coincides with the sharp increase in LWP is indicative of a
transition from near-surface radiative cooling to radiative cooling at fog top maintain-
ing the fog. This case is discussed further in section 5.2.

5.2 Increase in Ny associated with fog

We focus on case 11 to look for evidence to support the hypothesis that fog can
act to increase surface aerosol particle number concentrations by enhancing mixing of
air from above into the near-surface stable layer. Case 11 was anomalous out of the 12
cases because of the exceptionally high Nyg that occurred during the fog event (1370 cm ™3,
> 99th percentile of all Nog measurements made between June and September 2019),
and because it consisted of two distinct phases; the LWP increased from 2.4 g m~2 to
17.0 g m~2 between 05:05 and 06:00, then decreased to 2.6 g m~2 at 07:05 before increas-
ing again to 15.9 g m~2 at a 07:45.

The fog formed initially as the near surface temperature cooled after the dissipa-
tion of a mixed-phase cloud (with a base height of approximately 1.3 km) at 04:30. But
only 80 minutes after fog onset, near surface air temperatures started to increase, and
the fog optical depth and LWP started to increase rapidly (fig. 11). Because the surface
temperature was no longer decreasing, the increase in fog optical depth and LWP after
05:15 must have been due to a transition from surface radiative cooling to cooling higher
in the atmosphere (i.e., radiative cooling at fog top).

If the increase in near-surface air temperature was radiatively driven, we would ex-
pect the temperature increase to start closest to the surface first (for example, as in case
2 and 4, fig. S1). The fact that the near-surface air temperature increased simultane-
ously at each of the four heights (fig. 11d) suggests that another mechanism was respon-
sible. This could have been the advection of a warmer air mass, but the consistent wind
direction (90% of all winds measured at 2, 4, 9, and 14 m come from 156° to 222°) and
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low winds speeds (90 % of which range from 1.65 to 3.86 m s~!) throughout the event

indicates that advection at the surface is unlikely to be an important process on the timescale

of this event. Alternatively, this near-surface heating could result from the mixing of warm
air down from above. The sensible heat fluxes at 2 m and 14 m are small (mostly < 2.5
W m~2, fig. 1le) suggesting that this mixing was not driven by changes in thermody-
namic stability at the surface. However, there is evidence both in the ceilometer backscat-
ter (fig. 11c) and the sodar acoustic backscatter (fig. 11f) of features propagating down-
wards towards the surface. These could be remnants of mesoscale dynamical features,
such as buoyancy waves, mixing warmer air down from higher in the atmosphere, or en-
trainment driven by radiative cooling at fog top. In either case, propagation of these fea-
tures down to the surface coincide with the sudden increase in Nyg, suggesting this is re-
lated to the mixing of more polluted air down to the surface from above into what was
previously an isolated stable surface layer.

The top of the strong surface echo in the sodar backscatter, identified by the max-
imum negative gradient (fig. 11f), is associated with the top of the stable near-surface
layer which is isolated from above by a strong surface-based temperature inversion (fig.
11d). The top of this layer decreases intermittently with height between 05:00 and 07:00,
and these variations are strongly anti-correlated with Noy (Pearson’s r = -0.69, p-value
< 0.001). For example, the top of the strong sodar echo falls to 5 m a.g.l at 05:20, co-
inciding with the initial sharp increase in Noy and an increase in surface temperature.
Between 05:35 and 05:55, the height of the sodar echo increases again to 8 m a.g.l and
Ny decreases, before increasing again once the sodar echo height lowers at 05:55. This
pattern continues until 06:50 after which the surface temperature inversion is completely
eroded at 9 m a.g.l and the near-surface echo in the sodar disappears. The erosion of the
isolated surface layer from above indicated by the sodar echo, and the anti-correlation
between the surface layer height and Ny, is consistent with the hypothesis that the in-
crease in Ny is related to the mixing of air down from above.

During the most optically thick part of the fog there was also detectable ice that
increased between 05:50 and 06:10. The increase in ice optical depth coincident with a
decrease in liquid optical depth could be indicative of ice growing at the expense of lig-
uid water droplets (i.e. via the Wegener-Bergeron-Findeisen process). This would result
in the evaporation of liquid droplets and the release of any aerosol particles they con-
tain within the surface layer. In this situation, liquid droplets could form due to radia-
tive cooling at fog top in a layer of the atmosphere where aerosol particle concentrations
might be higher than at the surface, these droplets could then settle and mix towards
the surface, eventually reaching a lower level that is sub-saturated with respect to wa-
ter but supersaturated with respect to ice. The droplets would then evaporate, releas-
ing aerosol particles into the surface layer. This process has been observed in Arctic mixed-
phase stratocumulus clouds (Igel et al., 2017), and could also contribute to an increase
in Ngg, but it is unlikely to be the sole process driving the (~ 1000 cm~3) increase in
Ny because the typical number concentration of fog droplets at Summit is only ~10 to
50 cm 2 (Cox et al., 2019).

When the surface temperature inversion was completely eroded above 9 m a.g.l at
06:50, the fog dissipated, and the surface began to cool again (fig. 11d). At this time,
Nss50 had decreased to near-zero, suggesting that there were no further particles > 250
nm diameter available to act as CCN or INP. The cooling of the near-surface air would
have increased saturation near the surface, potentially initiating the second phase of the
fog. The increase in LWP during the second phase of the fog coincided with a sharp de-
pletion of Nog and given that there were no particles > 250 nm left to activate, the de-
crease in Nog during the second phase of the fog was likely associated with the activa-
tion of Ny particles into fog droplets and the scavenging of particles by fog droplets close
to the surface.
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This case illustrates some of the complexities of the relationship between dynam-
ics, thermodynamics, and aerosol properties during mixed-phase fog events, and it is not
possible to say definitively what processes were involved from looking at the available
observations alone. The observational evidence supports the hypothesis that the sharp
increase in Nog associated with this fog event resulted from the mixing of higher Nog con-
centrations down to the surface, which was either driven by the fog itself (i.e. radiative
cooling at fog top), or both the fog and changes in Ngy were forced by the same exter-
nal mixing event (e.g. buoyancy waves).

5.3 The impact of multiple fog events on the surface aerosol particle num-
ber concentration.

In this section we look for evidence that multiple consecutive fog events in quies-
cent conditions can act to deplete the near surface aerosol particle number concentra-
tion with the potential to impact fog development later in time. Fog with an observable
radiative impact at the surface formed on four out of the five evenings between 01 and
06 August 2019 (fog case numbers 6 to 9, table 1), with skies otherwise clear through-
out the day; associated with a persistent (weakening) high-pressure system over central
Greenland (fig. S5, supporting information). Although this persistent anticyclone con-
tributed to the unprecedented GrlIS surface melt in 2019 (Tedesco & Fettweis, 2020), sim-
ilar events are common over Greenland in the summer (occurring 30% of the time in JJA
1981-2010; Tedesco & Fettweis, 2020). During this event, the near-surface winds were
consistently from the south-east, with 90% of measured 1-minute averaged wind speeds
ranging from 1.26 to 4.81 m s~!. There was a strong diurnal cycle, with radiative cool-
ing in the near-surface layer beginning in the evening when the sun dropped below ~25°
and lasting until the sun rose above ~15° the following morning (fig. 12b).
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Figure 12. Surface aerosol particle number concentrations (a) and cooling rate (b) during a
five day clear sky period in August 2019. Radiation fog events are highlighted in light blue, and
the solar elevation angle is shown by the black dashed line on panel (b). The green highlighted

region at the end of the period indicates the start of a cloudy period.

The initial Ngso averaged over the two hours prior to case 6 was 27.7 cm ™3, and

Ny was 262 cm 3. Both concentrations are higher than the seasonal average, associated
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Figure 13.
the first week of August 2019. (b) Turbulent kinetic energy (TKE) at 2 m a.s.l (blue) and 14 m
a.s.] (orange) over the same period. Radiation fog events are highlighted in blue shading as in fig.
12.

(a) Near surface wind shear (14 m minus 4 m wind speed, 5-minute mean) during

with the descent of free tropospheric air down to the surface during the high-pressure
event (Guy et al., 2021). Both concentrations decrease gradually throughout the period,
with daily minima generally occurring during fog events (fig. 12a). The minimum Nasq
was 0.11 ecm ™3 towards the end of case 8 (5 Aug 2019), and the minimum Nyy was 56.5
cm ™3, at the end of case 9. After the end of case 9, the fog lifted from the surface, form-
ing a low-level stratus cloud (base ~200 m) that persisted through 7 August. Both Ny
and Naso increased after the fog lifted, Nog to 177 cm ™3, and Nasg to 7.63 cm ™2, but even
after this recovery, both concentrations were 30% lower than the initial concentrations

at the beginning of the quiescent cloud-free period.

Despite similar maximum near-surface cooling rates on the evenings with fog (2.7
to 3.7 K h™1), only the first case (case 6) develops a LWP > 10 g m~2 (fig. 6), and there
is some evidence presented in section 5.1 that the development of case 8 might be lim-
ited by low aerosol particle concentration. One explanation for the gradual decrease in
surface aerosol particle concentrations throughout this period (01 to 06 August) is that
the scavenging of particles by fog droplets exceeds the rate of particle influx (presum-
ably due to descent via sedimentation and/or turbulent entrainment from the free tro-
posphere). Without measurements of vertical aerosol profiles and subsidence rates we
cannot determine the relative importance of fog scavenging in this process compared to
changes in particle influx (i.e. particle influx may also be decreasing with time as the
anticyclonic circulation over Greenland weakens, fig. S5). However, the fact that the mean
deposition flux of particles to the surface during fog events (on average 0.62 ng cm~2 for
SOi_, Bergin et al., 1994) is twice that of the mean dry deposition flux during the sum-
mer at Summit (0.29 ng cm ™2 for SOi_, Bergin et al., 1994), supports the hypothesis
that multiple fog events during quiescent conditions act to deplete near surface aerosol
particle concentrations, which in this case may have contributed to the latter fog cases
approaching the aerosol-limited regime.

Another interesting question is why the nocturnal fog did not form on 03 August.
Both near-surface temperature and aerosol concentration were highly variable early on

27—



861

862

863

864

865

866

867

868

869

870

871

872

873

874

875

876

877

878

879

880

881

882

883

884

885

886

887

888

889

890

891

892

893

894

895

896

897

898

899

900

901

902

903

904

905

906

907

908

909

910

911

03 August, the maximum near-surface cooling rate reached 5.70 K h™! and both Ny and
Naso remained higher than the seasonal average (fig. 12), suggesting that fog formation
was neither ‘cooling-rate limited’ nor ‘aerosol limited’. Photographs from the total sky
imager and observer reports of unlimited visibility confirm that the sky remained clear
throughout the day. One difference between the early morning period on 03 Aug and the
other mornings when fog did form is in the near-surface wind profile (fig. 13a), during
the morning of 03 Aug there was a wind speed maximum close to the surface (the 4 m
wind speed was consistently 1-2 m s~! faster than the 14 m wind speed). The shear gen-
erated by this near-surface wind-speed jet modified the turbulent properties of the sur-
face layer, increasing mixing (indicated by the coincident increase in turbulent kinetic
energy, fig. 13b), which may have been sufficient to prevent the formation of fog droplets
and likely contributed to the high variability in the near-surface aerosol concentrations
and temperature profile.

6 Summary and conclusions

The first goal of this study was to highlight the advantages and limitations of us-
ing spectral ground-based measurements of downwelling longwave radiation (measured
by the AERI) to examine fog microphysical properties. Unlike active remote sensing in-
struments, which have a blind range close to the instrument, the AERI is most sensi-
tive to the near-surface atmosphere, making it particularly suitable for the study of shal-
low fogs. Measurements of shallow fog with an AERI at Summit Station, in central Green-
land, also benefit from the extreme dryness of the atmosphere and the improved abil-
ity to characterize temperature and humidity near the surface. The 8-19 um spectral range
of the AERI is most sensitive to fog (or cloud) microphysical properties when the fog
visible optical depth is close to 1. This is particularly advantageous for the study of op-
tically thin clouds in polar regions (particularly fogs), which can be responsible for the
maximum cloud radiative forcing at the surface during summer months (e.g. Miller et
al., 2015). At Summit, optically thin fogs are common (the maximum mixed-phase op-
tical depth retrieved from the 12 fog cases in this study is 4.8, and the mean is 0.8) so
the sensitivity of the AERI instrument (which can detect LWP as low as 3 g m~2) is par-
ticularly suited for the study of these fogs. However, the loss of sensitivity to fog micro-
physical properties at optical depths > 6 means that this technique is not appropriate
for studying the microphysical properties of optically thick fogs/clouds.

The MIXCRA algorithm is designed to retrieve the optical depth of liquid droplets,
the optical depth of ice crystals, and the effective radius of the liquid and ice particles
from the measured spectral radiance. Although MIXCRA retrievals of cloud properties
have been validated against independent measurements in multiple previous studies, this
is the first validation of the MIXCRA algorithm for fog events. A cross-validation of droplet
effective radius retrieved using the MIXCRA algorithm with in-situ measurements from
an FM100 forward scattering probe demonstrates that MIXCRA can capture variations
in Ry;q with a RMSE of 2.0 pum when the fog optical depth is sufficient (0.25 < 7 < 6.0).

The loss of sensitivity of the spectral infrared signature to changes in fog micro-
physical properties as the fog optical depth approaches zero means that MIXCRA is un-
able to retrieve fog microphysical properties during the initial growth phase of fog. This
also means that MIXCRA is unable to retrieve microphysical properties associated with
tenuous fogs (or higher clouds) that are potentially limited by low aerosol particle num-
ber concentration. We would expect such events to be characterised by large droplet ef-
fective radius and low optical depths, but for the two potential examples shown in this
study, the optical depths are too low for MIXCRA to determine the fog phase or par-
ticle effective radius.

For the 12 fog cases studied, 92% of retrievals passed the initial quality control (ra-
diances calculated using retrieved cloud properties matched measured radiances to within
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an RMSE of 1.2 RU). Where there was sufficient optical depth for the retrieval (7 > 0.25),
the mean total (liquid plus ice) optical depth across all fog events was 0.78 + 0.71 (one
standard deviation). Nine of the twelve cases were mixed-phase fogs, one consisted of

only ice particles, one of only liquid droplets, and one case was too optically thin for any
valid retrievals. The mean ice particle effective radius was 24.0 &+ 7.8 um, and the mean
liquid droplet effective radius was 14.0 £ 2.8 pym. The sensitivity of the AERI allows for
the detection of LWP as small as 2.0-3.0 ¢ m~2 (for Ry;, 12 to 18 um) with a 20 uncer-
tainty of 0.9-1.5 g m~2. The mean LWP across all fog events was 7.9 + 6.6 g m~2, and

in two cases the maximum LWP exceeded 30 g m~2.

The second objective of this study was to use the MIXCRA microphysical retrievals
alongside measurements of surface aerosol number concentration to look for observational
evidence of fog-aerosol interactions at Summit. In all cases apart from one, the concen-
tration of aerosol particles > 250 nm (Ngsg) decreased to < 0.5 cm~2 during the fog event
(with a median decrease of 82% after 300 minutes), suggesting that almost all particles
in this size range are activated into (or scavenged by) fog droplets, consistent with past
studies (Bergin et al., 1994, 1995). Changes in the concentration of 20 to 230 nm diam-
eter particles (Nog) were more variable; in some cases, Nog was found to be well corre-
lated with Ny50 and decreased by up to 50% during fog, whereas in others, the two pop-
ulations were decoupled, and on two occasions there was a > 100% increase in Ngg dur-
ing fog.

In two case studies, there is observational evidence that the near-surface aerosol
particle number concentration might be a critical control on fog LWP and lifetime, but
in other cases there is evidence that dynamical processes (i.e. turbulent mixing, subsi-
dence, or the near-surface wind profile) are more important. Large-eddy simulations based
on these detailed case studies are necessary to determine why some cases developed into
well-mixed optically thick fogs and others did not, which is important for the resulting
net radiative forcing of the fog at the ice sheet surface. In one case study there is evi-
dence that fog can act to increase the near-surface aerosol particle number concentra-
tion by enhancing mixing of air from above into the near-surface stable layer. During
a separate period of clear skies and low winds, when nocturnal radiation fog formed on
four out of five consecutive nights, a gradual reduction in Nog and Nosg supports the hy-
pothesis that multiple fog events in quiescent periods act to clean the near-surface layer
of aerosol particles.

The examples presented in this study demonstrate that there are multiple path-
ways through which the surface aerosol population may (or may not) impact fog devel-
opment, and through which fog itself can modify the surface aerosol population. Cor-
relations between aerosol properties and fog (or cloud) microphysics should not be con-
sidered in isolation, because there are other completing processes that can impact fog
development, such as the thermodynamic and turbulent structure of the boundary layer.
A larger dataset of fog cases studies is necessary to investigate the competing effects of
the scavenging of surface aerosol particles by fog versus increases in aerosol particles dur-
ing fog events, and the importance of both processes for fog and cloud formation later
in time.

Open Research Section

AERI data and the thermodynamic profiles used to drive the MIXCRA algorithm
are in the process of being submitted to the Arctic Data Center at https://doi.org/
10.5439/1880028. The temperature dependent single scattering property databases are
available online at https://people.nwra.com/rowe/refractive_indices.shtml. The
FM100 data from Cox et al. (2019) are archived at https://doi.org/10.18739/A28K74W5W
(Noone & Cox, 2019). Aerosol particle number concentration measurements, near sur-
face temperature and wind profiles from the 15 m tower, and sensible heat flux measure-
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963 ments are available from CEDA data archive (Guy et al., 2020). ICECAPS ceilometer
964 data (https://doi.org/10.18739/A27659G3R) and sodar data (https://doi.org/10

965 .18739/A2HM52K68) are archived at the Arctic Data Center (Shupe, 2020a, 2020b). The
966 MIXCRA retrievals used in this study are in the process of being submitted to the Arc-
967 tic Data Center and are available upon request.
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Key Points:

¢ Ground-based measurements of downwelling longwave radiation can be used to
determine the microphysical properties of optically thin fogs.

« Almost all aerosol particles larger than 250 nm diameter are scavenged during twelve
summer fog events in central Greenland.

e Multiple pathways exist through which the aerosol population can impact fog de-
velopment, and fog can modify the surface aerosol population.
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Abstract

Supercooled fogs can have an important radiative impact at the surface of the Green-
land Ice Sheet, but they are difficult to detect and our understanding of the factors that
control their lifetime and radiative properties is limited by a lack of observations. This
study demonstrates that spectrally resolved measurements of downwelling longwave ra-
diation can be used to generate retrievals of fog microphysical properties (phase and par-
ticle effective radius) when the fog visible optical depth is greater than ~0.25. For twelve
cases of fog under otherwise clear skies between June and September 2019 at Summit
Station in central Greenland, nine cases were mixed-phase. The mean ice particle (optically-
equivalent sphere) effective radius was 24.0 & 7.8 um, and the mean liquid droplet ef-
fective radius was 14.0 & 2.7 pm. These results, combined with measurements of aerosol
particle number concentrations, provide observational evidence supporting the hypothe-
ses that (a) low surface aerosol particle number concentrations can limit fog liquid wa-
ter path, (b) fog can act to increase near-surface aerosol particle number concentrations
through enhanced mixing, and (¢) multiple fog events in quiescent periods gradually de-
plete near-surface aerosol particle number concentrations.

Plain Language Summary

Fogs over the central Greenland Ice Sheet can modify the net radiation that reaches
the ice surface. How much a fog influences the net surface radiation is related to the fog
lifetime and optical depth. These properties are related to the phase and size distribu-
tion of the particles that make up the fog, that in turn depend on the characteristics of
the atmospheric aerosol particles on which the fog forms. This study shows that the phase
and size distribution of fog particles can be determined from ground-based measurements
of downwelling longwave radiation, and explores how fogs interact with the number con-
centration of atmospheric aerosols measured near the surface during twelve cases of summer-
time fog in central Greenland.

1 Introduction

Central Greenland is a unique environment in the Northern Hemisphere: A uni-
form surface of snow-covered ice extends for over 250 km in every direction from the ice
sheet’s highest point at 3,250 m a.s.l (Howat et al., 2017). The structure of the atmo-
spheric boundary layer over the ice sheet is driven by large-scale circulation, including
atmospheric rivers associated with extratropical storms (Mattingly et al., 2018; Gallagher
et al., 2018) and blocking anticyclones (Pettersen et al., 2022), and is modulated locally
by strong radiative cooling at the ice sheet surface (Hoch et al., 2007). Under quiescent
conditions (clear skies, light winds), surface radiative cooling frequently drives the for-
mation of supercooled radiation fog through the condensation of water onto aerosol par-
ticles that act as cloud condensation nuclei (CCN) (Bergin et al., 1994; Cox et al., 2019).

At Summit Station (Summit), a research base located at the highest point on the
Greenland Ice Sheet (72.57°N, -38.47°E), fogs comprised of supercooled droplets occur
year-round even when the surface temperature falls below -30°C (Cox et al., 2019). These
fogs can have a strong effect on the ice sheet surface energy budget, contributing on av-
erage an additional 27 W m~2 of total net downwelling radiation relative to clear sky
conditions (Cox et al., 2019). In the summer months (May to September) solar heating
of the ice sheet surface during the day results in a diurnal cycle of net surface radiation.
Radiation fog forms during the period of the diurnal cycle when the sun elevation is low-
est and the net radiative cooling at the surface is strongest, and the associated increase
in net downwelling longwave radiation acts to damp the diurnal temperature cycle, which
has been hypothesised to precondition the ice sheet surface for melt (Cox et al., 2019).
These fogs can also increase the rate of aerosol deposition to the surface (Bergin et al.,



69

70

71

72

73

74

75

76

v

78

79

80

81

82

83

84

85

86

87

88

89

90

91

92

93

7

95

96

97

98

99

100

101

102

103

104

105

106

107

108

109

110

111

112

113

114

115

116

117

118

119

120

121

1994, 1995) and reduce ice sheet mass loss by recondensing sublimated water onto fog
particles that then settle out under gravity (Berkelhammer et al., 2016).

Understanding the controls on the processes that modify the surface mass balance
of the Greenland Ice Sheet is becoming increasingly important as melt events become
more common and widespread (Tedesco & Fettweis, 2020; Hanna et al., 2021). The ra-
diative impact of fog at the ice sheet surface depends on fog occurrence, duration, and
optical depth, which itself is determined by the fog liquid water path (LWP), and mi-
crophysical properties such as fog particle phase and size distribution. The representa-
tion of fog microphysical properties is one of the largest sources of uncertainty in fog fore-
cast models and Large-eddy simulations (Boutle et al., 2022), and the representation of
cloud microphysical properties in general is one of the largest sources of uncertainty in
projections of future Greenland Ice Sheet melt (Hofer et al., 2019). One of the reasons
for these uncertainties is that there are very limited observations available to constrain
model parameterisations. This is particularly true for fog over Greenland, which often
occurs in shallow layers (< 100 m) below the lowest range gate of most ground-based
active remote sensing instruments (such as radar or lidar). These very shallow fog lay-
ers are often subgrid-scale for most climate and weather models.

Important controls on fog (and cloud) lifetime, microphysical, and radiative prop-
erties are the number concentration, size distribution, and composition of aerosol par-
ticles on which droplets or ice crystals can form. Droplets form on CCN, so the num-
ber concentration of CCN determines the number concentration of droplets at a given
supersaturation. When the CCN concentration is increased, a fog will contain a greater
number of smaller droplets than an equivalent fog (with the same liquid water content)
forming under a reduced CCN concentration, resulting in a relatively high fog optical
depth and solar reflectivity, and hence impacting the net downwelling radiation at the
surface (Twomey, 1977). Increased fog droplet number concentration also leads to en-
hanced longwave radiative cooling at fog top (e.g. Garrett, Radke, & Hobbs, 2002), en-
couraging further droplet activation, and smaller droplets that are not removed as quickly
by sedimentation, with both processes working to extend fog lifetime (Maalick et al., 2016;
Boutle et al., 2018; Yan et al., 2021). Increased fog top cooling can also enhance mix-
ing and entrainment that, depending on the humidity of the overlying air, can either re-
duce or increase cloud/fog water content (Ackerman et al., 2004; Small et al., 2009; Williams
& Tgel, 2021).

In very clean environments, low CCN concentrations can limit fog (and cloud) for-
mation and lifetime, because the few activated CCN will grow to relatively large sizes
and precipitate out, removing CCN and preventing further droplet formation (Mauritsen
et al., 2011; Stevens et al., 2018). Evidence suggests that this situation can occur in the
Arctic, where naturally low concentrations of CCN (1 to 100 cm~3) have the potential
to control cloud radiative properties (Mauritsen et al., 2011; Sterzinger et al., 2022). At
Summit, the annual mean aerosol particle concentration is low even compared to other
Arctic sites (Schmeisser et al., 2018); the mean annual total surface aerosol particle num-
ber concentration (> 20 nm) at Summit in 2019-2020 was just 129 cm ™3, and fell to less
than 10 cm ™2 on occasions in all seasons (Guy et al., 2021). Given that only some of these
aerosol particles act as CCN, these numbers are an upper limit on the number of CCN
available near the surface where fog forms.

When the temperature is below freezing, which is the case almost all the time in
central Greenland (Shupe et al., 2013), the phase partitioning of the fog is also impor-
tant for fog lifetime and the radiative effect of the fog at the surface. Ice fogs usually form
through the direct deposition of vapour onto ice-nucleating particles (INPs, a subset of
the aerosol population that can catalyse freezing) when the air is supersaturated with
respect to ice (Gultepe et al., 2015). Ice nucleation can also occur in supercooled liquid
fogs by either immersion freezing (INPs are activated within a droplet) or contact freez-
ing (droplets freeze upon contact with an INP) (Kanji et al., 2017). Once primary ice
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is present, further ice can form through several different multiplicative mechanisms, col-
lectively known as secondary ice production (Field et al., 2017). If the air becomes su-
persaturated with respect to ice but subsaturated with respect to water, ice crystals will
grow at the expense of liquid water droplets, causing the liquid droplets to evaporate and
the ice crystals to grow to relatively large sizes and settle out, removing moisture from
the surface layer and acting to reduce fog lifetime; this is known as the Wegener-Bergeron-
Findeisen process (e.g. Korolev, 2007).

In addition to the aerosol population having the potential to control fog lifetime
and radiatively important microphysical properties, fog formation may also be an im-
portant control on the lifecycle of aerosol particles in the boundary layer over central Green-
land. Fog can act as an aerosol sink, because the fog droplet deposition flux exceeds that
of aerosol dry deposition (Bergin et al., 1994, 1995). Through this mechanism, fog may
act to ‘clean’ the boundary layer of CCN and INP, which may in turn impact fog and/or
cloud formation later in time. Conversely, fog could act to increase aerosol particles in
the boundary layer by enhancing the transport of aerosol particles from above the fog
top into the surface layer, either by buoyancy or windshear driven turbulent entrainment
at fog top, or by aerosol activation at fog top followed by droplet evaporation closer to
the surface. Observational and model studies have demonstrated that the latter process
can be important in low-level Arctic stratocumulus (Solomon et al., 2014; Igel et al., 2017).

The relative importance of each of these fog-aerosol interactions over central Green-
land is unknown, and our ability to model these processes is hindered by a lack of ob-
servations of both fog microphysical properties and surface aerosol number concentra-
tion and size distribution. Using in-situ measurements collected at Summit in 2013-2014,
Cox et al. (2019) completed a comprehensive assessment of the occurrence, microphys-
ical characteristics, and radiative properties of fogs at Summit, but there were no aerosol
particle measurements available during this period. This study builds on the findings of
Cox et al. (2019), and has two main objectives: (1) to explore the possibility of using
spectral measurements of downwelling longwave radiation to generate retrievals of fog
microphysical properties, and (2) to use these results alongside measurements of surface
aerosol particle number concentration to look for observational evidence of fog-aerosol
interactions over central Greenland.

The spectral signature of downwelling longwave radiation is sensitive to the radia-
tive properties of fog that are important for the ice sheet surface energy budget and can
be measured continuously by passive ground-based instrumentation that, unlike many
active remote sensing instruments, are not limited by the height of their lowest range gate
and so do not have a ‘blind’ spot close the surface. Such measurements have been used
to study the microphysical properties of mixed-phase polar clouds (Mahesh et al., 2001;
Rathke et al., 2002; Turner, 2005; Garrett & Zhao, 2013; Cox et al., 2014; Shupe et al.,
2015; Lubin et al., 2020; Richter et al., 2022); however, these studies did not specifically
focus on fog.

Here, we use a case-study based approach to examine the advantages and limita-
tions of retrieving the microphysical properties of fog from downwelling longwave radi-
ation measurements. Such measurements have the greatest sensitivity to the microphys-
ical properties of clouds when the atmosphere is dry and the clouds are low and opti-
cally thin. In addition, retrieval accuracy relies on a well-constrained cloud temperature.
Taken together, this makes such measurements ideal for studying fog over central Green-
land.

For objective (2), we combine the results of the fog microphysical retrievals with
measurements of surface aerosol particle number concentrations and supplementary ob-
servations of atmospheric state to look for observational evidence to support (or negate)
the following hypotheses:
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(a) That low aerosol particle number concentration can be a critical control on fog
liquid water path and lifetime.

(b) That fogs can act to increase surface aerosol particle number concentration by en-
hancing mixing of air from above into near-surface stable layer.

(¢) That multiple fog events during quiescent conditions act to deplete near surface
aerosol particle number concentration, impacting fog development later in time.

The results of this analysis may be used as the basis of future modelling studies to sys-
tematically distinguish the importance of different fog-aerosol interaction processes, and
to identify instrumentation requirements for future observational campaigns to study fog-
aerosol interactions over central Greenland or in similar environments.

2 Measurements and instrumentation

We make use of measurements from the ICECAPS project (the Integrated Char-
acterisation of Energy, Clouds, Atmospheric state, and Precipitation at Summit; Shupe
et al., 2013) which consists of a suite of instrumentation for monitoring atmospheric pro-
cesses at Summit. To generate the microphysical retrievals of fog properties we use data
from the Atmospheric Emitted Radiance Interferometer (AERI), which measures spec-
trally resolved downwelling infrared radiance between 3 and 19 pum at ~0.48 cm ™! res-
olution (Knuteson et al., 2004b, 2004a). At Summit, the AERI measures downwelling
radiation continuously, alternating between views of the sky at zenith and two calibra-
tion sources, resulting in sky measurements every 15-20 s. The AERI data are quality
controlled as described in Guy et al. (2022) and subjected to noise filtering using the tech-
nique described by Antonelli et al. (2004) and Turner et al. (2006). Section 3 describes
the retrieval algorithm.

To explore individual fog cases in more depth we examine data from the ceilome-
ter (CT25K, Miinkel, 2006), sodar (Neff et al., 2008), total sky imager, and near-surface
temperature profiles and sensible heat flux estimates from tower-mounted in-situ sen-
sors (Guy et al., 2020). Data from the millimetre cloud radar and precipitation occur-
rence sensor system were used to help identify fog cases during the summer of 2019, and
radiosonde data were used to help constrain retrievals of continuous thermodynamic pro-
files from the AERI that are required as an input to the microphysical retrieval algorithm;
both steps are described in detail in Guy et al. (2022). See Shupe et al. (2013) for fur-
ther information about the overall ICECAPS instrumentation suite.

2.1 Aerosol particle measurements

During the summer of 2019 there were two instruments at Summit measuring sur-
face aerosol particle number concentration in different size ranges: a butanol-based con-
densation particle counter (CPC, GRIMM 5.400) that measured the total concentration
of condensation nuclei every second, and an optical particle counter (SKYOPC, GRIMM
1.129) that measured size-resolved concentrations of 250 to 4500 nm diameter particles
every six seconds. Guy et al. (2021) describe the CPC data in more detail, including the
estimation of particle loss in the inlet line, which resulted in the CPC measuring the num-
ber concentration of condensation nuclei with diameters between 20 and 230 nm with
greater than 50% efficiency. For this reason, measurements from the CPC are henceforth
referred to as Nyg, indicating the number concentration of particles > 20 nm diameter.

The SKYOPC had an identical inlet to the CPC but a higher flow rate (1.2 L min~1),
and as a result larger particles could pass through the SKYOPC inlet. After account-
ing for particle losses in the inlet (using the Particle Loss Calculator, Von der Weiden,
Drewnick, & Borrmann, 2009), the SKYOPC measured the number concentration of par-
ticles with diameters between 250 and 4500 nm with greater than 50% efficiency. For the
SKYOPC, the measurements were corrected for particle loss in the inlet by multiplying
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the particle number concentration by a correction factor based on the modelled inlet ef-
ficiency as a function of particle size (which varied from 1.02 to 1.97 in the 250 to 4500
nm size range). The total particle number concentration between 250 and 4500 nm (hence-
forth Nosg) was calculated by summing the corrected size resolved SKYOPC data.

Particles larger than 6 ym in diameter, which is smaller than the typical size of fog
droplets (e.g. Mazoyer, Burnet, & Denjean, 2022), could not pass through either inlet,
and the instruments were located in a heated building that was always >15°C warmer
than the outside air. Thus, during fog events, we assume that Nog and Noso are mea-
surements of the dried interstitial aerosol particle number concentration. Both Nog and
Ns59 were resampled to five-minute medians for the purpose of this study, and quality
controlled to remove any instances of contamination from station pollution as in Guy
et al. (2021). Note that this quality control does not impact any of the data presented
here, because none of the fog cases coincide with local pollution events (which was part
of the original event selection criteria).

Figure 1 shows how the measurements from the SKYOPC (Ng50) and CPC (Ngg)
intersect with the ‘typical’ size range of CCN and INP from past literature, although the
proportion of aerosol particles that can act as a CCN depends on the aerosol type and
degree of supersaturation, and our knowledge of the typical size range of INP particles
is limited by sparse observations (particularly of small INP particles < 250 nm diam-
eter). Supersaturations can reach higher values when the aerosol particle number con-
centration is low, and particles as small as 20 nm have been observed to act as CCN in
clean Arctic environments (Leaitch et al., 2016; Baccarini et al., 2020). Several studies
indicate that the INP population is mostly made up of coarse-mode particles > 250 nm
diameter (Mason et al., 2016; Creamean et al., 2018; Si et al., 2018), however recent stud-
ies of size-resolved INP concentration over the central Arctic suggest that particles as
small as 150 nm diameter can be an important source of INP (Creamean et al., 2022;
Porter et al., 2022). Figure 1 also shows how measurements during the summer of 2019
compare to those collected between 15 May and 16 June 2007 using a scanning mobil-
ity particle sizer to detect particles with diameters from 5.5 to 195 nm diameter (Ziemba
et al., 2010), and how they compare to the ‘typical’ size distribution of near-surface aerosol
particles in the Arctic summer, which is mostly based on measurements from coastal and
low elevation Arctic sites (Carslaw, 2022).

2.2 Fog events

We focus on the twelve radiation fog events identified by Guy et al. (2022) that oc-
curred during the summer of 2019 (Table 1). Each fog event occurred under otherwise
clear skies and had a detectable longwave radiative impact at the surface; the duration
of each fog event was defined as when the 962 cm~! downwelling radiance measured by
the AERI is greater than a threshold of 1.7 RU (1 RU = 1 mW m~2 st~! ecm™1), which
is three standard deviations above the mean clear sky radiance between June and Septem-
ber 2019. The 962 cm ™! microwindow is almost completely transparent under clear skies
for conditions at Summit, and is therefore particularly sensitive to the presence of clouds
(e.g. Cox, Walden, & Rowe, 2012). Note that this radiative definition of fog is distinct
from the traditional definition of fog (a reduction of horizontal visibility to < 1,000 m)
but is appropriate for this study because we are concerned with the radiative impact of
fog on the surface energy budget. See Guy et al. (2022) for further details about the se-
lection criteria for each of these case studies.

Table 1 details each case study and indicates where aerosol particle number con-
centration measurements are available. The SKYOPC vacuum pump experienced inter-
mittent faults resulting in missing Noso data for some of the fog cases, and an issue with
the CPC power supply resulted in incomplete Noy data for case 3.
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Figure 1. The portion of the aerosol particle size distribution measured in this study, Nag

shaded in blue and Na50 in red, overlaid on the typical size distribution of the near-surface Arctic
atmosphere in summer (Carslaw, 2022, black dashed line), and the observed size distribution of
surface aerosol particles at Summit between May and June 2007 from Ziemba et al. (2010) (green
line). The blue and red lines indicate the mean values from the CPC (a single value in the range
20 to 230 nm) and the SKYOPC (size resolved measurements in 20 bins between 250 and 4500
nm) observed between June (or July for the SKYOPC) and September 2019.

3 Retrieval of fog microphysical properties

We use the mixed-phase cloud property retrieval algorithm (MIXCRA, Turner, 2005),
which uses optimal estimation to retrieve fog microphysical properties at 5-min inter-
vals from the spectral longwave radiation measured by the AERI (note that we did not
apply temporal averaging to the AERI spectra). The longwave radiation is sensitive to
changes in cloud/fog phase, particle size, and optical depth when the optical depth is
between ~0.25 and 6, allowing the retrieval of these properties using optimal estimation
(Turner, 2005; Cox et al., 2014). As the optical depth approaches the upper end of this
range, the longwave spectral signature of the cloud/fog approaches that of a black body
and contains little information about microphysical properties. As the optical depth ap-
proaches the lower end of this range, the signal to noise ratio of the AERI becomes too
low for meaningful retrievals. Figure 2 shows how the mean spectral signature from the
AERI during the fog events varied, spanning much of the dynamical range between clear
sky conditions and optically thick stratus in the atmospheric window region (where the
cloud-free atmosphere is mostly transparent to longwave gaseous absorption ~800 to 1200

cm™1).

MIXCRA models each fog event as two collocated ‘clouds’, one consisting of ice crys-
tals and the other of water droplets. Starting from user input a priori values of optical
depth (7) and particle effective radius (R) for each cloud (7,4 and Ry, for the liquid cloud
and T;.. and Ry for the ice cloud), as well as vertical profiles of atmospheric temper-
ature and water vapor content, the algorithm uses a forward model to calculate the ex-
pected spectral signature of the combined cloud and atmosphere, and then iterates us-
ing optimal estimation to determine the values [7i;4, Riig, Tice; Rice] that optimally match
the spectral signature observed by the AERI, given the a priori and the measurement

uncertainty.
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Figure 2. AERI radiance measurements averaged over each fog case (colored lines, see leg-
end inset). The thick black line shows the median for all fog cases, which can be contrasted to
the median over all confirmed clear sky hours (thick grey line), and an example of an optically
thick stratus cloud (from 01 to 02 UTC on 08 June 2019, dashed black line). Spectral radiance
is resampled to 4 cm™! for clarity (native resolution is 0.5 cm™'). Vertical grey lines show the
spectral bands used in the MIXCRA retrievals (between major gaseous absorption bands). Note
the two spectral bands at wavenumbers below 570 cm™!; these are critical for ascertaining the
phase of the fog layers (7, 7; Turner, 2005).

Note that throughout this study 7 refers to the visible optical depth (where extinc-
tion efficiency is 2), transformed from the optical depth at 11 pm as described in Turner
(2005). See Turner (2005) for further information about the implementation of the op-
timal estimation. After the retrieval of [7iq, Riig, Tice, Rice], fog LWP is determined from
equation (1), where p is the bulk density of water.

LWPZM (1)

MIXCRA uses the Line-by-Line Radiative Transfer Model (LBLRTM) version 12.1
(Clough et al., 1992; Clough & Iacono, 1995) as a forward model to calculate the gaseous
clear sky optical depth spectra as a function of height, and the DISORT algorithm (Stamnes
et al., 1988) to simulate radiance from the ice and liquid cloud (which accounts for both
scattering and absorption); the combined LBLRTM and DISORT code is referred to as
LBLDIS. The HITRAN 2008 database (Rothman et al., 2009) provides the molecular
absorption properties used by the LBLRTM. The single-scattering properties used by
DISORT are discussed in section 3.1.1. The radiative transfer calculation also requires
information about the thermodynamic structure of the atmosphere and profiles of at-
mospheric gases. Trace gas concentrations are supplied by the U.S. standard atmosphere
(1976), and CO4 concentrations are scaled to mimic the seasonal and yearly increase in
atmospheric CO4 observed at the Mauna Loa observatory. Uncertainties related to the
distribution and concentration of these gases are mitigated in MIXCRA by only includ-
ing narrow spectral bands (micro-windows) from the AERI in the optimal estimation pro-
cess, and hence avoiding major gaseous absorption bands (the micro-windows used in
this study are highlighted on fig. 2).

Thermodynamic profiles (temperature and water vapor) used within MIXCRA were
retrieved using the TROPoe algorithm, which also uses an optimal estimation approach
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based on AERI observations, taking advantage of the fact that the AERI is also highly
sensitive to the thermodynamic structure of the atmosphere (Turner & Blumberg, 2019;
Turner & Loéhnert, 2021). The accuracy of the TROPoe thermodynamic profile retrievals
during the 12 fog case studies is 41.0°C for temperature and 40.39 g kg=! for water va-
por in the lowest 1,000 m a.g.l (Guy et al., 2022). We assume that any impact of aerosols
on the radiative transfer calculation is negligible, because the absorption and scatter-

ing coeflicients of aerosol particles in the infrared at Summit are generally small (Schmeisser
et al., 2018) and there are no local sources of aerosol particles near Summit after instances
of local pollution from the station are excluded.

The a priori value of 7;;, used as starting point for the optimal estimation is based
on the LWP retrieved by the TROPoe algorithm (Guy et al., 2022) with a standard de-
viation of 6. Note that TROPoe does not account for scattering processes and assumes
only liquid droplets are present; MIXCRA adjusts this first guess value to account for
the possible presence of ice particles and accounts for multiple scattering. The a priori
value for Ry;, is set to 11+6 pm, based on in-situ measurements of the size distribution
of fog droplets at Summit in 2013 and 2014 (Cox et al., 2019). The a priori ice optical
depth is set to 0 with a standard deviation of 6, which gives the algorithm flexibility to
retrieve ice properties. The choice to initiate the retrieval with a liquid-only cloud is based
on the fact that liquid phase fogs are more commonly detected than ice fogs during the
summer at Summit (Cox et al., 2019). The a priori ice particle effective radius is set to
18415 pm based on the distribution of ice crystal effective radius retrieved from mixed-
phase clouds over the Arctic Ocean in 1998 (Turner, 2005).

3.1 Uncertainty quantification and quality control

As an initial quality control, we omit any retrievals where the root mean squared
error (RMSE) between the final forward radiance calculation (that is, the calculation of
expected radiance using the retrieved cloud properties) and the measured AERI radi-
ance is > 1.2 RU. The goal of this quality control is to omit any retrievals for which the
retrieval is unable to bring the calculated radiance into agreement with the measured
radiance to within the expected instrument uncertainty level (a threshold of 1.2 RU is
selected because in 90% of all retrievals the RMSE corresponding to a 30 uncertainty
in the AERI measurements due to noise and calibration uncertainty falls below this value).
For rejected retrievals, we assume that additional unknown sources of error exist (e.g.
large errors in temperature), hindering accurate cloud property retrievals. Cox et al. (2019)
also used a threshold of 1.2 RU for the retrieval of cloud microphysical properties from
AERI measurements in northern Canada.

MIXCRA calculates the uncertainties in [7i4, Riigs Tice, Rice] by propagating the
calibration uncertainty of the AERI (< 1% of ambient radiance, described in Knuteson
et al., 2004a) and the uncertainty associated with the sensitivity of the forward model
(i.e. how much the spectral cloud emissivity changes with small perturbations in [7y;4,
Riig, Tices Rice]) through the optimal estimation algorithm (Turner, 2005). Figure 3 shows
how the 20 percentage uncertainty (as output by the MIXCRA algorithm) varies as a
function of 7, (for 7,4 and Ry;4) and 7. (for 7ice and Ryee) for all the retrievals dur-
ing the fog events. For all retrieved properties, the minimum percentage uncertainties
occur when the fog optical depth is ~1, consistent with the findings of Turner (2005).

The percentage uncertainties in all properties increase when the fog is mixed phase
(i.e. when both 75,4 and 7;ce > 0.02, light blue and pink colours in fig. 3), which is re-
lated to the additional degrees of freedom when retrieving properties for a mixed-phase
cloud compared to a single-phase cloud as well as the challenges of separating the two
phases cleanly (because the liquid and ice signals are correlated). The higher percent-
age uncertainties in R;.. compared to Ry, are related to the fact that the retrieval is more
sensitive to small particles, and ice particles are generally larger than liquid droplets.

—10—
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mean value (in nine logarithmically spaced bins). Points are coloured based on the magnitude of
Tice (a and b) or 754 (¢ and d). The black vertical dashed line highlights an optical depth of 0.25

used as a minimum required optical depth for valid retrievals in this study.
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As the fog optical depth approaches zero, the percentage uncertainties in all retrieved
properties become very large due to the decreasing signal-to-noise ratio, necessitating
the selection of a minimum optical depth above which fog microphysical properties can
be retrieved with an acceptable level of uncertainty. For this study we choose to use an
optical depth threshold of 7;4 > 0.25 (for 734, Riiq and LWP) and 7,ce > 0.25 (for e,
Rice), consistent with Cox et al. (2014), resulting in a mean 20 percentage uncertainty
of < 40% for 7,4 and < 20% for Ry, (fig. 3). This corresponds to a minimum detectable
liquid water path of 2.0-3.0 g m~2 (for Ry;, 12 to 18 um) with a 20 uncertainty of 0.9-
1.5 ¢ m—2. For ice properties, T;ce > 0.25 corresponds to when the mean percentage un-
certainties in 7;.. and R;.. are below ~60% (fig. 3).

We do not need to be concerned about a loss of sensitivity due to saturation in the
infrared, because none of the fog cases have a spectral signature approaching that of a
black body (fig. 2). Furthermore, because the maximum precipitable water vapor (PWV)
during the 12 fog events is only 0.78 cm (with a mean value of 0.35 cm across all events),
the ability of MIXCRA to determine fog phase is not impacted by excessive water va-
por (> 1 cm PWYV can lead to signal saturation in the 16 to 20 um region, Turner, 2005;
Cox et al., 2014). Figure 4 shows the percentage of retrievals during each case study that
meet the quality control criteria of RMSE < 1.2 RU and 7,4 > 0.25 (for liquid phase re-
trievals) or 7;ce > 0.25 (for ice phase retrievals). Less than 8% of all retrievals are dis-
carded due to poor RMSE, but the optical depth threshold severely limits the percent-
age of valid retrievals in each fog case, and in case 7, the optical depth is too low for any
valid retrievals.

100
TU:; - e T,>025
i) Tjig <0.25
5 5ol N T >025
= Tice <0.25
4= RMS > 1.2
;3 251 RMS > 1.2

o

3 4 5 6 7
Case ID

Figure 4. The percentage of all retrievals from each case study that meet the quality control
criteria of RMSE < 1.2 and optical depth > 0.25 for liquid properties (blue) and ice properties
(orange). The percentage of good retrievals used in the remainder of this study are shown by the

dark blue and orange colours.

The MIXCRA algorithm does not account for uncertainties in the atmospheric state
(gas and temperature profiles) or for uncertainties related to the choice of single-scattering
properties (SSPs) for liquid droplets and ice crystals. As mentioned above, uncertain-
ties related to the concentrations of atmospheric gases are minimised through the selec-
tion of micro-windows used by MIXCRA. The atmospheric temperature profile has a mean
RMSE (compared to radiosonde profiles) of £1°C in the lowest 1,000 m a.g.l during these
case studies (Guy et al., 2022), and the difference in the retrieved values of [, Riiq,
Tices Rice] if the temperature profile is uniformly increased or decreased by 1°C are small,
resulting in a mean difference in 75,4 of 0.2 and Ry;; of 0.8 m based on sensitivity tests
with 38 retrievals.
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3.1.1 Uncertainties related to the choice of SSPs

The choice of single-scattering properties (SSPs) to use in the retrievals is non-trivial.
There is emerging evidence that the SSPs of supercooled water droplets are tempera-
ture dependent, and that the use of SSPs that assume a warmer temperature than re-
ality can result in overestimations of ice fraction and underestimations of liquid droplet
effective radius (Rowe et al., 2013, 2022). Although the temperature profile during the
fog events is well characterised, the temperature during a single event can vary by up
to 13°C both temporally and vertically within the lowest 15 m a.g.l due to radiative cool-
ing and changes in boundary layer mixing (fig. S1, supporting information). Further-
more, the SSPs of ice crystals depend on the ice crystal habit (e.g. Yang et al., 2005),
but there is very little information about ice crystal habit at Summit during fog events.
Isolated plates and bullets are often reported by observers, but whether any of these crys-
tals are associated with fog events (as opposed to snow, blowing snow, or diamond dust)
is unclear. A multi-angled snowflake camera operational at Summit in 2019, which pho-
tographed particles with a maximum dimension > 30 ym (Garrett et al., 2012), did not
detect any identifiable ice crystals during the fog events. This suggests that any ice par-
ticles that were present during the fog were unlikely to be bullets or columns, which are
typically > 30 pum along their major axis (Walden et al., 2003). Schmitt et al. (2013) found
that ice fog particles in the interior of Alaska are generally droxtals or plates, although
these fogs are not necessarily comparable to Summit because they were heavily polluted.

To account for the additional uncertainty related to the choice of SSPs, we ran MIX-
CRA in three configurations (P,,, P., and D,,; Table 2). We choose from four databases
of liquid droplet SSPs corresponding to temperatures of 240, 253, 263, and 273 K (Rowe
et al., 2013, 2020). For P,, and D,,, we use the liquid SSPs that correspond to the warmest
temperature measured in the lowest 15 m a.g.l during each fog event, and for P. we use
the liquid SSPs that correspond to the coldest temperature measured during the fog (fig.
S1). For the ice habit, we use SSPs associated with hexagonal plates (for P,, and P,)
and droxtals (for D,,) (Yang et al., 2005). We choose these three configurations as a com-
promise between reducing the computational time of running multiple configurations and
representing the uncertainty associated with the SSPs well. Results from individual test
cases indicated that changing the liquid SSPs between the warmest and coolest temper-
atures had a larger impact on the results than changing the ice SSPs.

Table 2. The three configurations of single-scattering properties (SSPs) for ice and liquid par-
ticles used in the MIXCRA retrievals. Liquid SSPs at temperatures of either 240, 253, 263, or
273 K were used, corresponding to the warmest (or coldest, per table) measured temperature in

the lowest 15 m a.g.l. during each fog event.

Tce Liquid SSP
habit temperature
P, Plates warmest

P. Plates coldest
D, Droxtals warmest

For the rest of this study, the microphysical retrievals shown are the mean values
of the three configurations in Table 2, and we account for the additional uncertainty in-
troduced by the SSPs assumption using equation (2), where 20 is the combined uncer-
tainty of each retrieved parameter (i.e. 7, Riig, Tice, and Rice), 204 is the 20 uncer-
tainty output by the MIXCRA algorithm, AS; is the maximum difference in the retrieved
parameter resulting from varying the ice crystal SSPs, and ASy, is the maximum differ-
ence in the retrieved parameter resulting from varying the liquid SSPs.

—13—
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a4 3.2 Validation against in-situ measurements

a5 The ability of the MIXCRA algorithm to accurately determine simultaneous ice
446 and liquid optical depths of single-layer mixed-phase Arctic clouds is well established through
a7 comparisons with depolarisation lidars (Turner et al., 2003; Turner & Eloranta, 2008),

g but assessments of the accuracy of MIXCRA retrievals of cloud droplet effective radius
a9 are limited to two comparisons with in-situ aircraft measurements of liquid-phase stra-
450 tus clouds over the south-central US (Vogelmann et al., 2012) and off the west coast of
451 California (Turner, 2007). Vogelmann et al. (2012) found that MIXCRA captured the

152 primary mode of the cloud droplet distribution well; the mean and standard deviation

453 of the MIXCRA size distribution was 5.3 + 1.6 um compared to 4.9 £ 0.7 pm for the

454 aircraft probe. Turner (2007) found a mean bias of 0.1 um between the aircraft measure-
455 ments and MIXCRA, with an interquartile spread of 1.9 pym. In both cases, the aircraft
456 measurements represent just one level in the cloud whereas the MIXCRA retrievals are
457 representative of a column value (weighted by optical depth). To date, there have been
458 no assessments of the accuracy of MIXCRA in determining the microphysical proper-

459 ties of fog.

460 Here, we assess the ability of MIXCRA to retrieve Ry;, during fog at Summit by

461 comparing MIXCRA Ry, retrievals with droplet effective radius determined from FM100
162 single-particle light scattering spectrometers installed at 2 m and 10 m a.g.] during a su-
463 percooled liquid fog event at Summit on 16 June 2013 (fig. 5). Note that the FM100 in-
464 struments were installed on a tower approximately 480 m from the AERI instrument.

465 This case is described further in Cox et al. (2019) and is a near-idealised example of ra-
466 diation fog formation at Summit, the development of which is particularly similar to case

467 4 in 2019.

ac8 The FM100 probes made size-resolved measurements of particles with radii (r) of
469 1-25 pm based on individual particle scattering characteristics, under the assumption
470 that the particles are liquid spheres. The effective radius (R) was calculated from the

an FM100 particle size distribution [n(r)] using equation (3).

_ fooo mr3n(r)dr

i h= Iy~ mr2n(r)dr ®)
73 To estimate the uncertainty in R determined from the FM100 measurements, we

474 recalculated the FM100 particle size distribution 100 times, each time randomly select-

ats ing errors from uniform distributions of five possible sources of uncertainty: (1) probe

476 air speed (+5%), (2) wind speed (0.5 m s7!), (3) wind direction (£5°), (4) whether

arr or not overlapping bins were combined (as described in Cox et al., 2019) (binary), and

a8 (5) the uncertainty in bin sizing (randomised shifts to neighbouring bins). For more de-
479 tails on the uncertainties associated with the FM100 probe, see Cox et al. (2019) and

480 supplement. Bin sizing ambiguities were dominant over sampling errors for this case be-
481 cause the latter were small due to the ambient wind direction and speed being optimally
2 aligned with the probe inlet geometry and the speed of the pumped air through the probe
483 (see also Spiegel et al., 2012). The 20 uncertainty in R is then determined from the stan-
484 dard deviation of R across all the perturbed calculations.

485 MIXCRA Ry;q is not directly comparable to R determined from the FM100 probes,
486 because the downwelling radiance measured by the AERI is sensitive to the bulk infrared
287 signal from the entire population of particles in the scene view of the AERI instrument

288 (the height of which varies with accumulation but is typically around 3 m a.g.l), whereas

489 R determined from the FM100 is based on the forward scattering of light in the visible
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Figure 5. Fog event on 16 June 2013. (a) Calculated effective radius (R) from FM100 mea-

surements at 10 m a.g.l (red line) and 2 m a.g.l (white line) overlaid on the FM100 particle size
distribution at 10 m a.g.l. (coloured shading). (b) Retrieved liquid optical depth (black line), raw
ceilometer backscatter (grey shading), and ceilometer vertical visibility values (blue markers, and
orange for ‘obscured’). (c) Cross validation of fog droplet Ry;q retrieved from the MIXCRA algo-
rithm (black) and determined from in-situ measurements (FM100 probes at 2 m, cyan, and 10 m,
red). Shading represents 2 o uncertainties, and the light blue region shows where the retrieved

optical depth was greater than 0.25.
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range from individual particles passed across the detector at a set height above the sur-
face (2 m or 10 m). Therefore, we would only expect these values to compare well if the
size distribution of the particle population at the height of the FM100 instrument was
representative of the vertical distribution of the particle population. Cox et al. (2019)
show that the fog droplet size distribution varies with height, with the 2 m probe gen-
erally measuring larger particles than the 10 m probe, consistent with particles prefer-
entially forming higher up before settling out. However, on 16 June 2013, after the ini-
tial fog formation, the R at 2 m was consistently smaller than at 10 m (fig. 5), the par-
ticle number concentration at 2 m was also consistently higher than at 10 m (Cox et al.,
2019), possibly indicating partial evaporation of droplets and a reduction in settling ve-
locity at 2 m.

Despite this caveat, the MIXCRA Ry;, compares very well to the R calculated from
both FM100 probes when 7,4 > 0.25 (fig. 5¢) over a range of R from 12.5 to 20 pum. The
RMSE between the MIXCRA Rj;, and FM100 R is 2.0 pm at both 2 m and 10 m, with
a Pearson’s correlation coefficient of 0.57 and 0.69 respectively. However, the strength
of this correlation is not consistent over the fog lifetime. During the initial stage of the
fog (02:20 to 04:00) the MIXCRA Ry;q was consistently smaller than R from both FM100
instruments (by an average of 1.5 pm at 2 m and 2.7 pm at 10m). Between 04:00 and
05:00 there was an initial reduction in R in the FM100 measurements (and a reduction
in particle number concentration, Cox et al., 2019) followed by a sharp increase in R at
04:15. This coincided with a sharp increase in optical depth (fig. 5b), erosion of the sur-
face temperature inversion, and evidence of wind-shear driven mixing in sodar observa-
tions (Cox et al., 2019). The increase in R was also apparent in the MIXCRA Ry;q, but
started earlier (at 04:00), and the maximum Ry, between 04:30 and 05:00 (17 pm) was
lower than the maximum R measured by the FM100 probes during this interval (21 ym
at 2 m and 19 ym at 10 m). This could be explained by an increase in altitude of the
main layer of droplet formation; when the optical depth increases and the surface-based
temperature inversion is eroded, new droplet formation would be initiated by radiative
cooling at the fog top (Haeffelin et al., 2013). If the droplet formation layer height in-
creased to greater than 10 m a.g.l, these droplets would have then grown and settled,
resulting in larger particles at 10 m and even larger particles at 2 m (as observed between
04:30 and 05:15). After 05:15, the fog LWP decreased (Cox et al., 2019) suggesting no
further droplet growth, and the optical depth gradually decreased. Between 06:00 and
10:00, the boundary layer was well-mixed (Cox et al., 2019), R varied consistently at 2
m and 10 m, and the MIXCRA Ry;, captured these variations well. Overall, the MIX-
CRA Ry;q is slightly better correlated with the measurements at 10 m, although this is
largely due to detection of large (> 20 um) particles detected at 2 m that are not reflected
in the MIXCRA retrieval.

In summary, this cross-validation demonstrates that the MIXCRA algorithm can
accurately retrieve Ry;q during fog events at Summit with the following caveats:

1. Due to the threshold optical depth of 0.25, below which signal to noise ratio in
the AERI measurements is insufficient to accurately retrieve fog microphysical prop-
erties, MIXCRA is not able to capture the initial growth period of the fog droplets
(between 00:10 and 02:20 in fig. 5).

2. These results are based off a single case study and cover an effective radius range
of 12.5 to 20 um. More observations of R at a variety of heights and over a larger
range of fog conditions are necessary to fully characterise the ability of MIXCRA
to accurately retrieve fog droplet effective radius.
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4 Results
4.1 Summary of microphysical retrievals during the 2019 fog cases

Figure 6 summarises the retrieved fog microphysical properties from the twelve case
studies, and figures S2 and S3 in the supporting information show the temporal evolu-
tion of the microphysical properties during each case. Retrievals were calculated every
five minutes during each fog event, so the number of valid retrievals indicated on fig. 6a
is the number of five-minute intervals during which there was sufficient optical depth for
the retrieval (75,4 > 0.25 for liquid, or ;e > 0.25 for ice properties).

(a) Optical depth (1)

# valid retrievals: Mean:
4 [ T Tiig- 0.8
_ 12 34 23 .66 38 71 0 1 28 2 40 O|| gu05
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(c) Liquid water path (LWP)
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Figure 6. Relative probability distribution of fog microphysical properties retrieved during
each individual case study listed in table 1 and for all cases (right hand side). The mean and in-
terquartile range of each distribution is shown by the diamond shaped point and associated error
bars when the number of valid retrievals is > 10, otherwise crosses show values from individual
retrievals. (a) Liquid (714, green) and ice (Tice, purple) optical depth, (b) liquid (Risq, green) and
ice (Rice, purple) particle effective radius, and (c) liquid water path (LWP). Only retrievals where
the optical depth is sufficient are shown (7ice > 0.25 for ice properties, or 71,4 > 0.25 for liquid

properties).

For the cases where there was sufficient ice optical depth for a retrieval, the mean
Rice was 24.0 pm (fig. 6b) and the range was 18.5 to 31.4 um. This is in broad agree-
ment with the mean effective radii of ice crystals measured in low-level Arctic clouds (~21-
25 pum, Lawson, Baker, Schmitt, & Jensen, 2001; Turner et al., 2003; McFarquhar et al.,
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2007). The mean Ry;; was 14.0 ym and the mean during individual events varied from
10.0 to 15.1 pum (fig. 6b). The overall mean Ry;, is slightly larger than the mean R de-
termined from the summertime FM100 measurements at 10 m in 2013/14 from Cox et
al. (2019), which was 11.4 + 3 pm. However, it is important to note that the MIXCRA
retrievals are only valid when 7;, > 0.25, and hence they do not include the initial phase
of fog formation where there are a lot of very small droplets that can be detected by the
FM100 (for example, see fig. 5). The range in Ry;, across all retrievals was 6.6 pum (at
the beginning of case 3) to 34.8 pm (just prior to fog dispersal in case 6).

Most of the fog cases have a mean LWP < 10 g m~2 (fig. 6¢), but for cases 2 and
4 the maximum LWP exceeds 30 g m~2, which can result in an increase in downwelling
longwave radiation of > 50 W m~2 relative to clear sky conditions (Miller et al., 2015;
Cox et al., 2019). The minimum LWP retrieved by MIXCRA was 1.3 g m~?2 at the be-
ginning of event 3, associated with the smallest retrieved droplet size (Ry;q 6.6 pm). In
cases 7, 8, and 10, the fog is so optically thin that the LWP is below the limit of detec-
tion for most of the event despite a reduction in horizontal visibility at the surface (to
just 400 m in case 8) and observations of fog bows confirming the presence of liquid wa-
ter on all three occasions. No optics were reported by onsite observers during the ice-
phase fog (case 12), although the sun was below the horizon most of the time.

4.2 Aerosol particle measurements during fog events

The mean Nasq across all fog events was 1.7 ecm ™3 (with the mean during individ-
ual events ranging from 0.4 to 2.2 cm ™3, fig. 7a), and the mean Ny across all fog events
was 187 cm ™3 (ranging from 41.9 to 448 cm~3, fig. 7b), these values represent the in-
terstitial aerosol particle number concentration during fog. The temporal evolution of
Nsg and Nogsg during each event is shown in fig. S4 in the supporting information. The
mean Nosg during fog events is slightly lower than the overall mean value (including clear
and foggy periods) from June to September 2019 (2.4 cm™3), whereas the mean value
of Ny during fog is slightly higher than the seasonal mean (170 cm~3). However, the
mean Nasg and Nyg over the 2 hours prior to fog onset are 8.2 and 191 cm ™3 respectively,
both of which are higher than the mean values over the entire period. In all but case 7,
Nayso drops below 0.5 cm ™2 during the fog event, suggesting that almost all particles in
the N5 size range are activated into (or scavenged by) fog particles. This is not the case
for Ngg; an order of magnitude decrease in Nog during fog is only apparent in case 10,
where Ny falls below 10 cm™3.

Figure 8 illustrates the temporal evolution of Noso and Ny during each fog event,
where fog onset is defined as when the downwelling radiance measured by the AERI in-
creases above the clear sky threshold (see section 2.2), and the percentage change in N
is relative to the mean value during the two hours prior to fog onset. On average, both
Nos0 and Nog decrease during the first 300 minutes after fog onset, consistent with the
growth and activation of aerosol particles into fog particles that are too large for either
instrument to detect (> 6 um). Note that this does not necessarily mean that these par-
ticles are removed from the atmosphere; they may sediment out or they may be released
back into the atmosphere after the fog evaporates, either in the same form or after pro-
cessing within the fog particle.

For No5q there is a reduction in number concentration after fog onset in all events
(of 72 + 26% after 300 minutes). For case 12, the magnitude of the percentage decrease
is small compared to the other events, which is related to the fact that the absolute val-
ues of Nosg during case 12 are exceptionally low, with an initial mean Ny5q in the two
hours prior to fog onset of only 0.2 cm~3. The initial Nosg in the 2 hours prior to fog
onset is consistent in time for all cases apart from case 11, where it varies between 1.2
and 6.8 cm™3. In cases 8 and 10, a sharp reduction in Nasg of 80% begins 30 minutes
prior to the radiative detection of fog onset, whereas in cases 3 and 7, there is a slight
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increase in Nogg at fog onset followed by a reduction in Nosg that starts 20-30 minutes
later. The duration of case 7 is only 102 minutes in total, and 80 minutes into the event
Ns50 begins to increase, returning to the concentration prior to fog formation 10 min-
utes after the fog is no longer detected, suggesting that on this occasion, 100% of the par-
ticles that were incorporated into the fog were re-released after the fog dissipated.

In contrast to Nasg, the change in Nyq is highly variable between different fog events
(fig. 8). In cases 2 and 11, there was more than a 100% increase in Nog during the event.
For case 2, this increase started two hours before the fog was detected, meaning that the
‘initial’ Nog concentration is not a good representation over average conditions prior to
the fog. In case 11 there was an initial decrease in Ny followed by a sharp increase 60
minutes into the fog event, during which Nag reached 1370 cm™2 (> 99th percentile of
Nog measured between June and September 2019), but 240 minutes later, after the fog
was no longer detected, Nog returned to values close to those prior to fog onset. This anoma-
lous case is discussed further in section 5. In cases 8, 9, and 10, there was a reduction
in Nyg that started 30-40 minutes prior to fog onset (of 20%, 30%, and 50% respectively).

Note that some of the variability in evolution of Nyy during fog events could be re-
lated to the size distribution of Ny particles; for example, if most of the Ny particles
are closer to 30 nm diameter (i.e. the first mode in the Ziemba et al., 2010 measurements,
fig. 1) these particles might be subject to different processes during a fog event than to
N particles closer to 150 nm (the second mode in the Ziemba et al., 2010 measurements,
fig. 1). Particles closer to 150 nm in size more readily act as CCN, whereas smaller par-
ticles would require larger supersaturations before activation. Size resolved measurements
of particles < 250 nm diameter would be required to investigate these details further.

For five of the six cases where both Nosg and Nog are available, the two measure-
ments are positively correlated (fig. 9). The exception is case 11, during which Na5¢ de-
creases to < 0.2 em ™3, but there was an anomalous spike in Ny in the middle of the fog
event (discussed further in section 5). In cases 4 and 8, N5 was almost completely de-
pleted, but there is only a small reduction (< 35%) in Nog. This suggests that during
these two cases, the supersaturations were not high enough to activate many particles
with diameters < 250 nm. In cases 10 and 12, Ny5¢ was almost completely depleted, and
Nag was also depleted by 73 and 41% respectively. During case 10, the reduction in Nag
occurred simultaneously with the reduction in Noso (fig. 9) even though the initial Nasq
concentration was above average. The reduction in Nog and Nasg started 30 minutes prior
to fog detection, and then both concentrations remained steady after fog onset, suggest-
ing that supersaturations during this event were high enough to activate smaller parti-
cles (or that the Nog concentration in this case was dominated by larger particles). In
case 12 the initial concentration of Nasg was only 0.24 cm ™3, and there was a gradual
decrease in Nyg after fog onset.

5 Discussion: Observational evidence of fog-aerosol interactions

The results described in section 4 hint that there are a variety of different ways in
which fog interacts with the surface aerosol particle population across the twelve case
studies. Of the seven cases for which Ng5y measurements are available, only cases 4 and
11 develop a LWP > 10 g m~2. The longwave radiative forcing for a LWP of 5 to 30 g
m~2 compared to that of an equivalent clear sky day is very sensitive to small changes
in LWP, and the difference between a LWP of 5 g m—2 and a LWP of 10 g m~2 can equate
to > 20 W m~2 difference in longwave radiation at the surface (Miller et al., 2015). For
this reason, understanding why some fogs develop a LWP > 10 g m~2 while others do
not is important for understanding the radiative impact of fog over the GrIS. One of the
factors that can influence LWP in liquid and mixed-phase fogs is the properties of the
aerosol population. In this section, we use the observations presented in section 4 to dis-
cuss the role of fog-aerosol interactions over central Greenland. Throughout this discus-
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sion we make the assumption that changes in the fog and aerosol population were oc-
curring in-situ (i.e. not related to advective processes). We justify this assumption based
on the fact that (a) most of the fog events are likely to be radiation fogs due to the fact
that they form in the evening on days with clear skies, and (b) that the wind speeds (2
to 14 m a.g.l) during all events are relatively low (3.5 & 0.3 m s~!). Despite the low wind
speeds, for some of the longer events (> 8 hours) the horizontal length scale can be ~100
km, and we acknowledge that advective process may have played a role in some of the
observed changes in fog and aerosol properties.

5.1 Aerosol particle controls on fog microphysics

The goal of this section is to identify whether there is observational evidence that
low aerosol particle number concentrations is a critical control on fog liquid water path
and lifetime. To do this, we focus on the cases of liquid and mixed-phase fog where Nagq
measurements are available (cases 3, 4, 7, 8, 10, and 11).

In radiation fog, liquid droplets form when the surface cools radiatively until the
air becomes saturated with respect to water, after which water condenses on CCN par-
ticles, growing them into fog droplets (e.g. Gultepe et al., 2007). Whether or not ice is
present, liquid droplets will continue to grow as long as supersaturation with respect to
water is maintained (either by continued radiative cooling or moisture influx) until they
are large enough to settle out, and new droplet formation will continue as long as there
are CCN particles present that may be activated for the given degree of supersaturation.
In the initial stages of radiation fog development, when the atmosphere is stable and close
to saturation, the degree of supersaturation is determined by the cooling rate, and by
the properties of the aerosol particle population, which determine the number concen-
tration of CCN for a given supersaturation. The air mass specific humidity also plays
a role in determining the amount of cooling required to reach a given supersaturation,
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but this effect is small because the saturation mixing ratio does not change much at cold
temperatures (< 0.1 g kg~ °C~! for temperatures <-8 °C). Based on this, and assum-
ing an absence of advective processes and limited turbulent mixing, the initial forma-

tion of liquid droplets in a supercooled radiation fog development might either be ‘aerosol-
limited’ or ‘cooling-rate limited’ (similar to how a convective cloud might be ‘aerosol-
limited’ or ‘updraft limited’, i.e. Reutter et al., 2009).

In a ‘cooling-rate limited’ scenario, the initial supersaturation would increase slowly.
Using the observations available in this study, this situation would be characterised by
relatively low activated fractions of Nosg at fog onset, because particles that can act as
CCN at low supersaturations will be a subsample of Nosq (McFiggans et al., 2006), fol-
lowed by a gradual droplet growth and continual activation while cooling continues, and
higher supersaturations allow the activation of further particles. In contrast, an ‘aerosol-
limited’ fog would be characterised by high initial activation ratios of Naosg and Ngg at
fog onset, as all particles that can act as CCN are activated. With continued cooling,
and in the absence of new droplet formation due to a lack of CCN, the existing fog droplets
would grow to relatively large sizes, ultimately settling out and preventing an increase
in fog LWP despite continued cooling (as described by Mauritsen et al., 2011). The pres-
ence of ‘aerosol-limited’ fogs would support the hypothesis that the low aerosol parti-
cle number concentrations can be a critical control on fog liquid water path and lifetime.

To identify whether there are any cases of ‘aerosol-limited’ fogs, we calculate cool-
ing rates during each fog event from temperature measurements at 2 m, 4 m, 9 m and
14 m a.g.l. The development of the near surface temperature profile during each fog event
is shown in the supporting information (fig. S1). The cooling rate is calculated from the
60-minute rolling mean of the mean temperature across these four heights. Of the six
cases for which Ny5g measurements are available and liquid water is detected, case 7 has
an extremely low cooling rate (< 0.5 K h~!, fig. 10a) and a low activated fraction of Nasq
at fog onset (fig. 8), suggesting that this event is more likely to be limited by the low
cooling rate than by the aerosol population.

For the remaining five cases, the maximum cooling rate ranges from 2.4 K h=! (case
11) to 4.0 K h™! (case 10) and occurs 30 to 50 minutes after fog onset, except in case
3, where the maximum cooling rate occurs 140 minutes after fog onset (fig. 10a). These
cooling rates are within the range of those observed in mid-latitude radiation fogs (~1
to 4 K h™!, e.g. Price, 2011; Haeffelin et al., 2013). In cases 3 and 4, Na5o decreases grad-
ually as the surface layer continues to cool, which suggests that neither of these two cases
were in the ‘aerosol-limited’ regime, and that aerosol number concentrations were not
the main reason why case 4 developed into an optically thick fog with LWP > 10 g m™
but case 3 did not. The near-surface specific humidity and temperature profiles in both
cases were similar (see table 1), and so the difference in fog development was likely due
to differences in dynamics: In case 3, 110 minutes into the event, a burst of turbulent
kinetic energy (0.3 m? s~2, not shown) at 14 m is followed by warmer temperatures prop-
agating downwards towards the surface (fig. S1), this mixing of warm air downwards could
have limited the fog development.

2

In cases 8 and 10, there is a high activated fraction of Nosg at fog onset (68 and
62% respectively) as well as a relatively high activated fraction of Ny (15 and 45% re-
spectively). Case 10 had the highest activated fraction of Nog out of all fog cases. In both
cases, there is little further change in No5g or Nog after fog onset despite continued cool-
ing (figs. 8 and 10). This suggests that the aerosol particle number concentration could
have limited fog development (lifetime and LWP) in these cases. Unfortunately, the low
fog optical depths limit the ability of the MIXCRA retrieval algorithm to provide infor-
mation about fog phase and particle sizes for both cases. Finally, in case 11, there is greater
variability in Nosg both prior to and after fog onset compared to the other cases, and
in this case the fog develops much more rapidly than in case 4, with LWP increasing to
> 10 g m~2 80 minutes after fog onset (as opposed to 180 minutes in case 4). The warm-
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Figure 10. Time series of (a) cooling rate (2 to 14 m a.g.l), (b) percentage change in Nasg, (c)
liquid water path (LWP), and (d) Liquid droplet effective radius (Ryiq) during the case studies
for which Naso measurements are available. Note that cases 7 and 12, identified as ‘cooling-rate
limited’ fogs are only included on panel (a). The error bars on panels (c) and (d) show the 20
uncertainties in the MIXCRA retrievals.

ing of the surface layer that coincides with the sharp increase in LWP is indicative of a
transition from near-surface radiative cooling to radiative cooling at fog top maintain-
ing the fog. This case is discussed further in section 5.2.

5.2 Increase in Ny associated with fog

We focus on case 11 to look for evidence to support the hypothesis that fog can
act to increase surface aerosol particle number concentrations by enhancing mixing of
air from above into the near-surface stable layer. Case 11 was anomalous out of the 12
cases because of the exceptionally high Nyg that occurred during the fog event (1370 cm ™3,
> 99th percentile of all Nog measurements made between June and September 2019),
and because it consisted of two distinct phases; the LWP increased from 2.4 g m~2 to
17.0 g m~2 between 05:05 and 06:00, then decreased to 2.6 g m~2 at 07:05 before increas-
ing again to 15.9 g m~2 at a 07:45.

The fog formed initially as the near surface temperature cooled after the dissipa-
tion of a mixed-phase cloud (with a base height of approximately 1.3 km) at 04:30. But
only 80 minutes after fog onset, near surface air temperatures started to increase, and
the fog optical depth and LWP started to increase rapidly (fig. 11). Because the surface
temperature was no longer decreasing, the increase in fog optical depth and LWP after
05:15 must have been due to a transition from surface radiative cooling to cooling higher
in the atmosphere (i.e., radiative cooling at fog top).

If the increase in near-surface air temperature was radiatively driven, we would ex-
pect the temperature increase to start closest to the surface first (for example, as in case
2 and 4, fig. S1). The fact that the near-surface air temperature increased simultane-
ously at each of the four heights (fig. 11d) suggests that another mechanism was respon-
sible. This could have been the advection of a warmer air mass, but the consistent wind
direction (90% of all winds measured at 2, 4, 9, and 14 m come from 156° to 222°) and
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low winds speeds (90 % of which range from 1.65 to 3.86 m s~!) throughout the event

indicates that advection at the surface is unlikely to be an important process on the timescale

of this event. Alternatively, this near-surface heating could result from the mixing of warm
air down from above. The sensible heat fluxes at 2 m and 14 m are small (mostly < 2.5
W m~2, fig. 1le) suggesting that this mixing was not driven by changes in thermody-
namic stability at the surface. However, there is evidence both in the ceilometer backscat-
ter (fig. 11c) and the sodar acoustic backscatter (fig. 11f) of features propagating down-
wards towards the surface. These could be remnants of mesoscale dynamical features,
such as buoyancy waves, mixing warmer air down from higher in the atmosphere, or en-
trainment driven by radiative cooling at fog top. In either case, propagation of these fea-
tures down to the surface coincide with the sudden increase in Nyg, suggesting this is re-
lated to the mixing of more polluted air down to the surface from above into what was
previously an isolated stable surface layer.

The top of the strong surface echo in the sodar backscatter, identified by the max-
imum negative gradient (fig. 11f), is associated with the top of the stable near-surface
layer which is isolated from above by a strong surface-based temperature inversion (fig.
11d). The top of this layer decreases intermittently with height between 05:00 and 07:00,
and these variations are strongly anti-correlated with Noy (Pearson’s r = -0.69, p-value
< 0.001). For example, the top of the strong sodar echo falls to 5 m a.g.l at 05:20, co-
inciding with the initial sharp increase in Noy and an increase in surface temperature.
Between 05:35 and 05:55, the height of the sodar echo increases again to 8 m a.g.l and
Ny decreases, before increasing again once the sodar echo height lowers at 05:55. This
pattern continues until 06:50 after which the surface temperature inversion is completely
eroded at 9 m a.g.l and the near-surface echo in the sodar disappears. The erosion of the
isolated surface layer from above indicated by the sodar echo, and the anti-correlation
between the surface layer height and Ny, is consistent with the hypothesis that the in-
crease in Ny is related to the mixing of air down from above.

During the most optically thick part of the fog there was also detectable ice that
increased between 05:50 and 06:10. The increase in ice optical depth coincident with a
decrease in liquid optical depth could be indicative of ice growing at the expense of lig-
uid water droplets (i.e. via the Wegener-Bergeron-Findeisen process). This would result
in the evaporation of liquid droplets and the release of any aerosol particles they con-
tain within the surface layer. In this situation, liquid droplets could form due to radia-
tive cooling at fog top in a layer of the atmosphere where aerosol particle concentrations
might be higher than at the surface, these droplets could then settle and mix towards
the surface, eventually reaching a lower level that is sub-saturated with respect to wa-
ter but supersaturated with respect to ice. The droplets would then evaporate, releas-
ing aerosol particles into the surface layer. This process has been observed in Arctic mixed-
phase stratocumulus clouds (Igel et al., 2017), and could also contribute to an increase
in Ngg, but it is unlikely to be the sole process driving the (~ 1000 cm~3) increase in
Ny because the typical number concentration of fog droplets at Summit is only ~10 to
50 cm 2 (Cox et al., 2019).

When the surface temperature inversion was completely eroded above 9 m a.g.l at
06:50, the fog dissipated, and the surface began to cool again (fig. 11d). At this time,
Nss50 had decreased to near-zero, suggesting that there were no further particles > 250
nm diameter available to act as CCN or INP. The cooling of the near-surface air would
have increased saturation near the surface, potentially initiating the second phase of the
fog. The increase in LWP during the second phase of the fog coincided with a sharp de-
pletion of Nog and given that there were no particles > 250 nm left to activate, the de-
crease in Nog during the second phase of the fog was likely associated with the activa-
tion of Ny particles into fog droplets and the scavenging of particles by fog droplets close
to the surface.
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This case illustrates some of the complexities of the relationship between dynam-
ics, thermodynamics, and aerosol properties during mixed-phase fog events, and it is not
possible to say definitively what processes were involved from looking at the available
observations alone. The observational evidence supports the hypothesis that the sharp
increase in Nog associated with this fog event resulted from the mixing of higher Nog con-
centrations down to the surface, which was either driven by the fog itself (i.e. radiative
cooling at fog top), or both the fog and changes in Ngy were forced by the same exter-
nal mixing event (e.g. buoyancy waves).

5.3 The impact of multiple fog events on the surface aerosol particle num-
ber concentration.

In this section we look for evidence that multiple consecutive fog events in quies-
cent conditions can act to deplete the near surface aerosol particle number concentra-
tion with the potential to impact fog development later in time. Fog with an observable
radiative impact at the surface formed on four out of the five evenings between 01 and
06 August 2019 (fog case numbers 6 to 9, table 1), with skies otherwise clear through-
out the day; associated with a persistent (weakening) high-pressure system over central
Greenland (fig. S5, supporting information). Although this persistent anticyclone con-
tributed to the unprecedented GrlIS surface melt in 2019 (Tedesco & Fettweis, 2020), sim-
ilar events are common over Greenland in the summer (occurring 30% of the time in JJA
1981-2010; Tedesco & Fettweis, 2020). During this event, the near-surface winds were
consistently from the south-east, with 90% of measured 1-minute averaged wind speeds
ranging from 1.26 to 4.81 m s~!. There was a strong diurnal cycle, with radiative cool-
ing in the near-surface layer beginning in the evening when the sun dropped below ~25°
and lasting until the sun rose above ~15° the following morning (fig. 12b).
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Figure 12. Surface aerosol particle number concentrations (a) and cooling rate (b) during a
five day clear sky period in August 2019. Radiation fog events are highlighted in light blue, and
the solar elevation angle is shown by the black dashed line on panel (b). The green highlighted

region at the end of the period indicates the start of a cloudy period.

The initial Ngso averaged over the two hours prior to case 6 was 27.7 cm ™3, and

Ny was 262 cm 3. Both concentrations are higher than the seasonal average, associated
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Figure 13.
the first week of August 2019. (b) Turbulent kinetic energy (TKE) at 2 m a.s.l (blue) and 14 m
a.s.] (orange) over the same period. Radiation fog events are highlighted in blue shading as in fig.
12.

(a) Near surface wind shear (14 m minus 4 m wind speed, 5-minute mean) during

with the descent of free tropospheric air down to the surface during the high-pressure
event (Guy et al., 2021). Both concentrations decrease gradually throughout the period,
with daily minima generally occurring during fog events (fig. 12a). The minimum Nasq
was 0.11 ecm ™3 towards the end of case 8 (5 Aug 2019), and the minimum Nyy was 56.5
cm ™3, at the end of case 9. After the end of case 9, the fog lifted from the surface, form-
ing a low-level stratus cloud (base ~200 m) that persisted through 7 August. Both Ny
and Naso increased after the fog lifted, Nog to 177 cm ™3, and Nasg to 7.63 cm ™2, but even
after this recovery, both concentrations were 30% lower than the initial concentrations

at the beginning of the quiescent cloud-free period.

Despite similar maximum near-surface cooling rates on the evenings with fog (2.7
to 3.7 K h™1), only the first case (case 6) develops a LWP > 10 g m~2 (fig. 6), and there
is some evidence presented in section 5.1 that the development of case 8 might be lim-
ited by low aerosol particle concentration. One explanation for the gradual decrease in
surface aerosol particle concentrations throughout this period (01 to 06 August) is that
the scavenging of particles by fog droplets exceeds the rate of particle influx (presum-
ably due to descent via sedimentation and/or turbulent entrainment from the free tro-
posphere). Without measurements of vertical aerosol profiles and subsidence rates we
cannot determine the relative importance of fog scavenging in this process compared to
changes in particle influx (i.e. particle influx may also be decreasing with time as the
anticyclonic circulation over Greenland weakens, fig. S5). However, the fact that the mean
deposition flux of particles to the surface during fog events (on average 0.62 ng cm~2 for
SOi_, Bergin et al., 1994) is twice that of the mean dry deposition flux during the sum-
mer at Summit (0.29 ng cm ™2 for SOi_, Bergin et al., 1994), supports the hypothesis
that multiple fog events during quiescent conditions act to deplete near surface aerosol
particle concentrations, which in this case may have contributed to the latter fog cases
approaching the aerosol-limited regime.

Another interesting question is why the nocturnal fog did not form on 03 August.
Both near-surface temperature and aerosol concentration were highly variable early on
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03 August, the maximum near-surface cooling rate reached 5.70 K h™! and both Ny and
Naso remained higher than the seasonal average (fig. 12), suggesting that fog formation
was neither ‘cooling-rate limited’ nor ‘aerosol limited’. Photographs from the total sky
imager and observer reports of unlimited visibility confirm that the sky remained clear
throughout the day. One difference between the early morning period on 03 Aug and the
other mornings when fog did form is in the near-surface wind profile (fig. 13a), during
the morning of 03 Aug there was a wind speed maximum close to the surface (the 4 m
wind speed was consistently 1-2 m s~! faster than the 14 m wind speed). The shear gen-
erated by this near-surface wind-speed jet modified the turbulent properties of the sur-
face layer, increasing mixing (indicated by the coincident increase in turbulent kinetic
energy, fig. 13b), which may have been sufficient to prevent the formation of fog droplets
and likely contributed to the high variability in the near-surface aerosol concentrations
and temperature profile.

6 Summary and conclusions

The first goal of this study was to highlight the advantages and limitations of us-
ing spectral ground-based measurements of downwelling longwave radiation (measured
by the AERI) to examine fog microphysical properties. Unlike active remote sensing in-
struments, which have a blind range close to the instrument, the AERI is most sensi-
tive to the near-surface atmosphere, making it particularly suitable for the study of shal-
low fogs. Measurements of shallow fog with an AERI at Summit Station, in central Green-
land, also benefit from the extreme dryness of the atmosphere and the improved abil-
ity to characterize temperature and humidity near the surface. The 8-19 um spectral range
of the AERI is most sensitive to fog (or cloud) microphysical properties when the fog
visible optical depth is close to 1. This is particularly advantageous for the study of op-
tically thin clouds in polar regions (particularly fogs), which can be responsible for the
maximum cloud radiative forcing at the surface during summer months (e.g. Miller et
al., 2015). At Summit, optically thin fogs are common (the maximum mixed-phase op-
tical depth retrieved from the 12 fog cases in this study is 4.8, and the mean is 0.8) so
the sensitivity of the AERI instrument (which can detect LWP as low as 3 g m~2) is par-
ticularly suited for the study of these fogs. However, the loss of sensitivity to fog micro-
physical properties at optical depths > 6 means that this technique is not appropriate
for studying the microphysical properties of optically thick fogs/clouds.

The MIXCRA algorithm is designed to retrieve the optical depth of liquid droplets,
the optical depth of ice crystals, and the effective radius of the liquid and ice particles
from the measured spectral radiance. Although MIXCRA retrievals of cloud properties
have been validated against independent measurements in multiple previous studies, this
is the first validation of the MIXCRA algorithm for fog events. A cross-validation of droplet
effective radius retrieved using the MIXCRA algorithm with in-situ measurements from
an FM100 forward scattering probe demonstrates that MIXCRA can capture variations
in Ry;q with a RMSE of 2.0 pum when the fog optical depth is sufficient (0.25 < 7 < 6.0).

The loss of sensitivity of the spectral infrared signature to changes in fog micro-
physical properties as the fog optical depth approaches zero means that MIXCRA is un-
able to retrieve fog microphysical properties during the initial growth phase of fog. This
also means that MIXCRA is unable to retrieve microphysical properties associated with
tenuous fogs (or higher clouds) that are potentially limited by low aerosol particle num-
ber concentration. We would expect such events to be characterised by large droplet ef-
fective radius and low optical depths, but for the two potential examples shown in this
study, the optical depths are too low for MIXCRA to determine the fog phase or par-
ticle effective radius.

For the 12 fog cases studied, 92% of retrievals passed the initial quality control (ra-
diances calculated using retrieved cloud properties matched measured radiances to within

—28—



912

913

914

915

917

918

919

920

921

922

923

924

925

926

927

928

930

931

932

933

934

935

936

937

938

940

941

942

943

044

945

946

948

949

950

951

953

954

955

956

957

958

960

961

962

an RMSE of 1.2 RU). Where there was sufficient optical depth for the retrieval (7 > 0.25),
the mean total (liquid plus ice) optical depth across all fog events was 0.78 + 0.71 (one
standard deviation). Nine of the twelve cases were mixed-phase fogs, one consisted of

only ice particles, one of only liquid droplets, and one case was too optically thin for any
valid retrievals. The mean ice particle effective radius was 24.0 &+ 7.8 um, and the mean
liquid droplet effective radius was 14.0 £ 2.8 pym. The sensitivity of the AERI allows for
the detection of LWP as small as 2.0-3.0 ¢ m~2 (for Ry;, 12 to 18 um) with a 20 uncer-
tainty of 0.9-1.5 g m~2. The mean LWP across all fog events was 7.9 + 6.6 g m~2, and

in two cases the maximum LWP exceeded 30 g m~2.

The second objective of this study was to use the MIXCRA microphysical retrievals
alongside measurements of surface aerosol number concentration to look for observational
evidence of fog-aerosol interactions at Summit. In all cases apart from one, the concen-
tration of aerosol particles > 250 nm (Ngsg) decreased to < 0.5 cm~2 during the fog event
(with a median decrease of 82% after 300 minutes), suggesting that almost all particles
in this size range are activated into (or scavenged by) fog droplets, consistent with past
studies (Bergin et al., 1994, 1995). Changes in the concentration of 20 to 230 nm diam-
eter particles (Nog) were more variable; in some cases, Nog was found to be well corre-
lated with Ny50 and decreased by up to 50% during fog, whereas in others, the two pop-
ulations were decoupled, and on two occasions there was a > 100% increase in Ngg dur-
ing fog.

In two case studies, there is observational evidence that the near-surface aerosol
particle number concentration might be a critical control on fog LWP and lifetime, but
in other cases there is evidence that dynamical processes (i.e. turbulent mixing, subsi-
dence, or the near-surface wind profile) are more important. Large-eddy simulations based
on these detailed case studies are necessary to determine why some cases developed into
well-mixed optically thick fogs and others did not, which is important for the resulting
net radiative forcing of the fog at the ice sheet surface. In one case study there is evi-
dence that fog can act to increase the near-surface aerosol particle number concentra-
tion by enhancing mixing of air from above into the near-surface stable layer. During
a separate period of clear skies and low winds, when nocturnal radiation fog formed on
four out of five consecutive nights, a gradual reduction in Nog and Nosg supports the hy-
pothesis that multiple fog events in quiescent periods act to clean the near-surface layer
of aerosol particles.

The examples presented in this study demonstrate that there are multiple path-
ways through which the surface aerosol population may (or may not) impact fog devel-
opment, and through which fog itself can modify the surface aerosol population. Cor-
relations between aerosol properties and fog (or cloud) microphysics should not be con-
sidered in isolation, because there are other completing processes that can impact fog
development, such as the thermodynamic and turbulent structure of the boundary layer.
A larger dataset of fog cases studies is necessary to investigate the competing effects of
the scavenging of surface aerosol particles by fog versus increases in aerosol particles dur-
ing fog events, and the importance of both processes for fog and cloud formation later
in time.

Open Research Section

AERI data and the thermodynamic profiles used to drive the MIXCRA algorithm
are in the process of being submitted to the Arctic Data Center at https://doi.org/
10.5439/1880028. The temperature dependent single scattering property databases are
available online at https://people.nwra.com/rowe/refractive_indices.shtml. The
FM100 data from Cox et al. (2019) are archived at https://doi.org/10.18739/A28K74W5W
(Noone & Cox, 2019). Aerosol particle number concentration measurements, near sur-
face temperature and wind profiles from the 15 m tower, and sensible heat flux measure-
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963 ments are available from CEDA data archive (Guy et al., 2020). ICECAPS ceilometer
964 data (https://doi.org/10.18739/A27659G3R) and sodar data (https://doi.org/10

965 .18739/A2HM52K68) are archived at the Arctic Data Center (Shupe, 2020a, 2020b). The
966 MIXCRA retrievals used in this study are in the process of being submitted to the Arc-
967 tic Data Center and are available upon request.
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Figure S1. The temperature at four heights (2 m, 4 m, 9 m, and 14 m, see legend inset)
measured by tower-mounted in-situ probes during each fog case. Plots include the two hours
prior the event, the duration of each event (when there was a detectable radiative impact at the

surface) is shaded in blue. Note the different y-scales on each plot.
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Temporal evolution of optical depth retrievals for the liquid (74, green) and ice

(Tice, purple) phase of each fog event. Error bars show 20 uncertainties. Retrievals for which the

optical depth is insufficient (7 < 0.25) are included on the plot but are faded out.
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Figure S3. Temporal evolution of fog particle effective radius retrievals for the liquid (Ryq, or-
ange) and ice (R;.., brown) phase of each fog event. Error bars show 20 uncertainties. Retrievals

for which the optical depth is insufficient (7 < 0.25) are included on the plot but are faded out.
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Figure S4.

1 13

Aerosol particle number concentration measurements (Ngg, blue,

and N250, red)
during each fog case. Plots include the two hours prior to and after each event, the duration of

each fog event (when there was a detectable radiative impact at the surface) is shaded in blue.
Note the different y-scales on each plot.
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Figure S5. 500 hPa geopotential heights (shaded) and winds (barbed) from ERA5 reanalysis
during the first week of August 2019. Plots show the mean value averaged over the 12 hours
centered on the time labelled in the upper left. The location of Summit Station is indicated by

a black triangle.
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