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Abstract

Marine low clouds are one of the greatest sources of uncertainty for climate projection. We present an observed climatology of

cloud albedo susceptibility to cloud droplet number concentration perturbations (S0) with changing sea surface temperature

(SST) and estimated inversion strength for single-layer warm clouds over the North Atlantic Ocean, using eight years of

satellite and reanalysis data. The key findings are that SST has a dominant control on S0 in the presence of co-varying

synoptic conditions and aerosol perturbations. Regions conducive to aerosol-induced darkening (brightening) clouds occur with

high (low) local SST. Higher SST significantly hastens cloud-top evaporation with increasing aerosol loading, by accelerating

entrainment and facilitating entrainment drying. In a global-warming-like scenario, cloud darkening is expected, mainly as a

result of increased entrainment drying via Clausius-Clapeyron scaling. Our results imply a more (less) positive low-cloud liquid

water path feedback in a warmer climate with increasing (decreasing) aerosol loading.
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Key Points:10

• SST has a strong influence on the relative occurrence of aerosol-induced bright-11

ness of clouds over the North Atlantic Ocean12

• Aerosol perturbation is locally confined and has less influence on the brightness13

of clouds compared to SST14

• In a warmer climate, we expect aerosol-induced cloud darkening caused by increased15

entrainment drying unless the clouds are very thin16
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Abstract17

Marine low clouds are one of the greatest sources of uncertainty for climate projection. We18

present an observed climatology of cloud albedo susceptibility to cloud droplet number con-19

centration perturbations (S0) with changing sea surface temperature (SST) and estimated20

inversion strength for single-layer warm clouds over the North Atlantic Ocean, using eight21

years of satellite and reanalysis data. The keyfindings are that SST has a dominant control22

on S0 in the presence of co-varying synoptic conditions and aerosol perturbations. Regions23

conducive to aerosol-induced darkening (brightening) clouds occur with high (low) local SST.24

Higher SST significantly hastens cloud-top evaporation with increasing aerosol loading, by25

accelerating entrainment and facilitating entrainment drying. In a global-warming-like sce-26

nario, cloud darkening is expected, mainly as a result of increased entrainment drying via27

Clausius-Clapeyron scaling. Our results imply a more (less) positive low-cloud liquid water28

path feedback in a warmer climate with increasing (decreasing) aerosol loading.29

Plain Language Summary30

Low clouds over the ocean are a poorly quantified component of the climate system.31

Here we use eight years of space-based measurements and atmospheric reanalysis data to32

quantify how the reflectivity of single-layer low clouds over the North Atlantic Ocean re-33

sponds to cloud droplet number concentration perturbations, under simultaneous sea surface34

temperature and temperature inversion strength changes. We find that under higher sea35

surface temperature, drop number increases tend to reduce cloud reflectivity by accelerating36

evaporation of cloud water. These results suggest that under global warming, low clouds37

might reflect less energy to space in response to an increase in aerosol loading, which will38

strengthen greenhouse gas forcing. If in the future, particle emissions are reduced, then we39

anticipate some offsetting of greenhouse gas forcing by brighter clouds.40

1 Introduction41

Marine low clouds are ubiquitous over the subtropical and midlatitude oceans (Wood,42

2012) and strongly regulate the Earth’s radiation budget by reflecting solar radiation back43

to space (Klein & Hartmann, 1993; Stephens et al., 2012). How low clouds will respond44

to changes in regional and global climate change is still uncertain and constitutes a major45

uncertainty in predictions of climate sensitivity (Bony & Dufresne, 2005; Dufresne & Bony,46

2008; Vial et al., 2013; Zelinka et al., 2020). A primary source of spread in general cir-47

culation model (GCM)-derived climate sensitivity is the entrainment process at cloud top48

(Caldwell et al., 2013; M. Zhang et al., 2013; Rieck et al., 2012; Bretherton et al., 2013;49

Bretherton & Blossey, 2014; Sherwood et al., 2014), which responds to the change in sea50

surface temperature (SST) and lower tropospheric stability (LTS; Qu et al., 2015; Ceppi51

& Nowack, 2021) under global warming. Recent observational constraint studies predict52

positive shortwave cloud feedbacks across the subtropics and midlatitudes (Myers & Norris,53

2016; Myers et al., 2021; Ceppi & Nowack, 2021) due to a decrease in boundary layer cloud54

cover (Qu et al., 2015; Zhai et al., 2015; McCoy et al., 2017). This feature is corroborated55

by long-term trends in observed cloud cover (Norris et al., 2016).56

The uncertainty in climate projection is exacerbated by the effect of anthropogenic57

atmospheric aerosols on global cloud radiative forcing through changes in cloud amount58

and brightness. One of the strongest aerosol indirect effects occurs via changes to cloud59

condensate (Albrecht, 1989), which is typically quantified via observations of the response of60

cloud liquid water path (CWP) to aerosol-induced perturbations (Chen et al., 2014). Chen et61

al. (2014) identify LTS and free tropospheric relative humidity (RHft) as important controls62

on the aerosol-induced cloud water adjustment and the strength of aerosol-cloud radiative63

forcing. They find that for a drier free troposphere and lower tropospheric stability, CWP64

decreases with increasing aerosol due to a strengthened entrainment rate and evaporation65

efficiency induced by smaller cloud droplets (i.e., greater droplet surface areas) and weaker66
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sedimentation (evaporation-entrainment feedbacks; Wang et al., 2003; Ackerman et al.,67

2004), which could counter the Twomey effect (enhanced albedo from more but smaller68

droplets; Twomey, 1974) and lead to lower cloud albedo (Ac). Existing studies only partially69

address the difficult problem of causality. How the governing meteorological factors co-vary70

with each other and with aerosol perturbations, and how cloud water adjustment is related71

to greenhouse gas-warming-induced changes is barely discussed in the existing literature.72

The latter is currently neglected in the current method of diagnosing aerosol forcing in73

GCMs (Mülmenstädt & Feingold, 2018).74

In this study, we present an observed climatology of Ac susceptibility to cloud droplet75

number concentration (Nd) perturbations with changing SST and estimated inversion strength76

(EIS; Wood & Bretherton, 2006)–two key meteorological cloud-controlling factors (Qu et al.,77

2015; Klein et al., 2017; Ceppi & Nowack, 2021), for single-layer warm (liquid-phase) clouds78

in the planetary boundary layer (PBL) over the North Atlantic Ocean, where there is a79

wide range in SST. We show that by modulating inversion stability and cloud-top humidity,80

SST has a strong influence on the relative occurrence of aerosol-induced cloud brightening81

on daily and inter-annual timescales. Our results suggest a more frequent occurrence of82

less reflective clouds (darkening) with increased aerosol loading under global warming. The83

results presented here might be linked to a more (less) positive low-cloud liquid water path84

feedback in a warmer climate with increasing (decreasing) aerosol loading.85

2 Data Set Description86

We use 8 years (2003-2011) of the National Aeronautics and Space Administration87

(NASA) A-Train satellite measurements and European Center for Medium range Weather88

Forecast (ECMWF)’s fifth generation atmospheric reanalysis (ERA5) over the North At-89

lantic Ocean (25ºN 55ºN; 50ºW 15ºW) for single-layer liquid phase clouds.90

Cloud properties including cloud water path (CWP), cloud optical depth, effective91

radius of cloud droplets, cloud top height and temperature, cloud phase, and cloud layers92

are sourced from Collection 6.1 daytime (∼ 13:30 pm local time) marine cloud retrievals93

at 1 km (nadir) resolution from MODerate-resolution Imaging Spectroadiometer (MODIS)94

on the Aqua satellite. All cloud properties are averaged over time and space within the95

footprint (∼ 20 km) of the Clouds and Earth’s Radiant Energy System (CERES). The96

CERES footprint-level cloud property products are included in the CERES Single Scanner97

Footprint (SSF) level 2 Edition 4A dataset.98

Rain rate data is sourced from the Advanced Microwave Scanning Radiometer for Earth99

Observing System (AMSR-E; Wentz & Meissner, 2004), provided on a non-uniform grid100

within a 1445 km-wide swath with a pixel resolution of ∼ 10 km at the center of the track.101

We derive Nd using visible cloud optical depth and effective radius of cloud droplets102

measured in the 3.7 µm channel following Grosvenor et al. (2018). To ensure robust Nd103

retrievals, we confine our analysis to full coverage (100% cloud cover within the CERES104

footprint), single-layer liquid phase clouds with cloud top height no greater than 2 km105

and cloud top temperature no less than 273 K. Clouds with optical depth less than 1 are106

considered too thin for a reliable Nd retrieval and are therefore removed from the analysis.107

Only Nd retrievals less than 600 cm−3 are used in this study.108

Since this study focuses on full cloud coverage within the CERES footprint, we estimate109

Ac from the all-sky albedo computed as the ratio of upward to incoming solar irradiance110

at the top-of-atmosphere (TOA) measured by CERES. The computed Ac is normalized by111

its value at 0º solar zenith angle (SZA). We restrict the SZA to less than 65º for reliable112

albedo calculation.113

The environmental conditions are sourced from ERA5 reanalysis with a resolution of114

0.25º. The inversion strength is estimated from EIS derived from the ERA5 temperature115
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at the surface and at 700 hPa following Wood and Bretherton (2006). As a refinement116

of LTS, EIS is a better predictor of inversion strength over the midlatitude oceans, where117

the free troposphere is cooler than in the tropics. Since we focus on boundary layer clouds118

below 2 km, we consider the absolute (relative) humidity at 800 hPa from ERA5 as a proxy119

for the free tropospheric absolute (relative) humidity. We compute the 900 hPa aerosol120

number concentration (Na) from ERA5 aerosol mass at 900 hPa following Boucher and121

Lohmann (1995). Using vertical temperature and humidity profiles from ERA5, we identify122

the inversion as the level around the maximum increase in temperature with a height that123

occurs below 2 km, and has an increase in temperature and a decrease in absolute humidity124

(Rémillard et al., 2012; Zhou et al., 2015). The sea surface temperature (SST) is sourced125

from ERA5.126

To merge the CERES footprint level data, AMSR-E rain rate data, and ERA5 reanalysis127

in the same study, we re-grid all data onto the CERES resolution (0.2º) using nearest-128

neighbor interpolation. We further divide the data into 2º×2º latitude-longitude scenes. In129

each scene where scene-level cloud fraction (fc) is greater than 0.25, the natural log of Ac130

from cloudy pixels is regressed onto the natural log of Nd. The resulting linear regression131

coefficient is an estimate of S0 = dln(Ac)/dln(Nd), defined as the Ac susceptibility to132

Nd perturbations. The logarithmic form reduces the sensitivity of S0 to the measurement133

accuracy of Ac and Nd. The 2º × 2º scene is big enough to include variability in cloud134

properties, and small enough to guarantee nearly homogeneous meteorological conditions135

within the scene, such that the regression coefficients computed from the satellite swaths136

can be reasonably considered as the sensitivity of Ac to an Nd perturbation for a certain137

meteorological state. All other variables including SST, EIS, CWP, cloud top height (a proxy138

for inversion height), rain rate, absolute humidity at 800 hPa (q800) and at the inversion139

(qinv), relative humidity at 800 hPa (RH800) and at 1000 hPa (RH1000), Nd, and Na at 900140

hPa are averaged in cloudy pixels for each scene. In total 6562 samples are included. It is141

possible that the large-scale forcing might not equilibrate with cloud properties, which is also142

common in the mean state of the climate. The corresponding cloud radiative susceptibility143

at TOA is estimated from cloudy pixels in each scene following Fc = dAc/dln(Nd)SWTOAdn144

[W m−2ln(Nd)−1], where SWTOAdn is downward shortwave radiation at TOA.145

3 Results146

Bin-averaged S0 with respect to EIS and RH800 in our study (Fig. 1a) resembles147

closely Fig. 1 in Chen et al. (2014), supporting the finding that darkening clouds (defined148

as negative S0) favor dry overlying air and a relatively unstable boundary layer. Over149

64% of the samples are of EIS between 4 K and 12 K, with RH800 varying widely from150

0 to 80% (Fig. 1a). The frequency-weighted average S0 over the North Atlantic is -0.03,151

corresponding to Fc of -12 Wm−2ln(Nd)−1. Comparing Fig. 1b with Fig. 1a shows that152

bin-averaged SST over the North Atlantic varies with an almost opposite trend to S0 with153

respect to EIS and RH800, suggesting that SST has a strong control on the aerosol-induced154

brightness of marine clouds over the North Atlantic Ocean by modulating lower tropospheric155

stability and free tropospheric relative humidity (RH). Regions prone to an aerosol-related156

darkening of clouds occur at high local SST.157

The control of SST on S0 is seen clearly in Fig. 2a where S0 is now plotted in the158

EIS – SST space. The bin-averaged S0 is predominantly negative (darkening) for SST>290159

K, regardless of EIS. For SST < 290 K, S0 is mostly positive or near zero. EIS appears160

to be a good indicator of warm precipitation (Fig. 2b), such that relatively high EIS161

(EIS > 7 K) is associated with none or very lightly precipitating clouds (rain rate < 0.3162

mm day−1) and precipitation tends to increase with decreasing EIS. In this sense, the EIS163

– SST space can be broadly divided into four Quadrants — Quadrant I (upper right):164

nonprecipitating darkening clouds, Quadrant II (upper left): nonprecipitating brightening165

clouds, Quadrant III (lower left): precipitating brightening clouds, and Quadrant IV (lower166

right): precipitating darkening clouds. It can be inferred from Figs. 2a and 2b that the167
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aerosol-induced brightening of marine clouds is not directly related to the occurrence of168

precipitation. We will elaborate below on why darkening clouds tend to occur in Quadrants169

I & IV where SST is relatively high.170

Ideally, EIS would depend solely on SST if the overlying temperature in the free tropo-171

sphere were to remain unchanged (e.g., unchanged remote tropical SST and fixed season).172

In this scenario, the evolution of the PBL and cloud properties along the prevailing winds173

follows the diagonal from the top left to the bottom right corner in the EIS – SST space,174

along which EIS is negatively correlated with SST. All else equal, higher local SST deepens175

the boundary layer by reducing EIS along the diagonal (Fig. 2c). The deepening boundary176

layer is associated with reduced cloud top absolute humidity (Fig. 2d) since free tropo-177

spheric absolute humidity tends to decrease with height by nature. Our results show that178

a ∼1 km deeper boundary layer corresponds to a ∼2 g kg−1 reduction in the cloud top179

absolute humidity. The relatively unstable lower troposphere and drier overlying air serve180

to accelerate cloud-top entrainment and facilitate cloud top evaporation and therefore favor181

cloud darkening.182

Even with the strong difference in cloud top heights, the bin-averaged CWPs along183

the diagonal are comparable (Fig. 2e), likely due to the counteracting effects of a deeper184

inversion layer and higher cloud base at lower EIS. This suggests that the radiative cooling185

driving cloud-top turbulence is not the dominant control on the entrainment along the186

diagonal. We also examine the influence of precipitation scavenging of cloud water on cloud187

darkening in Quadrant IV and find that precipitation plays a negligible role (Text S1; Figs.188

S1 and S2).189

If the free tropospheric temperature changes at a similar or faster rate than the SST190

(e.g., SST changes locally and remotely (Wood & Bretherton, 2006; Qu et al., 2014, 2015) or191

season changes), EIS would change only marginally or positively with SST. This corresponds192

to a horizontal or diagonal from bottom left to top right corner in the EIS-SST space in193

Fig. 2.194

In this aforementioned scenario, assuming the same absolute humidity, higher SST195

corresponds to warmer free tropospheric air that can dramatically decrease free tropospheric196

RH as per the Clausius-Clapeyron scaling (Fig. S3), and thereby enhance entrainment197

drying of the boundary layer. The drier boundary layer triggers an increase in latent heat198

fluxes (LHF), which weakens the RH reduction in the boundary layer (Fig. S3). This leads199

to an increased humidity difference between dry free tropospheric air and boundary layer200

air with increasing SST (Fig. 2f). Analytical calculation shows that with a fixed EIS of 10201

K, increasing local SST from 285 K to 295 K reduces RH800 by ∼50% for a given q800. The202

stronger humidity difference at the inversion (∆RH) is known to decrease low cloud fraction203

and amount through cloud top entrainment (Lock, 2009; Bretherton et al., 2013; Qu et al.,204

2015). Here we show that the ∆RH also facilities negative S0 and might further strengthen205

the positive cloud liquid water path feedback with increasing aerosol levels. Regions of high206

SST and EIS (Quadrant I) are associated with the warmest and thus driest free tropospheric207

air and hence experience the strongest ∆RH at cloud top (Fig. 2f).208

With the increase in ∆RH (and also LHF) in this scenario, CWP reduces correspond-209

ingly (Fig. 2e). This is attributable to an increase in the LHF-induced in-cloud buoyancy210

fluxes, such that a small CWP is enough to generate comparable cloud top turbulence to211

sustain the boundary layer (Bretherton et al., 2013). These comparable levels of turbulence212

translate to similar entrainment rates; therefore it is the enhanced entrainment drying,213

rather than entrainment rate, that facilitates the cloud darkening. Note that when CWP214

is very low (<50 ∼ 60 g m−2), negative cloud adjustment is more than overcome by the215

enhanced Twomey effect and therefore S0 becomes positive (J. Zhang et al., 2021).216

The background aerosol concentrations are in general quite homogeneous over the North217

Atlantic region, except in Quadrants I and III where the bin-averaged Na are slightly higher218
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(Fig. 2g). This is due to a slightly higher frequency of occurrence of large Na (Na > 200219

cm−3) in Quadrants I and III (∼30 %) compared to the other Quadrants (∼20 %). The220

higher Na emanates from the European Continent and Greenland via favorable synoptic221

patterns (Fig. S4). As a result, the bin-averaged Nd is slightly higher in Quadrants I and222

III (Fig. 2h).223

Nd is one of the important cloud properties (the other is CWP) that can directly modify224

S0, by determining cloud droplet sedimentation velocity, precipitation, and the Twomey225

effect. We do find a negative correlation between S0 and Nd over the North Atlantic.226

Clouds with low Nd (< 30 cm−3) tend to be associated with positive S0 (Fig. S5), which we227

attribute to be mainly driven by reduced evaporation-entrainment feedbacks and enhanced228

precipitation suppression when rain is present. Further analysis shows that the decreasing229

trend of S0 with SST is not sensitive to the natural Nd variation (Figs. S6-S8). This230

reflects the governing of S0 by large-scale environmental conditions in the presence of local231

aerosol perturbations. The frequency-weighted averaged S0 (Fc), however, is sensitive to232

Nd: S0 (Fc) is 0.05 (12 W m−2 ln(Nd)−1), -0.08 (-24 W m−2 ln(Nd)−1), and -0.04 (-19 W233

m−2 ln(Nd)−1) for Nd < 30 cm−3, 30 ≤ Nd < 60 cm−3, Nd ≥ 60 cm−3 respectively.234

4 Seasonal and inter-annual variability235

In this section, we investigate how seasonal variation influences the control of SST on236

S0. Due to the strong seasonal variability in the Hadley circulation, the free tropospheric237

absolute humidity shows a strong seasonal variation across all SSTs (Fig. 3a). The stronger238

zonally averaged Hadley circulation (i.e., lower temperature at greater height) and weaker239

solar insolation (colder air) in winter result in drier free tropospheric air in the Northern240

Hemisphere subtropics as per the Clausius-Clapeyron relation. As a result, the q800 in June,241

July, and August (JJA) is ∼5 g kg−1, about three times as much as that in December,242

January, and February (DJF) (∼1.5 g kg−1) (Fig. 3a).243

Warmer free tropospheric air in JJA due to stronger solar radiation reduces the differ-244

ence in free tropospheric RH between the seasons, although JJA is still significantly moister245

(Fig. 3b). Warmer free tropospheric air in JJA also leads to a stronger EIS across all SST246

compared to DJF (Fig. 3c), both of which inhibit cloud top entrainment and evaporation,247

lowering the boundary layer height (Fig. 3d) and hampering cloud darkening.248

Nd over the North Atlantic also appears to be seasonally dependent, with Nd increasing249

by nearly 25 % in JJA, and amplifies with SST (Fig. 3e). The increase in Nd with SST in250

JJA relative to DJF counteracts their difference in environmental conditions by enhancing251

evaporation-entrainment feedbacks. The counteracting effects of microphysical (Nd) and252

environmental (q800, EIS) controls result in a comparable trend of S0 with respect to SST in253

winter and in summer. There is a slightly more frequent occurrence of darkening clouds in254

winter as indicated by the close spacing between dots and shift of the blue shading towards255

negative S0, suggesting a slightly more dominant influence of environmental control over256

microphysical control on S0.257

The control of SST on S0 is shown to be much more significant than the control of258

Nd at the inter-annual time scale. S0 shows an apparent anti-correlation with SST in both259

seasons (with correlation coefficient R ∼ -0.4), especially in DJF when the year-to-year SST260

spans a greater range (Fig. 4).261

5 Discussion262

The wide spatial variability in SST over the North Atlantic Ocean has allowed us263

to examine the response of S0 to varying SST environments that are less contaminated264

by the seasonal co-variability between meteorological conditions. In regions with more265

homogeneous SST (e.g., the North Eastern Pacific Ocean (NEP); J. Zhang et al., 2021), the266
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seasonal co-variation of SST with free tropospheric absolute humidity is remarkable, in a267

way that high (low) SST correlates with more (less) humid overlying air in summer (winter)268

when solar radiation is stronger (weaker) and the Hadley circulation is weaker (stronger).269

The humid free tropospheric air at high SST prevents efficient cloud top evaporation and270

offsets to a large extent the response of S0 to changing SST. This is likely the reason why271

the controlling role of SST is not reflected in the NEP (J. Zhang et al., 2021) and other272

stratocumulus–dominant regions (Qu et al., 2015).273

We note that this study only looks at full coverage clouds at the CIRES pixel level274

(∼20 km), which eliminates most of the low coverage open cell regime where it is more275

common to find enhanced precipitation. As a result, the clouds in this study are mostly276

precipitation free or lightly precipitating (92 % of samples have rain rate < 1 mm day−1),277

such that aerosol-related increases in cloud water accompanying suppressed precipitation are278

less than cloud water losses associated with increased cloud-top entrainment. Clouds with279

more enhanced precipitation (lower Nd) are found to brighten with an increase in aerosol280

loading (Christensen & Stephens, 2012; J. Zhang et al., 2021).281

The domain-averaged S0 (-0.03) and Fc (-12 W m−2 ln(Nd)−1) are calculated from282

cloudy pixels in each scene. Considering the mean cloud fraction at each scene (∼0.5), the283

radiative susceptibility due to the combined cloud water adjustment and Twomey effect284

over the North Atlantic is -6.9 W m−2ln(Nd)−1. This number might be less negative if285

scenes with cloud fraction less than 0.25 are included. The adjustment of cloud fraction286

to Nd might also affect the total radiative aerosol effect, but we are not able to assess this287

information using the current dataset.288

The analysis shown in this study includes samples with all possible correlation coeffi-289

cients between cloud albedo and Nd. A stricter refinement (e.g., |R| > 0.5) leads to more290

negative S0 (-0.06) and Fc (-22.7 W m−2ln(Nd)−1), and a stronger dependence of S0 on SST291

(Fig. S9). With the current dataset, we cannot assess the diurnal variability of S0, nor can292

we assess how S0 responds to increased CO2, whose direct radiative effect (downwelling long-293

wave radiation) is thought to reduce the cloud-top radiative cooling and therefore thin the294

clouds (Bretherton et al., 2013). Further observational or numerical studies are encouraged295

in this regard.296

6 Conclusions297

This study presents an observed climatology of the marine cloud albedo susceptibility298

to perturbations in cloud droplet number concentration (S0) and its relation to sea sur-299

face temperature (SST) and related environmental conditions, using eight years of A-Train300

satellite measurements and reanalysis data. We find a strong control of SST on S0; higher301

SST facilitates a greater entrainment rate (by increasing boundary layer instability) and302

entrainment drying (by deepening the cloud layer and creating a stronger humidity gradient303

at the inversion), both of which hasten evaporation at cloud top. With increasing aerosol304

burden, the evaporation is further enhanced via evaporation-entrainment feedbacks. As a305

result, higher SST is associated with a higher frequency of less reflective clouds and thus306

more negative S0 with increasing aerosol loading. The exception is when clouds are very307

thin with CWP < 50 ∼ 60 g m−2. We find that the aerosol perturbation is more locally308

confined and therefore more than offset by the perturbations of SST-induced environmental309

conditions and their control on S0. Seasonal and inter-annual variability in SST and S0 sup-310

port our findings. Synoptic disturbances could affect the frequency of occurrence of clouds311

with different degrees of precipitation and brightness, but they are less important in de-312

termining cloud albedo susceptibility compared to the large-scale environmental conditions313

(e.g., seasonal variability; local SST) (Fig. S4).314

Projecting these results to a global-warming-like scenario where free tropospheric tem-315

perature changes at a similar or faster rate than SST, and where the moisture contrast is316
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enhanced (because surface humidity generally increases at a higher rate than free tropo-317

spheric humidity according to the Clausius-Clapeyron relation (Qu et al., 2015; Bretherton318

et al., 2013), and because the relative humidity of mixed air parcels at the inversion tends to319

reduce at a higher temperature (Rieck et al., 2012)), cloud darkening would be mainly caused320

by increased entrainment drying. Our results provide insights into a future where if (1) a321

warmer climate produces higher natural aerosol emissions, the aerosol forcing associated322

with aerosol-cloud interactions will increase, leading to a more positive cloud liquid water323

path feedback; or conversely if (2) anthropogenic aerosol emissions are reduced, the aerosol324

forcing associated with aerosol-cloud interactions will decrease, mitigating the positive cloud325

liquid water path feedback.326
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Figure 1. (a) The mean values of susceptibility of cloud albedo to the cloud droplet number

concentration (S0) within bins of estimated inversion strength (EIS) and relative humidity at 800

hPa (RH800). The bin width is 2K ∆EIS in the vertical and 20% ∆RH800 in the horizontal. At

least 20 samples are required in each bin. Hatches in (a) indicate the frequency of occurrence in

each bin. Bins with no hatching have a frequency of occurrence below 2%. (b) Same as (a) but for

sea surface temperature (SST).
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Figure 2. The mean values of (a) susceptibility of cloud albedo to cloud droplet number

concentration(S0), (b) rain rate, (c) cloud top height, (d) absolute humidity difference between

inversion top ( qinv) and 800 hPa (q800), (e) cloud water path (CWP), (f) relative humidity dif-

ference between 1000 hPa (RH1000) and 800 hPa (RH800), (g) aerosol number concentration at

900 hPa (Na), and (h) cloud droplet number concentration (Nd) within bins of estimated inversion

strength and sea surface temperature. The bin width is 1K ∆EIS in the vertical and 1K ∆SST in

the horizontal. At least 20 samples are required in each bin. Black dashes indicate SST = 290 K

and EIS = 7 K isolines. The Roman numerals I, II, III, and IV in (a) indicate quadrants. Hatches

in (a) indicate the frequency of occurrence in each bin. The bins with no hatching have a frequency

of occurrence below 0.2%.
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Figure 3. Quartiles of (a) absolute humidity at 800 hPa (q800), (b) relative humidity at 800 hPa

(RH800), (c) estimated inversion strength (EIS), (d) cloud top height, (e) cloud droplet number con-

centration (Nd), and (f) susceptibility of cloud albedo to cloud droplet number concentration (S0),

within sea surface temperature (SST) bins for June, July, and August (JJA, red) and December,

January, and February (DJF, blue). Dots indicate median values within SST bins (10 %).
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Figure 4. The annual median (solid line) and quartile (shading) of sea surface temperature

(SST, black) and susceptibility of cloud albedo to cloud droplet number concentration (S0, dark

blue) for (a) December, January, and February (DJF) and (b) June, July, and August (JJA) from

2003 to 2011. The annual medians and interquartile ranges of cloud droplet number concentration

(Nd) are indicated by red horizontal and vertical line markers.
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Text S1: Influence of precipitation on aerosol-induced cloud albedo suscepti-

bility

To investigate the influence of precipitation on aerosol-induced cloud albedo suscepti-

bility (S0), we quantify the rain rate (RR) reduction susceptibility to changes in cloud

droplet number concentration (Nd) at fixed RR bins (Fig. S1) following (Sorooshian et al.,

2009). Fig. S1 shows that the RR reduction susceptibility increases with RR for RR≤0.4

mm day−1 where aerosol effectively suppress precipitation. For RR>0.4 mm day−1, the
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susceptibility begins to slightly decrease because the precipitation process becomes rela-

tively efficient such that the aerosol-induced cloud water adjustment is more than offset

by the precipitation removal of cloud water. However, the relatively high rain rate occurs

less than 20% of the time over the North Atlantic (Fig. S1)), so we do not expect a strong

influence of it on S0. In fact, S0 barely changes if relatively heavy precipitation cases

(RR>0.3mm day−1) are excluded (Fig. S2). This suggests that precipitation scavenging

does not play a critical role in generating darkening clouds over the North Atlantic.

References

Sorooshian, A., Feingold, G., Lebsock, M. D., Jiang, H., & Stephens, G. L. (2009).

On the precipitation susceptibility of clouds to aerosol perturbations. Geophysical

Research Letters , 36 (13).

September 7, 2021, 6:33pm



: X - 3

Figure S1. Scatter plot (green dots) of rain rate (RR) and RR reduction susceptibility to

cloud droplet number concentration (Nd) perturbations, overlaid by median (black dot), and

interquartile range (red vertical line) of RR reduction susceptibility in each RR bin (5%).
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Figure S2. Same as Fig. 2 but for rain rate less than 0.3 mm day−1.
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Figure S3. The mean values of (a) relative humidity at 800 hPa (RH800) and (b) relative

humidity at 1000 hPa (RH1000) within bins of estimated inversion strength and sea surface

temperature. The bin width is 1K ∆EIS in the vertical and 5K ∆SST in the horizontal. At least

20 samples are required in each bin. Black dashes indicate SST = 290 K and EIS = 7 K isolines.
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Figure S4. Frequency of occurrence for nonprecipitating brightening clouds (rain rate ≤ 0.24

mm day−1 and the cloud albedo susceptibility to cloud droplet number concentration perturba-

tions S0 >0, green shading), nonprecipitating darkening clouds (rain rate ≤ 0.24 mm day−1 and

S0 <0, red shading), precipitating brightening clouds (rain rate > 0.24 mm day−1 and S0 >0,

hatches), and precipitating darkening clouds (rain rate > 0.24 mm day−1 and S0 <0, dots) in

the first three modes of the Empirical Orthogonal Function Analysis of surface pressure pertur-

bations.The patterns in the second row are identical to that in the first row but with flipped

sign.
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Figure S5. Scatter plot (green dots) of cloud droplet number concentration (Nd) and cloud

albedo susceptibility to Nd perturbations (S0), overlaid by median (black dot) and interquartile

range in each Nd bin (10%).
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Figure S6. Same as Fig. 2 but for Nd < 30cm−3.
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Figure S7. Same as Fig. 2 but for 30 ≤ Nd < 60cm−3.
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Figure S8. Same as Fig. 2 but for Nd ≥ 60cm−3.
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Figure S9. Same as Fig. 2 but for correlation coefficient between cloud albedo and cloud

droplet number concentraion greater than 0.5.
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