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Abstract

Iron is a key limiting nutrient for phytoplankton. Continental shelf and slope sediments are important sources of dissolved iron
(DFe). Stable iron isotopes (d56Fe) are a particularly useful tool to quantify the DFe sources and sinks in the ocean. The
isotopic signature of the sedimentary DFe source is controlled by environmental factors such as bottom water redox conditions,
carbon oxidation and bioturbation by burrowing fauna, but the exact relation on a global scale is poorly understood. We
developed a reaction-transport model capable of tracing dissolved iron isotope fractionation in marine sediments to quantify the
isotopic signature of benthic DFe fluxes under a wide range of environmental conditions. We derived fractionation factors for iron
reduction (-1.3 permille), iron oxidation (40.4 permille), iron sulphide precipitation (0.5 permille and dissolution (-0.5 permille
and pyrite precipitation (-0.7 permille) that were in line with existing literature. At bottom-water oxygen concentrations >50
uM, bioturbation increased the benthic DFe flux and increased the d56Fe signature. In contrast, at bottom-water oxygen
concentrations <50 uM, a reduction in bioturbation led to a decrease in the benthic DFe flux and its d56Fe value. On a global
scale, a model simulation without bioturbation decreased the sedimentary DFe release from ~158 Gmol DFe yr-1 to 70 Gmol
DFe yr-1, and decreased the variability in the d56Fe signature of the DFe flux. Finally, we find that a decrease in ocean oxygen
content by 40 uM can increase global sedimentary DFe release by up to 103 Gmol DFe yr-1.
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Key Points:
e A diagenetic model capable of tracking iron isotope signatures was developed

e Bioturbation increases the global DFe release from marine sediments from 70 to 158
Gmol yr and decreases its isotopic signature

e Decreasing ocean oxygen content by 40 uM increases global DFe release from marine
sediments from 158 to 261 Gmol DFe yr.
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Abstract

Iron is a key limiting nutrient for phytoplankton. Continental shelf and slope sediments are
important sources of dissolved iron (DFe). Stable iron isotopes (5°°Fe) are a particularly useful
tool to quantify the DFe sources and sinks in the ocean. The isotopic signature of the sedimentary
DFe source is controlled by environmental factors such as bottom water redox conditions, carbon
oxidation and bioturbation by burrowing fauna, but the exact relation on a global scale is poorly
understood. We developed a reaction-transport model capable of tracing dissolved iron isotope
fractionation in marine sediments to quantify the isotopic signature of benthic DFe fluxes under a
wide range of environmental conditions. We derived fractionation factors for iron reduction (-
1.3%o0), iron oxidation (+0.4%o), iron sulphide precipitation (+0.5%o) and dissolution (-0.5%o) and
pyrite precipitation (-0.7%o) that were in line with existing literature. At bottom-water oxygen
concentrations > 50 UM, bioturbation increased the benthic DFe flux and increased the §%Fe
signature. In contrast, at bottom-water oxygen concentrations < 50 UM, bioturbation led to a
decrease in the benthic DFe flux and its §°°Fe value. On a global scale, a model simulation without
bioturbation decreased the sedimentary DFe release from ~158 Gmol DFe yr* to ~70 Gmol DFe
yrl, and decreased the variability in the 5°°Fe signature of the DFe flux. Finally, we find that a
decrease in ocean oxygen content by 40 uM can increase global sedimentary DFe release by up to
103 Gmol DFe yr.

Plain language summary

Iron is an important and limiting nutrient for marine phytoplankton, but the sources of iron to the
ocean are not well quantified yet. A useful tool to constrain different sources of iron is using the
stable iron isotopic signature, i.e. the ratio of heavy iron versus light iron. Iron recycled from the
seafloor is an important source of iron, but its stable isotopic signature, as well as its relation to
environmental conditions (bottom-water oxygen concentration, sediment metabolism and activity
of animals living in the seafloor) is not well constrained. We developed a numerical model to
quantify the isotopic signature of benthic DFe fluxes under a wide range of environmental
conditions. We find that animal activity promotes the release of more and isotopically heavier iron
from the seafloor when bottom-water oxygen concentrations were higher than 50 uM. When
oxygen concentrations were lower than 50 puM, animal activity had the inverse effect. Globally,
animals living in the seafloor are responsible for an amost threefold increase in iron release from

the seafloor. Iron also exhibits more variability in isotopic signatures because of animal activity.



49

50
51
52
53
54
55
56
57
58
59
60
61
62
63
64
65
66
67
68
69
70

71
72
73
74
75
76
77
78
79

manuscript submitted to Journal of Geophysical Research: Oceans

1 Introduction

Iron plays a central role in marine biogeochemical cycles. Over the last 100,000 years, iron
has been a limiting micronutrient for marine primary productivity in large parts of the ocean and
has been proposed as a driver for glacial-interglacial cycles by modulating atmospheric CO-
concentrations (Martin, 1990; Watson et al., 2000). Understandably, much work in the past
decades has focused on understanding and modelling the oceanic iron cycle (Boyd et al., 2017,
Tagliabue et al., 2016, 2017). Yet, many of its aspects still remain poorly constrained, mainly
owing to our incomplete understanding of dissolution and scavenging processes (Mahowald et al.,
2005; Schroth et al., 2009), as well as to the difficulty of quantifying iron supply from
hydrothermal and other sediment sources (Burdige & Komada, 2020; Dale et al., 2015; Elrod et
al., 2004; Gartman & Findlay, 2020; Homoky et al., 2016). Continental shelf and slope sediments
in particular have been recognised as important contributors to the global iron budget. Sediments
can release dissolved iron to the bottom water as reduced ferrous iron (DFe) (Elrod et al., 2004;
Severmann et al., 2010) or as particulate iron (oxy)hydroxides (FeOOH) by resuspension of the
oxidised surface layer (Burdige & Komada, 2020). The potential DFe flux from continental shelves
and slopes is estimated to be ~109 Gmol yr? (this excludes sources from hydrothermal vents)
(Dale et al., 2015), while the global significance of the resuspended particulate flux is currently
unknown. It thus exceeds the estimated DFe delivery via rivers (~2.5 Gmol yr?; Raiswell &
Canfield, 2012), glaciers (~0.04 Gmol yr*; Stevenson et al., 2017), hydrothermal vents (~0.9 Gmol
yr; Tagliabue et al., 2010), and dust deposition (1-33 Gmol yr?; Tagliabue et al., 2016).

Continental shelf and slope sediments are thus potentially the major source of DFe to the ocean.

The magnitude of the benthic (non-hydrothermal) iron source is modulated by both the
amount and reactivity of FeOOH settling on the sediment surface, the organic carbon
mineralisation rate in the sediment and bottom-water oxygen concentrations (Dale et al., 2015;
Elrod et al., 2004; Lenstra et al., 2018; Pakhomova et al., 2007; Scholz, McManus, et al., 2014;
van de Velde, Hylén, et al., 2020). Benthic DFe release is positively correlated with the organic
carbon remineralisation rate in the sediment (Elrod et al., 2004; Lenstra et al., 2018) through
coupling with dissimilatory reduction of FeEOOH (Van Cappellen & Wang, 1995). In contrast,
bottom water oxygen concentration negatively correlates with benthic DFe flux (Pakhomova et
al., 2007; Severmann et al., 2010) as a result of re-oxidation of DFe to FeOOH (Dale et al., 2015).
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If bottom waters turn anoxic and sulphidic, DFe fluxes may eventually decrease again due to the
formation of reduced iron sulphide minerals (Pakhomova et al., 2007; Scholz et al., 2014; van de
Velde, Hylén, et al., 2020). These biogeochemical controls have recently been quantitatively
evaluated in a diagenetic model study (Dale et al., 2015). They found that the relation between the
benthic DFe flux (Jore, units are pumol m2 d) and the FeOOH rain rate (Jreoor,T, UNits are pmol
m2 d- note that in Dale et al., this was defined as the maximum potential DFe flux away from
river mouths), sedimentary organic carbon mineralisation rate (Cox, units are mmol m=2 d1), and
bottom-water oxygen concentrations ([O2]sw, units are pM) can be expressed in a transfer function
of the form:

Co
Joge = 015830001 ta”h(mj :

In this function, bioturbation is not explicitly included but is dependent on [O2]sw, and hence its
potential impact on DFe fluxes has not been assessed. However, field observations from estuarine,
coastal and shelf sediments have shown that bioturbation exerts an important control on sediment-
water DFe fluxes (Elrod et al., 2004; Lenstra et al., 2018; Severmann et al., 2010; Thibault de
Chanvalon et al., 2017).

The term bioturbation comprises a variety of animal behaviours, which are grouped into
two categories; ‘bio-irrigation’, which describes the transport of dissolved species through animal
burrows, and ‘bio-mixing’, which describes the transport of solid-phase particles (Kristensen et
al., 2012; Meysman et al., 2006). Both these aspects of bioturbation have contrasting effects on
the sedimentary Fe biogeochemistry (van de Velde & Meysman, 2016). Bio-irrigation increases
the solute exchange between sediment and water column (Aller, 2001; Aller & Aller, 1998; van
de Velde & Meysman, 2016) and local studies in coastal and estuarine sediments have suggested
that bio-irrigation increases the benthic DFe flux (Lenstra et al., 2018; Thibault de Chanvalon et
al., 2017). Bio-mixing, on the other hand, stimulates Fe cycling within the sediment column (Beam
et al., 2018; Canfield et al., 1993; Thamdrup et al., 1994; van de Velde, Hidalgo-Martinez, et al.,
2020; van de Velde & Meysman, 2016) and its influence on benthic recycling fluxes tends to be
highly dependent on the redox zonation and thus on the complex and dynamic network of

biogeochemical processes in marine sediments (Thibault de Chanvalon et al., 2017; van de Velde
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& Meysman, 2016). The role of bio-mixing in modulating benthic DFe fluxes on the global scale

is largely unknown.

Additionally, no global assessment of the isotopic signature of benthic DFe fluxes,
analogous to Eq. [1], exists. However, such a quantification could provide a particularly powerful
tool to better constrain marine iron sources and sinks (see, e.g., John et al., 2012). Iron has four
stable isotopes (**Fe, *°Fe, 'Fe and °®Fe), of which %°Fe and **Fe are the most abundant.
Accordingly, the *°Fe isotopic signature, calculated as the deviation in %o of the *°Fe/>*Fe ratio
relative to the IRMM—014 reference standard (5°°Fe; Dauphas et al., 2017), is commonly used to
constrain the individual sources or sinks of Fe in the ocean (e.g., Conway & John, 2014). For
example, particulate iron delivered to the oceans via aerosol deposition or riverine discharge at
low latitudes has a §°®Fe signature of ~ 0.0 %o (Beard, Johnson, Von Damm, et al., 2003). Dissolved
Fe that is released from continental shelves and slopes after reduction of particulate FeOOH in the
sediment generally has a light §°®Fe signature of ~ -2.0 %o (John et al., 2012; Severmann et al.,
2010), whereas iron released following non-reductive dissolution has a §°®Fe of ~ 0.0 %o (Homoky
et al., 2013). Currently, however, assessment of the magnitude of iron kinetic isotope effects in
marine sediments and of the isotopic signature of DFe released from the sediment are scarce.
Consequently, our understanding of its response to different environmental conditions, as well as
of the 5%Fe signature of the benthic iron source at the global scale is poorly constrained, limiting

the accuracy of ocean biogeochemical models (Homoky et al., 2016).

Here, we extend the work of Dale et al. (2015) to address these two major uncertainties in
the marine iron cycle; (i) the importance of bioturbation for the global benthic DFe flux, and (ii)
the §°°Fe signature of the global benthic DFe flux. First, we combine reaction-transport modelling
with previously published field data to determine iron isotope fractionation factors for the most
important Fe diagenetic reactions. We then quantify the effect of bioturbation on the benthic DFe
flux and its isotopic signature under a range of different bottom-water redox conditions. Finally,
we derive two sets of predictive global functions for the magnitude and isotopic signature of the
benthic DFe flux based on benthic carbon oxidation rates, bottom-water oxygen concentrations
and iron oxide rain rates; (i) for the modern seafloor and (ii) for an unbioturbated seafloor akin to
the late Proterozoic seafloor. Ultimately, this work contributes to improve the predictive capacity

global ocean biogeochemical models.
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2 Materials and Methods
2.1 Approach

Our approach consisted of two separate steps. First, we inversely determined iron isotope
fractionation factors for the most pertinent biogeochemical reactions by combining available field
data with a site-specific one-dimensional reaction-transport model of marine sediments. The model
was applied to two field sites for which solid-phase and pore-water iron concentrations and their
isotope values are available (‘site-specific model’; Suppl. Text 1). Due to the lack of complete set
of field data at the two field sites, the model set-up for the two case studies does not explicitly
resolve nitrogen and manganese cycles. However, we contend that the application of a more

detailed model for this step would not significantly alter our conclusions.

Informed by these local case studies and based on the ‘generic model” used in Dale et al.
(2015), we then designed a generic model set-up that explicitely accounts for the entire network
of biogeochemical reactions observed in global marine sediments, including nitrogen and
manganese (‘generic model’; Suppl. Text 2). This generic model set-up is used in a second step
consisting of a global sensitivity analysis aimed at assessing the importance of bioturbation and
deriving predictive functions linking benthic DFe fluxes and their isotopic signature to their main
environmental controls (i.e. Cox, [O2]ew and Jreoon1) for both modern bioturbated marine
sediments and unbioturbated sediments. These predictive functions are subsequently used to
quantify the importance of bioturbation for the global benthic DFe flux, and to assess how future

ocean deoxygenation might affect global benthic DFe release.
2.2 Model description

We used a vertically resolved one-dimensional reaction-transport model to simulate the
coupled biogeochemical cycles of C, O, N, Mn, Fe and S (C, O, Fe and S in the case of the site-
specific model). Solid transport occurs via sediment accumulation and bio-mixing. Solutes are
transported by molecular diffusion and bio-irrigation. Bio-mixing is implemented as a diffusion-
like process (Meysman et al., 2010), whereas bio-irrigation is described as a non-local exchange
process (Boudreau, 1984). The depth-dependent advection velocities of solids and solutes were
calculated from the porosity profile and the burial velocities in compacted sediments. The model

formulation is informed by previous empirical models (Berg et al., 2003; Bohlen et al., 2011; Van
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Cappellen & Wang, 1995; Dale et al., 2015; Meysman et al., 2003; van de Velde, Hidalgo-
Martinez, et al., 2020; van de Velde & Meysman, 2016). Suppl. Info. Section 1 and 2 provide a
detailed description of the two diagenetic model set-ups. Here, we only briefly discuss the

implemented Fe cycle.

The Fe cycle in the generic model (Figure 1) explicitely accounts for four particulate iron
oxide fractions that are defined by their reactivity according to wet chemical extraction methods
(Canfield et al., 1992; Poulton et al., 2004; Poulton & Canfield, 2005; Raiswell & Canfield, 1998).
The most reactive fraction (‘highly reactive’, FeHR) includes amorphous and reactive crystalline
oxides, acid volatile sulphide, pyrite and an ill-defined reduced Fe fraction, which could include
adsorbed Fe?* (Poulton, 2003). The half-life of the FeHR fraction is <1 yr. The second most
reactive fraction ‘moderately reactive’ Fe (FeMR) represents more crystalline oxides such as
goethite and magnetite, as well as reactive silicates and has a half-life of ~100 years (Poulton et
al., 2004). The ‘poorly reactive’ Fe (FeP) fraction encompasses mostly reactive silicates with a
half-life of ~100,000 yrs. The ‘unreactive’ iron (FeU) fraction includes Fe bound within silicates
that do not react on timescales relevant to this study. Only highly reactive iron oxides can be
reduced by dissimilatory iron reduction coupled to organic matter mineralisation. Sulphide
oxidation on the other hand can reduce highly reactive, moderately reactive and poorly reactive
iron oxides. The reduction of iron oxides releases DFe to the pore-water, which can then adsorb
on solid-phase particles, be re-oxidised to FeHR or precipitate as iron mono-sulphide (FeS). FeS
can be further transformed to pyrite (FeSz) by reaction with dissolved sulphide or elemental
sulphur. More reactive iron classes can age into less reactive fractions. For the site-specific model,
we omitted moderately reactive, poorly reactive and unreactive iron mineral classes because of the
lack of empirical information with respect to the less reactive iron classes. We did, however, allow
the highly reactive class to be comprised of ‘fresh’ and ‘aged’ iron oxides, following previous
studies (Berg et al., 2003; van de Velde, Hidalgo-Martinez, et al., 2020). Note that in both model
set-ups, we do not include non-reductive dissolution of Fe minerals, which is potentially important
in sediments characterised by low rates of organic matter mineralisation (Homoky et al., 2013).

Non-reductive dissolution is mechanistally not well understood, making it difficult to include it in
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diagenetic models. However, because benthic DFe fluxes driven by this dissolution process are
very low (=1 pmol m2d?), it is likely of minor importance for our study.

02 HZO

Fe?* oxidation
Fe?* sorption £=0.4-2.9%0

4 ST2L- 0%
X=Fe**e— Fe** FeOOH
€=0.9 - 2.1%o0
£=-3.6 - -1.3%o
FeS precipitation FeOOH reduction
£=0.3 - 0.5%0

FeS dissolution
€=-0.5 - -0.3%o

FeS

FeS, precipitation
£=-2.75 - -0.29%0

FeS,

Figure 1: Simplified iron cycle in marine sediments. In the model, iron (oxyhydr)oxides (FeOOH) are modelled as seperate
fractions, defined on their reactivity towars sulphide. FeOOH reduction can be coupled to organic matter oxidation or sulphide
oxidation. Fe isotope fractionations (€) are taken from literature and given in parenthesis (Balci et al., 2006; Beard et al., 1999;
Beard, Johnson, Skulan, et al., 2003; Bullen et al., 2001; Butler et al., 2005; Croshy et al., 2005, 2007; Guilbaud et al., 2011; Icopini
et al., 2004; Johnson et al., 2004; Mansor & Fantle, 2019; Rolison et al., 2018; Welch et al., 2003; Wu et al., 2012).

In addition to total (bulk) Fe, the implemented Fe cycle also tracks *°Fe of all Fe species.
To our knowledge, this is the first diagenetic reaction-transport model that simulates iron isotopic
signatures of individual Fe species. For simplicity, we assumed that the bulk fraction only consists
of the two major Fe isotopes; **Fe and ®Fe (which constitute > 97% of the total iron pool).

Accordingly, the §°°Fe value in dissolved Fe species was calculated as

s%pe | LG /G -"C)

—1.0 |x1000 2
i (56Fe/54Fe) [ ]

ref

where C, represents the concentration of bulk Fe in Fe species i, **C, is the concentration of *°Fe

in Fe species i and (56Fe/ 54Fe)  is the isotope ratio of a standard sample (15.697861 for IRMM-

re

14; Dauphas et al., 2017). Each individual reaction R, (which tracks the reaction of the bulk
species) has a corresponding isotope-specific reaction *R, thatisrelated to R, by the fractionation

factor o,
k

56 56
56

= i R 3
C 1+ Py “ [3]
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where *°r. represent the *°Fe/>*Fe isotope ratio of C,,

e [4]

In this study, the fractionation factor SGaRk is defined as >1 when the reaction fractionates towards

heavier isotopes (the remaining Fe pool becomes lighter), and <1 when the reaction fractionates

towards lighter isotopes (the remaining Fe pool becomes heavier). The kinetic isotope effect (56ng
; expressed in %o), was then calculated from 56aRk as,
SGng = 1000(5605Rk -1) [5]

To avoid extreme 5°°Fe values at low bulk concentrations, a fractionation limit (C,_) was set at

lim
10 umol cm of sediment. Reactions that proceeded below this bulk concentration induced no

fractionation,

56 *C,
RIC <Ci.l= < Ry [6]

Adsorption of ferrous iron to clay or oxide minerals (Poulton, 2003) was modelled as an

instantaneous equilibrium (Berg et al., 2003),

[X = Fe*]=KF [Fe?] [7]

ads

where K;f is a dimensionless adsorption constant (Berg et al., 2003). To account for isotope

fractionation during adsorption, the pool of adsorbed *°Fe was calculated as,

56r

Fe?* 56 Fe2+ :‘ [8]
r

FeZ+

56 56
Qg + 7 Apgg
56

[X = 56Fe2+:| _ KFe2+

ads

56
1+ Vg

where *°a is the fractionation factor associated with ferrous iron sorption, and all other

parameters have been defined previously. The model was implemented in the open-source
programming language R (R Core Team, 2017), following the procedures of Soetaert and
Meysman (2012). Please refer to the Suppl. Information for further information about the model

implementation, parametrisation (Table 1 and Table 2) and solution.
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237 Table 1: List of boundary conditions and parameters used in the reaction-transport model used for calibration of the isotope
238 fractionation factors. Solid-phase concentrations are expressed per unit volume of solid phase. “Method” refers to the procedure
239 by which parameter values are constrained: A = Literature values, B = model calibration. Note that all isotope values are given
240 relative to the IRMM-14 standard. MC=Moneterey Canyon, SBB=Santa Barbara Basin.

241 References: [1] Reimers et al. (1996), [2] Meysman et al. (2005), [3] Severmann et al. (2006), [4] Dauphas et al., (2017)

ENVIRONMENTAL PARAMETERS Symbol Value Units Method References
SBB MC

Temperature T 10 10 °C A [11.[2]
Salinity S 342 342 - A [11.[2]
Porosity (surface value) 2 0.948 0.948 - A [11.[2]
Porosity (asymptotic at depth) ;O 0.824 0.824 - A [11.[2]
Porosity attenuation coefficient X, 3.6 3.6 cm A [11.[2]
Solid-phase density Ds 2.6 2.6 gcm? A [11.[2]
Burial velocity in compacted 1
sediment Vg, Ve 250 250 cm kyr A [3]
Bio-mixing depth Z, 0 10 cm B
Biodiffusion coefficient Dyo 0 20 cm? yrt B
Bio-irrigation coefficient a 0 183 yrt B
Bio-irr!gation attenuation X 0 3 om B
coefficient i
Depth of sediment domain L 150 150 cm -
6Fe/>*Fe isotope ratio of IRMMO014 - 15.697861 - A [4]
BOUNDARY CONDITIONS Symbol Value Units Method References
Oxygen bottom water [O2] 0.01 0.28 mol m A [1]-[3]
Sulphate bottom water [SO4*] 28.0 28.0 mol m A [11-[3]
DIC bottom water > CO, 2.45 2.45 mol m* A [11.[2]
Ferrous iron bottom water [DFe] 0 0 mol m* A [1].[2]
Free sulphide bottom water [HST] 0 0 mol m* A [1].[2]
Methane bottom water [CH.] 0 0 mol m A [1].[2]
Flux POC Jroc 4.6 8.0 mmol m2d? B
Flux FeOOH+ JreoOHT 0.56 0.32 mmol m2d? B
Isotopic signature of FeOOH+ 5%°Fereoon  -1.5 -0.5 %o B
Flux FeS Jres 0 0 mmol m2 d? B
Isotopic signature of FeS 8%CFeres - - %o B
Flux FeS; Jres2 0.03 0.03 mmol m2 d? B
Isotopic signature of FeS; 5%CFeresz -0.4 0.0 %o B

242 2.3 Determination of Fe isotope fractionation factors

243 The site-specific model set-up used for the determination of iron isotope fractionation

244 factors resolves the biogeochemical cycling of all chemical species that can be constrained by field
245  data (i.e. FeOOH, FeS, FeS; and DFe) in the upper 150 cm of the sediment column. We used the
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dataset from sites in Monterey Canyon and Santa Barbara Basin (Severmann et al., 2006). The
data sets comprise concentrations of pore-water Fe and Fe-bearing minerals and their respective
5°°Fe values. It includes two contrasting sites; a bioturbated site underlying a fully oxygenated
water column (Monterey Canyon), and an unbioturbated site underlying a hypoxic (<10 uM Oy)
water column (Santa Barbara Basin) (Table 1; Severmann et al., 2006). We first fitted the bulk
concentrations of dissolved Fe (DFe), HCl-extractable Fe (Fenci) (which includes FeOOH, sorbed
Fe?* and FeS) and pyrite (FeS,). Subsequently, the isotope fractionations were determined by
finding the best model data fit to the 5%Fe signature of the three distinct Fe pools. Site-specific
boundary conditions were constrained on the basis of observational data and are provided in Table
1.

2.4 Model sensitivity experiments: Assessing the role of bioturbation and deriving

predictive functions

All sensitivity experiments described below were performed using the generic model. A
detailed description of the set-up is provided in Suppl. Info. Section 2. The boundary conditions
and bioturbation parameters of the baseline simulation were chosen to represent a generic shelf
sediment, and all parameter values were selected from compiled datasets or previously published
studies (Table 2; following Dale et al., 2015). Fractionation factors for each iron reaction were
constrained based on the derived isotope fractionation factors from the local case studies and

compared to literature values (Section 3.1 and Table 4).
Five model sensitivity experiments were designed to investigate the effect of bioturbation
on the magnitude and isotopic signature of the benthic DFe flux:

e ‘Basecline’: both bio-mixing and bio-irrigation were dependent on bottom water

oxygen concentrations (Table 2).
e ‘Unbioturbated’: bio-mixing and bio-irrigation parameters were set to zero

e ‘Always bioturbated’: bio-mixing and bio-irrigation parameters were set to their
maximum value (Dp0=10 cm? yr, z,.=9.7 cm, 0p=290 yr!; Table 2) and independent

of oxygen concentrations.
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e ‘Only bio-mixing’: bio-mixing parameters were set at their maximum value (Dp0=10
cm?yr, z.=9.7 cm; Table 2) and independent of bottom water oxygen concentrations

and bio-irrigation parameters were set to zero.

e ‘Only bio-irrigation’: bio-mixing parameters were set to zero and bio-irrigation were
set at their maximum value (00=290 yr!; Table 2) and independent of bottom water

oxygen concentrations

For each of the five experiment, bottom water oxygen concentrations were varied between 1 and
200 uM. The remaining boundary conditions were set to their baseline values (Table 2). In
addition, we ran two sets of extended sensitivity experiments to derive a mathematical expression
for the magnitude and isotopic signature of the benthic DFe flux as a function of Cox, [O2]sw and
JFeoOH, T
e ‘modern seafloor’: bio-mixing and bio-irrigation parameters were dependent on
bottom water oxygen concentrations based on the relationship proposed by Dale et
al. (2015) (Table 2). POC rain rate (Jroc, which determined Cox — see Table 2) and
bottom-water oxygen concentrations ([Oz]sw) were varied across the range typically
observed in shelf and slope bottom waters, i.e. 0.5 and 16 mmol C m2d* and 1 and
200 puM O, respectively (Table 2; Dale et al., 2015). We consecutively ran the same
sensitivity experiment with varying Jroc and [Oz]sw for a range of plausible total
FeOOH (FeOOHr) fluxes (194 to 1914 pmol Fe m? d*; Table 2).

e ‘Unbioturbated seafloor’: bio-mixing and bio-irrigation parameters were set to zero,
and we tested the same ranges of environmental conditions described above. In
addition, to varying FeOOH fluxes, we also ran the model over a range of sulphate
concentrations between 0 and 28 mM to test the potential influence of lower sulphate

concentrations, as observed throughout Earth’s history (Wortmann & Paytan, 2012).
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Table 2: Boundary conditions for the baseline simulation (generic model). Invariable parameters across all simulations are given
in the Supplementary Information. All isotope values are given relative to the IRMM-14 standard.

BOUNDARY CONDITIONS Symbol Baseline value Sensitivity analysis Units
Characteristic water depth @ - 350 350 m
Temperature ° T 10 10 °C
Sediment accumulation rate 4
at infinite depth © VsrVe 60 60 om kyr
Oxygen bottom water [Oz]ew 120 1-200 ¢ UM
Sulphate bottom water [SO+*Tew 28 0-28 ¢ mM
Ferrous iron bottom water [DFelew 0 0 UM
Isotopic signature 8%Fe pre - - %o
POC rain rate f Jroc 10 0.5-169 mmol m2 d*
Flux FeOOH+ " JreooHT 1110 194-1914' umol m2d*
Isotopic signature of FeOOHt  8°6Ferecon T 0.0 0.0 %0
Flux FeS Jres 0.0 0.0 umol m?2 d*
Isotopic signature of FeS 8%0Feres - - %0
Flux FeS; Jres2 0.0 0.0 umol m?2 d*
Isotopic signature of FeS; 5%°Feres2 - - %0
BIOTURBATION PARAMETERS

Bio-diffusion coefficient i Dyo 10.f variable cm?yrt
Mixing depth ' _ 7, 2, =10+9.0x(1-e /") variable cm
Bio-irrigation coefficient /™" a, 290.f variable yrt

a(Menard & Smith, 1966) ° (Thullner et al., 2009) ¢ (Burwicz et al., 2011)

dTested values were 1, 2, 5, 10, 15, 25, 50, 100, 120 and 200 uM.

€ Only tested for the ‘Unbioturbated seafloor’ experiment. Tested values were 0, 0.01, 0.1, 1 and 28 mM.

fEstimated mean carbon oxidation rate for sediments < 200m water depth by Burdige (2007).

9 Tested values were 0.5, 1, 2, 4,6, 8, 10, 12, 14 and 16 mmol C m d-, which gives carbon oxidation rates of 0.4, 0.8, 1.6, 3.3,
4.9,6.6,8.3,9.9, 11.6, and 13.2 mmol C m-2 d (the remaining POC fraction is buried below the model domain).

P Flux value of total iron oxides for the standard model of Dale et al. (2015), 50% of this flux is considered unreactive (Poulton &
Raiswell, 2002), and the other 50% is divided equally among FeHR, FeMR, and FePR (Dale et al., 2015).

i Tested values were: 194, 278, 555, 1110 and 1914 pmol m=2 d.,

i Mean bio-diffusion coefficient of the modern data compilation of Solan et al. (2019).

k f represents a dimensionless factor that scales bio-mixing and bio-irrigation coefficients to bottom water oxygen (as introduced
by Dale etal., 2015). f equals 05+ 0.5erf (([O,],, — a)/b) where a = 20 uM and b=12 uM (Dale et al., 2015).

! Mixing depth is calculated from the bio-diffusion coefficientas z =1.0+9.0x(1—e D“/”) as introduced previously by van de

Velde and Meysman (2016) (see Supplementary Information).

™ Following Meile et al. (2005) and Dale et al. (2015), the solute-specific Fe?* bio-irrigation parameter is 20% of the bio-irrigation
coefficient, and the solute-specific HS bio-irrigation coefficient is 50% of the bio-irrigation coefficient.

" The attenuation coefficient of bio-irrigation is kept constant at 1.4 cm during the sensitivity analysis.

2.5 Quantifying the importance of bioturbation and environmental change for the global
benthic DFe flux

The predictive functions were subsequently used to derive a global estimate of the benthic
DFe flux and its 5°°Fe signature for the modern seafloor and a seafloor without any bioturbation.
We used [Oz]ew from World Ocean Atlas 2018 on a 1°x1° resolution (available at
https://www.nodc.noaa.gov/OC5/woal8/). We then combined this with estimated Cox rates for

each of the bathymetric intervals (Burdige, 2007). Because no information about the spatial
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distribution of FeOOH fluxes is currently available, we assumed a globally uniform Freoon,1 Of
1110 pmol m2d2, to be consistent with previous work (Dale et al., 2015). We calculated the mean
and total DFe flux (Jore) for several water depth intervals, as well as the mean &°°Fe signature of
the DFe flux. Finally, to assess the impact of decreasing [O2]sw on DFe release from the seafloor,
we decreased [Oz]sw retrieved from the World Ocean Atlas 2018 (see section 3.4), by 5, 10, 20
and 40 pM, keeping all other input constant. These decreases in [O2] are broadly consistent with
Earth System models predictions of a globally averaged decrease of ~15 uM O3 in the ocean, with

local maxima up to a 45 uM decrease (Kwiatkowski et al., 2020).

3 Results and discussion

3.1 Determination of iron isotope fractionation factors

Figure la-b illustrates the best fit simulations for the fitted iron isotope fractionantion
factors. For the Monterey Canyon (MC) sediment, the model provided a good fit to the measured
bulk Fe-mineral distributions and pore-water DFe concentrations (Figure 1a-b). Modelled DFe
concentrations slightly underpredict measured concentrations (Figure 1b), whereas the modelled
benthic flux was ~27% higher to measured benthic fluxes from nearby locations (note that the
measured fluxes are not from the same location nor the same sampling time as the sediment data)
(Table 3). Overall, the model was able to capture the major features of MC iron geochemistry,
such as the persistence of reactive iron oxides and DFe with depth, and only a limited accumulation
of FeS,, well (Figure 1). For the Santa Barbara basin (SBB) sediment, the model predicted the
measured Fe-mineral distributions, the depletion depth of DFe and the benthic DFe flux correctly
(Figure 1f-g, Table 3). However, it does not reproduce well the DFe peak (Figure 1g). It is possible
that the rate of sulphate reduction in the upper sedimentary layers is overestimated, which would
lead to precipitation of DFe as FeS. However, reducing sulphate reduction allows DFe to persist
beyond 30 cm, which is also at odds at the data. Nevertheless, this mismatch does not affect the
benthic flux, as this is determined by the DFe gradient near the SWI, which is comparable between
model and data, as shown by the estimated benthic flux (Table 3). Furthermore, it should be noted
that pore water and solid phase biogeochemistry operate on different time scales (solid phase
generally integrates the last 100 years, whereas pore water responds to seasonal changes). We
chose to put more weight on the solid phases, as this provides a long-term biogeochemical view at
the field sites.



manuscript submitted to Journal of Geophysical Research: Oceans

355 Table 3: Study sites and comparison of geochemical data with the model output of the sites used for initial model calibration.

Name Latitude Water Bottom water Carbon Benthic DFe flux 5% Fe-DFe of
Longitude depth (m) O, (UM) oxidation rate (umol m2 d1) benthic flux (%o)
(mmol m2d?)
Data Model Data Model Data Model Data Model
Monterey 36°47.67° N 450 >100? 280 6-172 7.06 1.1-152 19 2.7+1.18 -1.3
Canyon (MC) 121°53.65° W
Santa Barbara 34°16.87° N 496 ~10P 10 <4b 3.85 >331°¢ 248 -3.6£0.7° -2.9

Basin (SBB) 119°54.84° W

356 @ Data from Berelson et al. (2003). Note that these fluxes are for a nearby site at a shallower depth and thus not the same site as
357 where the sediment data was collected.

358 b From Meysman et al. (2003), based on data from Reimers et al. (1996) which is from the deepest point of the SBB. Pore-water
359 ammonium and sulphate profiles suggest that the carbon oxidation rate is lower at 496 m depth.

360 ¢ Data for the California margin and Borderland Basins from Severmann et al. (2010) at nearby sites.

361 4 Data for the Eel River Shelf and Umpqua River Shelf from Severmann et al. (2010), which are comparable sites to the Monterey
362 Canyon site (bioturbated and oxygenated water column). Isotope values are only shown for reference, and the model has not been
363 calibrated to these values.

364

365 The best fit §°°Fe-DFe profile for the Monterey Canyon sediment tracked the measured
366  profile remarkably close, increasing from a low value of ~ -3.0 %o at the sediment surface and
367  peaking at ~ -1.0 %o at Scm depth, followed by a decrease and stabilisation at around -1.5 %o
368  (Figure 1d). Consistent with the measured data, there was very little downcore variation in
369  modelled 5°°Fe-Fenci (-0.5 %o), although the model did not reproduce the very low -0.9 %o near
370  the sediment-water interface (Figure 1c). This model-data misfit does not affect the overall 5*Fe-
371 DFe pattern (which is the focus of this study). The measured §°°Fe-FeS; profile showed a
372 significant amount of scattering in the upper sedimentary layers, but the general decrease from ~ -
373 0.5 %o near the SWI to ~ -0.8 %o at 50 cm depth is broadly reproduced by the model (Figure 1e).
374  The concentration of FeS; was very low in the MC sediment (Figure 1e), and could have been
375  influenced by a (variable) detrital input, which is not included in our model. These uncertainties
376  directly translate into the fractionation factor for pyrite precipitation fitted for the MC sediment,

377 which thus remains uncertain (see below).

378 For the Santa Barbara basin, the model reproduced the measured §°®Fe-DFe data very
379  well, starting slightly more negative at the sediment surface, and reaching up to +1 %o at around
380 15 cm depth (Figure 1i). The modelled 5°°Fe-Fenci profile showed a rapid increase near the SWI
381  (Figure 1h), driven by the loss of isotopically light iron during dissimilatory iron reduction, which
382 is subsequently released to the overlying water column as a benthic flux, consistent with
383  observations (Table 3). The modelled §°°Fe-Fenc profiles showed a gradual increase with depth

384  with a similar gradient as the measured profile, but with a slight offset of ~0.3 %o (Figure 1h). The
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modelled 5*°Fe-FeS; profile followed the initial decrease in the measured §°°Fe-FeS; profile well,
but with an increase toward the bottom of the core (Figure 1j). This mismatch is likely caused by
a slight overestimation of the pyrite precipitation rate at depth (Figure 1f).

Monterey Canyon Santa Barbara Basin
Fe (% of FeHR) [DFe] (uM) 5°°Fe-DFe (%o) Fe (% of FeHR) [DFe] (uM) 5°¢Fe-DFe (%so)
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Figure 2: Model fit to the data from Monterey Canyon and Santa Barbara Basin (Severmann et al., 2006). Monterey Canyon: (a)
Modelled and measured fractions of highly reactive iron minerals (FeHR). (b) Dissolved Fe (DFe) concentrations. §°Fe
compositions of (c) HCl-extractable Fe minerals (5°°Fe-Fencr), (d) dissolved Fe (§%6Fe-DFe), (e) pyrite (5°¢Fe-FeSy). Santa Barbara
Basin: (f) Modelled and measured fractions of highly reactive iron minerals (FeHR). (g) Dissolved Fe (DFe) concentrations. §°6Fe
compositions of (h) HCI-extractable Fe minerals (6°6Fe-Ferci), (i) dissolved Fe (6°%6Fe-DFe), (j) pyrite (8°6Fe-FeSz). Note that 5°°Fe
values are reported vs. igneous rock, to allow direct comparison with the data of Severmann et al. (2006). On this scale, the 5°°Fe
value of the IRMM-14 standard (which is the notation used in the rest of this manuscript) is -0.09%. (Beard, Johnson, Skulan, et
al., 2003).

Overall, the diagenetic model was able to capture the important trends in bulk
concentration and isotopic signatures throughout the sediment column of two very different field
sites (Figure 1). Furthermore, it was able to simulate the expected magnitude and isotopic
composition of the benthic DFe flux (Table 3). More importantly, the observed trends could be
reproduced by applying the same fractionation factors and almost all such derived fractionation
factors are consistent with literature values (Table 4). Yet, the fractionation factor for FeS;
precipitation is an exception. Model fitting resulted in different fractionation factors at each site; -
0.4 %o and -0.7%o (Table 4). These compare well to -0.78 £+ 0.15 %o previously derived from the
same data by Severmann et al. (2006), and the value of -0.51 + 0.22 %o obtained by Mansor &
Fantle (2019) in laboratory experiments. We are more confident in the fractionation factor obtained
from the SBB sediments (see above), and therefore, we here apply an isotope effect of -0.7 %o for

pyrite precipitation that is also fully consistent with previous field observations (Severmann et al.,
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2006). The ensemble of derived fractionation factors summarised in Table 4 is used to inform the
parametrisation of the generic model set-up in the sensitivity studies (Suppl. Info. Section 2).

Table 4: Modelled fractionation factors compared to in situ and laboratory values reported in the literature. These were used in the
numerical sensitivity experiment. For pyrite precipitation, we selected -0.7 %o, as this value is consistent with previous field
observations (Severmann et al., 2006).

Reaction Reactant Product Fractionation factor (568Rk ) References
Model Literature range
Dissimilatory iron reduction? FeOOH DFe -1.3 %o -3.6 %o to -1.3 %o [1]-[5]
Ferrous iron oxidation® DFe/FeS/FeS,  FeOOH +0.4 %o +0.4%o0 to +2.9%0 [6]-[8]
Ferrous iron adsorption DFe X=DFe +0.4 %o -0.9 %o to +2.1 %o [31,[91,[10]
Iron sulphide precipitation DFe FeS +0.5 %o +0.3 %o to +0.5 %o [11],[12]
Iron sulphide dissolution FeS DFe -0.5 %o -0.5 %o to -0.3 %o [11],[12]
Pyrite precipitation FeS FeS> -0.4 % (MC)  -2.75 %0 t0 -0.29 %o  [6],[13],[14]
-0.7 %0 (SBB)

[1] (Beard et al., 1999) [2] (Beard, Johnson, Skulan, et al., 2003) [3] (Crosby et al., 2005) [4] (Welch et al., 2003) [5] (Crosby et
al., 2007) [6] (Rolison et al., 2018) [7] (Bullen et al., 2001) [8] (Balci et al., 2006) [9] (Johnson et al., 2004) [10] (Icopini et al.,
2004) [11] (Wu et al., 2012) [12] (Butler et al., 2005) [13] (Guilbaud et al., 2011) [14] (Mansor & Fantle, 2019)

2 DIR coupled to organic matter mineralisation and sulphide oxidation are assigned the same fractionation factor

b All oxidation reactions (i.e. iron sulphide oxidation and pyrite oxidation) are assigned the same fractionation factor

3.2 Effect of bioturbation on the benthic iron flux and its isotopic signature under
different bottom water redox conditions

The results of the five bioturbation activity scenarios (section 2.4) under a range of
plausible environmental conditions highlights the importance of dynamic interplay between oxygen

and macrobenthic activity on benthic iron fluxes and their isotopic signature.

3.2.1 Magnitude of the benthic iron flux

For unbioturbated sediments, the DFe flux (Jore) rapidly decreases from > 150 pmol m2 d-
! to <50 umol with increasing [O2]sw and then become essentially zero at [O2]sw > 50 UM (Figure
2a). At low [O2]sw, the oxygen penetration depth OPD is shallow and, as a consequence, most Fe
redox cycling is concentrated near the SWI supporting higher DFe fluxes out of the sediment
(Figure 3a). More importantly, low O. concentrations result in an inefficient oxidation of the
reduced DFe, thus allowing a significant fraction of the flux to escape the sediment (Figure 2a).
An increase in [O2]sw stimulates benthic Fe cycling and provides a more efficient re-oxidation

barrier for the DFe flux (Figure 3a). As a consequence, decreasing Jore is observed with an increase
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in the integrated production rate of DFe (Pore, Which is a proxy for the intensity of the Fe redox
cycle; Canfield et al., 1993; van de Velde & Meysman, 2016) (Figure 2a,e).
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Figure 3: (a)-(d) Effect of bioturbation on the magnitude (Jore) Of the benthic DFe flux for different bottom water
oxygen concentrations using the generic model. Data in panel (b) are calculated as the difference between the ‘always
bioturbated’ (or *unbioturbated’) run and the 'baseline’ run, data in panel (d) are calculated as the difference between
the ‘only bio-mixing’ (or ‘only bio-irrigation’) run and the ‘always bioturbated’ run. (¢) magnitude of the benthic DFe
flux plotted against the integrated production rate of DFe (Ppee), Which is a proxy for the intensity of the Fe redox
cycle (see Canfield et al., 1993; van de Velde & Meysman, 2016).

Bioturbated sediments reveal a similar overall decrease in Jpre With increasing [O2]sw
(Figure 2a). However, the presence of bioturbating fauna attenuates the high DFe fluxes simulated
at low [O2]sw (<50 pM), while it slightly amplifies the very low DFe fluxes simulated for higher
[O2]sw conditions (Figure 2a,b). Results thus indicate that the effect of bioturbation on Jpre is
dependent on [Oz]sw. At low [O2]sw, bio-mixing drives a decrease in Jore relative to the
unbioturbated sediment (Figure 2b). Although bio-mixing directly enhances the total production
of reduced DFe in the sediment by mixing both organic matter and iron oxides deeper down in the
sediments (Figure 3a,c), it also stimulates the consumption of this DFe via precipitation or
reoxidation reactions (Berner & Westrich, 1985; van de Velde & Meysman, 2016). Bio-mixing
moves Fe cycling away from the SWI, which increase diffusional distance to the sediment surface,
and allows most of the DFe to be re-oxidised or precipitated as iron sulphide minerals (Figure
3a,c). This is reflected in the decrease of Jore With an increase in sedimentary Fe redox cycling
(Figure 2e). The positive effect of bioturbation on Jpre fluxes at higher [O2]gw is only observed

when both bio-mixing and bio-irrigation work in concert. This is because bio-mixing is required
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to stimulate Fe cycling and build-up pore-water DFe concentrations, while bio-irrigation
efficiently transports DFe out of the sediment (Figure 3c,d). Hence, while the individual effects of
biomixing and irrigation affect the sediment biogeochemistry in different ways, both mixing and
irrigation contribute to increasing Jore under normal oxic bottom waters.
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Figure 4: Vertical diagenetic profiles of dissolved iron concentrations ([DFe]), $°Fe signature of DFe (5°°Fe-DFe),
total ferrous iron production rate (Ppre), total ferrous iron consumption rate (Cpee) for different bottom water oxygen
concentrations and partitioning of the individual mineralisation pathways. Manganese oxide reduction, iron oxide
reduction and methanogenesis are not visible on this scale. (a) bioturbation is set to zero. (b) bioturbation is
independent of oxygen concentrations and always at its maximum (see Table 2). (c) only bio-mixing is turned on and
independent of oxygen concentrations. (d) only bio-irrigation is turned on and independent of oxygen concentrations.

3.2.2 Isotopic signature of the benthic iron flux

The isotopic signature of the benthic DFe flux is affected by the magnitude of Jore and rate
of FeSz burial (Figure 4). As discussed in the previous section, these processes are affected by

[O2]ew and bioturbation, which will thus also exert a control on §°°Fe-Jpre.

The relationship between the magnitude and the isotopic signature of Jpre is partly driven

by a Rayleigh distillation effect due to the semi-open nature of aquatic sediments (Jorgensen,
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1979). Benthic DFe is derived from the reduction of the finite FeOOH deposition flux and can
escape the sediment as a benthic return flux. Hence, as more DFe escapes the sediment through
the sediment-water interface, less FeOOH remains. For example, we here apply a FeOOH~ flux of
1110 pumol Fe m2 d! with an isotopic composition of 0.0 %o (Table 2). Of this deposition flux, at
most ~15% (or ~170 pmol Fe m2 d!; Eq. [1]) is released from the sediment column). As FeOOH
is reduced and escapes the sediment as DFe, both the remaining FeOOH pool, and thus also the
produced DFe, become isotopically heavier (i.e. shift to higher 5°°Fe values; Figure 4e). As a
consequence, a positive relation between 5*°Fe-Jore and the magnitude of Jore is observed (Figure
4e). If we assume no redox cycling of Fe (i.e. all DFe released from the sediment is derived from
FeOOH with a fractionation factor of -1.3 %o; Table 4) and 170 umol Fe m? d*is the maximum
amount of DFe that can be released, we can calculate the expected 5°°Fe-Jpre as a Rayleigh
fractionation curve (Figure 4e). The unbioturbated and bio-irrigated model show lighter values
than expected for Jpre < 50 umol Fe m? d%, indicating partial re-oxidation (which makes the DFe
pool lighter; Table 4). At higher Jore, both unbioturbated and bio-irrigated model runs more closely
follow a typical Rayleigh fractionation (Figure 4e). In contrast, the results of the bio-mixing model
run plot consistently above the Rayleigh fractionation line (thus showing heavier §°°Fe values than
expected). By stimulating sulphate reduction (Figure 3c), bio-mixing increases FeS, precipitation
and burial (Figure 4f). Because fractionation during FeS, precipitation is negative (i.e., FeS; is
lighter than the FeS it is formed from), this constitutes a sink of light Fe (Figure 4g), which leads
to a heavier isotopic signature of the benthic DFe flux (Figure 4e). When both bio-mixing and bio-
irrigation are active, Fe redox cycling is enhanced relative to the only bio-mixing or only bio-
irrigation runs (Figure 2e). At the same time, enhanced availability of O, due to burrow flushing
limits FeS; burial (Figure 2f), leading to a lighter isotopic signature of the benthic DFe flux (Figure
4e). At higher Jore (and thus lower [Oz]sw; Figure 2), FeS» burial is enhanced, leading to heavier

5°®Fe values than expected (Figure 4e,f).
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Figure 5: (a)-(d) Effect of bioturbation on the 5°Fe signature (5°°Fe-Jpre) of the benthic DFe flux for different bottom
water oxygen concentrations using the generic model. Data in panel (b) are calculated as the difference between the
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the benthic DFe flux plotted against the benthic DFe flux. The dashed line shows a Rayleigh fractionation model (

5¥Fe—Jgr, = (1000.0+0.0)(L— fremeon-om) [ (1~ fr) —1000.0 , where fr is the remaining fraction of

FeOOH and arecoon-ore= 0.9987, the fractionation of DIR). (f) burial flux of pyrite (Bees2) plotted against the benthic
DFe flux. (g) 8°°Fe signature of buried pyrite (5°°Fe-Bres2) plotted against the benthic DFe flux.

3.3 A predictive function of the isotopic composition of benthic iron fluxes

Next, we derive predictive functions based on the most important drivers of the benthic
DFe flux and its isotopic signature: bioturbation, [O2]sw, Cox and Jreoon,T. We do this for a seafloor
with bioturbation (‘the modern seafloor’) and a seafloor without bioturbation (‘the unbioturbated

seafloor’).

3.3.1 The modern bioturbated seafloor

We build on the study of Dale et al. (2015) who derived a transfer function to quantify the
Jore as a function of Cox, Jreoon,T, and [Oz]ew (EQ. [1]). We repeated the same experiment
(changing [O2]sw from 1 to 200 uM and Cox from 0.4 and 13.2 mmol m2 d*!; Table 2), to derive a
similar predictive function for the §°°Fe value of Jore (8°°Fe-Jore). Model results indicate that
5°®Fe-Jore behaves similarly to Jore (Figure 5d,e) and the transfer function for §°°Fe-Jpre is best

described as:

1.65(Cox*/[0, 15y, )
2.09+(Cox’*/[0,]5w )

5%Fe-J,., = ~1.67 [9]
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where Cox is in mmol m2 d?, [Oz]gw is in pM and §°°Fe-Jpre is in %o. This function is independent
of Jreoon and explains 95% of the variance in the modelled isotope values (Figure 5f). The
maximum expressed fractionation, relative to the §°°Fe of the FeOOH entering the sediment, is -
1.67 %o for the tested ranges of Cox and [O2]sw. For instance, if the FeOOH deposited on the
seafloor has a 8%Fe of -1.0 %o, the maximum value of §°®Fe of the dissolved iron flux will be -
2.67 %o.
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Figure 6: Simulated benthic DFe flux (Jore) (relative to the FeOOH influx; Jreoon 1) and the 8°°Fe signature of the
DFe flux (8%Fe-Jore) relative to (a),(d) bottom water oxygen concentrations ([Oz]sw), (b),(e) carbon oxidation rate
(Cox) for a modern seafloor. In panels (a),(d) the results for Cox = 3.31 mmol m? d* and Cox = 9.92 mmol m? d*
(dashed coloured lines) are compared to (Eg. [1] and [9] (dashed black lines). In panels (b),(e) the results for [O2]aw
=2 uM and [O2]ew = 100 uM (dashed coloured lines) are compared Eq. [1] and [9] (dashed black lines). Panels (c)
and (f) show the correlation between the modelled (c) Jore and (f) 5°6Fe, and the values predicted using the empirical
functions (see main text).

3.3.2 An unbioturbated seafloor

Given that Jreoon, T shows little impact on the model output of our previous experiments
for the modern seafloor (Figure 5c,f), we do not repeat here the results of varying Jreoon T for an
unbioturbated seafloor. Instead, we focus on the impact of [SO4?]sw concentrations which varied
from a few millimolar to 28 mM during the Phanerozoic (Wortmann & Paytan, 2012). Sulphate
concentrations exert an important control on Jore because the major benthic sink for iron in

sediments is its reaction with dissolved sulphides produced during the microbial reduction of
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sulphate to iron-bound sulphides. The availability of sulphate in the sediment is thus expected to
exert an important control on fraction of the DFe flux that can be trap in the sediment.

The global responses of Jore and 5°°Fe-Jore are broadly comparable to the modern
bioturbated situation, although — as discussed in Section 3.2 — at higher [Oz]sw, Jore is 30-40 %
lower compared to bioturbated sediments (Figure 6a,b). We propose an asymptotic function to
describe this behaviour,

Jore = (0- 161-0. 1616_3'67(C0X/[02]BW a ) Jreoon T [10]

where Cox is in mmol m2 d, [Oz]sw is in UM and Jreoon and Jore are in pumol m2 d-1. This function
explains 98% of the variance in the modelled fluxes (Figure 6c¢). Surprisingly, decreasing [SO4*
]sw exerts a negligible impact on simulated Jore (Figure 6¢). This suggests that, in unbioturbated
sediments, re-oxidation of DFe in the oxic zone is more important than the trapping of DFe as
iron-sulphide minerals. We observed a slight increase in Jore at higher [SO4>sw (points shift to
the right in Figure 6c). This occurs because some oxidised iron minerals are not reactive towards
organic matter, but can be reduced by dissolved sulphide (Berg et al., 2003; Canfield, 1989). By
increasing sulphate concentrations, iron reduction is promoted via the sulphide intermediate, which
leads to a slight increase in modelled Jpre. In the absence of sulphide, some of the iron oxides
could be reduced by oxidation of methane, although studies suggest that methane is not efficient

at reducing iron compared to sulphide (Egger et al., 2014).

As expected, §°°Fe-Jore trends relative to Cox and [O2]sw behave very similarly as Jore

(Figure 6d,e), and consequently, the predictive function for the §°°Fe-Jore resembles Eq. [10]

S®Fe-J, = (1.60 —1.34g 3¢7(Cor/10:1on)"" )—1.67 [11]

where Cox is in mmol m2 d?, [Oz]sw is in uM and &°°Fe-Jpre is in %o. This function explains 97%
of the variance in the modelled fluxes (Figure 6f). Note that for [Oz]sw > 100 uM, 5%°Fe-Jore is
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essentially invariant, which implies that [O2]sw alone is a poor predictor for §°°Fe-Jore at these O

levels.
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Figure 7: Simulated benthic DFe flux (Jore) (relative to the FeOOH influx; Jreoon,T) and the 8°°Fe signature of the DFe flux (8%¢Fe-
Jore) relative to (a),(d) bottom water oxygen concentrations ([Oz]sw), (b),(€) carbon oxidation rate (Cox) for a Precambrian seafloor.
The dashed black line in panels (a),(b),(d),(e) are the proposed functions for the magnitude (a),(b) and the 5%Fe signature (d),(e)
of the benthic DFe flux. In panels (a),(d) the results for Cox = 3.31 mmol m2 d* and Cox = 9.92 mmol m d! (dashed coloured
lines) are compared to the new functions in Eq. [10] and [11]. In panels (b),(e) the results for [O2]ew =2 UM and [O2]sw = 100 uM
(dashed coloured lines) are compared to the new functions in Eq. [10] and [11]. Panels (c) and (f) show the correlation between the
modelled (c) Jore and (f) 5°°Fe, and the values predicted from the empirical functions (see main text).

3.4 Importance of bioturbation for the global iron cycle

The predictive functions derived in Section 3.3 allow the influence of bioturbation on
benthic DFe release and its §°°Fe signature on the global scale to be assessed. We calculated the
mean and total DFe flux (Jore) for several water depth intervals, as well as the mean 5°°Fe signature
of the DFe flux (Table 4). Dissolved Fe fluxes for an unbioturbated seafloor (Global total: 70 Gmol
Fe yrt) are much lower than for the modern seafloor (Global total: 158 Gmol Fe yr?) (Figure
7a,b). The mean unbioturbated Jore is around 1/3 of the mean bioturbated Jore in the deeper regions
of the oceans (Table 4), where high oxygen concentrations and lower organic carbon oxidation
rates prevent diffusional release of DFe. In the shallower shelf regions, DFe fluxes are in a similar
range, but the mean Jore is still 1.8 times higher in bioturbated conditions (Table 4). Overall, global

benthic DFe release for an unbioturbated seafloor is < 50 % of the global benthic DFe flux of the
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modern seafloor (Table 4), which suggests that benthic fauna is an essential part of the modern

global marine iron cycle, and could be an important Fe source in Fe-limited regions.

Benthic Jpre (WMol m™2 d?)

soon Modern Modern - Unbioturbated

45°N
100
OO
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90°S
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Figure 8: Top row: Benthic DFe fluxes (Jore). (&) The modern seafloor. (b) The difference between in Jpre between
the modern scenario and an unbioturbated seafloor. Positive values mean Jor. is higher in the modern scenario. Bottom
row: 5%Fe signature of the benthic DFe flux (8%Fe-Jpre). (€) The modern seafloor. (d) The difference in 8%°Fe-Jpre
between the modern scenario and an unbioturbated seafloor. Positive values indicate a heavier isotopic signature for
the modern scenario. () is calculated with Eq. [1], (b) with Eq. [10], (c) with Eq. [9] and (d) is calculated Eq. [11].

Additionally, bioturbation increases the range in 5%Fe values from DFe released from the
seafloor (Table 5). Indeed, our model experiments show that §°®Fe-Jpre values are near ~ -1.41 %o
for [O2]sw > 50 pM, and only show some variability below that oxygen concentration (Figure 5d).
In contrast, with bioturbation, §°®Fe-Jore values show significant variability at all oxygen
concentrations (Figure 4d). Regardless of the range, both bioturbated as unbioturbated scenarios
show similar spatial trends. Lighter §°°Fe values are found in the deep sea, where Jpr is lower,
whereas heavier §°°Fe values are found near shore, where Jore is higher (Figure 7c,d; Table 4).
Overall, the §°Fe signatures of Jpre are consistently lighter (up to 0.3 %o) in the modern seafloor
(Figure 7c,d; Table 4).

Overall, our results suggest that the evolution of benthic fauna and the advent of
bioturbation around the Ediacaran-Cambrian transition could have significantly altered the oceanic

iron cycle. Sediment mixing and burrow flushing by benthic fauna would have increased the
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608  release of DFe from the seafloor, thereby stimulating Fe cycling in the water column and

609  potentially increasing the residence time of Fe in the ocean. Our work adds to a growing body of

610 literature that suggests that the burrowing revolution around the Ediacaran-Cambrian transition

611  had a major impact on the global cycling of sulphur, carbon, phosphorus and oxygen (Boyle et al.,

612  2014; Canfield & Farquhar, 2009; Dale et al., 2016; Mcllroy & Logan, 1999; Meysman et al.,

613  2006; van de Velde et al., 2018). Bioturbation has been suggested to increase phosphorus burial in

614  marine sediments (although this is debated; Tarhan et al., 2021; van de Velde, James, et al., 2021),

615  which could have limited primary productivity in the early Cambrian, consequently leading to

616  lower atmospheric oxygen concentrations (Boyle et al., 2014; Dale et al., 2016; van de Velde et

617  al., 2018). Our results suggest that the impact of bioturbation on the Fe cycle could have had the

618  opposite effect. By increasing DFe release from the sediment, bioturbation could have relaxed iron

619  limitation, potentially stimulating primary productivity in Fe-limited regions of the ocean.

620 Table 5: Dissolved iron fluxes and d*Fe signatures from marine sediments for a modern seafloor (calculated using Eq. [1] and

621 [9]) and for an unbioturbated seafloor without bioturbation (calculated using Eq. [10] and [11]).

Area ? Mean Cox ° Mean DFe Flux Total DFe Flux © Mean 8°Fe-Jpre
(102m?)  (mmol m2d?) (umol m2d?) (Gmol yr?) (%o)
Modern  Unbioturbated Modern Unbioturbated Modern Unbioturbated

Shelf 27.12 9.4 7.57 4.11 75+38 41+20 -1.42 -1.39
(0-200 m)
Upper slope 16.01 3.0 3.09 1.37 18+9 8.0+4.0 -1.63 -1.40
(200 — 1000 m)
Lower slope 15.84 1.5 2.03 0.64 12+6 3718 -1.66 -1.41
(1000 — 2000 m)
Deep sea 302.5 0.4 0.48 0.16 53 + 26 17 +85 -1.67 -1.41
(> 2000 m)
Total 158 + 47 70 £22

622 & (Menard & Smith, 1966) ® (Burdige, 2007) ¢ Relative error on the benthic Fe flux, calculated using Eq. [1], was estimated at 50

623 % by Dale et al. (2015), based on the uncertainty in sedimentary Fe contents reported by Poulton & Raiswell (2002). Dale et al

624 (2015) predicted a similar global flux of 150 + 75 Gmol yr.

625

626 3.5 Deoxygenation and the future global iron cycle

627 Since the 1950s, the global ocean oxygen inventory has decreased by a few percent, and

628  low-oxygen zones have been expanding (Limburg et al., 2020). This ocean deoxygenation is

629  driven by a decrease in O2 solubility in warmer water and increasing eutrophication of coastal

630  zones, which stimulates oxygen demand in the waters underlying the photic zone (Breitburg et al.,

631  2018). Future climate change is expected to further exarcebate this problem; under a high emission
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scenario — 8.5°C warming by the end of the century — Earth System models predict an globally
averaged decrease of ~15 pM O in the ocean.

(a) Jore per depth interval (Gmol yrl) (b) Mean §°Fe-ly¢, per depth interval (%.o)
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Figure 9: Effect of decreasing ocean oxygen concentrations on (2) the magnitude of DFe release from sediments per
bathymetric depth interval, (b) the mean isotopic signature of the benthic DFe flux per bathymetric depth interval and
(c) the global amount of DFe released from marine sediments.

Reducing [Oz]sw leads to higher DFe release from the seafloor (Figure 8a). Shelf and slope
sediments (< 2000m) are more sensitivite to decreasing oxygen than deep-sea sediments (Figure
8a). Deep-sea sediments are generally well oxygenated (>200 uM O), and decreasing [O] with
40 uM will have little effect on the release of DFe (Figure 5a). In contrast, slope sediments show
more than a doubling of DFe release when O is decreased by 40 pM, indicating their sensitivity
to expanding low-oxygen zones. The mean §%°Fe signature of Jore is however less affected by the
decrease in oxygen and is likely more controlled by the sedimentary carbon oxidation rate that we
applied per bathymetric depth interval (Table 5). The global amount of DFe released from the
seafloor almost doubles, from 158 Gmol yr today to 261 Gmol yr for a 40 uM decrease in [O2].
Note that decreasing [O2] equally for each gridcell is not realistic, as some regions —such as higher
latitudes and the North Pacific — will experience stronger deoxygenation than equatorial regions
(Kwiatkowski et al., 2020). Our simple exercise thus suggests that ongoing deoxygenation could
have an important effect on the oceanic Fe cycle, potentially leading to an increase in ocean Fe

inventory, and an increase in primary productivity.
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4 Limitations

The model applied here was able to reproduce sedimentary profiles and isotope patterns of
dissolved and particulate Fe species in two contrasting field sites. We derived fractionation factors
that are fully consistent with laboratory experiments. Upscaling of our model results provides
global flux estimates that are consistent with the current literature. Nevertheless, our approach is
also subject to a number of limitations one should be aware of.

Firstly, the data availability for model calibration/validation is still limited. There are
currently no datasets available that include isotope measurements for pore-water and solid-phase
concentrations, as well as in-situ fluxes (collected at the same time and at athe same site). As a
result, the model has only been calibrated on data from two shallow field sites (Table 3) and its

applicability to deeper sediments (<1 km) thus remains untested.

Secondly, we do not explicitly test the influence of changes in OM reactivity on DFe fluxes
and their isotopic signature. The model uses a a fixed reactivity distribution for organic matter.
that is representative for fresh phytoplankton material that mostly degrades with a half-life of
around two years (Boudreau & Ruddick, 1991; Dale et al., 2015). This parametrisation thus
overestimates OM reactivity in depositional settings that receive large loads of less reactive
terrestrial, physically protected and/or pre-aged OM. We also do not take into account any potential
effects of bioturbation or anoxic conditions on the degradation of organic matter (Canfield, 1994;
van de Velde, Hidalgo-Martinez, et al., 2020). Because the controls on organic matter reactivity in
sediments are still a matter of extensive debate (see e.g. LaRowe et al., 2020), and outside the
scope of this paper, we chose to keep organic matter reactivity fixed. We expect our choice of
organic matter reactivity to have a limited impact on sediments < 1000 m because the vertical
distribution of the diagenetic reations for a given sedimentary organic matter mineralisation rate
would be largely determined by the most reactive fraction (and likely marine). It could however
lead to an overestimation of the benthic Fe flux at waterdepths > 1000 m. Nevertheless, the
estimated benthic flux for deep-sea sediments is < 0.5 — 2.0 pmol DFe m2 d (Table 4), which is
in the range of DFe fluxes estimated from non-reductive dissolution of FeEOOH (Homoky et al.,
2013), a potentially important DFe source in these low-productive sediments. This would impact
the 5°°Fe signature of the benthic DFe flux (which is ~0 %o for non-reductive dissolution), although

the low flux magnitude means the impact on the oceanic 5°°Fe is expected to be small. In addition,
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the derived transfer functions are based on depth-integrated degradation rates Cox and thus
implicitly account for changes in OM flux and/or reactivity.

Finally, we assumed that the depositional flux of FeOOH is uniform over the whole
seafloor. However, in reality, deposition of FeOOH is not uniform, but varies geographically
(Hayes et al., 2021). This choice would, however, only affect the estimated global flux (Table 4),
and not our conclusions on the relative impact of bioturbation on sedimentary Fe release, nor the
isotope patterns (as these are independent of the FeOOH influx; Section 3.3.1). This issue could
be addressed by coupling the proposed benthic Fe flux equations to a pelagic Fe model (such as
cGEnIE.muffin; van de Velde, Hilse, et al., 2021), and would greatly improve global benthic Fe
flux predictions.

5 Conclusions and outlook

In this study, we assess the influence of bioturbation for benthic dissolved iron (DFe) fluxes
and their isotopic signature using reaction-transport modelling. Our derived fractionation factors
for iron reduction (-1.3%o), iron oxidation (+0.4%o), iron sulphide precipitation (+0.5%o) and
dissolution (-0.5%o) and pyrite precipitation (-0.7%o) were fully consistent with experimentally-
derived values. This suggests that the reported fractionations are robust, but the lack of available
field data indicates that more field studies measuring isotopes of pore-water Fe, solid-phase Fe and

benthic Fe fluxes from different depositional environments are needed.

We found that the influence of bioturbation on DFe fluxes depends on the redox state of
bottom waters. Bio-mixing reduces benthic DFe release and gives it a lighter isotopic signature at
low bottom water oxygen concentrations (<50 pM), whereas the combination of bio-mixing and
bio-irrigation increases benthic DFe release and gives it a heavier isotopic signature burial at higher
bottom water oxygen concentrations (>50 uM) (by stimulating FeS; burial). Globally, bioturbation
more than doubles the global benthic DFe flux (from 70 to 158 Gmol yr?) and decreases its
isotopic signature. Our results emphasise the global importance of bioturbating fauna as
ecosystems engineers and should inspire future research on the impact of environmental change

on the global iron cycle.

The predictive functions developed here can easily be applied to models of the modern and

past oceanic Fe cycle and help advance our understanding of the marine iron cycle. More
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specifically, coupling our function to a pelagic iron model could predict spatial isotope patterns of
dissolved and mineral Fe phases. This would be of major importance for the interpretation of Fe
isotope patterns in the geological record, by explicitly accounting for close benthic-pelagic
coupling where iron released from the seafloor is re-oxidised in the water column and rains back
down on the sediment - such as during iron shelf-to-basin shuttling in low-oxygen oceans (Boning
et al., 2020; Scholz, Severmann, et al., 2014).
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Text S1. Early diagenetic model used for calibration of iron isotope fractionations
(‘site-specific model’)

Our first goal was to calibrate the iron isotope fractionations that are induced during
sedimentary iron cycling. To this end, we constructed an early diagenetic model and
calibrated it on two sites where iron isotopes of pore-water and solid-phase fractions were
measured (see main text; Severmann et al., 2006). Because our focus was on the
concentrations and isotope values measured by Severmann et al. (2006), we decided to
omit any elements for which we had no data, as to avoid over-parameterisation of our
model. Hence, we did not include nitrogen or manganese and omitted moderately
reactive, poorly reactive and unreactive iron mineral classes. We did however make a
subdivision in the highly reactive class to contain 'fresh’ iron oxides and ‘aged’ iron oxides,
as is commonly done (Berg et al., 2003; van de Velde et al., 2020). We also omitted
elemental sulphur or hydrogen.

$1.7 Diagenetic model formulation

The early diagenetic model follows the standard approach to describe reaction-transport
in marine sediment (Wang and Van Cappellen, 1996; Boudreau, 1997; Berg et al., 2003;
Meysman et al., 2003). The core of this reaction-transport model consists of a set of mass
balance equations of the advection-diffusion-reaction form (Boudreau, 1997; Meysman et
al., 2005). Adopting the assumption of steady-state compaction, the balance equation for
a pore-water solute and solid components becomes (Meysman et al., 2005):

Cp; 0 aC,, ow
¢ —2L = —| D, —2L—4.v.C,, |+, (COY ~Cp )+ > v R
F ot oz F oz FYF™D, F ( D, D,) Zk: Kk .
Cs, 0 aCq
(1-g)—t=—| (1-¢)Dy —2 —(1- 4. VCs, |+ DV, R
F ot oz F/=B oz F/Vsis, Zk: kK

The quantity C,; represents the concentration of a pore-water compound, cgﬁ“ is the
value in the overlying water, ¢. denotes the porosity (implemented via an exponentially
decreasing depth relation as described below), ¢¢ is the asymptotic porosity at depth, D,

is the diffusion coefficient, V. is the burial velocity of the pore fluids, Vg is the burial
velocity of the solids, and z is the depth into the sediment. The concentration Cg; of a
solid compound is expressed per unit volume of solid sediment. The quantities R,

represent the rates of the biogeochemical reactions (expressed per bulk sediment volume),
where v, is the stoichiometric coefficient of the i-th species in the k-th reaction. The
effect of bioturbation (bio-mixing and bio-irrigation) is implemented by the bio-mixing
parameter D, and the bio-irrigation parameter «;, which is solute specific (Meile et al,
2005).

The model includes a set of transport processes that is characteristic for cohesive (i.e. low
permeable) sediments impacted by fauna: (1) solute diffusion in the pore water, (2)
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downward advection due to sediment accumulation, (3) bio-mixing and (4) bio-irrigation.
Pore water advection induced by bottom currents and waves, characteristic for permeable
sediments, is not incorporated. The solute flux due to molecular diffusion and advection
is described by Fick’s first law (Fick, 1855),

3 = ¢D8CD
b ' oz

L+ ¢vCy, 2]

where the molecular diffusion coefficient D™ s first calculated as a function of

temperature and salinity using the CRAN:marelac package (Soetaert et al, 2010a) and
corrected for tortuosity according to the modified Wiessberg relation of Boudreau (1996),
D, =D™ /(1-2Ing.).

$1.1.1 Model parameterisation: porosity and transport processes

An exponential declining porosity profile was imposed,

b =2 + (g — g )e 3]
where ¢! is 0.948, ¢ is 0.824 and z
porosity profile used by Meysman et al. (2003), when they modelled the Santa Barbara site
(Figure S1a). A change in porosity implies sediment compaction with depth, and different
burial velocities for solutes and solids. The model adopts a constant sedimentation velocity
in consolidated sediment of v; = v, = 0.25 cm yr’', which is the sedimentation velocity of

«t 15 3.6 cm for the model calibration. This is the

both sites that were used to calibrate the model parameters (Severmann et al,, 2006). The
depth-dependent advection velocities were calculated from the porosity profile and the
burial velocities in consolidated sediment using the CRAN:ReacTran package (Soetaert and
Meysman, 2012).

The presence of bioturbation is modelled as two different extra transport parameters; bio-
mixing and bio-irrigation. Following the conventional description, bio-mixing is modelled
as a diffusive-like process (Boudreau, 1997; Meysman et al., 2010)
J 1-¢.)D, o

,=~(-4,)D, =

Benthic fauna require food resources (organic matter) that arrive from the overlying water
at the top of the sediment pile, and thus most of their activity occurs near the sediment-
water interface, and decreases with depth (Boudreau, 1998). The bio-diffusivity coefficient
accordingly follows a sigmoidal depth profile

o o ol 2]

where D, , is the bio-diffusivity at the sediment-water interface, z, is the depth of the

[4]

mixed layer and z,, is an attenuation coefficient determining the transition zone from

mixed to unmixed sediment horizons. Bio-mixing is governed by two separate parameters:
the intensity of mixing as represented by the bio-diffusivity, D, ,, and the depth of the

mixed layer, as represented by z, (the width of the transition zone z,, is of secondary



importance) (Figure S1b). In natural systems, these two parameters are correlated
(Boudreau, 1998; Middelburg, 2019). Hence, to account for this interdependency, and
facilitate model sensitivity analysis, the mixing depth was made dependent on the bio-
diffusivity by means of the following relation (van de Velde and Meysman, 2016),

(1-e-va°“°b-fef ) [6]

where z_, (=1 cm) is the minimum depth of bioturbation, z

7, =2, 4+2

L,max

Lmax 1S the maximum mixing

depth (Z, o+ 7, . = 10 cm; Boudreau, 1998) and D, . (=3 cm? yr™') is a reference mixing

L,max
intensity (Figure S1d; van de Velde and Meysman, 2016). This relation implies that the
mixing depth first rapidly increases with a rising mixing intensity, but then saturates. This
saturation response implies that when the population density of the infauna increases, the
burrowing depth does not necessarily increase.

The second effect of bioturbating fauna, bio-irrigation, is typically described as a non-local
exchange process, in which pore water parcels are exchanged with bottom water parcels
(Boudreau, 1984)

i (2) = 2(2)(Cp; —Cyp,(2)) [7]
where the quantity a(z) represents the depth-dependent irrigation intensity, Cp", is the
solute concentration of the bottom water, and C, ;(z) is the solute concentration at depth

Z . The bio-irrigation effect is generally most pronounced in the top layer of the sediment.
However, the faunal activities that induce bio-mixing (e.g. locomotion and burrow
construction) are different from those that underlie bio-irrigation (e.g. burrow ventilation),
and so the depth dependency of both processes must not be the same. Indeed, in natural
systems, bio-irrigation is best represented using an exponential relation of the form
(Kristensen et al., 2018)

a(z) = a,e ™ [8]
where ¢, is the bio-irrigation coefficient at the sediment-water interface and z;, is an

attenuation coefficient determining the transition zone from irrigated to un-irrigated

sediment horizons (Figure S1c). The z;, parameter is adapted for each simulation to so

that depth of bio-irrigation matches the depth of bio-mixing. Following Meile et al. (2005),
we introduce solute-specific irrigation coefficients, to capture the differential
biogeochemical behaviour of individual pore-water species (specifically reduced Fe** and
TH,S). The fast oxidation kinetics of Fe?* and ZH.S means that these species are generally
not flushed out of the sediment, but are oxidised in the worm burrow. During model
calibration, we fitted the solute specific irrigation coefficients to be «y, ¢ =0.5 and

Ao = 0.05¢x.

§1.1.2 Model parameterisation: biogeochemical reaction set
The focus of this reaction-transport model was to calibrate the iron isotope fractionation

factors. Therefore, we tailored the reaction set to the available data of the two field sites
presented in Severmann et al. (2006). The dataset only contained information about highly
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reactive iron minerals (reactive iron oxides, iron sulphides, sorbed iron and pyrite).
Therefore, we omitted moderately reactive, poorly reactive and unreactive iron mineral
classes, and made a subdivision in the highly reactive class to contain ‘fresh’ iron oxides
(comparable to 2-line ferrihydrite; Poulton et al., 2004; van de Velde and Meysman, 2016)
and ‘aged’ iron oxides (comparable to goethite; Poulton et al., 2004). Additionally, to keep
the reaction set as simple as possible, we did not include elemental sulphur or hydrogen,
but instead allowed pyrite precipitation after reaction of FeS with sulphide and sulphate
(see, e.g., van de Velde et al., 2020). The reactions included in the model are listed in Table
S1, the reaction equations are listed in Table S2 and the parameters and boundary
conditions are given in Table S3.

Table S1 specifies the 16 reactions that are included in the reaction list. The model
incorporates a detailed description of Fe cycling, including dissimilatory iron reduction,
adsorption of Fe?* on solid phase particles, aerobic oxidation of dissolved and adsorbed
Fe*, multiple iron oxides fractions with different kinetics towards sulphide, iron oxide
aging, formation and dissolution of iron sulphide, and pyrite precipitation. Additionally,
we include a realistic description of organic matter degradation kinetics by approximating
the reactive continuum model (Boudreau and Ruddick, 1991) by a 14 component multi-G
model (Dale et al.,, 2015). Each of the organic matter ('G’) fractions can be degraded by
four different mineralisation pathways; aerobic respiration (AR), dissimilatory iron
reduction (DIR), sulphate reduction (SR) and methanogenesis (MG) (Table S1, note that
these redox pathways are implemented for each of the organic matter fractions). The redox
sequence is implemented via conventional limitation-inhibition formulations (Table S2)
(Soetaert et al., 1996).

Iron oxides are modelled as two separate fractions; fresh iron oxides and aged iron oxides,
where the fresh iron oxide fraction can reduce organic matter and oxidise sulphide, and
the aged iron oxides only reacts with sulphide (Berg et al., 2003). The reactivity of these
two fractions towards sulphide broadly corresponds to the reactivity lepidocrocite (‘fresh’)
and goethite (‘laged’), as determined by Poulton et al. (2004). Organic matter mineralisation
coupled to iron oxide reduction released ferrous iron (Fe?*) in the pore water, which can
adsorb on solid-phase particles, which is implemented as a thermodynamic equilibrium

[x = Fe“] = KF [Fe“] [9]

ads

where KaFdej is the dimensionless adsorption constant. Both dissolved and adsorbed forms

can become re-oxidised by oxygen, or ferrous iron precipitate as iron sulphide (Table S1).
Sulphate reduction produces free sulphide, which can be re-oxidised by oxygen, re-
oxidised by iron oxides, precipitated as FeS, reacted with FeS to form FeS; (Table S1). When
electron acceptors (02, FeOOH, SO4*) are depleted, methanogenesis produces methane,
which can be oxidised by oxygen or sulphate. The kinetic rate expressions of all re-
oxidation processes are described by standard second-order rate laws (Table S2).

$1.1.3 Isotopic fractionation

To be able to track the isotope compositions of individual Fe compounds, the model
contains an extra state variable for each of the Fe compounds. This extra state variable
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represents the *°Fe pool of the bulk Fe compounds (e.g., [*°FeS,] is the *°Fe pool of
[FeS,1). From the concentration of the *°Fe specific state variables and the bulk state
variables, one can then calculate the isotope ratio *°r, (note that we do not use the capital

R notation to avoid confusion with the reaction symbol in Eq. [1]),
e =<5~ [10]

where *C; is the concentration of the *°Fe pool of species C,. Note that we here assume

that the Fe isotope pool only consists of *°Fe and **Fe (the two most abundant iron
isotopes). From the isotope ratio, one can calculate the §°°Fe signature,
56

5%Fe, = i ~1.0 [x1000 [11]
! (56Fe/ 54Fe)

ref

where (SGFe/ 54Fe)ref is the isotope ratio of a standard sample (which is defined in the

main text). Each individual reaction can be assigned a fractionation factor 565Rk (expressed

in %o), which is converted to *arg |,

56

14+ R [12]
a, =1+
R 1000

Fractionation is then implemented by calculating the reaction for the *Fe pool from the
bulk reaction rate R, ,
56 56
a I~
SGRk - SGRk 5? Ry [13]
1+ ag I,

56

To avoid extreme fractionations at low bulk concentrations, a fractionation limit is set at
10° pmol c¢m™. Reactions that proceed below this bulk concentration induce no
fractionation,

56c_
*RJ[C; <10°]= cl

R, [15]
To account for isotope fractionation during adsorption, the pool of adsorbed °®Fe is
calculated as,

[X = 56Fe2+:| _ KFe2+

ads

°r

Fe®' [156 Fez*] [16]
.

FeZ+

56 56 5
Qg+ Apgg
56

56
1+ o

where *a is the fractionation factor associated with ferrous iron sorption, and all other
parameters have been introduced before.

S§1.1.4 Numerical model solution

The numerical solution procedure has been described in detail previously (van de Velde
and Meysman, 2016). In brief, the open-source programming language R (R Core Team,
2017) was used to implement a numerical solution procedure for the partial differential
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equations by applying the method-of-lines (Boudreau, 1996a) using the R packages
CRAN:ReacTran (Soetaert and Meysman, 2012) and CRAN:deSolve (Soetaert et al., 2010b).
The sediment grid was generated by dividing the sediment domain (150 cm thickness) into
an uneven grid of 200 layers with the thickness of the first layer being 0.015 cm and the
thickness of the other layers increasing with a factor 1.018. The resulting set of ordinary
differential equations was integrated using the stiff equation solver routine ‘'vode’ (Brown
et al, 1989) within the package CRAN:deSolve (Soetaert et al., 2010b). All model
simulations were run for a sufficiently long time period (>10,000 year) to allow them to
reach a steady state.



Text S2. Early diagenetic model for sensitivity simulation (‘generic model’)

The second goal of our study was to extend the relation between bottom water oxygen,
organic matter oxidation and benthic Fe fluxes proposed by Dale et al. (2015) to include
the isotope values of the released Fe. To this end, we constructed a more complex
diagenetic model to make sure our results are broadly comparable with the diagenetic
model study published previously by Dale et al. (2015). The early diagenetic model used
for the sensitivity simulation has the same structure as described above (Eq. [1], Suppl. Text
1.1.1), but with a sediment thickness of 30 cm. The model solving procedure is also
identical as described before (Suppl. Text 1.1.4).

$2.1 Diagenetic model formulation
$2.1.1 Model parameterisation: Biogeochemical reaction set

The reaction set (n=37) was reproduced from the diagenetic model of Dale et al. (2015).
To account for iron isotope fractionations, an additional set of 15 reactions was included.
The biogeochemical reaction set has been described in detail before (Dale et al., 2015).
Briefly, organic matter mineralisation was modelled following the classical ‘'multi-G" (Arndt
et al,, 2013) approach. The reactive continuum model (Boudreau and Ruddick, 1991) was
approximated by 14 different organic matter fractions, each with a different reactivity
constant (Dale et al,, 2015). Each of these fractions can be degraded by seven different
mineralisation pathways; aerobic respiration (AR), denitrification to nitrite (DNy),
denitrification to N> (DN,), manganese reduction (MR), dissimilatory iron reduction (DIR),
sulphate reduction (SR) and methanogenesis (MG) (Reactions 1-7; Table S4, note that the
same reactions are valid for each of the organic matter fractions). The classical redox
sequence (Froelich et al., 1979) is implemented via conventional limitation-inhibition
formulations (Table S5; Soetaert et al., 1996).

The nitrogen cycle included in the model is based on previous work by Bohlen et al. (2011).
Denitrification proceeds in two separate steps; first nitrate is reduced to nitrite, and
subsequently nitrite can be reduced to nitrogen-gas. Aside from denitrification, reduced
nitrogen can be produced in the form of ammonium via organic matter mineralisation or
via dissimilatory nitrate reduction to ammonium (coupled to sulphide oxidation). Reduced
nitrogen in the form of nitrite can be produced via reduction of nitrate coupled to
oxidation of iron, or via aerobic oxidation of ammonium. Oxidised nitrogen in the form of
nitrate can be produced via aerobic oxidation of nitrite. Furthermore, nitrite and
ammonium can combine to form nitrogen-gas via anaerobic ammonium oxidation, and
ammonium can adsorb on solid phase particles (Mackin and Aller, 1984).

Manganese oxides are modelled as two separate fractions; highly reactive manganese
oxides and moderately reactive manganese oxides (Berg et al., 2003; Dale et al.,, 2015).
Only the highly reactive manganese oxide fraction can be reduced by organic matter
mineralisation. Both fractions are reduced by oxidation of ferrous iron and reduced
sulphide. Highly reactive manganese oxide is regenerated by oxidation of reduced



manganese by oxygen. Over time, highly reactive manganese oxide ages into moderately
reactive manganese oxide (Table S4).

Iron oxides are modelled as four separate fractions; highly reactive iron oxides, moderately
reactive iron oxides, poorly reactive iron oxides and unreactive iron oxides, where only the
highly reactive iron oxide fraction can reduce organic matter and oxidise sulphide, the
other iron oxide fractions only react with sulphide, and the unreactive fraction does not
react on diagenetic timescales (Berg et al., 2003; Dale et al., 2015). The classification and
reactivity of these iron oxide fractions broadly compare to the classes of reactivities
determined in previous laboratory experiments (Canfield et al., 1992; Poulton et al., 2004).
Organic matter mineralisation coupled to iron oxide reduction releases ferrous iron (Fe’*)
in the pore water, which can (i) adsorb on solid-phase particles, which is implemented as
a thermodynamic equilibrium (Eq. 9), (ii) become re-oxidised by oxygen, manganese oxide
or nitrate or (iii) precipitate as iron sulphide (Table S4). Over time, highly reactive iron oxide
ages into moderately reactive iron oxide.

Sulphate reduction produces free sulphide, which can be (i) re-oxidised by oxygen, (ii) re-
oxidised by nitrate, manganese oxide or iron oxide, (iii) precipitated as FeS, (iv) precipitate
with FeS to form FeS, and hydrogen-gas (Table S4). The oxidation of sulphide by
manganese or iron oxides generates elemental sulphur (Poulton, 2003). Elemental sulphur
disproportionates into sulphate and sulphide, or reacts with FeS to form FeS..

When all electron acceptors are depleted, methanogenesis produces methane, which can
be (i) oxidised by oxygen, or (ii) oxidised by sulphate. The kinetic rate expressions of all re-
oxidation processes are described by standard second-order rate laws (Table S5).
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Figure S1: (a) Porosity profile (black line is the applied porosity profile for the model
calibration, red dashed line is the generic porosity profile for all other model runs), (b)
bio-diffusion profile, (c) bio-irrigation profile for the baseline simulation. (d) Relation
between Dy and z, as proposed by van de Velde and Meysman (2016).
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Kinetic reactions

R1

R2

R3

R4

RS

R5b

R6

R7

R8

R9

R10

R11

R12

R13

R14

R15

R16

Aerobic respiration

Dissimilatory Iron
reduction

Sulphate reduction
Methanogenesis

Ferrous iron oxidation

Adsorbed iron
oxidation

Canonical sulphur
oxidation

Aerobic methane
oxidation

Iron sulphide
oxidation

Pyrite oxidation

Sulphide-mediated
iron reduction

Anaerobic methane
oxidation

Ferrous iron sorption

Iron sulphide
precipitation
Iron sulphide
dissolution

Pyrite precipitation

Iron oxide ageing

CH,0,+0, > HCO; +H™ (i=1...,14)
CH,O, +4Fe00H, +7H* — HCO; +4Fe* +6H,0 (i=1,..,14)
CH,O, +1S07 —» HCO, +iHS +iH" (i=1,...,14)
CH,0,+3H,0 > 1HCO; +;CH,+3H" (i=1,..

Fe* +10,+2H,0 —» FeOOH, +2H"

.,14)

X =Fe* +10,+3H,0 - FeOOH, +2H"
HS™ +20, - SOZ + H*

CH,+20, —»CO,+2H.,0
FeS+20,+3H,0 — FeOOH, +SO7 +2H"
FeS,+%£0,+$H,0 - 2S0; +FeOOH, +4H"
HS™ +8FeOOH, , +7H" — SO; +8Fe* +12H,0
CH, +S0O; — HCO; +HS™ +H,0

Fe* <> X =Fe*

Fe®* +HS™ > FeS+H"*
FeS+H" — Fe* + HS~

FeS+2HS +1SO; +ZH" — FeS, + H,0
FeOOH, — FeOOH,

Table S1. List of biogeochemical reactions included in the reaction-transport model used
for calibration of the isotope fractionation factors.
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Kinetic rate expression

(Pszkmm. [CH,O ]

R1 R=Ry [O]

" [0, ]+ Ko,
n Ko, [ FeOOH, |
R2 = R [0, ]+ Ko, [ FEOOH |+ Koo
R3 R= Ko, K eeoon [SOZ :|
R [0, |+ Ko, [ FEOOH |+ Koo [ SOF |+ K,
R4 R = KO Keeoon KSOZ

R 75, T+ Ko, [FeOOH, |+ Koo [SO7 J+ Ko
Rsa  R=pckgo[Fe* ][O, ]
RSb  R=pikeo[ X =Fe* ][O, ]
R6  R=gpkeo[HS][O, ]
R7  R=pckyo[CH,][O,]
R8  R=gpkg[FeS][O,]
RO R=¢uken,o[FeS,][O,]
RI0  R=gpgkg, [HS ][FeOOH,, |
RI1  R=ppkuuo [CH,][ SO} ]

[Fez*][HS]_lJ

R=¢p.k
R12 D ISP( [H* ]KFeS

R13 R=¢Sk,SD[FeS][1 wj

[H ]KFeS
R14 R:goskpyp[FeS][HS’J

R15  R=¢ko,[ FEOOH, |

Table S2. List of kinetic expressions included in the reaction-transport model used for
calibration of the isotope fractionation factors.
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ENVIRONMENTAL PARAMETERS Symbol Value Units Method References
SBB MC

Temperature T 10 10 °C A [11.[2]

Salinity S 342 342 - A [11.[2]

Porosity (surface value) 2 0.948 0.948 - A [11.[2]

Porosity (asymptotic at depth) ¢;_i° 0.824 0.824 - A [11.[2]

Porosity attenuation coefficient X, 3.6 3.6 cm A [11.[2]

Solid-phase density Ds 2.6 2.6 gcm? A [11.[2]

iSnef(ijr!ri?sr:jte;aﬁﬁumulatlon rate at Ve, Ve 250 250 em kyr A 3]

Depth of sediment domain L 150 150 cm -

S6Fe/>*Fe isotope ratio of IRMMO014 - 15.697861 - A [4]

BOUNDARY CONDITIONS Symbol Value Units Method References

Oxygen bottom water [O2] 0.01 0.28 mol m?3 A [1]-[3]

Sulphate bottom water [SO4*] 28.0 28.0 mol m* A [1]1-[3]

DIC bottom water >CO2 2.45 2.45 mol m?3 A [11.[2]

Ferrous iron bottom water [Fe?*] 0 0 mol m* A [1].[2]

Free sulphide bottom water [HS] 0 0 mol m?3 A [11.[2]

Methane bottom water [CH.] 0 0 mol m* A [1].[2]

Flux POC Jroc 4.6 8.0 mmol m2d? B

Flux FeOOH+ JFe0OH T 560 320 pmol m2d* B

Isotopic signature 5%°Fereoon  -1.5 -0.5 %o B

Flux FeS Jres 0 0 mmol m2d? B

Isotopic signature 5%®Feres - - %o B

Flux FeS; Jres2 0.03 0.03 mmol m2d? B

Isotopic signature 5%®Feres2 -0.4 0.0 %o B

LThis value is only for the “fresh’ fraction, the flux of the ‘aged’ fraction was set to 0.

Table S3: List of boundary conditions and parameters used in the reaction-transport
model used for calibration of the isotope fractionation factors. Solid-phase concentrations
are expressed per unit volume of solid phase. “Method" refers to the procedure by which
parameter values are constrained: A = Literature values, B = model calibration. Note that
all isotope values are given relative to the IRMM-14 standard.
References: [1] Reimers et al. (1996), [2] Meysman et al. (2005), [3] Severmann et al. (2006),
[4] Dauphas et al., (2017), [5] Dale et al. (2015), [6] van de Velde and Meysman (2016), [7]
Poulton and Canfield, (2005) [8] Meysman et al. (2015), [9] Rickard (1975), [10] van de Velde
et al. (2020), [11] Berg et al. (2003).
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BIOGEOCHEMICAL PARAMETERS Symbol Value Units Method  References

SBB MC

Mixing depth Z 0 10 cm B

Biodiffusion coefficient Db,o 0 20 cm? yrt B

Bio-irrigation coefficient a, 0 183 yrt B

Bio-irrigation attenuation coefficient Xirr 0 3 cm B

Mineralisation constants Kiina 1010 2.0 yrt A [2],[5]
Knnz  3.1610°  0.056 yr A [21,[5]
Kuns ~ 3.1610° 1.110% yrl A [21,[5]
Knna  3.1610°® 0 yri A [5]
Knns ~ 3.16 107 0 yr A [5]
Knns ~ 3.16 10 0 yri A [5]
Knnz  3.16 10 0 yr A [5]
Knng ~ 3.16 10 0 yr A [5]
Knno  3.16 10 0 yr A [5]
Kunio  3.16 10 0 yr A [5]
Kz 3.16 10 0 yr A [5]
Kiin12 3.16 0 yrt A [5]
Kins 31.6 0 yrt A [5]
Kinin1a 100 0 yrt A [5]

Oxygen saturation constant Ko, 0.001 mol m3 A [2]

FeOOH saturation constant Koo 31.2 1.04 mol m* B

Sulphate saturation constant Ksog— 0.9 mol m* A [2]

Ferrous iron oxidation kFIO 10%7 pmol? cmd yrt A [2]

Canonical sulphur oxidation kcso 10%7 pmol? cmd yrt A [2]

Aerobic methane oxidation k AMO 10% pmol? cmd yrt A [2]

Iron sulphide oxidation kIso 10%7 pmol? cmd yrt A [2]

Pyrite oxidation kpyo 9.47 pmol? cmd yrt A [5]

Sulphide-mediated iron reduction Ko f 494 pmol? cmd yrt A [6].[7]

Sulphide-mediated iron reduction Ko a 3 pmol? cmd yrt A [6].[7]

Anaerobic methane oxidation Kano 10%2 pmol? cmd yrt A [2]

Equilibrium constant ferrous iron Fe2*

sorption Kaas 69.68 ) B i

Iron sulphide precipitation Kisp 10+ pmol cm3 yr? A [8]

Iron sulphide dissolution leD 3 yri A [8]

Pyrite precipitation kpyp 3.25 pmol? cm?® yrt A [9].[10]

Iron oxide ageing Kion 0.6 yrt A [11]

Table S3 continued
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Kinetic reactions

Rl Aerobic respiration CH,O0.{NH,}, +0, > HCO; + neNH, +H" (i=1..,14)
R2 Denitrification CH,0,{NH.},  +2NO; — HCO; +2NO; +nr NH; +H"(i=1,...,14)
R3 Denitrification CH,O,{NH;},  +3NO, +3H" - HCO; +4N, +r,NH,; +4H,0(i=1,...,14)

R4 Manganese reduction  CH,O, {NH,}, +2MnO,,, +3H" —HCO; +2Mn* +1, NH, +2H,0 (i=1..,14)

Dissimilatory Iron

R5 reduction

CH,0,{NH,}, +4FeOOH,, +7H" - HCO; +4Fe* + 1, NH; +6H,0 (i=1,..14)
R6  Sulphate reduction CH,O0,{NH;}, +3SO;” - HCO; +1HS +r,NH,; +iH" (i=1..14)
R7  Methanogenesis CH,O,{NH;} +3H,0—>31HCO; +1CH, +r,NH; +31H" (i=1..,14)

R8  H,oxidationwitho, H,+10, >H,0

R9 ng_xidation with H,+NO; — H,0+NO,

R10 chz)_xidation with H,+2NO; +2H* > £H,0+1N,

Ri1 i OARIONWIN 4 MO, +2H" - 2H,0+ Mn®

Riz H2OXdAONWIN L 9FeOOH,, +4H " — 4H,0 +2Fe®
R1g  LOQNIONMIN 4 1S0F +4H 5 H,O+EHS”

R14  Nitrification NH, +30, > NO, +H,0+2H"

R15  Nitrification NO, +30, - NO;

R16  Manganese oxidation ~Mn** +10, +H,0 — MnO,,, +2H"

R17  Ferrousiron oxidation Fe* +10,+2H,0 — FeOOH,, +2H"

Ri7p Adsorediron X = Fe? +10, +3H,0 — FeOOH,, + 2H "
R18 Ca_non_ical sulphur HS +20. > SO> + H*
oxidation 2 4
Rig ~Aerobicmethane  cp 420, 5 CO, +2H,0
oxidation 4 2 2 2
Roo  lron sulphide FeS+20, +2H,0 —> FeOOH,, + SOZ +2H"
R21  Pyrite oxidation FeS,+£0,+2H,0 > 2507 +FeOOH , +4H "
R22 An_aerqbic ammonium NH* + NO- = N. + 2H.0O
oxidation 4 2 2 2
Rz lrommediatedniiate g2ty 1 NOS +2H,0 — FEOOH, + 5N, +$H"
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R24

R25

R26

R27

R28

R29

R30

R31

R32

R33

R34

R35

R36

R37

Sulphide-mediated
nitrate reduction

Iron-mediated
manganese reduction

Sulphide-mediated
manganese reduction

Sulphide-mediated
iron reduction

Anaerobic methane
oxidation

Ammonium sorption

Ferrous iron sorption

Elemental sulphur
disproportionation
Iron sulphide
precipitation

Iron sulphide
dissolution

Pyrite precipitation

Pyrite precipitation

Manganese oxide
ageing

Iron oxide ageing

HS™ +NO; +H,0+H" —SOZ +NH;

Fe? +1MnO, . e + H,0 — FEOOH, . + 1 Mn? + H*
HS ™ +MnO,yq e +3H " = S°+ Mn? +2H,0

HS ™ +2Fe00H e o +5H " — S°+2Fe? +4H,0
CH,+S0O? — HCO; +HS™ +H,0

NH; <> X = NH;

Fe* <> X =Fe*
S°+H,0 »>1S07 +3HS +5H”

Fe?" +HS™ — FeS+H"

FeS+H" — Fe?" +HS"
FeS+HS +H" - FeS, +H,

FeS +S° — FesS,

MnG,,, = MnO,,,

FeOOH,;, — FeOOH,

Table S4 List of biogeochemical reactions included in the reaction-transport model used
for the sensitivity simulation.
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Kinetic rate expression

(pskaml[CH O]/R = ¢k, [H,]

_ [0 ]
Rl R =R [0, ]+Ko,
Ko, [NO; |
R2 R = R [0, J+Kq, [NO, J+K
Ko, Koz [NO, |
R3 R =Ry, [0, T+ Ko, [NO; T+ K, [NO; J+K,,
R = KO I<NO KNOZ’ [MnOZHR]
R4 Ronin [0, [+ Ko, [NO; [+ K o [NO; |+ K [MNO,e ]+ Ky,
R = Ko, KNO3 KNo; Ko, [FEOOH ]
RO B m'” |:O ]+ K [NO :|+ K [NO;] + KNo2 [MnOZHR]_'_ KMHOz [FeOOH HR]+ KFEOOH
R6 R=R Ko, Ko, Kio; Ko, K reoors [so; |
min [0, |+ Ko, [NO; ]+ Koo, [NO, |+ Ko, [MNO, [+ Ko, [FEOOH 1 ]+ Koo [soz |+ Koo
R= Ko2 KNO KNO; KMno2 K,:QOOH Kso}*
R7 = Ruin [0, J+ Ko, [NO, J+ K, [NO, [+ K, [MNO, ]+ Kyno, [FEOOH 0 ]+ Koo [ SO |+ Ky,
_[o.]
R8 R= [o J+K,,
Ko, [NO; ]
R9 R= [o J+ Ko, [NOg [+K
Ko, Kyor [NO, |
R10 R= [o J+Ko, [NO; ]+K [NOZ’]+KNOZ
R=— Ko, KNO KNOZ’ [MNnO,, ]
RiL R [0, [+ Ko, [NO; [+ K [NO; J+K,, [MNOyie ]+ Ky,
R = Ko, KNO KNog Ko, [FEOOH ]
Ri12 R [0, [+ Ko, [NO; |+K,, [No;] + Ko, [MNOye ]+ Koo, [FEOOH e ]+ Koo
R13 R= Ko, “ ASH K NO; Ko, Kreoon [80427 :|

[o ]+K [No ]+K [NO;]+KNOZ, [MNO,, |+ Ko, [FEOOH 5 [+ Koo [soj-]+ Koos
R14  R=pckur,[NH; ][O, ]

RIS R=0ckurs[NO, ][O, ]
RI6 R =0ckuo[ M* ][O, |
R17a R=gckqo|Fe® |0, ]
R17b  R=¢kqo| X =Fe* ][O, ]
R18 R=gcko[HS |0, ]

R19 R =§0FkAMO [CH4][02]
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R20

R21

R22

R23

R24

R25

R26

R27

R28

R29

R31

R32

R33

R34

R35

R36

R37

R =gpokso [FeS][O, ]
R =g¢iks0 [FeS, ][O, ]
R =Ky [ NH; J[NO; ]
NO; |

[
[
R =g kyso [ HS™ ][ NO; |
[
[

R = pekyeo [ Fe™ ][
I

R = ¢Kyeo [ F&™ |[MNOyyie v |

R = 05Ky [ HS™ |[MNO, 0 v |

R = ok [HS ] [ FEOOH e o |

R = 0K amo [CH4]|:SOfi|

R = ?r kAmS (l— [:jNHﬂ J

Kads [NH;]

R =K [SO:'
R=gs leP[FeZ*][HS’]

[Fe J[HS 1)
[H ]KFeS

R :(pskISD[FeS](l
R=gKeye, [FeS][HS ]
R =Koy, [FeS][S°]
R = ¢sKyon [MnOZHR]

R =@.Kon [FeOOH HR]

Table S5 List of kinetic expressions included in the reaction-transport model used for the
sensitivity simulation.
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ENVIRONMENTAL PARAMETERS Symbol Value Units Method References
Temperature T 10 °C A [1]
Salinity S 34.2 - A [1]
Porosity (surface value) 2 0.9 - A [1]
Porosity (asymptotic at depth) ;’ 0.7 - A [1]
Porosity attenuation coefficient X, 10.0 cm A [1]
Solid-phase density Ps 2.6 gcm? A [1]
?nef?r;?::r:jteg(;ﬁumulatlon rate at Vg, Ve 60 em kyr A [1]
Depth of sediment domain L 30 cm A [1]
S6Fe/>*Fe isotope ratio of IRMMO014 - 15.697861 - A [2]
BOUNDARY CONDITIONS Symbol Value Units Method References
Oxygen bottom water [O2] variable mol m3 -
Nitrate bottom water [NOs] 0.035 mol m A [1]
Sulphate bottom water [SO4*] 28.0 mol m® - -
DIC bottom water > CO; 2.2 mol m3 - -
Ammonium bottom water [NH4*] 0.001 mol m3 A [1]
Manganese bottom water [Mn?*] 0 mol m A [1]
Ferrous iron bottom water [Fe?*] 0 mol m A [1]
Free sulphide bottom water [HST] 0 mol m A [1]
Methane bottom water [CH.] 0 mol m* A [1]
Flux POC Jroc variable mmol m2d? -
Flux MnO ! Fmno2 108 pmol m2d* A [1]
Flux FeOOH FreooH variable pmol m2d* -
Flux FeS Fres 0 mmol m2d? -
Flux FeS; Fresz 0 mmol m2d? -
EA?{?;%?:E?'CAL Symbol Value Units hﬂo(ijt References
Mixing depth Z variable cm -
Biodiffusion coefficient Db,O variable cm? yrt -
Bio-irrigation coefficient a, variable yrt -
Mineralisation constants Kinina 1010 yrt A [5]
Kiin.2 3.16 100 yri A [5]
Kiin3 3.16 10°° yri A [5]
Kiin.a 3.16 108 yri A [5]
Kiins 3.16 107 yri A [5]
Kiins 3.16 10°° yri A [5]
Kiin 7 3.16 105 yri A [5]
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N-to-C ratio organic matter
Oxygen saturation constant

Nitrate saturation constant
Nitrite saturation constant
MnO; saturation constant
FeOOH saturation constant
Sulphate saturation constant
Nitrification

Nitrification

Manganese oxidation
Ferrous iron oxidation
Canonical sulphur oxidation
Aerobic methane oxidation
Iron sulphide oxidation
Pyrite oxidation

Anamox

Iron-mediated nitrate reduction

Sulphide-mediated nitrate
reduction

Iron-mediated manganese
reduction

Iron-mediated manganese
reduction

Sulphide-mediated manganese
reduction

Sulphide-mediated manganese
reduction

Sulphide-mediated iron reduction
Sulphide-mediated iron reduction
Sulphide-mediated iron reduction

Sulphide-mediated iron reduction

=~

MFO,MR

~ X

MSO,HR

=~

MSO,MR

=~

SMI,HR

=~

SMI,MR

=~

SMI,PR

=~

SMI U

3.16 10*
3.16 10
3.16 102
3.16 10*
3.16
31.6
100

1000
16/106
0.001

0.010
0.010
20.8
260
0.5

10+
10+
510*
510%
10%
10%
10%
1
10%
10%
0
10%
10%

10*2

310°
110%

mol m
mol m
mol m
mol m
mol m?3

mol m
pmol? cm? yrt
pumol? cm3yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cmiyr?
pmol? cmd yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cmd yrt
pmol? cm? yrt

umol-l/Z Cm3/2 yr-l
umol-l/Z Cm3/2 yr-l
umol-l/Z Cm3/2 yr-l

pmol2 cm3?2 yrt

>>» > >» >» > > >

> >» » » » » » » >» » » » » » » > > > > > > > > > P

[5]
[5]
[5]
[5]
[5]
[5]
[5]
[5]

[1]
(3]
(3]
[1]
[1]
[1]
(3]
(3]
[4]
[1]
[1]
[1]
[1]
[1]
(3]
(3]
[1]
[1]
[1]
[1]
(1]
(5]
(5]
(5]
(5]
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Anaerobic methane oxidation

Kinetic constant ammonium
sorption

Equilibrium constant ammonium
sorption

Equilibrium constant ferrous iron
sorption

Elemental sulphur
disproportionation

Iron sulphide precipitation

Iron sulphide dissolution

Kinetic exponent iron sulphide
dissolution

Pyrite precipitation
Pyrite precipitation
Manganese oxide ageing

Iron oxide ageing

lo+2
10*

4.16

3.25
1.7
0.6

pumol?t cm? yr?
pmol cm? yr!

yrt
pmol cm? yr!
yrt
pumol* cm? yr?
pumol* cm? yr?
yrt
yrt

o o o » » » » > > > >

C

[1]
(3]
(3]
[1]
[1]
[1]
(6]
(6]
[71.[8]
[71.[8]
[11.[9]
[11.[9]

L Flux value for the standard model of Dale et al. (2015), this value is equally distributed among the HR and MR

fractions.

Table S6: List of fixed parameters included in the model. Solid-phase concentrations are
expressed per unit volume of solid phase. “Method” refers to the procedure by which
parameter values are constrained: A = Literature values, B = model calibration. Note that
all isotope values are given relative to the RMM-14 standard. Variable parameters indicate
parameters that are changed during the sensitivity experiments. Please refer to the main

text for these parameters.

References: [1] Dale et al. (2015), [2] Dauphas et al. (2017), [3] Bohlen et al. (2011), [4] Van
Cappellen and Wang (1995), [5] Poulton and Canfield, (2005), [6] van de Velde and
Meysman (2016), [7] van de Velde et al. (2020), [8] Rickard (2002), [9] Berg et al. (2003).
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