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Abstract

Understanding and predicting sea ice dynamics and ice-ocean feedback processes requires accurate descriptions of momentum
fluxes across the ice-ocean interface. In this study, we present observations from an array of moorings in the Beaufort Sea. Using
a force-balance approach, we determine ice-ocean drag coefficient values over an annual cycle and a range of ice conditions.
Statistics from high resolution ice draft measurements are used to calculate expected drag coefficient values from morphology-
based parameterization schemes. With both approaches, drag coefficient values ranged from approximately 1-10x10°-3, with
a minimum in fall and a maximum at the end of spring, consistent with previous observations. The parameterizations do a
reasonable job of predicting the observed drag values if the under ice geometry is known, and reveal that keel drag is the primary
contributor to the total ice-ocean drag coefficient. When translations of bulk model outputs to ice geometry are included in the
parameterizations, they overpredict drag on floe edges, leading to the inverted seasonal cycle seen in prior models. Using these
results to investigate the efficiency of total momentum flux across the atmosphere-ice-ocean interface suggests an inter-annual

trend of increasing coupling between the atmosphere and the ocean.
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Key Points:

 In-situ measurements are used to estimate ice-ocean drag across a wide range of
ice conditions based on the sea ice momentum balance.

» Ice-ocean drag coefficients show a seasonal cycle with a spring maximum and a
fall minimum, following the growth and melt of ice keels.

¢ Geometry-based drag parameterization schemes are able to capture much of the

observed variability using direct ice geometry measurements.
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Abstract

Understanding and predicting sea ice dynamics and ice-ocean feedback processes requires
accurate descriptions of momentum fluxes across the ice-ocean interface. In this study,

we present observations from an array of moorings in the Beaufort Sea. Using a force-
balance approach, we determine ice-ocean drag coefficient values over an annual cycle
and a range of ice conditions. Statistics from high resolution ice draft measurements are
used to calculate expected drag coefficient values from morphology-based parameteri-
zation schemes. With both approaches, drag coefficient values ranged from approximately
1-10x1073, with a minimum in fall and a maximum at the end of spring, consistent with
previous observations. The parameterizations do a reasonable job of predicting the ob-
served drag values if the under ice geometry is known, and reveal that keel drag is the
primary contributor to the total ice-ocean drag coefficient. When translations of bulk
model outputs to ice geometry are included in the parameterizations, they overpredict
drag on floe edges, leading to the inverted seasonal cycle seen in prior models. Using these
results to investigate the efficiency of total momentum flux across the atmosphere-ice-
ocean interface suggests an inter-annual trend of increasing coupling between the atmo-

sphere and the ocean.

Plain Language Summary

Sea ice moves in response to the push and pull (a.k.a., “drag’) of both wind and
ocean currents, so speeds of both the ice and the underlying ocean depends on how ef-
ficient that drag is. By looking at measurements of ice motion in response to the wind
and ocean currents from three sites in the Beaufort Sea, we have calculated drag efficiency
over one year. Computer models predict drag efficiency based on how rough the bottom
of the sea ice is. Our measurements of the shape of the sea ice bottom are used to test
and verify the framework for calculating drag efficiency that is in place in those mod-
els. The model framework can do a reasonable job of prediction if given good measure-
ments of how rough the ice is, but may not be good at predicting that roughness. Be-
cause of that, current models might overpredict the drag efficiency while ice is melting.
With our measurements of drag efficiency, we calculate how the sea ice impacts the to-
tal ability of the wind to push on the ocean and find that it is enhanced by the sea ice.

As Arctic sea ice becomes more seasonal, we expect this enhancement to increase.
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1 Introduction

Ongoing and dramatic changes in Arctic sea ice (e.g., Stroeve & Notz, 2018) and
the underlying ocean (Jackson et al., 2011; Timmermans et al., 2018; Armitage et al.,
2020) highlight the need to understand Arctic system feedback processes. Sea ice dynam-
ics are thought to play an important role in both localized (e.g., Ivanov et al., 2016) and
large-scale ice-ocean feedbacks (Dewey et al., 2018; Meneghello et al., 2018; Armitage
et al., 2020). However, there are still fundamental gaps in our knowledge of the role of
sea ice in mediating momentum transfer across the atmosphere-ice-ocean system, espe-

cially in understanding spatial and seasonal variability in ice-ocean drag.

Turbulent processes in the ocean and in the atmosphere drive surface momentum
flux (a.k.a., stress) across the ice-ocean and ice-atmosphere interfaces. These turbulent
fluxes are commonly related to bulk quantities through quadratic drag laws; e.g., the ice-

ocean stress, T;,, and atmosphere-ice stress, T4;:

Tio = poCioeiﬁurel |urel| 5 (13‘)
Tai = paCaiua |ua| s (1b)

which depend on ice-ocean and atmosphere-ice drag coefficients: C;, and Cy;, respec-
tively (the relative ice-ocean horizontal velocity u,.; = u; — u, and vectors are writ-

ten in complex notation, e.g. u = u + iv; for other variable definitions, see table 1).
While there has been considerable work in relating observed values of the atmosphere-

ice drag coefficient, Cy;, to sea ice properties (Arya, 1975; Guest & Davidson, 1987; Liipkes
& Birnbaum, 2005; Andreas, Horst, et al., 2010; Andreas, 2011; Liipkes et al., 2012; Castel-
lani et al., 2014; Elvidge et al., 2016; Petty et al., 2017, and others), there is relatively
little analogous work on the ice-ocean drag coefficient, C;,. Indeed, despite a wide range

of observed values of C;, spanning across an order of magnitude (e.g., McPhee, 1980; Mori-
son et al., 1987; McPhee, 2002; Shaw et al., 2008; Randelhoff et al., 2014; Cole et al., 2014,
2017), by default many sea ice models use a constant value for the drag coefficient (e.g.,
Koberle & Gerdes, 2003; Timmermann et al., 2009; Losch et al., 2010; Rousset et al., 2015;
Rampal et al., 2016), such as the “canonical” value of C;, = 5.5 x 1073 determined by
McPhee (1980). Moreover, studies show that modelled sea ice thickness is sensitive to

the chosen value of C;, (J. G. Kim et al., 2006; Hunke, 2010).

Recent observations show both spatial and seasonal variations in the ice-ocean drag

coefficient (Cole et al., 2017), suggesting the importance of ice morphology on the val-
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ues of C;, (e.g., due to form drag; Steele et al., 1989; Lu et al., 2011; Tsamados et al.,
2014). Model studies that incorporate a variable ice-ocean drag via parametrization of
form drag (directly, Tsamados et al., 2014; or indirectly, Steiner, 2001) show first-order
impacts both on the sea ice (Castellani et al., 2018) and the underlying ocean (Martin
et al., 2016; Castellani et al., 2015, 2018). Although form drag parameterizations of the
ice-ocean drag provide a nice theoretical description for the relationship between sea ice
morphology and the ice-ocean drag coefficient(Lu et al., 2011; Tsamados et al., 2014),
until now there has been no detailed observational study comparing morphological fea-

tures with observed values of C;, across a range of sea ice conditions.

In this study, we present observations made over an annual cycle from an array of
moorings in the Beaufort Sea. Using a force-balance approach, mooring measurements
and atmospheric re-analysis data are used to infer ice-ocean drag coefficients. Uplook-
ing sonar on the moorings provide snapshots of under-ice topography and statistics re-
lated to ice keels and floe edges. Together, these results 1) provide insight into the mor-
phological drivers underlying variations of the ice-ocean drag coefficient, 2) are used for
evaluation of model parameterization schemes, and 3) provide context for a broader un-
derstanding of momentum transfer into the upper ocean in the changing Arctic. The re-
mainder of this paper is organized as follows: sections 1.1 and 1.2 provide additional back-
ground about momentum fluxes across the atmosphere-ice-ocean interface (with focus
on the sea ice momentum equation and the total atmosphere-ocean momentum flux).
Section 2 provides a review of the geometry-based parameterization schemes developed
by Lu et al. (2011) and Tsamados et al. (2014), thus giving important context for inter-
preting the study results. In section 3 we describe the field study and measurements, along
with the force-balance and geometry-based descriptions of the ice-ocean drag coefficient.
Descriptions of variations in C;,, along with evaluation of the parameterization schemes,
and a description of the morphological drivers of ice-ocean drag are presented in section 4.
Then, in section 5, these results are placed in the context of previous observations of ice-
ocean drag and total momentum flux. The main contributions of the study are summa-

rized in section 6.

1.1 The sea ice momentum equation

The conservation of momentum of sea ice can be written as (e.g., Leppéaranta, 2011;

modified to account for mixed ice-open water conditions per Hunke & Dukowicz, 2003;



Table 1: Notation

a; ice covered area my  skin drag attenuation parameter
Qrdg area covered in ridged ice Py boundary-layer integration function
b1,ba, A, geometry parameters Se sheltering function
A ice concentration S attenuation parameter
cf local floe-edge drag coefficient . friction velocity
Ck local keel drag coefficient Ug wind velocity at 10m
Cs local skin drag coefficient u; ice drift velocity
Cy form drag from floe edges u,  ocean velocity at a reference depth
Cy form drag from keels u,  geostrophic ocean velocity
Cs skin drag Ur  ice-ocean relative velocity
Cuo atmosphere-ocean drag coefficient v,q,  volume of ridged ice
Cui atmosphere-ice drag coefficient 20 roughness length
Cio ice-ocean drag coefficient 204 roughness length of level ice

Cequiv atmosphere-ocean equivalent drag 2y,  roughness length water

d; ice draft zret  reference depth

divl level ice draft 15} turning angle

f Coriolis parameter n sea surface displacement
F, ice acceleration force K von Karméan constant
F; ice interaction force Pa air density

g gravitational acceleration Pi ice density

h; ice thickness Do ocean density

hi keel depth o internal ice stress tensor
Rk rel relative keel depth Ta  atmosphere-ice stress
Pktot total keel depth Tao  atmosphere-ocean stress
Ly floe length Tio  ice-ocean stress

by, keel spacing Toi ocean-ice stress

2 lead length Toen  total ocean stress

Me effective ice mass per unit area Tatm  total atmosphere stress
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Connolley, Gregory, Hunke, & Mclaren, 2004):

ou; .
Me 81; + u;-Vu;+ fhkxu; | = ATgi+ AToi+ V-0 + megVn, (2)
—— —— —— —— e e N——
I 11 111 v % VI VII

for m. the “effective” ice mass per unit area, m, = Ap;h;, and other variables as de-
fined in table 1, with V the horizontal gradient operator. The terms of the equation are
as follows: (I) local ice acceleration; (II) advective ice acceleration; (IIT) Coriolis accel-
eration; (IV) stress of the atmosphere acting on the ice; (V) stress of the ocean acting
on the ice; (VI) internal stress (“ice-ice” stress); and (VII) gravitational force from sea
surface tilt. Advective acceleration (term II) is generally considered negligible and ex-
cluded. The final term (VII) in eq. (2) can be expressed in terms of the geostrophic bal-
ance flAc X uy, = gVn and then combined with the Coriolis term, so that term III be-
comes fk x (u; —uy) (Leppéranta, 2011). An additional term representing wave radi-
ation stress in the marginal ice zone has been shown to be locally important at the ice
edge (e.g., Perrie & Hu, 1997; Steele et al., 1989), but overall is small, so it is neglected.
Leppéranta (2011) also includes an atmospheric pressure gradient term which is not in-
cluded here. In mixed ice-open water conditions, the ocean-ice and atmosphere-ice stresses
(Tai and T,;) represent the stress acting only on the ice-covered area and are distinct

from the total stress out of the ocean/atmosphere (Hunke & Dukowicz, 2003).

Sea ice is considered to be in “free drift” if the internal ice stress (term VI) is neg-

ligible (e.g., McPhee, 1980; Hunke & Dukowicz, 2003; Connolley et al., 2004; Leppéranta,

2011). This is often assumed to be the case if the ratio of ice speed to wind speed (Ju;|/|twal,

the “wind factor”) is sufficiently high (typically >2%; e.g., McPhee, 1980), or if ice con-

centration is sufficiently low (e.g., <85%; Hunke & Dukowicz, 2003; Heorton et al., 2019).

For freely drifting sea ice, the ice-ocean stress (7;, = —To;) can be expressed as:
ou; .
Tio = Tai — podi 87752 + fk X (ui - ug) y (3)

where the sea ice mass per unit area p;h; (for ice density p; and total ice thickness h;)

been replaced with p,d; (for ocean density p, and ice draft d;) assuming hydrostatic bal-

ou;
ot

ance. McPhee (1980) and Dewey (2019) use this balance, assuming steady-state (
0), in order to calculate ice-ocean stress and infer the ice-ocean drag coefficient, while
Randelhoff et al. (2014) employ this equation retaining the local acceleration. The ice-
ocean stress is also frequently presented in terms of friction velocity, u,, defined by 7;, =

PoWsx |'u,* |
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1.2 Total momentum flux into the ocean

In mixed ice and open-water conditions, there is both a direct transfer of momen-
tum between the atmosphere and the ocean, and an indirect transfer mediated by sea
ice. It is common to represent these fluxes as combinations of the corresponding atmosphere-
ice-ocean stresses weighted by sea ice concentration (e.g., Martin et al., 2014, 2016). Then,
the total momentum flux into the ocean, T,¢,, and the total momentum flux out of the

atmosphere T4, can be represented as:

Tocn = ATio + (1 - A)Tam and (43')

Tatm = ATai + (1 — A)T 40, (4b)

where A is sea ice concentration, and each of the stress components (ice-ocean: T;,; atmosphere-
ice: T,4; atmosphere-ocean: T,,) is described by the quadratic drag law with correspond-

ing drag coefficients: 740 = paCaola|Ual, and Ty, T4; from egs. (1a) and (1b). As a

first approximation, the atmosphere-ocean drag coefficient, C,,, can be described as a

function of wind speed (e.g., Large & Yeager, 2004). The atmosphere-ice drag coefficient,

C,i, is expected to depend on sea ice geometry in a similar way to the ice-ocean drag

(Andreas, 2011; Liipkes et al., 2012; Tsamados et al., 2014); however, it is commonly pa-
rameterized simply as a function of ice concentration, A (see supporting information Text

S2).

Combining egs. (2), (4a) and (4b) leads to the expression:

Tocn:Tatm+Fi+Faa (5)

where F; is the ice interaction force (derived from the inclusion of term VI in eq. 2), and
F, is the equivalent force from the acceleration and tilt terms (terms I, III, VII in eq. 2;
i.e., the term in brackets in eq. 3). Equation (5) mirrors the expression from Martin et
al. (2014, their equation 2), except for the inclusion of the equivalent forces from ice ac-

celeration, F',, which they neglect.

In the scenario where the transfer of momentum is an overall flux from the atmo-
sphere into the ocean, this equation can been interpreted to state that all of the momen-
tum flux out of the atmosphere (7 4¢,) goes into either the ice (F; + F,), or into the
ocean (Toen). Although, because of the vector summation in eq. (5), both of F; and F,

can either enhance or subtract from 7,¢,,. Ice interaction is usually thought as a mo-
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mentum sink that opposes T4 (Steele et al., 1997; Martin et al., 2014), but ice accel-

eration terms could potentially be an additional source of ocean momentum.

To examine the effect of sea ice in mediating the total momentum flux from the
atmosphere to the ocean, consider an “equivalent drag coefficient”, Cequsv, based on the
construction of a quadratic drag law between the wind speed and the total ocean stress;

ie.,

|Tocn‘
Ce uiv — . (6)
! Pa|ta |2

Ceguiv does not have a clean analytic form, nor is it a useful prognostic variable: its value
will depend on u; and u,, which are themselves functions of the total atmosphere-ice-
ocean momentum transfer. Instead, Cequiv is a diagnostic of momentum transfer efficiency,
where higher values indicate that a greater proportion of atmospheric momentum is ul-
timately transferred to the ocean. This is similar to the use of a normalized effective stress

in Martin et al. (2014, 2016).

2 Drag from geometry-based parameterizations

This study compares estimates of the observed ice-ocean drag to two schemes that
parameterize the ice-ocean drag as a function of the observable ice geometry. Both Lu
et al. (2011) and Tsamados et al. (2014) present similar ice geometry-based parameter-
izations of the ice-ocean drag coefficient based on a combination of skin and form drag
components, with the scheme by Tsamados et al. (2014) available in the CICE sea ice
model (Hunke et al., 2020). Steiner (2001) presents an alternative scheme using a “de-
formation energy” approach. That method has been used in the sea ice component of
the MITgem model (Losch et al., 2010) to investigate the impact of variable ice-ocean
drag (Castellani et al., 2018); however, we cannot track deformation energy with our mea-

surements, so that scheme is not considered here.

2.1 Details of parameterization schemes

Ice-geometry based parameterizations of the ice-ocean drag coefficient write the to-
tal drag as a sum of form drag from floe edges, form drag from keels, and skin drag (Lu

et al., 2011; Tsamados et al., 2014):

Cio = Cy+ Cp + Cs. (7)
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For both schemes, these three drag components can be written as:

! 2
floe edge drag: Cy = foAdlUl Se i Po(diot, zow) (8a)
2“4, 0
2
keel drag: Cy = lckA@ Se he Py (hi, z04), (8b)
2 4 Uy
skin drag: Cs=csA|1- mw@ , if hy < L (8¢)
Zk Ek My

with variables defined in table 1. So the ice geometry appears in the parametrizations

as the floe “aspect ratio”, dj,; /¢y, and the “ridging intensity”, hi/¢;. The scheme by Tsamados
et al. (2014) is an adaptation of an atmospheric drag parameterization by Liipkes et al.

(2012). Note that in Tsamados et al. (2014), the inequality in the valid range for the skin

drag, Cs (hg /€ < 1/my,), is mistakenly reversed (compare their equation 19 with the

work of Arya, 1975 on which skin drag is based); eq. (8c) presents the correct inequal-

ity for both of the parameterization schemes.

The two schemes are functionally similar. The differences between them are due
to the following factors: (1) different values of the “local” drag coefficients, cy, ¢, and
¢s (which account for the drag on individual elements); (2) different forms the “shelter-
ing functions” S.; and (3) the inclusion (or not) of the functions Py (which are included
in the Tsamados et al., 2014 scheme but not the Lu et al., 2011 scheme). Additionally,
the two schemes use slightly different definitions for keel depth (relative versus total; see

fig. 1).

The sheltering function S, accounts for the reduction in drag of downstream ob-
stacles due to the wake effect of upstream obstacles (Steele et al., 1989). Both param-

eterization schemes employ different, empirically-derived, sheltering functions:

S1

Tsamados et al. (2014): Se (x) = [1 — exp (—;)} i (9a)

Luct al. (2011): S, (z) = [1 - (x)l/Q] (9b)

For keel sheltering, the input argument, x, is the the ridging intensity, A/, which mir-
rors its other use eq. (8b). For floe sheltering, the argument for the sheltering function
is djui/4; (the denominator is the distance between floes), instead of the aspect ratio djui/¢f

that appears earlier in eq. (8a).

Tsamados et al. (2014) include a term in Cy and C} which arises due to integra-
tion of a depth-varying velocity profile over the height of an obstacle, here called Py (it

differs from the definition of P, in Liipkes et al., 2012). In the atmospheric drag param-
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eterization, Liipkes et al. (2012) assume a “law-of-the-wall” velocity profile: u(z) = (u./k)1In(z/zo),

which Tsamados et al. (2014) maintains in adapting the scheme to the ice-ocean bound-

ary layer. This gives
In(h/z) r
In(zet/20) |

Inclusion of Py allows the ice-ocean drag coeflicient to be an explicit function of the ref-

Polhy o) = | (10)
erence depth z.¢. For the range of measurements and parameters in the present study

Py varied from ~0.3-0.8. The form of Py depends on the assumed law-of-the-wall boundary-
layer structure, which is suitable for the atmosphere where the height of logarithmic bound-
ary layer is on the order of hundreds of meters (Holton, 2004, chapter 5). However, it

is not clear that this is appropriate in the ice-ocean boundary layer. The P, functions

are not included in the scheme by Lu et al. (2011).

The “local” drag coeflicient, ¢, used in the skin drag parameterization (Cj, eq. 8c)
represents the baseline skin drag associated with level ice in the absence of ridges. Both
Tsamados et al. (2014) and Lu et al. (2011) treat this term as a free parameter. Keep-
ing with the law-of-the-wall velocity assumption used to develop Py, the baseline skin

drag could instead be represented by

= (o) an

thus reducing the number of free parameters in the model, and allowing ¢, to be an ex-
plicit function of the reference depth z..s. As with Py, the actual form will depend strongly

on boundary layer structure.

In applying their parametrization scheme (egs. 8, 9a, and 10), Tsamados et al. (2014)
use total keel depth, Ao, which is measured from the waterline (fig. 1). However, in
full ice cover, it should be the keel depth relative to the level ice draft, hy,q, that con-
tributes to form drag (as in Lu et al., 2011). Similarly, the reference depth zc¢ in egs. (10)
and (11) should be also be relative to the level ice draft (e.g., zret—dis1), because that
is the range over which the boundary layer develops. In mixed ice-open water conditions,
the use of hy, is still consistent with the parametrization scheme as floe-edge drag (eq. 8a)

is accounted for separately.

2.2 Translating model outputs to ice geometry

The details of sea ice geometry necessary for calculating the ice-ocean drag coef-

ficient with eq. (8) are not generally resolved by models, which don’t simulate individ-

—10—
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Figure 1: Schematic representation of an ice floe showing sea ice geometry with idealized

triangular representation of ice keels, and the in-situ ADCP measurements. Dimension

labels of ice geometry correspond to table 1.
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ual ice floes or keels. Tsamados et al. (2014) developed a scheme for estimating average
keel properties based on outputs in the CICE model using assumptions about the keel
geometry that are guided by observations (see their supplementary information). Namely,
the scheme uses area extent and volume of ridged ice in a model grid cell (arqq and v, qq,
respectively), along with the ice area in a grid cell (a;, which is the ice concentration A

multiplied by the grid-cell area).

For subsurface measurements (as presented below), keel height and spacing are given
by taking the limit as R, — oo in equations 24 and 25 from Tsamados et al. (2014)
(where Ry, is the ratio of keel depth to sail height, so the limit states that all ridged ice

in the measurements is attributed to keels). This gives the expressions:

Vrdg b1
b
Qrdg Pk

0 =on, M b

hi =2 (12a)

12b
ardg tan(oy)’ (12b)

where by is a weight function accounts for the overlap of keels with level ice (taken as

0.75), ¢ is the keel porosity, and «y is the keel slope (see fig. 1).

The floe and lead lengths (¢f,¢;) used in eq. (8a) are also parameterized. Using mea-
surements derived from aerial photographs of the marginal ice zone of Fram Strait, Liipkes
et al. (2012) developed an empirical model for estimating floe size based on ice concen-

tration:
A, \"™
= max \ T, 1 ; 1
by =1y, (A*_A) (13)

with by a tunable parameter (ranging from 0.3 to 1.4), and A, a value calculated such
that the limits of ¢; range from £ n t0 £f mae (for A — 0,1), the minimum and max-
imum floe lengths, respectively (see eq. 27 in Liipkes et al., 2012). Using default param-
eters, this gives average floe lengths that are limited to range from a minimum of 8 m
to a maximum of 300 m. Tsamados et al. (2014) implement this floe size model in their
parametrization scheme, though they acknowledge that observations have shown that
floe size follows a power-law distribution with a much wider range of scales than is pos-
sible with that scheme (e.g., Weiss & Marsan, 2004; see also Stern, Schweiger, Zhang,

& Steele, 2018 and references therein).

—12—



269

270

271

272

273

274

275

276

277

278

279

280

281

282

283

284

285

286

287

288

289

290

291

292

293

294

295

296

297

298

299

300

3 Drag from field measurements
3.1 Field measurements

Data were collected during the Stratified Ocean Dynamics of the Arctic (SODA)
experiment: an Office of Naval Research (ONR) project to better understand the con-
trols of heat and momentum transfer in the Arctic’s upper ocean. A program compo-
nent included the installation of three subsurface moorings in a line stretching from the
south to the north of the Beaufort Sea, which are designated as SODA-A, SODA-B, and
SODA-C (figs. 2a and 2b). The moorings recorded a full annual cycle of sea ice growth
and melt from their installation in fall 2018 to their recovery in fall 2019. The spatial
distribution of the moorings allowed for sampling of different ice regimes: the southern-
most mooring (SODA-A) was in the seasonal ice zone and experiences prolonged open-
water periods in summer (fig. 2e); SODA-B was near the edge of the seasonal ice zone
and has a minimal open-water period but a longer period of time in marginal ice (fig. 2d);
whereas SODA-C was still ice-covered all year long (fig. 2¢; the mooring at that loca-

tion was both deployed and recovered through the ice).

This study utilizes measurements made with uplooking Nortek Signature-500 5-
beam acoustic Doppler current profilers (ADCPs) installed on the top float of each moor-
ing (fig. 1). The instrument depths were approximately 45m for SODA-A, 42 m for SODA-
B, and 27m for SODA-C. To minimize the effects of mooring knock-down, the top float
of each mooring was a DeepWater Buoyancy Stablemoor500, which are designed to re-
main level even during knockdown events (Harding et al., 2017). The maximum tilt de-
viation measured by any of the ADCPs was < 2° from their resting position. A Seabird
SBE-37 conductivity-temperature-depth sensor installed underneath the float (~1m ver-
tical offset from the ADCP) collected temperature and salinity measurements to com-
pliment the temperature measurements made by the ADCP to calculate and correct the

speed of sound (which is used to calculate altimeter distance).

The four slant beams of the ADCP measured velocity profiles, while the fifth ver-
tical beam acted as an altimeter (fig. 1) and measured the distance to the surface (ei-
ther the water surface or ice bottom). The vertical beam has a beam width of 2.9°, so
for the deployment depths here, the width of the ensonified area was roughly 2.3 m for
SODA-A, 2.1m for SODA-B, and 1.4m for SODA-C. The ADCPs operated with two

concurrent sampling plans: “Average+Ice”, and “Burst+Waves”. For both modes, the
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Figure 2: (a,b) Maps of (a) the Beaufort Sea showing the locations of the three moor-
ings overlaid on sea ice concentration map from Sept. 18, 2018 (the 2018 sea ice mini-
mum), with baythymetry shown by grey contours (contours are 1000-m isobaths); and

(b) the location of (a). The ice concentration in (a) is from the Sea Ice Remote Sensing
database at the University of Bremen (Spreen et al., 2008). (c—e) The annual cycle of sea
ice concentration averaged over the mooring locations during the measurement period: (c)

SODA-C, (d) SODA-B, and (e) SODA-A.
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ice draft was derived from the difference between the water depth (determined by instru-
ment pressure) and altimeter distance, after making corrections for ADCP tilt, speed of
sound, and atmospheric pressure variations (e.g., Magnell et al., 2010; Krishfield et al.,

2014).

During the Average+Ice sampling mode, the ADCP measured altimeter distance,
water column velocity, and ice drift velocity (using the built-in ice-tracking mode). Mea-
surements of each of these variables were provided every 10 min based on raw data col-
lected in 1-min long ensembles at a sampling rate of 1Hz (reported measurements are
ensemble-medians after quality control processing of the raw data). The water veloci-
ties were measured in 2-m vertical range bins. At each time step, the velocity profiles
were interpolated to find the horizontal velocity, u,, at a fixed reference depth, z,.f; here,
Zrey = 10m to conform to the Tsamados et al. (2014) parameterization scheme. The
10-min sampled Average+Ice measurements of u;, u,, and d; were bin-averaged in 1-h
bins to match the atmospheric re-analysis measurements used (see below). The support-
ing information fig. S1 shows examples of the timeseries of each of the velocity compo-

nents at SODA-B.

As indicated by its name, the Burst+Waves plan is designed for the measurement
of surface gravity waves using altimeter measurements from the vertical beam. However,
those altimeter measurements can also be used for measuring under-ice geometry (e.g.,
ice keels; Magnell et al., 2010). In Burst+Waves mode, the ADCPs measured “bursts”
of data containing 2048 samples at a rate of 2 Hz, so each burst length was 1024 s (~ 17 min).
These bursts were collected once every two hours. Because the Burst+Waves and Av-
erage+Ice measurement plans were concurrent, the ADCPs recorded two values of the
ice drift speed during each burst. Using the mean of those two ice drift measurements,
the sampling time for each burst was converted to an along-burst distance. Within each
burst, ice draft data were despiked using a moving-median outlier criteria in 127-point
windows (outliers are identified as points more than three scaled median absolute de-
viations from the median, and replaced with linearly interpolated values). Then, the ice
draft from Burst+Waves sampling were used to characterize the ice geometry (see sec-

tion 3.3).

We used atmospheric forcing from the European Center for Medium-Range Weather

Forecasts (ECMWF) Reanalysis version 5 (ERAS5; Hersbach et al., 2020). ERAS5 pro-
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vides hourly measurements at a 0.25°x0.25° grid resolution. A recent comparison with
in situ measurements in the Eastern Arctic showed that of the six re-analysis products
assessed, ERA5 provided the best representation of wind speed (which is the primary
variable of interest here) during winter and spring, and second best (by a small margin)
during summer (Graham et al., 2019). To generate a timeseries of atmospheric forcing

at each mooring, grid points were averaged within a 30 km radius centred at each of the
mooring locations (14-16 gridpoints per mooring). There is a degree of uncertainty in
re-analysis wind measurements in the Arctic (particularly in the marginal ice zone; e.g.,
Brenner et al., 2020). Nonetheless, there is strong coherence between the re-analysis wind
velocities and the in situ measured ice drift velocities (not shown) and associated high
correlations between the two (correlation coefficients of » = 0.69, 0.75, and 0.63 for SODA-
A -B, and -C, respectively). The results presented are not overly sensitive to the choice

of re-analysis product used.

3.2 Application of the force-balance approach

Following McPhee (1980; see also Randelhoff et al., 2014; Dewey, 2019), we use a
force-balance approach (eq. 3) to calculate the ice-ocean stress, 7;,. Then the ice-ocean

drag coefficient, C,, is inferred from the quadratic drag law (eq. 1a).

The ice-ocean stress (7;,) is calculated hourly with eq. (3) using data from the ADCP

measurements and ERA5 re-analysis. The ice draft (d;) and ice velocity (u;) are from

the 1-hour-averaged ADCP measurements. The local acceleration (85?) is the numer-

ical derivative of the 1-hour-averaged u; values. The geostrophic velocity (u4) is esti-
mated as the depth-averaged velocity between 5m and 20 m (based on results by Armitage
et al., 2017), and low-pass filtered with a 2-day cutoff (the result is insensitive to these
choices for ug; see supplementary Text S2). The atmosphere-ice stress (74;) is determined
using the quadratic drag law (eq. 1b), with 10-m wind velocity and surface air density
taken from ERAS re-analysis and C,; parameterized as a function of ice concentration
(following ECMWF, 2019; see supporting information Text S2). In mixed ice-open wa-
ter conditions, the atmosphere-ice stress, T,;, used in eq. (3) is distinct from the total
atmospheric stress (eq. 4b). Because eq. (3) assumes that ice is in free drift, values for
which the wind factor (|u;|/|u,|; determined hourly) was less than 2% were rejected (the
so-called “2%-rule”). The use of wind factor as a filtering criteria implies an intermit-

tency of internal ice stresses, which is consistent with Steele et al. (1997), who found that
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on short timescales the atmospheric stress input to the ice (7,;) was primarily balanced
by only one of either the ocean-ice stress (7,;) or the internal ice stress. (V-o). The
friction velocity (u.) is determined from 7;, assuming a constant p, = 1025 kgm =3 (with

the definition 7;, = pou«|u.|).

To calculate the ice-ocean drag coefficient, the record is split into windows. Within
each window the quadratic drag law (eq. 1a) is applied by regressing hourly calculated
values of |u,|? (as described above) with hourly measured |u,¢|? (with u, defined at a
10-m reference depth). Then the value of Cj, is the slope of the regression line (fig. 3).
Windows are chosen to be 7 days in length, which provides an average of 80 points in
each window (after using the 2%-rule to exclude non-free-drift points). Based on aver-
age ice drift speeds, each window covers roughly 75 km of ice (though there is both spa-
tial and temporal variability in the actual window size). While shorter window lengths
can resolve some higher frequency variability at the expense of larger uncertainties, the
overall seasonal patterns found here are not sensitive to the window length chosen. Re-
gression was performed with a bisquare robust linear fitting algorithm and forced through
the origin (Huber1981). This method iteratively reduced the weighting on outliers, which
may occur, for example, from intermittent violation of the free-drift assumption. Per-
forming regression within windows instead of calculating C;, on a point-by-point basis
(as in Dewey, 2019) minimized the effects of noise and uncertainty (particularly for low
values of u,.;), which may have resulted from a combination of measurement noise, higher
frequency temporal variations, or unaccounted stresses (e.g., internal ice stress). Calcu-
lated values of the drag coefficient were rejected if the uncertainty in C;, was > 2.5 x 1073
(based on a t-test with 95% confidence interval; Bendat & Piersol, 1971). High uncer-
tainties in C}, occurred most frequently in winter when many of the data were rejected
due to free drift conditions not being met. Tests using non-linear fits of the form |7;,|
|trer|™ (see section 5.1) did not produce better fits than the quadratic drag law with n =
2 (r? values from n # 2 fits were approximately equal to those with n = 2). Given
the direct concurrent and collocated measurements of the ice and ocean velocities here,

it was not necessary to exclude periods of small ice-ocean relative velocity, a condition

often necessary when using satellite remote sensing to estimate ice velocities (e.g., in McPhee,

1980).

This method of drag calculation essentially asks what value of C;, would be required

to reproduce the observed sea ice motion. In doing so, the method effectively integrates
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Figure 3: Example of quadratic-drag-law fit between hourly values of observed relative
velocity (|urel? = |u; — uo|?), and calculated friction velocity (|u.|?> = |Ti0|/po) from
the force-balance approach (eq. 3). Black points show values used in the fitting procedure,
with point sizes an indicator of the relative weighting determined by the robust fitting
method. Grey triangles show points rejected from the fit by the 2%-rule and demonstrate
the utility of the wind factor to filter points that are not in free drift. The black line

shows the regression line with 95% confidence interval shaded in grey. Data correspond to

1 week of measurements in November 2018 at SODA-A.

over both the temporal intermittency and the spatial heterogeneity of turbulent momen-
tum fluxes across ice floes and thus provides bulk-average drag coefficient values. These
resulting drag coefficients are appropriate for comparison to model parameterizations as
the goal of those parameterizations is to provide a bulk coefficient for use within a model

grid cell.

Because there is no physical basis to expect that the relationship between total ocean
stress, Toen, and wind speed should follow the quadratic drag law, so the linear fitting
procedure use to calculate Cj, can’t be similarly applied to find Cequsp- Instead, Ceguin
is computed on a point-by-point (hourly) basis using eq. (6), with T,., given by eq. (4a)
and with A from ERA5. For points defined as being in free-drift (based on the 2%-rule),

the ice-ocean stress, T;, used in eq. (4a) is the same as described above (eq. 3). The anal-
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ysis was extended beyond free-drift periods by calculating 7, for those times using eq. (1a)
and values of C;, from the regression procedure, interpolated to points with a wind fac-

tor < 2%.

3.3 Ice geometry

During periods of ice cover, the ADCP Burst+Waves sampling provided one di-
mensional (along-drift) tracking of the under-ice geometry (fig. 4a). We use these to quan-
tify the geometric characteristics used in the parameterization schemes in section 2. Im-
portantly, the fixed mooring platforms allow for sampling across a broad range of dif-
ferent ice conditions as they evolve over the annual cycle. Ice-covered conditions were
identified based on the relative partitioning of spectral energy in low or high frequency
bands for each burst (e.g., Shcherbina et al., 2016; Kirillov et al., 2020): spectra from
open water bursts have energy concentrated at higher frequencies due to the presence
of surface gravity waves, while spectra from ice bursts are predominantly “red”. Here,
we use a frequency cutoff of 0.1 Hz to distinguish high- and low-frequency bands, and
identify ice-covered conditions when the ratio of high-to-low frequency variance is less
than 5. Then, open-water bursts provide a secondary empirical correction to ice draft
to account for water-column sound-speed variations (e.g., due to shallow stratification;
Kirillov et al., 2020). These corrections were small, and primarily applied to marginal

ice covered periods.

For each ice-covered burst we quantified the draft of level ice, the extent and num-
ber of leads, and the number and size of keels (fig. 4b). Prior to classification, bursts were
smoothed with a moving-average filter using a centered window with a width of 2m (be-
cause of variability in ice drift speed, the number of points in each window varies from
burst to burst). Bursts frequently contained apparent leads, identified as all points in
a burst with a measured draft below a tolerance level (taken as 0.15m to account for in-
strument noise and uncertainty associated with both atmospheric pressure variations and
sound speed). Strictly, this procedure is unable to differentiate between open-water leads
and refrozen leads containing thin ice, but from the perspective of the drag parameter-
izations (section 2), both scenarios are dynamically equivalent in that they both contribute
to the floe edge form drag. Within each burst, level ice was defined by a local gradient
less than 0.025 (equivalent to the process in Wadhams & Horne, 1980) and a draft of less

than 3m (roughly the limit of thermodynamic growth; [CITE] ). The level ice draft for
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Figure 4: Example of ice draft from burst measurements: (a) Raw (thin grey line) and
smoothed (black line) ice draft during a single burst (~17min) in April 2019 at SODA-A.
(b) The burst from (a) classified to show leads (green line), level ice (purple), and ridged

ice (orange), with vertical magenta lines showing unique keels (based on Rayleigh crite-

rion), and black dashed-dotted line showing the level ice draft classified for that burst.

each burst was then taken as the median draft of all ice identified as level within the burst.
In cases where no level ice was identified (i.e., the entire burst measured ridged ice), a
level ice draft was found by interpolating across adjacent bursts. Keels identification fol-
lowed Martin (2007), using a Rayleigh criterion to define unique keels (see also Williams

et al., 1975; Wadhams & Horne, 1980; Wadhams & Davy, 1986) with a minimum keel
depth cutoff of 0.5 m relative to the level ice draft for that burst. Relative keel depths

at each of the moorings closely followed exponential probability distributions (not shown),
which is in line with previous literature (e.g., Wadhams & Horne, 1980; Wadhams & Davy,
1986), and a total of 14694 individual keels were identified throughout the full study pe-
riod (6282, 4305, and 4107 at SODA-A, -B, and -C, respectively). The maximum rel-

ative keel depth measured at any of the moorings through the full deployment was 11.4m

at SODA-B. Keel sizes across the three moorings were fairly similar.

The parameterized ice-ocean drag is based on statistical descriptions of the ice ge-
ometry (see section 2). Statistics were accumulated over one week periods to be consis-
tent with the windowing procedure for the ice-ocean drag (section 3.2). The keel depth
(hy) and level ice draft (dy,;) are simply averages of individual measurements taken for
all bursts in each window. The average keel spacing (¢;) was taken as the total distance

measured by all bursts in a given window (both ice and open water) divided by the to-
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tal number of keels counted during that window. Except for some bursts in the marginal
ice zone, floe chord lengths are typically longer than the distance measured by an indi-
vidual burst. To estimate an average floe length (¢;) the total measured ice-covered dis-
tance for a given window was divided by the number of leads counted in that window.
Similarly, the average lead length (¢;) was the total open water distance divided by the
number of leads. These definitions for ¢; and £y are consistent with their inclusion in
parameterizations (Lu et al., 2011; Tsamados et al., 2014). A local average daily ice con-
centration, (A) was also calculated using burst data as a ratio of the total measured ice-
covered distance to the total distance measured by all bursts (ice and open water). Us-
ing A, the average lead length can be written as ¢; = £;(1—A)/A for one-dimensional
measurements (Lu et al., 2011). The values ¢; and ¢; are only defined for ice concentra-
tion less than 100%. The measurements show seasonal signals in all of the measured ge-
ometry statistics at all moorings (fig. 5). Despite both d;,; and ¢; decreasing in the sum-
mer/fall (figs. ba and 5c¢), the much wider range of variation of £; (over roughly 3 or-

der of magnitude) compared to dj,; results in floe aspect ratios (dj,i/¢f) that are elevated
in the fall (fig. 5e). The relative keel depths and spacing (hg. and £) appear to have
some negative correlation (cf., figs. 5b and 5d), so that both signals contribute to the min-

imum ridging intensity (hx/¢x) in the summer/fall (fig. 5f).

3.4 Implementing model parameterization schemes

Four different variations of ice-ocean drag parametrizations were tested. These are
summarized in table 2. In the first two variations (labelled L11 and T14(I), respectively),
direct measurements of the sea ice geometry (section 3.3) were used to test the param-
eterization schemes proposed by Lu et al. (2011) and Tsamados et al. (2014) (section 2.1)
using default parameter values in each scheme. Another variation tested an alternative
version of the Tsamados et al. (2014) scheme, labelled T14(1T), which uses slightly mod-
ified geometry definitions and coefficient values. Finally, the T14(III) variation tested
a combination of both physics and ice geometry parametrization from Tsamados et al.

(2014).

The T14(II) scheme is a modification of the T14(I) scheme. It still uses the direct
measurements of sea ice geometry, but uses the relative definitions of keel depth and ref-
erence depth (see section 2.1). Additionally, in T14(II), some of the parameters have been

changed from their default values. The local skin drag coefficient (c;) is replaced with
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Figure 5: Weekly statistics of sea ice geometry for each mooring: (a) mean level ice

draft; (b) mean relative keel height; (¢) mean floe length; (d) mean keel spacing (e) aspect

ratio (diwi/¢y); and (f) ridging intensity (hy /). Horizontal dashed red lines in (c) show

the maximum and minimum extents of the parametrized floe length (eq. 13).
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Table 2: Summary of parameters and functions used in the parameterization schemes

tested.
L11 T14(1) T14(1I) T14(11II)
ct 1 1 0.3 1
Ck /7 0.2 0.4f 0.2
cs 2x1073 2x 1073 eq. (11)* 2x 1073
20i n/a 5x107%m 1x1073m 5x107%m

20w n/a 327x107*m 3.27x107*m 327 x10"*m

My 10 10 10 10

S n/a 0.18 0.18 0.18

Sc  eq. (9b) eq. (9a) eq. (9a) eq. (9a)
Py n/a eq. (10) eq. (10)* eq. (10)
by Perer Pikcto Pkrel eq. (12a)
Ly meas. meas. meas. eq. (12b)
U meas. meas. meas. eq. (13)

fparameters adjusted based on best fit to observations;
tusing a relative reference depth (zyef — dyo);
n/a: not applicable;

meas.: measured (see section 3.3)
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eq. (11) and the roughness length associated with level ice, zg; is replaced with a value

of 1 x 1073 m, which is reflective of observations of ice with no significant morphology
(McPhee et al., 1999; McPhee, 2002). With this zp; and a 10-m reference depth, the value
of cs calculated for a 1-m ice draft is 2 x 1073, which is the same as in T14(I); however,
the use of eq. (11) allows ¢, to vary slightly through the year as the ice draft changes
seasonally, and gives it an explicit dependence on z,.y. By using this formulation c, is

no longer a free parameter. Finally, the local form drag coefficients (cy, ¢;;) have been
replaced with values that provide the closest fit between parameterized and observed drag
coefficient values when considered across all moorings. Note that this does not reflect

a full optimization tuning of all of the available parameters (discussed further in section 4.2).

As the ADCP measurements provide direct observations of ice geometry (section 3.3),
the parametrization of ice geometry (section 2.2) is not necessary in order to implement
eq. (8) in L11, T14(I), and T14(II). Instead, this allows us to separately test the physics
parameterization (section 2.1) and the geometry parameterization (section 2.2). To do
so0, a final variation (T14(I1I)) is tested that uses the default parameter values from Tsamados
et al. (2014) but instead of using the direct measurements of sea ice geometry, geome-

try statistics are estimated using bulk measurements and eqs. (12) and (13).

Application of eq. (12) using ADCP measurements provides some challenges. The
ice volume (v,4y) and areas (a,4qg,a;) in eq. (12) are fundamentally defined over a two
dimensional area (i.e., within a model gridcell), but the ADCP draft measurements are
one dimensional (along-drift). To adapt our measurements to apply eq. (12), we calcu-
late v,qq, ardg, and a; on a per-unit-width basis. However, the relative angles between
the keel orientations and the direction of sampling (which is unknown) will cause an over-
estimate of the area or volume of the feature unless measurements are made perpendic-
ular to the keels. Fortunately, this mismatch creates an equal bias for both volume and
area calculations, so the ratio v,qq/arqq in eq. (12a) is not impacted. However, due to
crossing angle mismatch, extra care must be taken when calculating and interpreting £
from eq. (12b). If both keels and leads are linear features whose orientations follow the
same statistical distributions then the ratio a;/arqq measured with along-drift data will
approximate the true (two-dimensional) value if averaged over a sufficiently large sam-
ple of keels and leads. However, in full ice cover leads are relatively scarce while in the
marginal ice zone it may not be appropriate to consider leads to be linear features. It

is unclear whether one-dimensional sampling of a; will introduce any mean bias. For a
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uniformly distributed keel orientation, one-dimensional sampling will lead to a mean over-
estimate of a,qy by a factor of /2. On that basis a,q4 are multiplied by a 2/m correc-

tion factor when applying eq. (12b).

4 Results
4.1 Seasonal and spatial variation of ice-ocean drag

For all three moorings, the force-balance approach provided estimates for the ice-
ocean drag coefficient, C;,, throughout the full annual cycle (fig. 6) even despite some
winter data gaps (due to higher internal stresses). These estimated values of the ice-ocean

drag coefficient exhibit both spatial and seasonal variations.

Drag coefficients measured at SODA-A and SODA-B (the two southern moorings;
fig. 2a) show a similar seasonal behaviour. For both, the drag coefficients start at low
values (Cj, ~2 x 1072 to 3 x 1073), and steadily increase through the winter to a max-
imum in spring (Apr.—May) before declining (figs. 6b and 6¢). The decrease of C;, is more
gradual at SODA-B than SODA-A, and summertime minimum values at SODA-A are
lower than at SODA-B (cf., figs. 6b and 6¢). The timing of the shift from increasing to
decreasing Cj, at these two moorings is roughly coincident with the change from net sur-
face cooling to net surface heating in the atmospheric re-analysis data, which occurred

in Apr.—May.

In contrast, the record at SODA-C begins with an elevated drag coefficient (C;, ~
6 x 10~3) which remains roughly constant from fall through spring (fig. 6a). After the
shift to net atmospheric surface heating in Apr.—-May, there may be a slight decline in
Cio, but values are still elevated for some months, until there is a sharp drop in early to
mid-July. This sudden drop in ice-ocean drag is associated with a similar sharp decline
in both floe sizes (fig. 5¢) and ridging intensity (fig. 5f), suggesting a dramatic ice breakup

and melting event occurred.

At all three moorings, drag coefficient values from mid-winter to spring are sim-
ilar to each other, and fluctuate near or above the canonical value of C;, = 5.5 x 1073,
However, differences between the moorings in fall and summer imply large-scale spatial
gradients in the ice-ocean drag coefficient across the Beaufort Sea. Section 4.3 discusses

morphological drivers of the observed seasonality in greater depth.
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Figure 6: Ice-ocean drag coefficients from north-to-south: (a) SODA-C, (b) SODA-B,
and (c) SODA-A. In each panel, points with error-bars (coloured by moorings per fig. 2a)
show the values of C, calculated with the force-balance approach (labelled “Obs.”), while
lines correspond to the different variations of parameterization schemes (table 2), as in-
dicated by the legend. Error bars show 95%-confidence interval bounds from the linear
fitting procedure. The horizontal grey dashed line shows the value of C;, = 5.5 x 103 for

comparison.
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4.2 Evaluation of parametrization schemes

Ice-ocean drag coefficients calculated with the all of the tested parameterization
schemes (table 2) show values and temporal variability that broadly match the values
observed with the force-balance approach (fig. 6). This agreement indicates that vari-
ability of ice-ocean drag can be primarily explained by seasonal changes in the ice mor-
phology and the associated skin/form drag contributions. Despite general success, some
versions of the parametrization schemes are better performing; in particular, the T14(III)
scheme diverges significantly from the observations in the latter half of the record, and
even reaches a maximum Cj, in summer /fall when the observations show a minimum.
Figure 7 shows direct comparisons of the observed and parametrized values for each of
the four test schemes. There is good agreement between the observed drag coefficients
and those predicted by both L11 and T14(I) when C;, are low (<5 x 1073); for higher
values of Cj, (= 5 x 1073), there is a roll-off of the modelled values (figs. 7a and 7b).
Values from T14(IT) follow the one-to-one line across the full range of C;, (fig. 7c), while
those from T14(III) are mostly above the one-to-one line and don’t present any recog-
nizable correlation with force-balance observations. A few notable outliers exist that aren’t
described by any of the model schemes (e.g., high observed values of drag in mid-April
at SODA-A; fig. 6a), potentially suggesting other sources of drag (e.g., internal wave drag)
that can’t be explained by ice geometry variations alone; however, these points are fairly

limited.

These statements are corroborated by quantitative assessments of model perfor-
mance across all moorings (table 3). Values from both L11 and T14(T) have weak cor-
relations with observations (r? = 0.13 and 0.22, respectively). T14(I) has a slightly neg-
ative normalized bias (NBI; -012), while L11 is approximately unbiased. The T14(II) scheme
has the best correlation of the four tests (r? = 0.46), the lowest normalized root-mean-
squared error (NRMSE; 0.31), though it also has a slightly negative normalized bias (-
0.09). The T14(III) scheme is biased high (NBI of 0.31), has high NRMSE (0.57), and
is uncorrelated with observations. Tests in which the observed drag coefficients and ge-
ometry statistics were determined using different window lengths (ranging between 1d
and 14 d) all produce similar correlations as the 7-d windows presented (not shown), giv-
ing confidence that the parameterization schemes are appropriate over a wide range of

scales.
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Figure 7: A comparison between the ice-ocean drag coefficients determined using the
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Table 3: Summary of fit statistics of ice-ocean drag coefficients determined using the
force-balance approach and using the different variations of geometry-based parameteriza-

tion. (NRSME = normalized root mean square error; NBI = normalized bias)

Scheme r2 NRMSE NBI

L11 0.13 0.37  -0.00
T14(1)  0.22 0.36  -0.08
T14(II)  0.46 0.31 -0.09
T14(III)  0.00 057 0.31

The parameterization schemes tested include a number of constants that could be
used to tune the modelled drag coefficients (cys, ck, ¢s, Si;, Zow, 20i, Mw). While the T14(II)
scheme modifies some parameters from default values (table 2), detailed optimization
accounting for all free parameters is deliberately not performed here. This is choice is
primarily driven by the fact that the tests here do not account for all of the physical pro-
cesses that modify the ice-ocean drag coefficient. In particular, the parameterization schemes
only model the neutral drag coefficient and do not account for variations due to buoy-
ancy (which should be included as a correction term; e.g. Liipkes & Gryanik, 2015), whereas
the observed values of C}, reflect the total drag, including non-neutral effects and strat-
ification. Additionally, drag due to internal wave radiation is thought to be important
in some oceanographic conditions (McPhee & Kantha, 1989; Pite et al., 1995) but is not
included. Finally, the forms of the functions Py (eq. 10) and ¢, (eq. 11) are based on an
assumed velocity profile that may not be suitable through the full reference depth; the
logarithmic boundary layer at the ice-ocean interface is thought to be only ~2m thick
(e.g. McPhee, 2002; Shaw et al., 2008; Randelhoff et al., 2014; Cole et al., 2017), which
is much shallower than the 10-m reference depth used. The generally close match be-
tween parameterized values of C;, (with T14(II)) and those determined through the force
balance suggest that these effects may be small, but they should still be considered be-

fore a more thorough optimization of free parameters is performed.
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4.3 Partitioning of drag components and predictions of ice geometry

Parameterized ice-ocean drag coefficients are built up from three components: form
drag on floe edges (eq. 8a), form drag on keels (eq. 8b), and skin drag (eq. 8c). Insofar
as the ice-ocean drag coefficient is driven by ice morphology, examination of the parti-
tioning of drag components allows us to better understand the impact of those morpho-
logical variations. In all four of the parametrization schemes tested, the ice-ocean drag
coefficient in the winter is largely driven by form drag on ice keels (C}). Skin drag (Cy)
is generally much smaller, and does not show significant seasonal variation, and floe edge
drag (C) becomes more important in the summer as the ice begins to melt and break
apart into smaller floes. This general pattern qualitatively matches results from sea ice
models (Tsamados et al., 2014; Martin et al., 2016), but details vary from those model

results.

In the T14(II) scheme (which provides the best match with observations), the sea-
sonality of C;, observed in fig. 6 is driven by seasonal growth and melt of ice keels, as
seen by variation in C}, (figs. 8a to 8c). At the southern moorings (SODA-A, -B), which
start the timeseries in open water, there is initially only small contribution from C} and
most of the drag is due to Cs. As the number and size of keels grow through the year
(fig. 5), so too does the contribution from Cj, (figs. 8b and 8c¢). At SODA-C, the time-
series begins in ice cover with established ridging, and C} is the main component of C;,
from the onset (fig. 8a). All three moorings have some small contributions to floe edge
drag throughout the full year due to the presence of (potentially refrozen) leads. Follow-
ing the onset of melting conditions, an increase in floe edge drag accompanies the de-
cline of keel drag at all locations; however, the increased floe edge drag is not enough to
compensate for the lack of keels at any of the moorings (figs. 8a to 8c). This contrasts
the modelling results from Tsamados et al. (2014) and Martin et al. (2016), which show
that floe edge drag is substantial during summer/fall. While not the main focus here,
it is also noteworthy that keel decline varied between the three moorings: at both the
southernmost mooring (SODA-A) and northernmost mooring (SODA-C), there was a
fairly rapid drop in Cy over the period of approximately 2 weeks in late June and early
July, respectively, due to both decreased size and number of keels (figs. 5b and 5d); at
SODA-B, the decrease in C} was more gradual. Note that at SODA-A and -B, where
there was a strong seasonality in keel drag, growth of C} proceeded at a much slower rate

than ice cover growth; at both moorings, ice concentration was close to 100% by early
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Figure 8: Stacked contributions to the ice-ocean drag coefficient C;, from form drag
on floe edges (Cy), form drag on keels (Cy), and skin drag (Cs) calculated using (a-c)
the T14(II) scheme, and (d-f) the T14(III) scheme (see table 2) for (a,d) SODA-C, (b,e)
SODA-B, and (c,f) SODA-A.

November (figs. 2c to 2e), while C}, remained relatively low through January. As such,
it is unlikely that ice concentration based drag parameterizations (such as are suggested
for atmospheric drag; e.g., Andreas, Horst, et al., 2010) would ever be able to sufficiently

capture observed seasonal variations in Cj,.

The drag partition from the T14(III) scheme (figs. 8d to 8f) differs from the results
of the T14(IT) scheme. While keel drag (C) is still the dominant contribution during
winter, its seasonality is somewhat muted compared to T14(II) (compare C}, in figs. 8a
to 8c with figs. 8d to 8f). More striking are the differences in floe edge drag: C; is much
higher in the T14(III) scheme at all moorings and times of the year, and in summer /fall
the increase in Cy outpaces the associated decrease in C. As a result, the T14(III) scheme

has the largest value of Cj, in summer/fall, which conforms to previous model results
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(Tsamados et al., 2014; Martin et al., 2016). While these differences can be partly at-
tributed to the differences in “local” drag coefficients between the two schemes (cy and
¢k, see table 2), the main difference arises from the fact that the T14(III) scheme does
not use direct measurements of the sea ice geometry, and instead relies on parametrized

geometry statistics (section 2.2).

Differences in Cy between T14(II) and T14(III) depend mainly on the floe aspect
ratio, dj, /¢y, while differences in Cj depend on the ridging intensity, hy/¢,. As shown
in figs. 9a and 9c, neither of these ratios is well predicted by the parametrizations of ice
geometry eqs. (12) and (13), with parametrizations overestimating the results in both
cases. For the highest values of ridging intensity (hy/fr = 5 x 1072) predicted values
fall near the one-to-one line but deviate substantially as observed values decrease (fig. 9a).
As such, the overall magnitude of C}, values is not strongly modified by the over-prediction
of ridging intensity, but the decreased range of variability of modelled values is respon-
sible for the muted seasonality of C}, seen in the T14(I1I) scheme. Considering the sep-
arate roles of hy and ¢y in setting this ratio, the predictions of each individual variable
have as much (or more) variability as observations (fig. 9b), but there is an apparent com-
pensating effect between the two quantities. Predicted values of hy and ¢ vary roughly

along lines of constant hy/{j, while observations vary primarily across lines of hy /¢j.

The elevated levels of Cy seen in the T14(III) test result from parameterized val-
ues of the aspect ratio, dj,;/¢f, being much greater than observations across nearly the
full range of values (fig. 9c), with a median factor of ~4 times higher than the observed
values. Differences between the observed and predicted aspect ratio are driven solely by
differences in ¢y (dj,; is not parameterized). The relationship between floe lengths and
ice concentration used in eq. (13) to predict £¢ is an empirical result derived from a set
of aerial photos of ice in the marginal ice zone in the Fram Strait (Liipkes et al., 2012).
However, a wide variety of factors set the size and density of floes (Roach et al., 2018)
and so it is unlikely that such empirical relationships would be valid in different Arctic
regions and all times of year. The mismatch in the seasonality of C;, between observa-
tions and values predicted with the T14(III) parameterization arise mainly from this over-
estimate of aspect ratio. In ad hoc tests using different combinations of parameters (¢ maz,
by, and A,) in eq. (13), there are no combinations that reduce Cy enough to reverse the

seasonal mismatch.
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Figure 9: A comparison of observed and parameterized sea ice geometry statistics: (a)

Observed versus parameterized ridging intensity (hy /) with daily values measured at all

moorings; the black dashed line shows the one-to-one slope. (b) Weekly-averaged values of

ridge spacing (¢x) versus keep depth (hy) from observations (black points) and parameter-

izations (grey triangles). Grey contours correspond to lines of constant hy /€. Observed

values of hy in (a) and (b) are relative keel depth (hk.e). (c) As per (a) but for aspect

ratio (dlvl/gf)-

5 Discussion

5.1 Comparison with previous drag observations

The range of values reported for the ice-ocean drag coefficient are consistent with

previous observations. Shirasawa and Ingram (1991) and Lu et al. (2011) collated ob-

servations of the ice-ocean drag coefficient from a wide set of historical studies (publi-

cation dates from 1970 to 1997). These studies indicate a broad range of measured val-

ues with extremes from as low as 0.13 x 1073 (under land-fast ice in Hudson’s bay; Shi-

rasawa et al., 1989) to the highest value of 47 x 1073 (indirectly estimated based on fit-

ting log-layer profiles to velocity measurements; Johannessen, 1970). The bulk of the stud-

ies summarized suggest drag coefficient values range from roughly 1 x 1072 to 20 x 1073,

More modern studies based either on direct measurements (Shaw et al., 2008; Randel-

hoff et al., 2014; Cole et al., 2014, 2017) or force-balance approaches (Randelhoff et al.,

2014; T. W. Kim et al., 2017; Dewey, 2019; Heorton et al., 2019) provide similar limits.

This study finds drag coefficient values from 1.3 x 1073 to 12.3 x 103, which fall well

within the conventional bounds, and the mean and median values are close to, but slightly
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Figure 10: Stacked histograms showing the probability distribution function (PDF) of
the ice-ocean drag coefficient values calculated at each of the three moorings (coloured by
mooring according to fig. 2a). Coloured vertical lines show the annual mean value of C;,
for each mooring, and the vertical black line shows the overall mean. The vertical grey

dashed line shows the value of C;, = 5.5 x 1073 for comparison.

below, the canonical drag coefficient value of 5.5 x 10~ (fig. 10). The overall mean value
of 4.6 x 1073 in these observations is very similar to the average ice-ocean drag coeffi-

cient of 4.7 x 1073 found by Dewey (2019) for the Beaufort Sea.

Cole et al. (2017) present detailed analysis of surface momentum flux from four ice
drift stations in the Beaufort Sea, each containing a cluster of autonomous instruments.
The four clusters provide measurements spanning March to December 2014, nearly a full
annual cycle. Their results show weekly median ice-ocean drag coefficients ranging from
approximately 0.2 x 1073 to 10 x 1073, with significant spatial and temporal variabil-
ity (see their figure 12). Their measured values of C;, span a broader range than reported
here, with minimum values an order-of-magnitude lower than ours (but similar maxi-
mum values). Nonetheless, there is good agreement with some of the qualitative behaviour
exhibited by the ice cluster measurements. Namely, despite strong spatial variation in

the values of C;,, all of the ice clusters showed consistent seasonal variations in ice-ocean
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drag, with minimum values at the time of ice minimum (Aug.—Sep.) and maximum val-
ues in spring (Apr.—Jun.). Dewey (2019) find a similar seasonal cycle based on a force-
balance approach to calculate C;, from remote measurements in the Beaufort Sea over

a b-year period from 2011-2016: basin-wide average C;, show minimum values from Jul.—
Oct. of each year. These patterns are in agreement with our observations which show
minimum ice-ocean drag coefficient values in fall (fig. 6). In contrast, pan-Arctic aver-
ages of Cj, from models incorporating a variable drag coefficient scheme (section 2.1)
show the opposite behaviour (Tsamados et al., 2014; Martin et al., 2016). In those mod-
els, the maximum value of C;, occurs during the summer /fall season, driven by form drag
on floe edges (eq. 8a). As described above (section 4.3), seasonality in modelled values

of C;, may be a result of over predicted values of the floe aspect ratio, dji/ls.

With a few exceptions, direct observational estimates of the ice-ocean drag coef-
ficient are made using point measurements of turbulent fluxes. In comparison to the force-
balance approach used here, C;, values derived from point measurements require far fewer
assumptions about the ice dynamics (e.g., they are valid whether or not the ice is in free
drift). However, these measurements are also inherently local and as such it is not clear
how they scale to application across entire ice floes. For logistical reasons, measurements
are typically made away from ice keels, so reported values of C;, may under-represent
floe- or regional-average values (McPhee, 2012). Randelhoff et al. (2014) provide a di-
rect comparison between a force-balance approach to calculate ice-ocean drag (the pro-
cedure used here) and in-situ measurements of turbulent fluxes. Their results showed that
the force-balance approach produced ice-ocean stress estimates that were, on average,

3 times larger than direct measurements. They attribute the mismatch to unmeasured
sources of drag (e.g., due to internal wave radiation; McPhee & Kantha, 1989), but it

may also be due to non-local turbulence. Similarly, application of the force-balance ap-
proach to the ice cluster data from Cole et al. (2017) shows higher values of C;, and de-
creased temporal variability compared to local measurements (Heorton et al., 2019). While
this may explain why the values of C;, observed here have a much higher minimum value
than those by Cole et al. (2017), more work is needed to understand the inherent dif-
ferences in between direct point measurements and force-balance measurements of ice-

ocean drag.

In comparing values of C;, between different studies, it is important to consider

the choice of reference depth used, which will impact the drag coefficient through depth
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variations of u,. For example, repeating our analysis with a shallower reference depth

of zpc; = 6m yields slightly higher values of Cj,, with an overall average of 5.2 x 1073
(compared to 4.6 x 1073 for z,.; = 10m). Typically, values of C;, are reported cor-
responding to either fixed reference depths near the ice bottom, thus in or near the log-
arithmic boundary layer, or they are reported using the underlying geostrophic current,
ug, as a reference velocity (table 1 in Lu et al., 2011, lists reference depths used for a
number of studies). Within the log-layer, u, o u., so the application of the quadratic
drag law is appropriate. However, beyond the logarithmic layer, the relationship between
stress and velocity in the ice-ocean boundary layer is not expected to be quadratic (e.g.
McPhee, 2008, and references therein). If u, is used as a reference velocity, drag may

be better described by Rossby Similarity Theory (Blackadar & Tennekes, 1968; McPhee,
2008), which accounts for the existence of an outer Ekman-like layer matched to an in-
ner logarithmic layer (as has been observed in the ice-ocean boundary layer, e.g., Hunk-
ins, 1966; McPhee, 1979). In this more general case, McPhee (1979, and others) find rea-
sonable empirical agreement from an alternative power law form: |7,,| o |u; — ug|”
where n < 2 (e.g., Cole et al., 2017, find values of n ranging from 0.51 to 1.76). The
use of a fixed reference depth of z..; = 10m in the present study likely extends beyond
the surface log-layer so the quadratic drag law is not strictly applicable. Nonetheless,
tested parameterizations that assume a law-of-the-wall velocity profile (T14(I), T14(II))
produce reasonable results (figs. 6 and 7). Furthermore, the relationship between stress
and relative velocity seems to be well described by the quadratic drag law (fig. 3). This
suggests a “fuzzy” transition between the inner logarithmic boundary layer and the outer
Ekman-like layer such that the law-of-the-wall still provides a useful approximation for
determining C},. Likely, the use of a smaller reference depth that is closer to the base

of the logarithmic boundary layer may increase the accuracy of the quadratic drag as-
sumption (e.g., Park & Stewart, 2016, suggest a hybrid Rossby Similarity Theory using
the quadratic drag law to model the inner boundary layer coupled to classic Ekman-layer

dynamics for the outer layer).

5.2 Implications for momentum transfer into the ocean

We have focused on the efficiency of momentum transfer between the sea ice and
the upper ocean; however, these questions exist in a broader context of the impact of sea

ice on mediating total momentum flux between the ocean and the atmosphere. Conven-
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tional wisdom has been that sea ice damps atmosphere-ocean momentum flux (Plueddemann

et al., 1998; Rainville & Woodgate, 2009), and so an increase in open water will lead to
an increase in momentum flux into the ocean (Rainville et al., 2011). However, other re-
cent studies have suggested a more complex view (Martin et al., 2014, 2016; Dosser &
Rainville, 2016). Martin et al. (2014, 2016) show that sea ice can either enhance or di-
minish momentum flux into the ocean depending on the interplay between internal ice
stress and wind stress (which is amplified over the sea ice; e.g., Guest et al., 1995, and
many others). A detailed accounting of the upper ocean response to the combined sea
ice and atmospheric forcing is outside the scope of the current study; here we consider

the potential for amplification or damping of momentum flux into the ocean by sea ice.

The equivalent drag coefficient, Cequir (eq. 6) provides a measure of the total mo-
mentum transfer efficiency between the atmosphere and the ocean as it is mediated by
sea ice. To provide additional context for the observations, consider two limits for the
value of Cegyin: (1) a “free-drift limit”, where F, = F; = 0 in eq. (5), S0 Toen = Tatm;
(2) the atmosphere-ice stress, T, is balanced by internal ice stress, V - o, and F, is

negligible, so 7;, = 0. Then for each case the equivalent drag coefficient is given by:

case 1: Ceguiv = ACq; + (1 — A)Clop, (14a)

case 2: Cequiv = (1 — A)Coo. (14b)

Taking C,, as constant (an appropriate approximation for typical wind speeds), the two
cases above provide formula for Cequs that are functions solely of ice concentration (not-
ing application of an ice-concentration based parameterization scheme for Cg;). While
these two cases are referred to as limits, they are not strict limits as both the role of ac-
celeration terms (F',) and the vector addition of terms in eq. (5) can either increase or

decrease Cequiv beyond these bounds.

Values of Cequiv Span a wide range, and the variability of observed values increases
with increasing sea ice concentration (fig. 11). This increase in variability of Cegui, with
A reflects the divergence of the two limits of Ceqyiv introduced above, which both ap-
proach C,, as A — 0 but either increase (eq. 14a) or decrease (eq. 14b) as A increases.
Results also show a separation of Cegys based on the wind factor (Ju;|/|u,|). Points with
a wind factor > 2% (defined as being in free drift) generally fall near the upper “free-
drift limit” (as expected). This limit shows that in the absence of acceleration terms (F,),

ice in free drift will amplify the efficiency of stress transfer compared to open water; how-
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Figure 11: Equivalent drag coefficient Cegquiv (eq. 6) as a function sea ice concentration
(from ERA5). Points shows all hourly values from all moorings, coloured by wind factor
(log-scale; grey points had no measurable w;), while black circles show bin-median values
by sea ice concentration. The red and blue lines shows the limit cases discussed in the

text: red is eq. (14a); blue is eq. (14b).

ever, as F', also includes the Coriolis acceleration, F', is non-zero even at steady-state.
Points with wind factor below 2% cover a more broad range of values, but for low val-
ues (wind factor < 1%), Cequiv are generally bounded by eq. (14b). This shows that,

as expected, the ice interaction force F'; causes a reduction in momentum transfer rel-
ative to open-water conditions. Whether the net effect of the ice is to amplify or damp

momentum transfer ultimately depends on the strength of this force.

Annual median values of Cegyip were similar for each of the three mooring loca-
tions with a slight north-south trend: 1.69 x 1073, 1.44 x 1073, 1.34 x 10~3 for SODA-
A, -B, and -C, respectively. This similarity reflects that increased open-water areas (which
have a lower efficiency of momentum transfer) at the southern moorings may partly off-
set expected increases in winter Ceqys due to free-drift conditions. However, because wind
forcing also has strong seasonal variations with a winter maximum (e.g., Dosser & Rainville,

2016), long-term trends in the total momentum flux into the ocean (T,¢n,) will depend
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both on a balance of increasing open-water conditions and changing internal stress con-

ditions in the winter.

Based on the 2%-rule, the wind factor (Ju;|/|us|) provides a first-order estimate
of the extent of free drift conditions at each mooring. While only a rule-of-thumb, mea-
sured values of the wind factor showed asymptotic behaviour supporting use of this rule:
as the wind speed increased (i.e., as T,; becomes a dominant term in the force balance),
wind factor values converged around 2%; bin-average values of the wind factor stay ap-
proximately near 2% across a wide range of wind speeds (fig. 12a). There was also a re-
lationship between wind factor and sea ice concentration: for concentrations below ~80%—
85%, the wind factor was elevated and generally greater than 2% (fig. 12b). This sug-
gests that an 80%—-85% ice-concentration-based limit for defining free drift is an approx-
imation of the 2%-rule, but it may be the case that free drift conditions also occur in-
termittently for higher ice concentrations (e.g., on short timescales, atmospheric stress
may be balanced primarily by only one of either the ice-ocean or ice-ice stresses, as in
Steele et al., 1997). The prevalence of wind factor values greater than 2% have a north-
south trend, with roughly 66% of measurements designated as being free drift at SODA-
A, 54% at SODA-B, and 37% at SODA-C. Dosser and Rainville (2016) previously showed
that the wind factor is a useful indicator for atmosphere-ice-ocean momentum transfer.
If the differences between SODA-A and SODA-C are indicative of future trends of sea
ice (in which more and more of the Arctic is similar to SODA-A) then this suggests the
potential for increasing amplification of stress transfer from the atmosphere to the ocean

in the Beaufort Sea during winter.

Martin et al. (2014, 2016) suggests that interplay between wind stress enhancement
over sea ice and internal ice stresses (i.e., the relative sizes of 7,4, and F; in eq. 5) lead
to a local maximum in the normalized T,., at some optimal sea ice concentration (their
results suggest ~80 % to 90 %). We see similar evidence for an optimal sea ice concen-
tration in Cegusv; binned-median values of Cequin have a peak near 60% ice concentra-
tion (fig. 11). However, our observations show that binned-median Ceqyiv roughly fol-
low the free-drift limit (case 1), and there is not an appreciable decrease below that limit
in median Cequiv at 100% ice concentration (which is in contrast to the pan-Arctic av-
erage results presented by Martin et al., 2014). This suggests that the optimal ice con-
centration for momentum transfer seen in our results is driven by the maximum of eq. (14a),

and is minimally affected the ice interaction force (F';). As such, results for optimal ice
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Figure 12: Wind factor (Ju;|/|us|) as a function of (a) wind speed, and (b) sea ice con-
centration (from ERAS5). In both panels, shading shows a 2-dimensional histogram of the
proportion of total samples (on a log-scale), while black lines with circles show the values
of wind factor bin-averaged by (a) wind speed, and (b) sea ice concentration. Bin-averages
in (b) were only produced for sea ice concentration >40% due to data scarcity for lower

ice concentrations. The horizontal dashed black line in both panels corresponds to a wind

factor of 2%.
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concentration will be highly sensitive to the parameterization of C;,. Furthermore, these
results indicate that, on average, at all three moorings the presences of sea ice causes an
amplification of stress transfer compared to open-water conditions for a given wind speed.
This is consistent with Martin et al. (2016), who found that sea ice in the Beaufort Sea
causes a mean amplification of stress into the ocean for all seasons regardless of whether
a constant or variable ice-ocean drag coefficient was used in the model (see their figure

12).

6 Conclusions

Using a force-balance approach to estimate the ice ocean drag coefficient, C;,, the
annual cycle of the efficiency of ice-ocean momentum transfer is inferred from mooring
observations. These estimates compare favorably with drag coefficients using parame-
terization schemes, based on measured statistics of ice geometry, as well as with previ-
ous observations of ice-ocean drag. We summarize the main contributions of the study

as follows:

1. The ice ocean drag coefficient, C;,, varied seasonally. Variations were more pro-
nounced for the moorings in the seasonal ice zone compared to the mooring that
was ice-covered through the full year (fig. 6), suggesting that the enhanced sea-
sonality of the Arctic ice pack is directly influencing seasonality in Cj,. This man-
ifested as a decrease in Cj, in the summer and fall, driven by changes in intensity
of ridged ice (fig. 8). Wintertime mean values of C;, were similar to, or higher than,
the canonical value of 5.5 x 1072 (up to a maximum of 12.3 x 10~3), but summer
and fall values at SODA-A and -B (which may be more representative of future
conditions) were as low as ~1.3 x 1072 (fig. 10). The observed seasonality agrees
with previous observational studies in the Western Arctic (Cole et al., 2017; Dewey,
2019), but contrast with pan-Arctic model results (Tsamados et al., 2014; Mar-
tin et al., 2016).

2. Geometry-based drag parameterizations reproduce many of the spatial and tem-
poral variations of ice-ocean drag, provided that the ice geometry is known (figs. 6
and 7). Slight modifications to the existing parameterization schemes produces
the most favourable results (T14(I1); fig. 7¢), but a full optimization of all free pa-

rameters has yet to be performed (and should account for non-neutral conditions
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and differences in boundary layer structure). Parameterization of the ice geom-
etry (T14(III)) appears more challenging (fig. 7d), particularly predicting the cor-
rect floe sizes (impacting the total floe edge drag, figs. 8d to 8f). The mismatch
in seasonality of ice-ocean drag between observations (Cole et al., 2017; Dewey,
2019, and the present study) and models (Tsamados et al., 2014; Martin et al.,
2016) is likely a direct result of the difficulties in predicting floe aspect ratios us-
ing bulk parameters.

3. In the seasonal ice zone, ridging intensity grows relatively slowly compared to the
growth of ice concentration (compare figs. 2d and 2e with fig. 5f). As a result, it
is unlikely that simplified parameterization schemes based solely on ice concen-
tration (such have been suggested for atmospheric drag; e.g., Andreas, Horst, et
al., 2010; Andreas, Persson, et al., 2010) will be able to adequately capture vari-
ations in ice-ocean drag during the ice growth season.

4. The presence of sea ice causes a net amplification of the efficiency of stress input
to the ocean compared to open water (section 5.2) which we attribute to the preva-
lence of free drift conditions (including intermittently during full ice cover). Our
measurements support the notion of an “optimal ice concentration” for momen-
tum transfer (Martin et al., 2014, 2016), but suggest the value of the optimal con-
centration has high sensitivity to the parameterization of the atmosphere-ice drag
coefficient, Cy; (fig. 11). A comparison between moorings indicates that free drift
conditions are more common to the south, and thus may become more common
throughout the Beaufort Sea in the future, with a net trend of amplified coupling

between the atmosphere and the ocean.

The capability of models to represent the coupled atmosphere-ice-ocean system con-
tinues to evolve. Despite mismatches in predictions of ice geometry statistics which are
used as inputs, the general success of the parameterization schemes described here gives
greater confidence in our ability to use modelled results to learn about the “new Arc-
tic”, provided that methods can be developed to account for those mismatches. New sea-
ice modelling schemes may be able to directly represent floe size distributions (Roach
et al., 2018) or keel statistics (Roberts et al., 2019), reducing the need to redefine pa-
rameterizations of sea ice geometry. As model parameterizations of ice-ocean drag evolve,
it will become important for users who apply those schemes to choose a framework that

matches the model application, including an appropriate choice of reference depth, z,¢f.
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For example, for an upper-ocean mixing study that uses 7;, as a surface boundary con-
dition it may be most appropriate to use a value of C;, consistent with drag at the base
of the surface log-layer, or to choose z,.y in eq. (8) corresponding to the shallowest re-
solved ocean model level. Drag in a large-scale ice drift model driven by geostrophic ocean
currents may be better described by Rossby Similarity Theory (Blackadar & Tennekes,
1968; McPhee, 2008) than by a quadratic drag law; though linking the “effective” rough-
ness length used in that theory to statistics of large scale geometric features remains an
open problem. Finally, differences between drag values measured at the different moor-
ing sites indicates that variations in ice morphology may lead to large-scale spatial gra-
dients in the ice-ocean drag, and consequently the surface momentum flux into the ocean,
which may have important consequences for studies of large-scale Beaufort Sea circu-
lation (e.g., gyre equilibrium and freshwater storage; Meneghello et al., 2018; Timmer-

mans et al., 2018; Armitage et al., 2020).
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Introduction This supporing information provides additional figures and tables and
discusses the sensitivity of the results of the main study.
Text S1. Sensitivity of results: geostrophic velocity

The inclusion of the geostrophic velocity, u, in eq. (3) arises from sea surface tilt in the
sea ice momentum equation, and the assumption of geostrophic balance: f k x ug = gVvn.
However, there is some ambiguity involved in defining a geostrophic velocity from ADCP-
measured ocean velocity profiles. For the present study, u, is based on the measured veloc-
ity averaged over some depth range, which has previously been found to be in good agree-

ment with estimates of sea surface height from satellite altimetry on monthly timescales
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(Armitage et al., 2017). Over a 12-year record in the Beaufort Sea, Armitage et al. (2017)
found that the 5m to 20m depth range produced the best match between monthly av-
eraged velocities and satellite altimetry estimates of geostrophic velocity. Other studies
have used different depth ranges. For example, Randelhoff, Sundfjord, and Renner (2014)
used an average velocity in the 17m to 22m depth range to represent the undisturbed
ocean beneath sea ice and Cole et al. (2017) define a geostrophic reference velocity in
reference to the depth of the mixed-layer. For consistency with Armitage et al. (2017),
we define u, as the average velocity from 5m to 20m depth low-pass filtered with a 2-day
cut-off (to reflect that the geostrophic balance adjustment occurs over inertial timescales).

The values of 7, and C;, are fairly insensitive to the choice of averaging depth used
to define the geostrophic velocity. Averaged through the full record, ice-ocean and
atmosphere-ice stresses almost perfectly balance (table S1 and fig. S2). The Coriolis
acceleration term is ~3-4% of 1;,, but it largely cancelled by local acceleration and sea
surface tilt. These results are generally consistent with those by Steele, Zhang, Rothrock,
and Stern (1997), who also find a minimal contribution from Coriolis and tilt terms (their
model neglected local acceleration). While different choices of the depth range used for
averaging in the definition of u, result in different relative contributions to the ice-ocean
stress (table S1), these amount to differences in 7, on the order of ~1-2% and aren’t
substantial enough to impact the calculated values of Cj,.
Text S2. Sensitivity of results: atmosphere-ice drag coefficient

As the ice-ocean stress in free-drift conditions is largely set by the atmosphere-ice stress
(table S1 and fig. S2), the values of 7, and consequently C;, will be sensitive to the

atmosphere-ice stress. The atmospheric stress available from the ERAS re-analysis prod-
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uct represents the total effective stress 744, (eq. 4b) over a grid cell in mixed ice and
open-water conditions. To partition stress appropriately for eq. (3), it is necessary to cal-
culate the atmosphere-ice stress component, which is done using the quadratic drag law,
eq. (1b), which relies on the atmosphere-ice drag coefficient, C,;. For consistency with
the ERAb re-analysis product that we use for wind speed, we calculate the neutral Cy;
using the formulation from the European Centre for Medium-Range Weather Forecasts
(ECMWF) model: Cy; = [k/In(2ref/20)], With z..; = 10m, and the surface roughness

zop given as a function of ice concentration, A, by (ECMWF, 2019):
zon = 107° x max {1, 0.93(1 — A) + 6.05exp[—17(A — 0.5)%]} . (S1)

To test the sensitivity of calculated ice-ocean drag values to the parameterization of
the atmosphere-ice drag coefficient, two alternative formulations of C,; are considered:
(1) constant drag; and (2) the drag parameterization by Liipkes, Gryanik, Hartmann,
and Andreas (2012). For constant drag, we use C,; = 1.47 x 1073 (based on a constant
roughness length zyy; = 2.3 x 10~% m, appropriate for winter Arctic conditions; Andreas,
Persson, et al., 2010). The parameterization by Liipkes et al. (2012) forms the basis for the
ice-ocean drag parameterization by Tsamados et al. (2014) and is based on ice geometry
characteristics; however, the authors provide a hierarchy of simplifications to the model
based on empirical relationships found between ice morphology and concentration. To
construct a Cy; only as a function of A based on Liipkes et al. (2012) for the purpose of
sensitivity testing, we use their eqgs. 2 and 53-54 with hy given by their eq. 25 and ignore
the effects of melt ponds (consistent with Elvidge et al., 2016). Note that Liipkes et al.
(2012) parameterize the total neutral atmospheric drag coefficient: Cyy,, = AC,; + (1 —

A)C,,; however, since the skin drag over open water in their formulation is equivalent to
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the atmosphere-ocean drag coefficient (C,,), we can determine C,; explicitly. Compared
with the ECMWF parameterization that is used in the ERAb re-analysis product, these
test cases give quite different forms of C,; (fig. S3).

These three schemes have somewhat similar values of C,; at 100% ice concentration
(values vary from 1.47 x 1073 to 1.98 x 1073); however, at low concentrations, the value
of Cy; can more than double depending on the choice of parametrization scheme (values
vary from 1.47 x 1073 to 3.91 x 1073; fig. S3). Despite the much higher C,; during the
fall season when using the Liipkes et al. (2012) parameterization (compared to ECMWF;
fig. S4a), the observed seasonal variations in the ice-ocean drag coefficient exist regardless
of the C,; scheme used (fig. S4b). The differences between the fall minimum and winter
maximum Cj, are slightly muted when using the Liipkes et al. (2012) scheme for C,;, but
enhanced when using a constant atmosphere-ice drag coefficient (due to lower values of
Cy; during the fall). While the seasonal patterns of C;, are robust across different Cy;
parameterization schemes, the values of C;, are impacted by the choice of scheme for Cl;.
Annual average values of Cj, taken across all three moorings are 4.6 x 1073 when using
the ECMWF parameterization for Cy; (77), 4.1 x 1073 for the Liipkes et al. (2012) param-
eterization, and 3.3 x 1072 for constant C,;; these values directly reflect the proportional
changes between C; calculated using the different parameterization schemes.

In testing these different parameterizations, we use the same wind speed for each. How-
ever, that wind speed is provided by the ERA5 re-analysis, which implements the ECMWF
parameterization for surface drag. If a different atmospheric drag parameterization was
implemented in the re-analysis model, the wind speed would adjust accordingly (e.g., a

lower surface drag may result in a higher wind speed). The change in wind speed might
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partly offset the impacts of different C,; values in setting 7,; and thus Cj, for different
parameterization schemes, so the overall sensitivity of Cj, to choices of C; when account-
ing for associated wind speed variations may be lowered. Unfortunately, we are unable to

test that effect.
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Figure S1.  Hourly timeseries at SODA-B of (a) wind speed; (b) ice speed; (c) speed
ocean current at 10-m reference depth (u,) and geostrophic current (ug); (d) directions for
each of the speeds in (a-c), coloured correspondingly (using a conventions of the direction
each velocity vector is pointing towards measured clockwise from North); (e) wind factor

(lw;|/|ua]). The shaded grey background shows the time period used in fig. S2.
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Table S1. Annual median values of the stress components of each of the terms in
the sea ice momentum balance (eq. 3) projected onto the direction of 7;,. Different rows
for the sea surface tilt component, p,d; fl;: X ug, (labelled 1-4) correspond to different
depth-ranges used for averaging in the definition of u,: (1) 5m to 20m, used for the main
text; (2) 17m to 22m; (3) the full depth profile measured by the ADCP; and (4) rather

an a depth-averaged velocity, u, is defined by the velocity in the deepest ADCP bin.

Projected stress [mPa)]

SODA-A SODA-B SODA-C

Tio 116.7 96.8 69.3

Tui 1165 97.7 71.4

—pod; 24 0.1 0.4 0.3
—podi [l X w; 5.4 2.7 4.4
W podi fl x u, 5.0 L5 L5
@ podi fE X uy 4.1 1.1 0.8
®) podi [k X ug 3.6 0.9 1.3
@ pod; fl X u, 2.3 0.4 0.3
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Figure S2. An example period from two week period in summer at SODA-B showing

the size of different terms in the sea ice momentum balance (eq. 3): (a) magnitude of

each stress component; (b) stress components projected onto the direction of 7;,. Missing

values of |T;,| in (a) and of all stress components in (b) are due to the exclusion of |7;,|

values when the wind factor is < 2%.
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Figure S3. Parameterized atmosphere-ice drag coefficient, C,;, as a function of sea

ice concentration, A.
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Figure S4. Timeseries at SODA-B of (a) atmosphere-ice drag coefficients, C,;, cal-
culated using different parameterization schemes, and (b) corresponding ice-ocean drag
coefficients, Cj,. The grey-shaded region in (b) shows the 95% uncertainty range associ-
ated with regression procedure to determine C;, when Cl; is calculated with the ECMWF

scheme.
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