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Abstract

As abyssal ocean properties are altered by climate change, density stratification may be expected to change in response. This
shift can affect the buoyancy flux, internal wave generation, and turbulent dissipation, which may impact mixing and vertical
transport. In this study, repeated surveys of three hydrographic sections in the Southwest Pacific Basin between the 1990s-2010s
are used to estimate the change in buoyancy frequency N. We find that below © = 0.8*C, N is reduced by a mean scaling factor
of 0.88{plus minus}0.06 per decade. This reduction is intensified at depth, with the biggest change observed at ©=0.63*C by a
scaling factor of 0.71{plus minus}0.07. Within the same time period, the magnitude of per unit area vertical diffusive heat flux
is reduced by about 0.01 W, although this estimate is sensitive to the choice of estimated diffusivity. Finally, implications on

heat budget and global ocean circulation are qualitatively discussed.
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Key Points:

» A decadal stratification decrease estimated from 25 years of repeat hydrography
is observed in the abyssal Southwest Pacific Basin

 This change is significant below © = 0.75 °C and intensifies with depth to a per
decade scaling factor of 0.71 +0.07 by © = 0.65 °C

 Vertical diffusive heat flux is also reduced during the same time period by about

0.01 Wm~2/decade
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Abstract

As abyssal ocean properties are altered by climate change, density stratification may
be expected to change in response. This shift can affect the buoyancy flux, internal wave
generation, and turbulent dissipation, which may impact mixing and vertical transport.
In this study, repeated surveys of three hydrographic sections in the Southwest Pacific
Basin between the 1990s-2010s are used to estimate the change in buoyancy frequency
N2, We find that below © = 0.8 °C, N? is reduced by a mean scaling factor of 0.88+
0.06 per decade. This reduction is intensified at depth, with the biggest change observed
at © = 0.63 °C by a scaling factor of 0.71 + 0.07 . Within the same time period, the
magnitude of per unit area vertical diffusive heat flux is reduced by about 0.01 Wm™2,
although this estimate is sensitive to the choice of estimated diffusivity. Finally, impli-

cations on heat budget and global ocean circulation are qualitatively discussed.

Plain Language Summary

Since the 1990s, the coldest water mass, which originates off Antarctica and fills
most of the world’s deepest ocean basins, has warmed significantly. Since cold water is
denser and heavier, this observed warming has caused the deepest ocean water to lighten,
altering the vertical structure of the water column. Using repeated ship-based measure-
ments of temperature, salinity, and pressure, we find a weakening vertical density gra-
dient in the very deep Southwest Pacific Basin between the 1990s-2010s. As a result, wa-
ter near the seafloor became more homogeneous. This impacts the water’s buoyancy and
reduces the deep ocean’s ability to mix in heat from above. Since large scale currents
in the deep ocean are primarily driven by density differences and vertical mixing, the ob-
served change may impact the global ocean circulation. This can have implications for

deep ocean heat storage and future climate projections.

1 Introduction

Since the 1950s, more than 90% of the observed warming on Earth has occurred
in the ocean, with one-third of the heat uptake going into waters below 4000 m (Purkey
& Johnson, 2010; D. G. Desbruyeres et al., 2016). Increased glacial melting has also pro-
duced a flux of freshwater off Antarctica and into the Southern Ocean (Jacobs & Giulivi,

2010; Purkey & Johnson, 2013; Rignot et al., 2019). This local warming and freshening
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is transported globally via the Meridional Overturning Circulation (hereinafter MOC).
The MOC is a balance between the renewal of cold water and diapycnal mixing of heat,
therefore it is sensitive to changes in water temperature and salinity, which can affect

its overall heat and volume transport (Munk, 1966; Lumpkin & Speer, 2007). Since the
1990s, numerous studies have noted a contraction of abyssal northward flow, the bot-
tom branch of the MOC (Johnson et al., 2008; Kouketsu et al., 2009; Purkey & John-
son, 2012). Large scale shifts in temperature and salinity can change the structure of the
water column by altering the vertical density gradient, or stratification. This has impli-
cations for abyssal upwelling, which sets the strength of the MOC (Talley et al., 2003;
Lumpkin & Speer, 2007). However, no observational studies to our knowledge have fo-

cused on the role of changing climate on the strength of deep ocean stratification.

Past analysis of global temperature and salinity have shown that their changes are
non-uniform throughout the water column, with a local maximum in warming and fresh-
ening observed along the pathway of Antarctic Bottom Water (AABW) (Purkey & John-
son, 2010; Kouketsu et al., 2011; Purkey & Johnson, 2013; D. Desbruyéres et al., 2017).
This dense water mass is formed from cold and saline water off Antarctica in the Ross
Sea and along the Adelie Coast, sinking down the continental slope and flowing north-
ward along deep western boundary currents (DWBC) (Orsi et al., 1999; Talley, 2013).

As AABW travels north, diapycnal mixing brings in heat from above, lightening the bot-
tom water and driving upwelling (Munk, 1966; Lumpkin & Speer, 2007). This process
ventilates the abyssal ocean forming the upwards branch of the overturning circulation
(Nikurashin & Ferrari, 2013; De Lavergne et al., 2016). As a consequence, this bottom
water is newer than the deep waters above (England, 1995). Due to Antarctica’s accel-
erated warming and freshening from melt-water, AABW production has slowed signif-
icantly (Purkey & Johnson, 2012; Jacobs & Giulivi, 2010), although salinity in some source
regions have rebounded in the last decade (Castagno et al., 2019). While the time scale

of the MOC is multi-centennial, models have shown that the warm anomaly from changes
in deep water production rate can propagate from the Adelie Coast to the North Pacific

in as little as 40 years (Masuda et al., 2010). Therefore, recent climate changes near Antarc-
tica can have a global effect on timescales within a few decades, and fingerprints of these
changes can be observed in the time-span of global data collection (Johnson et al., 2007;

Purkey & Johnson, 2010).
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Stratification change affects the medium of local dynamics, which can have feed-
back effects on global climate. For example, this change can affect the generation of in-
ternal waves due to barotropic tidal flow over uneven topography (Bell, 1975; Baines,
1982; Garrett & Kunze, 2007). Globally, the tides input about 1 TW into the internal
wave field, a significant portion of the total mixing required to close the MOC (Egbert
& Ray, 2000; St. Laurent & Simmons, 2006; Waterhouse et al., 2014). Once internal waves
are generated, stratification also affect their propagation, breaking, and subsequent tur-
bulent dissipation (Gregg, 1989). Finally, it directly impacts the temperature gradient,
which sets the vertical heat flux. Through multiple ways, stratification is linked to the
vertical transport of water and heat, a key aspect of climate projections (Melet, Hall-

berg, et al., 2013; Melet et al., 2014).

While the processes discussed above are global, it is valuable to analyze their ex-
act mechanisms on a sub-basin scale. This paper focuses on the Southwest Pacific Basin,
a key pathway in the transport of AABW (Fig. 1) that connects deep waters in the South-
ern Ocean to the Pacific (Whitworth et al., 1999; Sloyan & Rintoul, 2001). As there is
no deep water formation in the North Pacific, the bottom branch of the Pacific MOC
is sourced exclusively from southern high latitudes and carried north via the DWBC. In
the southern subtropical latitudes, despite mixing by the Antarctic Circumpolar Cur-
rent, more than 70% of the water in the abyssal ocean is AABW in origin (Johnson, 2008).
AABW is carried into the basin south of the Campbell Plateau, flowing northwards through

the Kermadec and Tonga Trench, and exiting into the Pacific Basin via the Samoan Pas-

sage (Fig. 1). In the Samoan Passage, most of the northward flow is below 0.85 °C (Roemmich

et al., 1996; Voet et al., 2016). Since AABW warms as it travels north, within the scope

of this paper, we shall define AABW to be everything colder than 0.8 °C.

Here we quantify the stratification change in the Southwest Pacific Basin from the
1990s through 2017 and analyze the spatial pattern. Basin wide averages of the change
in both stratification and heat flux are estimated. Finally, we discuss the implications

and potential feedbacks.

2 Data and Methods

In this study, we use deep ocean temperature, salinity, and pressure data from re-

peated ship-based hydrographic surveys to determine the decadal rate of change of sec-
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Figure 1. A map of the Southwest Pacific Basin bathymetry. The grey outline indicates the
basin boundary (Purkey & Johnson, 2010). WOCE sections considered in this analysis are de-
picted, and key topographical features are labeled for reference. The grey arrow represents the

approximate pathway of the Deep Western Boundary Current (Whitworth et al., 1999).
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ond order characteristics in the abyssal Southwest Pacific Basin. This data is first col-
lected in the 1990s by the World Ocean Circulation Experiment (WOCE), which con-
ducted full-depth high resolution CTD surveys along sections transecting the world’s oceans.
This effort is sustained through the 2000s and 2010s by the Climate Variability and Pre-
dictability (CLIVAR) program, and currently by the Global Ocean-Based Hydrographic
Investigations Program (GO-SHIP).

We consider a latitudinal section, P06, and two longitudinal sections P15 and P16
(Fig. 1). P06 (blue line) provides a zonal cross section of northward bottom water trans-
port while P15 and P16 (purple and green lines) capture a meridional view. P06 was oc-
cupied in 1992, 2003, 2010, and 2017, P15 in 1996, 2001, 2009, and 2016, and P16 in 1992,
2005, and 2014. CTD samples are nominally spaced 55 km apart. Temperature and salin-
ity observations are made from the surface to within 10-20 m of the seafloor and initially
binned into 1 or 2 dbar pressure grids. The instrumental accuracy for temperature, salin-
ity, and pressure profiles are +0.002°C, +0.002 PSS-78, and +3 dbar respectively (Hood
et al., 2010). For more accurate salinity comparisons between occupations, batch-to-batch

salinity offsets are applied following Kawano et al. (2006).

The quality controlled temperature, salinity, and pressure data are used to calcu-
late absolute salinity (S4) and conservative temperature (©), the parameters of the TEOS-
10 toolbox used throughout the analysis (McDougall & Barker, 2011). Following the meth-
ods of Purkey and Johnson (2010), a 40-dbar half-width Hanning filter is applied to each
S and O profile, which is then interpolated onto a vertical 40 dbar pressure grid. This
coarser grid was chosen to minimize noise from transient eddies in the data in favor of
large scale changes. In each pressure bin, the data is then interpolated onto a 2° lati-
tude or longitude horizontal grid selected to encompass the most overlap between each
occupation. The maximum pressure of each profile is taken to be the seafloor depth, and

used to mask over any interpolated data.

We define stratification as the square of buoyancy frequency, N2. This is calculated

for each grid point using,
9 BASA — aABO

N2 = 1
g V., AP (1)

where dS4 and dO is the difference between the value at a given pressure bin with the

one above, o and 3 are the thermal expansion and saline contraction coefficients respec-



143 tively, Vi, is the specific volume calculated using a 75-term polynomial expression, and

144 P is pressure in Pascals (Roquet et al., 2015).

145 For each grid point, we also calculate vertical heat flux (Q) using the equation,

146 Q = pCpHNCE) (2)
147 where p and ¢, are the density and heat capacity of seawater, both constants in this anal-
148 ysis. N@ is the vertical gradient of conservative temperature, or %@. The diffusivity x,

149 is parameterized in two different ways. The first is the canonical constant value 10~ m? /s,

150 so that heat flux is proportional N(2_) (Munk, 1966; Waterhouse et al., 2014). The sec-

151 ond is a gridded spatially variable diffusivity calculated using an average of the finescale
152 parameterization derived from N? strain calculated for each occupation (K. L. Polzin

153 et al., 1995; Whalen et al., 2015). Since processing choices made in early occupations in-
154 fluence the data fine structure, we only use parameterized diffusivities from occupations

155 after 1995. Furthermore, as diffusivity is a log-normal variable, a geometric mean is used

156 to estimate the average value (Gurvich & Yaglom, 1967; Gregg, 1989).

157 2.1 Isotherm Grid

158 The gridded N? and heat flux are reparameterized by density to eliminate effects
150 from isopycnal heave. Since salinity errors have a more significant impact on density, es-
160 pecially in the deep ocean, temperature is chosen as the independent variable (Purkey
161 & Johnson, 2013). Using O from each occupation, the pressure binned values are piece-
162 wise cubic interpolated onto a 0.01°C grid. In this framework, each vertical bin repre-
163 sents a single temperature class. As we define AABW by temperature, this reparame-
164 terization allows for comparisons between the water mass’ properties over time, regard-
165 less of its vertical movement in the water column.

166 2.2 Change over Time

167 The change in N? or heat flux over time is estimated using a linear fit across all
168 occupations of each section. Since the sections are re-occupied about once every decade,
169 changes are estimated on a decadal scale. To further minimize small scale fluctuations
170 with depth, we average the value of each bin with that of the bins above and below (ex-

m cept along boundaries) prior to taking the fit.



172 Since N2 is a log-normal value (Gregg, 1989), we perform the linear fit on log(N?).

173 By comparing the order of magnitude of N2, rather than its absolute value, % is an ex-
174 pression for the relative change over time. Thus, % log(NN?) is better expressed as a scal-
175 ing factor, defined as

s(N?) = 1037 los(N?) (3)
176 For example, % log(N?) = —0.1 is equivalent to a factor of s = 0.8. Hence, every decade

177 N? is scaled by 0.8, or a 20% decrease. Using this method for all grid points, we pro-

178 duce a gridded map of s(IN?) for each section.

179 The data for P15 is different: only the first and last occupation sampled latitudes

180 south of 47.5°S. Change in this region is calculated separately based on the two occu-

181 pations.

182 2.3 Basin Averages and Errors

183 We estimate change in the total basin by calculating the length weighted mean and
184 standard deviation of all three sections. The study region is constrained within the bound-

185 aries of the Southwest Pacific Basin as defined by Purkey and Johnson (2010).

186 Confidence intervals are determined by calculating the degree of freedom (DOF)

187 of each temperature class, obtained by dividing the length of that isotherm by a hori-

188 zontal decorrelation length scale of 163 km (Purkey & Johnson, 2010). If the isotherm
180 is segmented by topography, each portion is assumed to be statistically independent and
19 contribute at least one DOF. The standard error is estimated by dividing the standard
101 deviation by the square root of the DOF. The 95% confidence interval is estimated us-

192 ing a Student’s ¢ distribution.

103 3 Results

194 Warming between 1990s-2010s is more prominent near the bottom, a trend which
195 has been observed in all three sections in this analysis and noted by multiple previous

196 studies (Purkey & Johnson, 2010; Sloyan et al., 2013; D. G. Desbruyeres et al., 2016).

197 This warming is primarily observed below © = 0.8 °C, so that isotherms below this bound-
108 ary grow further apart. Since salinity effects are small, the increasing separation of isotherms
199 manifests as a reduction of stratification.
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Figure 2. Decadal rate of change of conservative temperature dO/dt along section P06 within
the basin. Warming regions are shaded in red while cooling regions are shaded blue. Contoured
isotherms from 1992 (solid line) and 2017 (dashed line) are depicted. (b) Decadal fractional

change of the Brunt Viiséls frequency N?. Decreasing N? is shaded green, increasing N2 shaded

orange. The seafloor is masked over in black.
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Figure 3. Decadal conservative temperature rate of change (a-b) and N? fractional change
(c-d) along sections P15 and P16 following Fig. 2

The average decadal warming below © = 1.0 °C section P06 is of O(10~3) °C (Fig.
2 a). This is an order of magnitude greater than the average observed warming above
© = 0.8 °C and below © = 1.0 °C. Abyssal warming is most prominent in the west-
ern side of the basin along the path of the DWBC (Fig. 2a). Within the AABW, warm-
ing is strongest near the sea floor. As a result, colder isotherms deeper in the water col-
umn have fallen at a faster rate. Between 1992 and 2017, the ® = 0.65 °C isotherm
has fallen by 562.25 m, while the © = 0.8 °C isotherm only fell by 14.17 m. Further
down the water column, the © = 0.6 °C isotherm has completely disappeared by 2017,
indicating an absence of the coldest waters. In contrast, warmer isotherms such as © =

1.0 °C have remained relatively stationary due to minimal temperature changes.

Another consequence of changing bottom water properties is a reduction of near
bottom stratification (Fig. 2b). The stratification change over time %N 2 is concentrated
along the seafloor. The biggest decrease is observed in the Kermadec Trench around 183°,
where N2 has dropped by approximately 40% per decade. Both 20 and 2 N? show a
stronger warming/reduction on the western side of the basin, which is spatially consis-
tent with the path of AABW as it flows northward with the DWBC (Fig. 1). On the

eastern side, a smaller N2 reduction is observed along the East Pacific Rise.

—10-
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Figure 4. Average decadal N? fraction change in conservative temperature coordinates (a)

weighted by length for all basin sections (b) for each section.

The two meridional sections, P15 in the west and P16 in the east also show increased

warming below © = 0.8 °C (Fig. 3a,b). Isotherms slant towards the seafloor in the east-
ern half the the basin. Thus, there is a higher fraction of AABW in the western half of
the basin leading to lower temperatures and increased warming: below 4000 dbar P15

is 0.1 °C colder on average than P16, and warming 90% more per decade.

The N? changes along the longitudinal sections (Fig. 3c,d) exhibit more horizon-
tal variability, which can also be observed in %@. Both sections P15 and P16 show a
near bottom reduction in N2, particularly below 5000 dbar. In P15, the strongest N2
decrease is observed south of 55°S where AABW is advected into the basin, and in the
deepest region between 20°S and 35°S (Fig. 3 ¢). In P16, we observe the most substan-

tial N2 reduction between 45°S and 35°S.

Averaged across all sections, we find a statistically significant N? decrease below
© = 0.75 °C. Despite variability across isobaths, decadal %N 2 is fairly consistent along
isotherm surfaces (Fig. 4). The stratification reduction rate is greater in colder temper-
ature classes at depth. At the AABW boundary (0 = 0.8 °C) the average factor change
is around 0.95, or a 5% percent reduction per decade. In comparison, the © = 0.63 °C

temperature class has a factor change of 0.71£0.07, which corresponds to a N2 reduc-

—11-
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Figure 5. Decadal heat flux change (%Q) for (a) P06 (b) P15 and (c) P16. The blue line
2

represents heat flux calculated using a constant diffusivity of 10 %*m?s~! and the orange line

represents heat flux calculated using a spatially variable x based on finescale strain parameteriza-

tion.

tion of almost 30%. N2 decrease is observed primarily in the averaged profiles of P06
and P15 (Fig.4b). These two sections contain a significant fraction of AABW, and N2
is significantly decreasing with good agreement in AABW temperatures down to © =
0.63 °C. Below this isotherm, all data comes from a small region at the southern end of
P15, leading to greater uncertainty. In contrast, P16 does not show significant N? de-
crease except in DWBC pathway along the base of the East Pacific Rise and therefore
samples a smaller fraction of AABW. At and below © = 0.8 °C, there is significant spa-
tial variability and the change is not statistically distinguishable from zero until below

© = 0.73, where the N? reduction is comparable with that of P06 and P15.

Similarly, heat flux is also decreasing as a function of time, as approximated from
N@ (Fig.5). Unlike N2, the trend is calculated linearly, and the change is an absolute
value. With a constant diffusivity of x = 1074 m2s~!, the estimated heat flux trend
is %Né scaled by a constant. Using this simplified method, we find an average per decade

heat flux reduction of 0.016 + 0.01 Wm~2 below © = 0.8 °C. The sections containing

—12—
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more AABW, P06 and P15, show similar patterns of heat flux reduction, likely associ-
ated with the warming of the AABW. Further away from its pathway, there is no sig-

nificant heat flux reduction in P16 except below © = 0.70 °C.

Using a spatially (but not temporally) variable diffusivity estimate (Whalen et al.,
2015), the average heat flux reduction below © = 0.8 °C is 0.041 + 0.1 Wm~2. The
confidence interval is much wider and the change is not statistically significant. This is
due in part to the wide range of diffusivities from 10~° m2s~! in the basin interior up
to 1073 m2s~? right above the seafloor (K. Polzin et al., 1997). Despite large confidence
intervals in general, there is a significant reduction in a few temperature classes of P06

and in P15 between © = 0.73 °C and © = 0.68 °C

4 Summary and Discussion

A significant N? decrease is observed in the Southwest Pacific Basin for water be-
low © = 0.8 °C based on hydrography observations between the 1990s and 2010s. Our
analysis agrees with previous results that show a significant warming of AABW along
the DWBC in the Southwest Pacific Basin (Sloyan et al., 2013). In addition, we present
observations that show that stronger warming at depth leads to a significant reduction
of stratification at depth in all three chosen study sections of the Southwest Pacific Basin:

P06, P15, and P16.

A consequence of changing stratification is that it alters the medium of internal wave

generation, propagation, and dissipation, the main driver of mixing in the deep ocean

(St. Laurent & Garrett, 2002; Waterhouse et al., 2014). The energy conversion from barotropic

tidal flow over uneven topography to internal gravity waves scales with N (Bell, 1975;

Garrett & Kunze, 2007; Melet, Nikurashin, et al., 2013). Once generated, the average

energy dissipation rate of internal waves (e) is proportional to N? (Gregg, 1989; K. L. Polzin

et al., 2014). In the upper ocean, increased surface heating has created a stronger strat-
ification, which is linked to more internal wave activity and turbulent energy dissipation
(Capotondi et al., 2012; DeCarlo et al., 2015). In contrast, we find a significant N? re-
duction in near bottom isotherms that is enhanced with depth. Consequently, we expect
a decrease in both internal wave tidal energy conversion and turbulent dissipation rate
by the respective scaling relations of Bell (1975) and Gregg (1989). Preliminary anal-

ysis of tidal energy change shows a statistically insignificant decrease of (3.64+8.18)x

—13—
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10~* Wm~? averaged across all three sections in the basin. The wide error interval is

a product of low signal to noise ratio and the sensitivity of tidal energy conversion to the
topographical variations within the basin (Melet, Nikurashin, et al., 2013). However, re-
cent studies have shown that warming in the Southwest Pacific has accelerated in the
2010s compared to previous decades (Johnson et al., 2019; Purkey et al., 2019). Since

we find that N? decrease correlates to bottom intensified warming, the accelerated warm-
ing may lead to an accelerated N? reduction. If this trend continues, the impact on in-

ternal waves could become more significant in the coming decades.

In addition to stratification decrease, a weakening temperature gradient results in
a smaller downward heat flux. The magnitude of the estimated trend is dependent on
whether the diffusivity « is assumed to be spatially uniform or varying. With uniform
diffusivity, the estimated heat flux change is proportional to the changing temperature
gradient. Considering the spatial variation of diffusivity accounts for enhanced mixing
over rough topography (Ledwell et al., 2000). Since abyssal temperature profiles are rel-
atively homogeneous, a single temperature class may reside in both strong and weak mix-
ing environments, increasing the variance of heat flux change along each © value, widen-
ing the confidence interval. Heat flux change estimates using both a constant and spa-
tially variable parameterizations of diffusivity show a decreasing trend in downward heat
flux over the past three decades. As a result, less heat (and thus buoyancy) is mixed into
the deep ocean from above. Over time, this can allow the water column to re-stratify,
potentially reversing the observed trend. Additionally, the observed decrease of abyssal
heat flux could reduce the ability of the deep ocean to act as a heat sink for the warm-
ing upper ocean, although this may be corrected by the negative feedback loop. More
research is needed to examine the timescales of these changes and feedbacks, which should

be considered both locally and on a global scale.

This study suggests a connection between stratification and heat flux change, which
is potentially linked to future changes in internal wave generation and dissipation. Both
N? and turbulent dissipation are important for upwelling, and an alteration of these terms
will have consequences for the strength of the abyssal MOC (Furue & Endoh, 2005; Jayne,
2009; Oka & Niwa, 2013; Hieronymus et al., 2019). However, current efforts have yet to
untangle the relative interconnected contributions. While bottom warming is almost ubiq-
uitous in the world’s oceans, much is still unknown about stratification change in other

basins and how it relates to global mixing processes, heat flux, and ocean circulation.
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Since vertical transport of heat and water is key for accurate climate projections (Melet,
Hallberg, et al., 2013), more deep ocean research and data, such as the establishment
of a Deep Argo program (Johnson et al., 2015), is critical to improving predictions of fu-

ture climate change.
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