
P
os
te
d
on

24
N
ov

20
22

—
C
C
-B

Y
-N

C
-N

D
4
—

h
tt
p
s:
//
d
oi
.o
rg
/1
0.
10
02
/e
ss
oa
r.
10
50
2
68
4.
1
—

T
h
is

a
p
re
p
ri
n
t
an

d
h
as

n
ot

b
ee
n
p
ee
r
re
v
ie
w
ed
.
D
at
a
m
ay

b
e
p
re
li
m
in
ar
y.

Effect of a thin weak layer at around the 660-km discontinuity on

subducting slab morphology in the mantle transition zone

Zhong-Hai Li1 and Ling Chen2

1University of Chinese Academy of Sciences
2Institute of Geology and Geophysics, Chinese Academy of Sciences

November 24, 2022

Abstract

The subducting slab morphology in the mantle transition zone (MTZ) is strongly affected by the mantle viscosity and density

variations at the 660-km discontinuity (D660). Besides the negative Clapeyron slope of phase transition and the viscosity

increase, a possible thin weak layer at around D660 is proposed to play a key role in the slab stagnation, which is however

not well constrained. In this study, a series of numerical models are systematically conducted, which reveal that a weak layer

beneath D660 does not change the slab mode selection (penetration versus stagnation). However, it will contribute to longer

slab flattening at the bottom of the MTZ, when slab sinking is strongly resisted by either the viscosity increase or a large

Clapeyron slope at D660. The role of a weak layer on slab flattening is dependent on the lubrication effect that promotes

sub-horizontal slab movement at the bottom of the MTZ.
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Highlights: 13 

(1) A weak layer above 660-km discontinuity, at 610-660 km, has negligible effect on 14 

the slab morphology in the mantle transition zone (MTZ). 15 

(2) A weak layer beneath 660-km discontinuity, at 660-710 km, does not change the 16 

slab mode selection (penetration versus stagnation). 17 

(3) A weak layer at 660-710 km contributes to sub-horizontal slab movement and 18 

flattening in MTZ in case with high resistance from lower mantle. 19 

 20 

  21 
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Abstract: 22 

The subducting slab morphology in the mantle transition zone (MTZ) is strongly 23 

affected by the mantle viscosity and density variations at the 660-km discontinuity 24 

(D660). Besides the negative Clapeyron slope of phase transition and the viscosity 25 

increase, a possible thin weak layer at around D660 is proposed to play a key role in 26 

the slab stagnation, which is however not well constrained. In this study, a series of 27 

numerical models are systematically conducted, which reveal that a weak layer 28 

beneath D660 does not change the slab mode selection (penetration versus stagnation). 29 

However, it will contribute to longer slab flattening at the bottom of the MTZ, when 30 

slab sinking is strongly resisted by either the viscosity increase or a large Clapeyron 31 

slope at D660. The role of a weak layer on slab flattening is dependent on the 32 

lubrication effect that promotes sub-horizontal slab movement at the bottom of the 33 

MTZ. 34 

 35 

Plain Language Summary 36 

On the Earth, an oceanic plate may sink down beneath another plate into the 37 

subjacent mantle, which is called ‘subduction’. The mantle is not homogeneous, but 38 

generally divided into the upper and lower mantle with different mineral phases. The 39 

boundary locates at about 660 km depth, which is characterized by the downward 40 

density and viscosity increase, as well as the possible existence of a thin weak layer. 41 

Thus the sinking slab could be strongly affected by the 660-km discontinuity (D660), 42 

resulting in variable slab morphologies as revealed by geophysical observations. A 43 

key point is about the effect of the thin weak layer on the mode selection of sinking 44 

slab. A previous modeling study proposed that the weak layer has a critical effect on 45 

slab stagnation above D660, rather than penetrating into the lower mantle. However, 46 

the current systematic models reveal that a weak layer beneath D660 does not change 47 

the slab mode selection (penetration versus stagnation), although it will contribute to 48 

sub-horizontal slab movement and longer-distance flattening at the bottom of the 49 

MTZ in case with high resistance from the lower mantle. 50 

  51 
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1. Introduction 52 

The morphology and dynamics of subducting slabs are strongly controlled by the 53 

rheological structure and layering of the Earth’s mantle (e.g., Gurnis & Hager, 1988; 54 

Čížková et al., 2002; Billen, 2010; Agrusta et al., 2017; Goes et al., 2017; Yang et al., 55 

2018; Li et al., 2019), which are however not well understood. The radial viscosity 56 

profile is generally inferred from the joint inversions of glacial isostasy adjustment 57 

data, geoid anomalies, as well as constraints from mineral physics (Hager et al., 1985; 58 

Forte and Peltier, 1987, 1991; Ricard and Bai, 1991; King and Masters, 1992; Ricard 59 

et al., 1993; Corrieu et al., 1995; Forte and Mitrovica, 1996; Lambeck et al., 1996, 60 

1998; Mitrovica and Forte, 2004; Steinberger and Calderwood, 2006; Forte et al., 61 

2010), which shows that the average viscosity of the lower mantle is 10-100 times 62 

higher than the average upper mantle viscosity (Figure S1 in the supporting 63 

information) (Zhu, 2016). However, it is widely debated about the rheological 64 

transition mode between the upper and lower mantle, for example, a sharp viscosity 65 

jump or a gradual viscosity increase (Figure S1).  66 

Besides the rheological contrast, the phase transition at the 660-km discontinuity 67 

(D660), i.e., the bottom of the mantle transition zone (MTZ) in between the upper and 68 

lower mantle, is characterized by a negative Clapeyron slope of C660∈[−4.0, −0.4] 69 

MPa/K according to a number of high-pressure laboratory experiments as summarized 70 

in Li et al. (2019). Many modeling studies have been conducted to investigate how a 71 

slab interacts with D660, and generally suggest that a higher Clapeyron slope 72 

contributes significantly to the stagnation of subducting slab in the MTZ (Goes et al., 73 

2017; Li et al., 2019; and references therein). 74 

Another key point is about a thin weak layer at around the bottom of the MTZ 75 

proposed in some of the joint inversion models (e.g., Mitrovica and Forte, 2004; 76 

Figure S1). The formation mechanism of this possible weak layer is still not clear, 77 

which may be caused by grain size reduction and/or superplasticity (Karato, 2008), 78 

the presence of water (Tschauner et al., 2018), or a partially molten carbonated layer 79 

(Sun et al., 2018). Geodynamic models have shown that a weak layer beneath D660 80 

may have a large effect on either mantle plume branching (Liu and Leng, 2020) or 81 
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subducting slab stagnation (Mao and Zhong, 2018). 82 

The upper/lower mantle boundary, i.e. D660 characterized by strong density and 83 

viscosity variations, is thus a critical structure for mantle dynamics. The general 84 

effects of the Clapeyron slope (C660) and viscosity jump on the morphology of 85 

subducting slabs have been widely modeled and investigated; however, the influence 86 

of a possible weak layer at around this discontinuity lacks systematic studies. Mao 87 

and Zhong (2018) proposed that this weak layer plays significant roles in the slab 88 

flattening in the MTZ, by conducting a 3-D global model and further comparing their 89 

results with seismic tomographic images. However, it remains difficult to isolate the 90 

effect of the weak layer in the complex model with prescribed surface velocities and 91 

trench motions, as well as the interactions among global subduction zones. Thus, the 92 

exact role of this weak layer, as well as the mechanism of its control on slab 93 

stagnation, is still not clear. In this study, we aim to solve this problem by applying a 94 

more generic, pure dynamic subduction model, focusing on the effects of density and 95 

viscosity variations across the weak layer at around D660. 96 

 97 

2. Initial model setup 98 

Numerical models are conducted with the code I2VIS (Gerya, 2010), which is 99 

integrated with the deep water activity and phase transitions down to 30 GPa in the 100 

deep mantle. The detailed numerical methods and implementations are shown in Li et 101 

al. (2019) and the supporting information (Text S1).  102 

Large-scale numerical models are set up in a Cartesian box of 5000 × 1400 km 103 

(Figure 1). In the initial model, an oceanic plate is set on the left and a continental 104 

plate on the right, with an initial weak zone in between (Figure 1a). The oceanic 105 

lithosphere includes an upper- (3 km) and a lower-crustal layer (5 km), as well as a 106 

mantle layer with the thickness dependent on the lithospheric age (60 Ma). The initial 107 

thermal structure of the oceanic lithosphere is defined by the half-space cooling model 108 

(Turcotte and Schubert, 2002). The continental lithosphere includes an upper crust (20 109 

km), a lower crust (15 km) and a mantle layer (100 km), with the initial thermal 110 

structure defined by a linear gradient from 0°C at the surface to 1350°C at the bottom. 111 
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The initial thermal gradient in the sub-lithospheric mantle is defined by a constant 112 

value of 0.5 °C/km. On the top of the model domain, a ‘sticky air’ layer with low 113 

density and viscosity is applied (Schmeling et al., 2008; Crameri et al., 2012). 114 

Detailed numerical parameters are shown in Tables S1 and S2 in the supporting 115 

information. 116 

For the effective viscosity of multiple rock types, the composite 117 

visco-plastic-Peierls rheology is generally applied (Text S1 and Table S1). It results in 118 

a rheologically strong lithosphere and a weak asthenospheric layer beneath (Figure 119 

1d-e). Then the effective viscosity increases downward to the MTZ and lower mantle, 120 

which is generally consistent with the viscosity profiles inferred from the more recent 121 

joint observations (red and blue lines in Figure 1e) (Mitrovica and Forte, 2004; Forte 122 

et al., 2010). The effect of the weak layer at the bottom of the MTZ (Figure 1e; 123 

Mitrovica and Forte, 2004) or beneath the MTZ as in Mao and Zhong (2018) is the 124 

focus of this study and thus systematically investigated. In addition, the effect of an 125 

abrupt viscosity jump at D660 is further tested, by applying various constant 126 

viscosities in the lower mantle (Figure 1e).  127 

For the boundary conditions of the model, free slip is satisfied for all boundaries. 128 

In addition, a constant convergence velocity of 5 cm/yr (Vsp = 4 cm/yr, Vop = -1 129 

cm/yr; Figure 1a) is applied for subduction initiation, which will be canceled after 10 130 

Myrs. For the thermal boundary conditions, fixed values of 0ºC and 1975ºC are 131 

applied for the top and bottom boundaries, respectively. The vertical boundaries have 132 

no horizontal heat flux. 133 
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 134 

Figure 1. Initial model configuration. (a) Composition field in the framework of 5000 135 

× 1400 km, with the 410-km and 660-km discontinuities shown with yellow dashed 136 

lines (phase transitions illustrated in Text S1 of the supporting information). (b) The 137 

enlargement of initial subduction zone, with white lines for isotherms, starting from 138 

100°C with the interval of 300°C. The colors in (a) and (b) indicate for rock types as 139 

specified in (c): 1-sticky air; 2,3-continental upper and lower crust, respectively; 140 

4,5-oceanic upper and lower crust, respectively; 6,7-lithospheric and subjacent mantle, 141 

respectively; 8-hydrated mantle. It is worth noting that the additional rock types, e.g., 142 

the partially molten rocks, are not shown in the initial model, but will appear during 143 

the evolution of the model. (d) The effective viscosity field of the model, with a 144 

vertical profile as the A-Type shown in (e). The composite rheology is applied for 145 

A-type (Text S1 in the supporting information), with effective viscosity increasing 146 
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downward in the lower mantle, which is generally consistent with the viscosity 147 

profiles inferred from the joint observations (red and blue lines) (Mitrovica and Forte, 148 

2004; Forte et al., 2010). Three additional types of numerical models are conducted 149 

with different, but constant viscosities of the lower mantle, i.e. 1022 Pa·s (B), 1021 150 

Pa·s (C) and 1023 Pa·s (D), respectively.  151 

 152 

3. Model results 153 

3.1. Reference models with composite rheology of the lower mantle 154 

In this section, the composite rheology is applied for all the rock types, with an 155 

effective viscosity profile (A-type) shown in Figure 1e. The effect of a weak layer is 156 

systematically studied, which is 50 km thick and has a constant viscosity of 1020 Pa·s. 157 

The weak layer is positioned either above or beneath D660 (Figure 2), the results of 158 

which are further compared with the model without such a weak layer. In addition, the 159 

sensitivity tests with variable Clapeyron slopes at D660 are conducted. 160 

The modeling and comparison results demonstrate that the existence of such a 161 

weak layer does not change the general slab mode selection between penetration and 162 

stagnation (Figure 2). In the models with a large Clapeyron slope of C660 = -4 MPa/K, 163 

a weak layer beneath D660 can increase the length of the stagnant slab in the MTZ, 164 

comparing to the models without the weak layer or with it above D660 (c.f. Figures 165 

2e, 2j, 2o). It indicates that the weak layer beneath D660 promotes the sub-horizontal 166 

movement of the stagnant slab at the bottom of the MTZ, facilitated by the large 167 

resistance to the sinking slab due to the large negative Clapeyron slope and the 168 

resulting delay of phase transition. 169 
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 170 

Figure 2. Model results with a composite rheological profile of the lower mantle, i.e. 171 

A-type in Figure 1e. The effects of a thin weak layer and the Clapeyron slope (C660) at 172 

D660 are tested. 173 

 174 
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3.2. Models with intermediate and constant viscosity of the lower mantle (1022 175 

Pa·s) 176 

In this set of models, a constant viscosity of 1022 Pa·s is applied for the lower 177 

mantle, with an effective viscosity profile shown in Figure 1e (B-type), which is more 178 

or less the average value of the A-type gradually increasing viscosity in the lower 179 

mantle.  180 

The model results are quite similar to the ones with composite rheology of the 181 

lower mantle (c.f. Figures 3 and 2), which indicate that a sharp viscosity jump has a 182 

similar dynamic effect as an equivalent, strong viscosity-depth gradient between the 183 

lower and upper mantle. The influence of the weak layer is only obvious in the 184 

models with a high Clapeyron slope of C660 = -4 MPa/K, which indicates again that a 185 

weak layer beneath D660 may lead to longer slab stagnation in the MTZ (c.f. Figures 186 

3e, 3j, 3o), similar to the reference models in Figure 2.  187 
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 188 

Figure 3. Model results with a constant viscosity (1022 Pa·s) of the lower mantle, i.e. 189 

B-type in Figure 1e. The effects of a thin weak layer and the Clapeyron slope (C660) at 190 

D660 are tested. 191 

 192 
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3.3. Models with low and constant viscosity of the lower mantle (1021 Pa·s) 193 

In this set of models, a constant viscosity of 1021 Pa·s is applied for the lower 194 

mantle, with an effective viscosity profile shown in Figure 1e (C-type), which 195 

represents an end-member regime with the rheologically weakest lower mantle. 196 

The model results show that the sinking slab can easily penetrate the MTZ to the 197 

lower mantle, with the Clapeyron slope of |C660| ≤ 3 MPa/K (Figure 4). It indicates 198 

that the weak lower mantle does not provide enough resistance for the slab stagnation. 199 

In contrast, with a large Clapeyron slope of C660 = -4 MPa/K, the slab stagnates and 200 

flattens at the bottom of the MTZ, mainly due to the delay of phase transition and the 201 

consequent low density of sinking slab compared to the neighboring lower mantle, 202 

which thus provides large resistance on the subducting slab. In this set of models, the 203 

weak layer, no matter above or beneath D660, does not affect the slab morphology in 204 

the MTZ (Figure 4).  205 
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 206 

Figure 4. Model results with a constant viscosity (1021 Pa·s) of the lower mantle, i.e. 207 

C-type in Figure 1e. The effects of a thin weak layer and the Clapeyron slope (C660) at 208 

D660 are tested. 209 

 210 
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3.4. Models with high and constant viscosity of the lower mantle (1023 Pa·s) 211 

In this set of models, a constant viscosity of 1023 Pa·s is applied for the lower 212 

mantle, with an effective viscosity profile shown in Figure 1e (D-type), which 213 

represents an end-member regime with the rheologically strongest lower mantle. 214 

In all the models, the slab stagnation is predicted due to the strong resistance from 215 

the lower mantle (Figure 5); however, the lengths of the flattened slab are different at 216 

the bottom of the MTZ. It shows that the weak layer above D660, i.e. at 610-660 km, 217 

does not affect the morphology of the stagnant slab in the MTZ (c.f. first and second 218 

columns of Figure 5). In contrast, the weak layer beneath D660, i.e. at 660-710 km, 219 

contributes significantly to the long slab flattening in the MTZ, which can be further 220 

promoted by a larger Clapeyron slope (C660). It indicates that the weak layer beneath 221 

D660 facilitates the sub-horizontal movement of the flat slab at the bottom of the 222 

MTZ, in cases with large resistance from the lower mantle to slab sinking. 223 
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 224 

Figure 5. Model results with a constant viscosity (1023 Pa·s) of the lower mantle, i.e. 225 

D-type in Figure 1e. The effects of a thin weak layer and the Clapeyron slope (C660) at 226 

D660 are tested. 227 

 228 



15 
 

4. Discussion 229 

4.1. The role of a weak layer between the upper and lower mantle on slab 230 

dynamics 231 

 The systematic numerical models indicate that a thin weak layer above D660, i.e. 232 

at 610-660 km depth, has negligible effects on the subducting slab morphology in all 233 

the cases (Figures 2-5). Alternatively, if the weak layer is set at 660-710 km depth, it 234 

still does not change the general slab mode selection (penetration versus stagnation) in 235 

the MTZ. However, when the strong resistance of the lower mantle is acting on the 236 

sinking slab, the weak layer contributes to longer slab flattening at the bottom of the 237 

MTZ. The resistance could result from either a large Clapeyron slope of phase 238 

transition at D660 (e.g., Figures 2o and 3o) or a sufficient increase in the viscosity of 239 

the lower mantle (Figures 5k-n), or both (Figure 5o).  240 

 Figure 6 shows detailed analyses of the effects of a thin weak layer on the slab 241 

dynamics. In the regime with a weak layer at 610-660 km depth, the subducting slab 242 

sinks down, reaches the weak layer and finally touches the lower mantle (Figure 6b). 243 

Then the direct contact between the rheologically strong slab and lower mantle 244 

hinders the sub-horizontal movement of the slab along the weak layer at the bottom of 245 

the MTZ, which thus results in a similar slab mode as that without such a weak layer 246 

(Figure 6a). In an alternative regime with a weak layer at 660-710 km depth, the 247 

subducting slab arrives at D660 first. The lower density of the slab, due to the 248 

negative C660 and delayed phase transition, leads to slab ‘floating’ above/into the 249 

weak layer (Figures 6c, 6c’). In this case, the presence of a ‘lubrication’ layer between 250 

the rheologically strong slab and lower mantle, combining with the decreased 251 

negative buoyancy of the slab, can significantly reduce the shear resistance during the 252 

sub-horizontal slab movement (Figure 6e). It thus leads to a longer slab flattening at 253 

the bottom of the MTZ (e.g., the third column in Figure 5).  254 
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 255 

Figure 6. Comparison and analysis of the effects of a thin weak layer at around D660. 256 

(a-c) The effective viscosity fields of the end-member models with the highest lower 257 

mantle viscosity (1023 Pa·s) and largest Clapeyron slope of C660 = -4 MPa/K, which 258 

are the same as those in Figures 5e, 5j and 5o, respectively, but at an earlier time of 259 

20.1 Myr. (a’-c’) The corresponding density fields of the three models (a-c), 260 

respectively. (d) The force balance analyses of a simple stagnant slab in the MTZ, 261 

with a weak layer at 610-660 km (left) or 660-710 km (right). 262 

 263 

It is worth noting that the slab ‘skating’ along the weak layer may only exist for a 264 

certain time from the initial interaction of the slab with D660. Finally, the slab may 265 

sink and touch the rheologically strong lower mantle as shown in Figures 2-5, with 266 

the timespan depending on the combined resistance from both the density and 267 
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viscosity aspects. For example, the lubrication layer is still present between the slab 268 

and strong lower mantle in the end-member models with the highest viscosity of the 269 

lower mantle (1023 Pa·s) and large Clapeyron slopes of C660 = -3 or -4 MPa/K 270 

(Figures 5n and 5o). However, the slab has already touched the strong lower mantle in 271 

other models with relatively low resistances (e.g., Figures 2o, 3o and 5k-m), although 272 

all the models terminate at a similar time of about 30 Myr. It indicates that both the 273 

high viscosity of the lower mantle and the large Clapeyron slope of C660 contribute to 274 

the sub-horizontal slab movement along the weak layer beneath D660. In addition, 275 

these two factors can compensate each other on the slab flattening at the bottom of the 276 

MTZ. For example, the weak layer at 660-710 km can only take effect with the largest 277 

C660 = -4 MPa/K in the models with an intermediate viscosity of lower mantle 278 

(Figures 2o, 3o); however, it contributes to slab flattening with lower C660 but a higher 279 

viscosity of lower mantle (Figures 5k-m). In addition, the weakest lower mantle 280 

prevents any effect of the weak layer on increasing slab flattening, even with the 281 

largest C660 (Figure 3).  282 

 283 

4.2. Comparisons with previous models and geological implications 284 

Although a thin weak layer between the upper and lower mantle has been 285 

suggested previously based on mineral physics and geoid modeling (Panasyuk and 286 

Hager, 1998; Mitrovica and Forte, 2004; Karato, 2008), few studies have been 287 

conducted to test its effects on subduction dynamics. Mao and Zhong (2018) 288 

formulated a 3-D global model of mantle convection with prescribed plate and trench 289 

motions, and suggested that the weak layer beneath D660 plays a key role for slab 290 

stagnation in the MTZ, especially the large horizontal extent of stagnant slabs in the 291 

western Pacific. Further on, Mao and Zhong (2019) argued that an additional viscosity 292 

increase at 1000 km depth may have a similar effect as the thin weak layer beneath 293 

D660. However, the current systematic studies with more generic, pure dynamic 294 

models indicate that the effect of the weak layer may not be so crucial. It cannot 295 

change the general slab mode selection in the MTZ, i.e. penetration versus stagnation. 296 

Especially in the models with more realistic viscosities of the lower mantle (Figures 297 
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2-3), the weak layer can only result in a bit longer slab stagnation with a very large 298 

Clapeyron slope of C660 = -4 MPa/K. In all the other cases, the effect of the weak 299 

layer, no matter locating above or beneath D660, is negligible on the subducting slab 300 

morphology (Figures 2-3). The detailed comparisons among models in Mao and 301 

Zhong (2018) also indicate that the weak layer does not change the slab mode from 302 

penetration to stagnation (Figure 2 and Supplementary Figure 6 in Mao and Zhong, 303 

2018), but does affect the length of stagnant slab, especially in the northern Honshu 304 

subduction zone. In this sense, the current 2-D generic model is not conflicting with 305 

the previous 3-D global model, but instead suggests a minor role of the thin weak 306 

layer at around D660 on the subducting slab dynamics. 307 

 308 

5. Conclusions 309 

The discontinuity (D660) at the bottom of the MTZ can strongly affect the 310 

subduction dynamics by several factors, i.e. the negative Clapeyron slope (C660 < 0), 311 

the viscosity jump and the plausible presence of a thin weak layer. Their effects are 312 

systematically investigated in this study by a series of 2-D generic, pure dynamic 313 

models. The main conclusions include the following:  314 

(1) The high viscosity of the lower mantle and the negative Clapeyron slope of phase 315 

transition (C660) can both contribute to slab stagnation at the bottom of the MTZ. 316 

The effects of these two factors are complementary. 317 

(2) A weak layer above D660, at 610-660 km depth, has negligible effect on the slab 318 

morphology in the MTZ. 319 

(3) A weak layer at 660-710 km depth does not modify the slab mode selection 320 

(penetration versus stagnation) in the MTZ. However, it contributes to longer slab 321 

flattening at the bottom of the MTZ, when strong resistance of the lower mantle is 322 

acting on the sinking slab, which may be induced by either a high viscosity jump 323 

or a large Clapeyron slope. 324 

(4) The role of the weak layer on slab flattening in the MTZ is strongly dependent on 325 

the lubrication effect that promotes the sub-horizontal slab movement along the 326 

weak layer at 660-710 km depth. 327 
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(5) Previous models without such a weak layer at around D660 are still generally 328 

valid, since the weak layer only plays a minor role in the subducting slab 329 

dynamics. 330 
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Introduction  

This supporting Information includes:  

Text S1 summarizes the numerical methods. 

Figure S1 shows the previous inferences of depth-dependent effective mantle viscosity. 

Table S1 shows the viscous flow laws used in the numerical experiments. 

Table S2 shows the material properties used in the numerical experiments. 
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Text S1. 
1. Governing equations 

The numerical models are conducted with the code I2VIS, which combines the finite 
difference and marker-in-cell methods (Gerya, 2010). Three sets of conservation equations 
(mass, momentum and energy) with the constitutive relationships are solved in the two-
dimensional regime. 

(1) Stokes equation: 

'
( , , , )ij

i
j i

P g C M P T
x x
σ

ρ
∂ ∂

= −
∂ ∂

     

(i, j = 1, 2) 

Where σ’ is the deviatoric stress tensor; x is the spatial coordinate; g is the gravitational 
acceleration; the density ρ depends on composition (C), melt fraction (M), dynamic pressure (P) 
and temperature (T). For a specific rock type: 
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Where 0ρ is the density under the reference condition with P0 = 0.1 MPa and T0 = 298 K. α and 
β are the thermal expansion coefficient and the compressibility coefficient, respectively. Rock 
density is further corrected for phase transitions. 

The constitutive relationship is shown below: 
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Where ε  and v are the deviatoric strain rate tensor and velocity vector, respectively. ηeff is the 
effective viscosity.  

(2) Incompressible continuity equation: 
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(3) Energy equation: 
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Where DT/Dt is the substantive time derivative of temperature; Cp is the effective isobaric heat 
capacity; q is the thermal heat flux; H represents the heat generations, including radioactive 
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heat production (Hr), adiabatic heating (Ha) and shear heating (HS). k is the thermal 
conductivity, dependent on composition (C), pressure (P) and temperature (T). 

 

2. Visco-Plastic-Peierls rheology 

(1) Viscous flow law of crustal rocks: 

The viscosities of both the continental and oceanic crustal rocks are calculated according 
to the flow laws of Ranalli (1995): 

1 1

ductile
1 ( ) ( ) exp( )
2

η ε
−

− +
= 

n
n n

R II
E PVA

nRT
 

Where AR (pre-exponential factor), n (creep exponent), E (activation energy) and V (activation 
volume) are experimentally determined flow law parameters (A* and B* in Table S1); 

 is the second invariant of strain rate tensor; R is the gas constant. 

(2) Viscous flow law of mantle rocks: 

The rheology of mantle rocks is defined according to Karato and Wu (1993), integrating 
both diffusion and dislocation creep: 

1 1

diffusion | dislocation

ductile diffusion dislocation

1 ( ) ( ) exp( )
2

1 1 1
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nn

n n
K II

d E PVA u
b nRT

η ε

η η η
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 
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

 

Where u is the shear modulus (u = 80GPa); b is the length of Burgers vector (b = 0.5nm); d is 
grain size (d = 1mm); m is the grain size exponent. Similarly, AK (pre-exponential factor), n 
(creep exponent), E (activation energy) and V (activation volume) are flow law parameters 
determined from the laboratory experiments (C*, D*, E* and F* in Table S1).  

(3) Plastic deformation: 

The extended Drucker-Prager yield criterion is applied: 

yield
plastic

yield 0 eff

2
sin( )

II

C P

σ
η

ε
σ ϕ

=

= +

  

Where yieldσ is the yield stress; C0 is the residual rock strength at P=0; P is the dynamic pressure; 

effϕ is the effective internal frictional angle, which includes the possible pore fluid/melt effects 
that control the brittle strength of fluid/melt containing porous or fractured media (Li et al., 
2016). 

(4) Peierls deformation: 

The Peierls mechanism is also included for the deformation by low-temperature and high-
stress plasticity (e.g., Kameyama et al., 1999; Karato et al., 2001).  



 
 

4 
 

II
peierls

peierls II peierls

1 σexp 1
2 σ

qp
E PV

A RT
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   +  = −           

Where Apeierls, p, and q are experimentally derived material constants. IIσ is the second invariant 

of stress tensor; peierlsσ is a stress value that limits the strength of the material.

 (5) Integrated rheology: 

The effective viscosity is defined as the minimum value among the ductile viscosity 
(ηductile), the plastic equivalent (ηplastic), and the Peierls viscosity (ηpeierls) (Ranalli, 1995), i.e.

 
eff ductile plastic peierlsmin( , , )η η η η= . The final viscosity is further controlled by the prescribed 

cut-off values of [1018, 1025] Pa·s. 

 

3. Dehydration and water migration 

The numerical model includes both the connate water and mineral water. The connate 
water, present in sediment and oceanic upper crustal basalt, makes up to 1.0wt% at the 
surface and decreases to zero at 25 km: 

2 2 0H O(wt.%) H O( )(1 )
25 p

zX X∆
= −  

Where z∆ is the depth below the surface (0-25 km); 
2 0H O( )pX is the connate water content at 

the surface (1.0wt%). For the oceanic lower crust, continental crust and mantle, the connate 
water content is assumed to be negligible. 

The mineral-bound water capacity is computed with Perple_X (Connolly, 2005) as a 
function of pressure and temperature for four typical rock types in the subduction models, i.e. 
sediment, basalt (oceanic upper crust), gabbro (oceanic lower crust) and hydrated mantle (Li et 
al., 2019). The representative model rock compositions, mineral phases and thermodynamic 
data sources are shown in Li et al. (2019).  

The propagation of water is modeled in the form of markers: dehydration reactions lead 
to a release of water, which is stored in a newly generated water marker. The water markers 
move through the rocks with the following velocity: 

(water ) fluid

percolation

2 mantle fluid( )

i i i
i

Pv v A g
x

v
A

g

ρ

ρ ρ

 ∂
= − − ∂ 

=
−

 

Where (water )iv is the fluid velocity; iv  is the local velocity of solid rock; A is a water percolation 

constant with a presumed standard value of percolationv = 10 cm/yr (e.g., Gorczyk et al., 2007); g2 = 

9.81 m/s2 is the vertical gravitational acceleration component; mantleρ and fluidρ are the rock 
and fluid densities, respectively. When a moving water marker meets a lithology capable of 
absorbing water by hydration or partial melting reactions at given P–T conditions and rock 
composition, the water will be consumed. 
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4. Partial melting 

Partial melting of both the crustal and mantle rocks is implemented. For the mantle rocks, 
the water-content-dependent parameterization of Katz et al. (2003) is applied, which is 
however limited to the depths of <300 km, because this model is inaccurate when extending 
to larger pressure. On the other hand, for a given crustal rock type, the volumetric degree of 
melting is assumed to be a linear function of temperature: 

solidus

solidus
solidus liquidus

liquidus solidus

liquidus

0,  when:
( ) ,  when:

( )

1,  when:

M T T
T TM T T T

T T
M T T

= ≤
−

= < <
−

= ≥

 

Where solidusT and liquidusT are the solidus and liquidus temperatures, respectively, which are 

specified for each rock type and dependent on the pressure (Table S2) (Schmidt and Poli, 1998; 
Katz et al., 2003). 

 

5. Phase transitions 
The phase transitions at 410 km and 660 km discontinuities are implemented in the 

numerical models (e.g., Bina and Helffrich, 1994), which modify the mantle density structure in 
addition to the gradual pressure and temperature dependence. The Clapeyron slope of phase 
transition at 410 km has a constant value of 3 MPa/K throughout this study, whereas the one 
at 660 km is varied with systematically testing its effects on subducting slab dynamics. The 
resulting density structure of the mantle is consistent with the Preliminary Reference Earth 
Model (PREM) (Dziewonski and Anderson, 1981). Two additional phase transitions are also 
implemented, i.e. the oceanic crustal eclogitization (Ito and Kennedy, 2013) and the metastable 
olivine in the MTZ (Rubie and Ross, 1994), with detailed algorithms summarized in Li et al. 
(2019). 
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Figure S1. Previous inferences of depth-dependent effective mantle viscosity, as compiled by 
Zhu (2016). (a) and (b) are inferred from joint inversions of global convection-related 
observables and glacial isostatic adjustment (GIA) data (Mitrovica and Forte, 2004; Forte et al., 
2010). (c) is inferred from mineral physics and surface observations (Steinberger and 
Calderwood, 2006). (d), (e) and (h)–(k) are derived on the basis of global long wavelength geoid 
anomalies (Hager et al., 1985; Forte and Peltier, 1987, 1991; Ricard and Bai, 1991; King and Masters, 
1992; Ricard et al., 1993; Corrieu et al., 1995). (f), (g) and (l) are inferred mainly on the basis of GIA 
data (Forte and Mitrovica, 1996; Lambeck et al., 1996, 1998). 
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Table S1. Viscous flow laws used in the numerical experiments a). 

Symbol Flow Law E (kJ·mol-1) V (J·MPa-1·mol-1) n AR (MPa-n·s-1) m AK (s-1) 

A* Wet quartzite 154 8 2.3 3.2×10-4 - - 
B* Plagioclase An75 238 8 3.2 3.3×10-4 - - 
C* Dislocation creep of dry olivine 540 13 3.5 - 0.0 3.5×1022 
D* Diffusion creep of dry olivine 300 4 1.0 - 2.5 8.7×1015 
E* Dislocation creep of wet olivine 430 10 3.0 - 0.0 2.0×1018 
F* Diffusion creep of wet olivine 240 4 1.0 - 2.5 5.3×1015 

a) Viscous parameters of crustal rocks (A* and B*) are from Kirby and Kronenberg [1987] and Ranalli [1995]. Viscous parameters of mantle rocks 
(C*, D*, E*, F*) are from Karato and Wu [1993]. 
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Table S2. Material properties used in the numerical experiments a). 

a) The thermal expansion coefficient α=2×10-5 K-1 and the compressibility coefficient β=0.75×10-5 MPa-1 are used for all rock types.  
b) K1=[0.64+807/(TK+77)]·exp(0.00004PMPa); K2=[1.18+474/(TK+77)]·exp(0.00004PMPa); K3=[0.73+1293/(TK+77)]·exp(0.00004PMPa).  
c) TS1={889+17900/(P+54)+20200/(P+54)2 at P<1200 MPa} or {831+0.06P at P>1200 MPa}; TS2={973-70400/(P+354)+778×105/(P+354)2 at 
P<1600 MPa} or {935+0.0035P+0.0000062P2 at P>1600 MPa}; TS3=1327+0.0906P; TS4=KATZ2003.  
d) TL1=1262+0.09P; TL2=1423+0.105P; TL3=1423+0.105P; TL4=KATZ2003.  
e) Parameters of viscous flow laws are shown in Table S1.  
f) Strain weakening effect is included in plastic rheology, in which both cohesion C0 and effective friction angle sin(φeff) decrease with larger 
strain rate.  
g) References: 1-Turcotte and Schubert [2002]; 2-Bittner and Schmeling [1995]; 3-Clauser and Huenges [1995]; 4-Ranalli [1995]; 5-Karato and Wu 
[1993]; 6-Schmidt and Poli [1998]; 7-Katz et al. [2003]. 

Material (state) ρ0 

(kg·m
-3) 

Cp 
(J·kg-

1·K-1) 

k b) 
(W·m-

1·K-1) 

Tsolidus
c)

 

(K) 
Tliquidus

 d) 

(K) 
QL 

(kJ·kg-1) 
Hr 
(μW·
m-3) 

Viscous 

e) 
Flow law 

Plastic f) 
C0 (MPa) 

Plastic f) 
sin(φeff) 

Sediment (solid) 2600 1000 K1 TS1 TL1 300 2.0 A* 10~1 0.1~0.05 
Sediment (partial molten) 2400 1000 K1 TS1 TL1 300 2.0 A* 10~1 0 
Continental upper crust (solid) 2800 1000 K1 TS1 TL1 300 1.0 A* 10~1 0.1~0.05 
Continental upper crust (partial 

 
2400 1000 K1 TS1 TL1 300 1.0 A* 10~1 0 

Continental lower crust (solid) 3000 1000 K1 TS3 TL3 380 1.0 B* 10~1 0.1~0.05 
Continental lower crust (partial 

 
2400 1000 K1 TS3 TL3 380 1.0 B* 10~1 0 

Oceanic upper crust (solid) 3000 1000 K2 TS2 TL2 380 0.25 A* 10~1 0.1~0.05 
Oceanic upper crust (partial molten) 2900 1000 K2 TS2 TL2 380 0.25 A* 10~1 0 
Oceanic lower crust (solid) 3000 1000 K2 TS3 TL3 380 0.25 B* 10~1 0.3~0.15 
Oceanic lower crust (partial molten) 2900 1000 K2 TS3 TL3 380 0.25 B* 10~1 0 
Mantle (solid) 3300 1000 K3 TS4 TL4 400 0.022 C*+D* 10~1 0.3~0.15 
Mantle (hydrated) 3300 1000 K3 TS4 TL4 400 0.022 E*+F* 10~1 0.1~0.05 
Mantle (partial molten) 2900 1000 K3 TS4 TL4 400 0.022 E*+F* 10~1 0 

References g) 1,2 1,2 3 6,7 6,7 1,2 1 4,5 - - 
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