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Abstract

Under a high-end emission scenario to the year 2300, climate warming drives a drastic slowdown in the ocean’s meridional

overturning circulation, with a cessation of Antarctic Bottom Water (AABW) production and North Atlantic Deep Water

(NADW) formation reduced to 5 Sv. In conjunction with regionally enhanced biological production and upper-ocean nutrient

trapping in the Southern Ocean, this deep circulation slowdown drives long-term sequestration of nutrients and dissolved

inorganic carbon in the deep ocean, but also greatly reduces the ocean’s capacity to take up heat and anthropogenic CO from

the atmosphere, prolonging peak warmth climate conditions. Surface nutrients (N, P, and Si) are steadily depleted driving

down biological productivity and weakening the biological pump, which transfers carbon to the ocean interior. Ocean dissolved

oxygen concentrations steadily decline, with the potential for anoxia eventually developing in some regions. This Community

Earth System Model (CESM) simulation did not include active ice sheet dynamics, but the strong climate warming simulated

would lead to large freshwater discharge from the Antarctic and Greenland ice sheets. This would further stratify the polar

regions, potentially leading to complete shutdown of the meridional overturning circulation. The impacts of this would be

catastrophic as the hothouse Earth climate conditions could be extended for thousands of years, with widespread ocean anoxia

developing, driving a mass extinction event.
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Key Points: 37 

• Global meridional overturning circulation will drastically decrease to the year 2300 38 
under high-end emission scenarios. 39 

• Deep circulation slowdown drives long-term sequestration of nutrients and dissolved 40 
inorganic carbon in the deep ocean. 41 

• Ocean dissolved oxygen concentrations steadily decline, with the potential for anoxia 42 
eventually developing in some regions. 43 
  44 
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Abstract 45 
 Under a high-end emission scenario to the year 2300, climate warming drives a drastic 46 
slowdown in the ocean’s meridional overturning circulation, with a cessation of Antarctic 47 
Bottom Water (AABW) production and North Atlantic Deep Water (NADW) formation 48 
reduced to 5 Sv.  In conjunction with regionally enhanced biological production and upper-49 
ocean nutrient trapping in the Southern Ocean, this deep circulation slowdown drives long-50 
term sequestration of nutrients and dissolved inorganic carbon in the deep ocean, but also 51 
greatly reduces the ocean’s capacity to take up heat and anthropogenic CO2 from the 52 
atmosphere, prolonging peak warmth climate conditions. Surface nutrients (N, P, and Si) are 53 
steadily depleted driving down biological productivity and weakening the biological pump, 54 
which transfers carbon to the ocean interior.  Ocean dissolved oxygen concentrations steadily 55 
decline, with the potential for anoxia eventually developing in some regions.  This Community 56 
Earth System Model (CESM) simulation did not include active ice sheet dynamics, but the 57 
strong climate warming simulated would lead to large freshwater discharge from the Antarctic 58 
and Greenland ice sheets.  This would further stratify the polar regions, potentially leading to 59 
complete shutdown of the meridional overturning circulation.  The impacts of this would be 60 
catastrophic as the hothouse Earth climate conditions could be extended for thousands of years, 61 
with widespread ocean anoxia developing, driving a mass extinction event. 62 
 63 
Key words: Climate change, nutrient distributions, Southern Ocean 64 

65 
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1 Introduction 66 
In the oceans, nutrients and light availability are essential for phytoplankton to subsist 67 

and together with temperature control the biological productivity, which directly affects food 68 
supply for higher trophic levels.  Surface nutrients also affect the efficiency of biological pump, 69 
which exports some of the organic matter produced to the ocean interior, decreasing surface 70 
water DIC concentrations, affecting air-sea CO2 flux, atmospheric CO2 and climate. Sinking 71 
organic particles decompose releasing nutrients, consuming dissolved oxygen (DO) and 72 
decreasing DO levels in the ocean interior.  Ultimately, these exported nutrients and carbon are 73 
returned to the surface through the large-scale meridional overturning circulation.   74 

Global nutrient distributions are shaped by both biological and physical processes in 75 
the Southern Ocean. Upwelling at the Antarctic Divergence is the main route for nutrients to 76 
return to the upper ocean (Sarmiento et al., 2004; Marinov et al., 2006; Primeau et al, 2013).  77 
Strong light and iron limitation of phytoplankton growth greatly reduces the utilization of the 78 
upwelled nitrate, phosphate, and silicic acid, allowing most of it to move northward in the 79 
surface Ekman layer.  These waters eventually subduct with the formation of Antarctic 80 
Intermediate Water (AAIW) and Subantarctic Mode Water (SAMW) that carries the nutrients 81 
into the low latitude thermocline, ultimately fueling low-latitude biological production 82 
(Marinov et al., 2006). Primeau et al (2013) imposed increased levels of biological production 83 
in the Southern Ocean and showed that increasing the efficiency of the biological pump in the 84 
high latitude Southern Ocean directly led to decreasing global productivity, as the reduction in 85 
the northern Ekman transport of nutrients out of the Southern Ocean suppressed biological 86 
production across the low latitudes.  A number of studies have illustrated this inverse 87 
relationship between global productivity and production in the high latitude Southern Ocean 88 
(Sarmiento et al., 2004; Dutkiewicz et al., 2005; Marinov et al., 2006; 2008; Bronselaer et al., 89 
2016) by artificially modifying forcings or levels of productivity in the Southern Ocean.   90 

Previous studies have examined the response of marine ecosystems to climate change 91 
under different warming scenarios to the year 2100. Steinacher et al (2010) used four coupled 92 
carbon cycle-climate models to project net primary production (NPP) and export production 93 
(EP) over the 21st century and found both of them decreased between 2% to 20% at the global 94 
scale. Moore et al (2013) found surface ocean nutrients and biological productivity decreased 95 
globally under both the RCP4.5 and RCP8.5 scenarios based on simulation with Community 96 
Earth System Model version1 (CESMv1.0). Fu et al (2016) investigated climate change 97 
impacts on net primary production and export production with nine Earth systems models 98 
(ESMs) in the framework of fifth phase of the Coupled Model Intercomparison Project 99 
(CMIP5). Almost all CMIP5 models agreed with global-scale increases in stratification, which 100 
are accompanied by decreases in surface nutrients, NPP and EP. Bopp et al (2013) found 101 
Southern Ocean NPP increased to the year 2100 which showed opposite trends as global oceans 102 
because of the alleviation of light limitation and/or temperature limitation. Leung et al (2015) 103 
also found increased NPP in the Antarctic band (south of ~65oS) to the end of 21st century 104 
across the CMIP5 Earth System Model suite.  105 

Deoxygenation is considered one of the key stressors of ocean ecosystems under 106 
climate change in the 21st century. Bopp et al (2013) analyzed 10 ESMs in the framework of 107 
CMIP5 for each of the IPCC’s representative concentration pathway (RCPs) and found that 108 
deoxygenation operated globally with the largest DO decreases in ocean intermediate and mode 109 
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waters. Stramma et al (2008) found evidence for expansion of the oxygen-minimum zones 110 
(OMZs) in the tropical oceans in the current era. The deoxygenation reflected the combined 111 
effects of both physical and biological processes, such as reduced oxygen solubility from 112 
warming, reduced ventilation from stronger stratification, circulation changes (Keeling et al., 113 
2010), and shifts in the  magnitude of organic matter decomposition, which is controlled by 114 
nutrient distributions and export productivity (Hofmann and Schellnhuber, 2009).  115 
Many researchers also worked on air-sea CO2 exchange and anthropogenic carbon storage to 116 
the end of 21st century, and they agreed with the increase of pCO2 in the surface ocean and 117 
anthropogenic carbon storage emphasizing the importance of Southern Ocean uptake (Long et 118 
al., 2013; Frölicher et al., 2015; Völker et al., 2015; Hauck et al., 2015; Ito et al., 2015). 119 
Friedlingstein et al (2014) quantified the increase of global annual air to ocean carbon flux 120 
from nearly zero to stabilize at 6PgC/yr at the end of 21st century which is mainly due to 121 
increased anthropogenic CO2. However, there are still huge model uncertainties in ocean 122 
carbon storage between different climate models to the end of 21st century. 123 

These studies provided important insights on climate system impacts on marine 124 
ecosystems and the carbon cycle feedbacks onto climate, but in terms of the cumulative effects 125 
of climate warming and design of future mitigation policy, climate change projections and 126 
climate-carbon feedbacks on longer time scales become critically important. The global 127 
temperature is projected to increase to the year 2300 even under low emissions scenario 128 
RCP2.6-ECP2.6 (van Vuuren et al., 2011), although the change in magnitude is smaller than 129 
high-end emission scenario (Caesar et al., 2013). Randerson et al (2015) extended the CESMv1 130 
climate projections to the year 2300 and found that ocean contributions to the climate-carbon 131 
feedback increased considerably and gradually exceeded land contributions after the year 2100, 132 
under the high-end RCP8.5-ECP8.5 emissions scenario (van Vuuren et al., 2011).  NADW 133 
production declined drastically from ~30 Sv in 1990s to 5 Sv in 2300, with about half of the 134 
decline prior to year 2100.  Most of the ocean heat uptake (85%) and more than half of the 135 
anthropogenic CO2 uptake occurred after year 2100. We previously examined ocean dynamics 136 
and biogeochemistry in this same CESM1 simulation to year 2300 (Moore et al., 2018, 137 
hereafter MET2018).  138 

MET2018 documented large increases in NPP and EP in the high latitude Southern 139 
Ocean driven by natural climate forcings (warming surface waters, declining sea ice cover, 140 
shifting winds), which stripped out a higher percentage of the nutrients upwelling at the 141 
Antarctic Divergence, reducing the northward flow of nutrients in the surface Ekman layer.  142 
The increased export production sinking into the upwelling waters drove a subsurface nutrient 143 
buildup (~100 – 1000m, “nutrient trapping”).  Subsurface concentrations of nitrate, phosphate, 144 
and silicate in this trapping region were still rising at the end of the simulation in year 2300.  145 
The Antarctic Divergence upwelling increased in strength by about 25% due to an 146 
intensification and southward shift in the mid-latitude westerly winds (MET2018).  The 147 
nutrient trapping in the Southern Ocean in conjunction with the collapse of deep mixing in the 148 
high latitude North Atlantic and the increasing stratification globally as surface temperatures 149 
warm, drove a net transfer of macronutrients from the upper ocean (~0-1500m) to the deep 150 
ocean (> 2000m).  Upper ocean nutrient concentrations declined everywhere outside of the 151 
Southern Ocean leading to steady declines in biological production and export production to 152 
the ocean interior by the biological pump.   153 
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By 2300 global-scale NPP had decreased by 15% and the export carbon flux at 100m 154 
had declined by 30%.  The increasing nutrient stress in surface waters shifted phytoplankton 155 
community composition, with the diatom share of NPP dropping 36% by 2300 (MET2018).  156 
Diatoms lead to more efficient export of organic matter in the model, so this community shift 157 
accounts for much of the difference in decline between NPP and EP.  As the small 158 
phytoplankton increasingly dominate, export efficiency is decreased, and the regeneration of 159 
nutrients within the euphotic zone increases, boosting NPP with recycled nutrients (Moore et 160 
al., 2013; Fu et al., 2016; MET2018).  The larger decline in EP may be more indicative of the 161 
decline in food resources for higher trophic levels (Fu et al., 2016).  Both NPP and EP steadily 162 
decline over time everywhere outside of the Southern Ocean, and are still falling at the end of 163 
the simulation.  Fu et al (2018) found dissolved oxygen (DO) in the oceans declined steadily 164 
at the global-scale, but in the low latitude, mid-depth waters associated with the oxygen 165 
minimum zones (OMZs) DO declined initially but then partially recovered, beginning to 166 
increase around 2150.  This oxygen increase was driven by the weakening biological pump, 167 
which reduced the subsurface oxygen demand for remineralization.   168 

Here, we present additional analysis of this same CESM V1 coupled carbon-climate 169 
simulation to the year 2300.  We quantify influences of AABW formation and the deep 170 
overturning circulation with strong, persistent climate warming, on the global distributions of 171 
key biogeochemical tracers, including nutrients, dissolved inorganic carbon (DIC), and 172 
dissolved oxygen (DO).       173 

 174 
2 Methods 175 

We conducted a coupled climate simulation with Community Earth System Model 176 
CESM1.0(BGC) for the period from 1850 to 2300 under high-end warming scenario RCP8.5-177 
ECP8.5 with prescribed atmospheric CO2 rising from approximately 285 ppm in 1850 to 1962 178 
ppm in 2250. The CESM1.0(BGC) component simulates multiple plankton functional groups, 179 
the key growth limiting nutrients, and fairly complete marine carbon cycle and oxygen cycle 180 
representations designed based on Moore et al (2004).  The ocean module is the CCSM4 ocean 181 
component (Danabasoglu et al., 2012; Gent et al., 2011). Details on model configuration and 182 
set up were given by Lindsey et al., (2014). The first part of this simulation (to year 2100) was 183 
used in CMIP5 analyses following the RCP8.5 future scenario.  This is a business as usual 184 
scenario prescribed atmospheric CO2 values reaching 1962 ppm before leveling the last 50 185 
years of simulation.  Global mean surface air temperatures increased 9.6 oC by year 2300 186 
(Randerson et al., 2015).   Evaluation of the marine ecosystem dynamics and the climate change 187 
impacts to year 2100 are discussed by Moore et al. (2013).  Uptake and storage of 188 
anthropogenic CO2 in the oceans was addressed by Long et al. (2013).  Additional 189 
documentation and source code are available online (www2.cesm.ucar.edu) and the model 190 
output files from this simulation are available through the Earth System Grid Federation (ESGF) 191 
data delivery system at  192 
(https://www.earthsystemgrid.org/dataset/ucar.cgd.ccsm4.randerson2015.html).  We also 193 
obtained output from similar RCP8.5-ECP8.5 simulations to 2300 with the MPI-ESM-LR and 194 
HadGEM2 ESMs from the ESGF. 195 

We divide the global ocean into smaller units both regionally and vertically for this 196 
analysis. To better understand the regional nutrient trapping and sequestration in the deep ocean, 197 
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we focus on the high latitude Southern Ocean (90oS-60oS). Vertically the ocean is divided into 198 
surface layer (0-100m), subsurface layer (100-1000m), intermediate layer (1000-2000m) and 199 
deep waters (>2000m).  When studying the impacts of overturning circulation and climate 200 
change on ocean tracers, it is often useful to divide the tracers into their regenerated and 201 
preformed components.  Regenerated nutrients are supplied to the ocean interior by the 202 
biological pump as organic matter remineralizes releasing inorganic nutrients and carbon.  203 
Preformed nutrients are nutrients unutilized by the phytoplankton that are brought to the ocean 204 
interior within subducting water masses.   205 

In the general case, nutrient concentration of a water parcel in the ocean interior consists 206 
of two components: the preformed part and the regenerated part. The preformed concentration, 207 
Ppreformed, is defined as the nutrient concentration in a water parcel when it was last in the surface 208 
ocean before being subducted into the interior. The regenerated concentration, Pregenerated, is the 209 
additional concentration that results from the integrated remineralization of organic matter 210 
along the water parcel’s trajectory in the ocean interior, i.e.  211 

𝑃 = 𝑃#$%&'$(%) + 𝑃$%+%,%$-.%)  212 
We calculate Pregenerated using the apparent oxygen utilization (AOU), which is often defined as 213 
𝐴𝑂𝑈 = − △ [𝑂5]$%(7,  and can be obtained directly from the saved model outputs. Take 214 
phosphate for example, regenerated nutrient is calculated as follows.  215 

𝑃$%+%,%$-.%) = 𝑟9:;< · 𝐴𝑂𝑈 216 
𝑃#$%&'$(%) = 𝑃 − 𝑃$%+%,%$-.%)  217 

Where P:O2 is 1/138. We use similar method to separate regenerated DIC and preformed DIC, 218 
which also includes pre-industrial natural ocean DIC concentration. 219 

𝐷𝐼𝐶$%+%,%$-.%) = 𝑟A:;< · 𝐴𝑂𝑈 220 
𝐷𝐼𝐶#$%&'$(%) = 𝐷𝐼𝐶 − 𝐷𝐼𝐶$%+%,%$-.%) 221 

Where C:O2 is 117/138.  In practice, the model keeps track of remineralization rates and the 222 
actual oxygen utilization rate, which are used to distinguish between the preformed and 223 
regenerated components. 224 
 225 
3 Results 226 

3.1 Slowdown of the Thermohaline Circulation 227 
Both Southern Ocean Meridional Overturning Circulation (SOMOC) and Atlantic 228 

Meridional Overturning Circulation (AMOC) gradually slowed down in a warming climate.  229 
Global zonal-mean MOC stream function and the corresponding meridional velocities at 50oS 230 
and 40oS for key decades (i.e. 1850s, 1990s, 2090s, 2190s and 2290s) showed a weakening 231 
trend over time. Vigorous overturning in the upper and lower cells were readily apparent in the 232 
1850s and 1990s, driven by the formation of AABW and NADW, respectively (Figure 1).  Both 233 
cells weakened and the upper cell shoals by the 2090s, with only remnants of the global 234 
overturning circulation remaining in the 2190s and 2290s (Figure 1). The transport of AMOC 235 
steadily declined after the year 2000 from 30 Sv in the preindustrial era to stabilize at ~5 Sv 236 
after year 2200 (Randerson et al., 2015). 237 

The CESM AABW northward transport at 60oS was 7.7 Sv in the 1990s, which 238 
compares well with an estimated rate of 8.1 Sv from CFC observations (Orsi et al., 2002).  239 
There was strong northward flow in bottom waters across 50oS and 40oS early in the simulation, 240 
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as AABW and entrained waters flowed northwards (inset right panels, Figure 1).  This 241 
northward flow weakens considerably by the 2090s, and becomes negligible (even reversing 242 
direction) later in the simulation, indicating a shutdown of the formation and export of AABW 243 
from the Southern Ocean (Figure 1).  We find qualitatively similar patterns in two other 244 
available ESM simulations to 2300 following the RCP8.5-ECP8.5 scenario, with northward 245 
transport in bottom waters early in the simulation and a shutdown in this northward flow by 246 
2300 (Figure S1). 247 

The formation of AABW and NADW drives the overturning circulation.  The reduction 248 
in NADW formation in the model is driven by the surface warming and increasing stratification 249 
in the high latitude North Atlantic with climate change, leading to great reductions in the deep 250 
winter mixing seen today across this region (Moore et al., 2013).  This deep mixing leads to 251 
the formation of NADW and is critical for the biology by entraining nutrients into surface 252 
waters.  The collapse of deep winter mixing has strong impacts on the biological productivity, 253 
with North Atlantic NPP and EP declining nearly 60% by year 2300 (Moore et al., 2013; 254 
MET2018). 255 

AABW formation slows due to increasing stratification in the Weddell Sea and the Ross 256 
Sea, the key formation regions for AABW in this model, which leads to the slowdown of the 257 
Southern Ocean Meridional Overturning Circulation (SOMOC).  Stratification in the Weddell 258 
Sea (< 60 oS) increases rapidly beginning just before year 2100 before leveling out near end of 259 
the simulation after increasing by more than a factor of 2 (Figure 2).  The increase is more 260 
gradual in the Ross Sea and begins earlier, though the increase in both regions accelerates with 261 
increasing loss of the southern sea ice cover.  The increase in both regions is largely driven by 262 
reductions in surface salinity (Figure S2).  The southern Weddell and Ross seas do not warm 263 
as much with climate change (1-2 oC) as the offshore waters of the Southern Ocean (~6-9 oC, 264 
see Figure 1 MET2018).  These regions are kept cooler by the cold winds blowing off 265 
Antarctica, and are the only place in the Southern Ocean where some sea ice still forms in the 266 
winter months (MET2018).   267 

The slowdown and apparent shutoff of dense AABW formation is apparent in the 268 
oxygen fields averaged over the model shelf depths (200-400m, Figure 2).  Early in the 269 
simulation high oxygen concentrations are seen in the southern Weddell and Ross seas, 270 
indicating waters recently in contact with the atmosphere.  Over time the increasing 271 
stratification breaks this connection to surface waters, and oxygen concentrations then 272 
approached values seen offshore, first in the Weddell Sea by the 2090s, within only a small 273 
patch of high O2 water in the Ross Sea by the 2190s (Figure 2).  By the 2290s oxygen 274 
concentrations declined dramatically across the Southern Ocean at this depth as increasing 275 
temperatures decrease solubility at the surface and increasing stratification ensures that winter 276 
mixing does not reach this layer.  The temperature in this layer increases rapidly after year 277 
2000, with a similar, but weaker, increasing trend seen in the deep SO waters (> 4400m at 60 278 
oS) (Figure S3).  We can track the spread of AABW along the seafloor based on its neutral 279 
density (γn>28.27)  (Figure S4). The area of AABW in the global bottom ocean gradually 280 
decreases in a warming climate, which also provides evidence for the slowdown of 281 
thermohaline circulation. The largest decreases in bottom water neutral density are along the 282 
deep flow paths out of the Southern Ocean (Figure S4).  These patterns reflect the slow down 283 
and eventual cessation of northward flowing AABW (Figures 1-2, S1-4). 284 
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 285 
3.2 Impacts of the Southern Ocean Meridional Overturning Circulation 286 
Slowdown on Marine Biogeochemistry 287 
The slowing of the overturning circulation greatly influences the global distribution of 288 

the major nutrients, DIC and dissolved oxygen.  It contributes strongly to the net transfer of 289 
nutrients to the deep ocean documented in MET2018.  Surface phosphate in the Southern 290 
Ocean gradually decreased over the simulation (Figure 3a) due to the increased biological 291 
productivity and export, which overcomes increases in the upwelling flux of phosphate at the 292 
Antarctic Divergence (MET2018). In the equatorial region (10oS-10oN), surface PO4 also 293 
gradually decreased, synchronized with the decreases in the Southern Ocean, illustrating the 294 
controlling influence of Southern Ocean nutrient dynamics on the lower latitudes. The surface 295 
northward transport of phosphate across 50oS and POC flux in the equatorial region both 296 
declined steadily over the simulation (Figure 3b).  The equatorial upwelling rate declined only 297 
slightly over time (~3%, MET2018), so the equatorial productivity declines were driven by the 298 
declining subsurface nutrient concentrations.  Pasquier and Holzer (2016) also proved that most 299 
of the regenerated and preformed phosphorus in low latitudes are from the Southern Ocean 300 
northward transport. 301 

The declining northward flux of nutrients in the Southern Ocean surface waters is due 302 
to the nutrient trapping around Antarctica, beneath the upwelling zone. Nutrient trapping in the 303 
subsurface layer (~100-1000m) started about year 2000 and the concentrations of phosphate, 304 
nitrate, and silicic acid rose in a linear fashion all the way to 2300 (Figure 3c).  The declines in 305 
sea ice cover (Figure 3c) played a key role in boosting Southern Ocean biological productivity 306 
(Figure 3e, MET2018).  We can compute the contribution of the rising export production to 307 
the rising nutrient concentrations, and compare this with the sum effects due to physical 308 
processes (by difference from the observed change in concentration) (Figure 3d).  Phosphate 309 
concentrations in the trapping zone steadily rose due to the increasing biological export, while 310 
the sum of physical processes acted to remove nutrients from the trapping zone (Figure 3d) 311 
mainly through isopycnal mixing along the upward sloping isopycnals associated with the 312 
upwelling zone, but also through the formation of AABW.  Both processes transfer some of 313 
the trapped nutrients back to the deep ocean.   314 
 The declining sea ice cover and the long-term shoaling of Southern Ocean mixed layer 315 
depths reduced the light limitation of phytoplankton growth, as seen in the light limitation 316 
factors plotted in Figure 3f (see also MET2018).  The iron limitation factor on growth does not 317 
change much over the simulation, in spite a large increase in the upwelling of dissolved iron 318 
(Figure 3f).  As iron is the limiting nutrient in this region, the biological productivity will 319 
always pull surface concentrations down to similar, low levels.  Warming temperatures also 320 
acted to increase phytoplankton growth rates (Figure 3f) helping fuel the increases in export 321 
production (Figure 3e).  Export production continued to increase rapidly after year 2200 when 322 
the sea ice cover is nearly gone (Figure 3), driven by the southward shift in the westerlies that 323 
eventually pushes the upwelling zone into Antarctica in many regions, leading to coastal 324 
upwelling and enhanced iron flux to the surface (MET2018). 325 

To better understand the underlying mechanisms of sequestration of nutrients in the deep 326 
ocean, we divided the trends in deep ocean phosphate into the regenerated and preformed 327 
fractions (Figure 4b). Phosphate gradually accumulated in the deep ocean after the year 2000, 328 
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which can be explained by the increasing regenerated P fraction, as the preformed part 329 
decreased slightly. Regenerated phosphate is controlled both by the strength of the biological 330 
pump and remineralization rates, and by the transit time through the deep ocean.  Globally, 331 
export production declined by ~30% over the simulation, so the biological source of phosphate 332 
to the deep ocean weakened.  Thus, the increasing regenerated phosphate concentrations in the 333 
deep ocean must be due to the slowing overturning circulation, which allowed more time for 334 
the weakened biological flux to accumulate.  We can also break the deep ocean trends in 335 
phosphate into the physical and biological drivers (Figure 5). In the Southern Ocean, the 336 
increasing export production acted to increase deep phosphate concentrations, while the 337 
physical processes acted to remove phosphate (Figure 5a).  The physical removal weakens 338 
overtime though, contributing to rising deep concentrations, partially driven by isopycnal 339 
mixing bringing nutrients down from the trapping zone. Outside the Southern Ocean and at the 340 
global scale, the biological contribution to deep ocean phosphate declines as the biological 341 
pump weakens (Figure 5b-5c), but this is more than compensated for by the slowing of the 342 
overturning circulation, allowing deep ocean concentrations to rise.  A similar pattern was seen 343 
in the trends for regenerated and total DIC in the deep ocean, but the preformed DIC also 344 
increases modestly (Figure 4d).  The increase in regenerated DIC is driven by the same 345 
processes as for phosphate, while the preformed DIC increases modestly because a fraction of 346 
the anthropogenic carbon being taken up by the oceans is being transported to the deep ocean. 347 

Dissolved oxygen concentrations declined over all depth levels within the Southern 348 
Ocean (Figure 4a) and at the global scale (Figure 4c).  Although there was a modest recovery 349 
in the low-latitude, subsurface layer (100-1000m) after year 2150 (Fu et al., 2018).  The 350 
declines are more rapid in the Southern Ocean (< 60 oS) particularly in the subsurface nutrient 351 
trapping zone (Figure 4a).  A simple linear extrapolation of this oxygen decline rate suggests 352 
these waters could go anoxic by year 3000.  Oxygen declines in the surface layer are driven by 353 
decreasing solubility as surface waters warm.  At depth the increasing stratification and slowing 354 
circulation both contribute to declining O2.  The decreasing oxygen concentrations mirror the 355 
rising phosphate concentrations, both driven by the increasing remineralization in the deep 356 
ocean. 357 

Global ocean dissolved inorganic carbon concentrations gradually increased over time 358 
as the oceans take up more and more anthropogenic CO2 (Giorgetta et al., 2013), especially in 359 
the Southern Ocean (e.g. Ito et al., 2015).  Ocean uptake of CO2 peaked at ~5.5 PgC/yr in the 360 
late 21st century and then declined steadily over time, even as atmospheric CO2 continue to rise, 361 
as surface waters become increasingly saturated (Randerson et al., 2015; MET2018).  DIC 362 
increases in the surface ocean are much larger than in the deep ocean, due to direct uptake of 363 
anthropogenic CO2 from the atmosphere (Figure 6).  By the 2190s high concentrations of 364 
anthropogenic CO2 have accumulated throughout the upper ocean down to the depth of the 365 
AAIW at ~1500m (Figure 6).   In the deep ocean the buildup of DIC over time is due mainly 366 
to accumulation of natural carbon via the biological pump and remineralization (~70% of deep 367 
ocean DIC increase).  The increase in preformed DIC, which include both natural and 368 
anthropogenic carbon, accounts for ~30% of the deep ocean DIC increase (Figure 4d).   369 

  370 
4 Discussion 371 
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One caveat with this study is that the model (like nearly all current ESMs) is not ideally 372 
configured to simulate the formation of AABW.  The coarse resolution of the ocean model (~1 373 
degree resolution) and the lack of active ice sheets and ocean-ice sheet interactions means the 374 
model cannot capture some key smaller scale processes thought to be important in AABW 375 
formation.  However, the model does form dense waters in qualitatively the correct places 376 
(coastal Weddell and Ross Seas) and the northward flow of AABW along the sea floor seems 377 
realistic early in the simulation.  Historically ESM development has focused more on the 378 
NADW production, which responds more dynamically in the 21st century to climate change 379 
and does not require high model resolution along the coasts.  It is important to improve the 380 
representation of AABW in our state of the art ESMs, particularly as the focus shifts from year 381 
2100 projections to the longer timescales more relevant for studying ocean-climate interactions. 382 

It is important to note that at the end of the simulation in year 2300 the ocean was in 383 
the midst of a massive climate-driven transition in the physical and biogeochemical state, and 384 
was not close at all to achieving a new steady state.  The oceans were still warming rapidly, 385 
modifying circulation and density structure.  The depletion of upper nutrients and transfer to 386 
the deep ocean was ongoing, in a linear, continuing trend at year 2300, suggesting centuries 387 
more of biological productivity declines (MET2018).  Thus, ESM simulations well past year 388 
2300 are necessary to understand potential climate warming impacts on the oceans.  The non-389 
steady state complicates interpretation of the patterns of regenerated and preformed nutrients.  390 
Most previous studies examined this partitioning in the context of a steady state or even 391 
constant ocean circulation (i.e., Primeau et al., 2013; Pasquier and Holzer, 2016).  In this 392 
context, increasing regenerated carbon in the deep ocean implies a more efficient biological 393 
pump and lower atmospheric CO2 concentrations.  Here deep ocean regenerated carbon and 394 
nutrients are increasing, even as the biological pump is becoming weaker over time, due to the 395 
circulation slowdown.  In addition, the increasing storage of natural DIC in the deep ocean is 396 
having little impact on air-sea CO2 exchange because the atmosphere has reached such high 397 
values and much of the surface ocean is saturated with CO2. 398 

The slowdown in the thermohaline circulation reduced the capacity for further uptake 399 
of heat and anthropogenic CO2 by the oceans. Once low-latitude surface waters become 400 
saturated with anthropogenic CO2 the main control on ocean uptake is how quickly the 401 
circulation brings up older, deeper waters with little or no anthropogenic CO2, which have more 402 
uptake capacity.  The Southern Ocean dominated CO2 uptake by the 2290s, as older, deep 403 
waters still upwelling to the surface (MET2018).  The slowing of the meridional overturning 404 
circulation, weakens the ocean capacity to take up anthropogenic CO2, by reducing the 405 
exposure of undersaturated waters to the atmosphere and their subsequent return into the ocean 406 
interior.  Similar arguments apply to the capacity for ocean heat uptake.  By 2300 the oceans 407 
were still warming rapidly (Randerson et al., 2015), but the mean surface temperature at low 408 
latitudes (< 30 oLat.) was leveling off after increasing by 6 oC, and the intermediate depth 409 
waters (~500-1500 m) were rapidly warming (MET2018).  Thermodynamic feedbacks set an 410 
upper limit on surface warming in the tropics, effectively surface waters become thermally 411 
“saturated” with reduced capacity for additional warming. In a warming climate, the ocean heat 412 
uptake efficiency shows a tendency to reduce (Giorgetta et al., 2013).  Mid-latitude surface 413 
water temperatures increased by up to 10 oC, and were still warming at 2300.  The strongest 414 
ocean heat uptake occurs where cooler subsurface waters are brought to the surface by mixing 415 
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or upwelling.  This phenomenon was increasingly restricted to the Southern Ocean in the 416 
CESM simulation, with increasing stratification suppressing vertical exchange elsewhere 417 
(MET2018). 418 

The lack of active ice sheet dynamics affects our simulation in several ways.  Ice-sheet 419 
interactions may impact AABW production rates as noted above.  With the extreme climate 420 
warming simulated at high latitudes (surface air temperature warms by > 25 oC in some polar 421 
regions) the large ice sheets on Greenland and Antarctica would be releasing massive amounts 422 
of freshwater to polar surface waters, decreasing surface water density and intensifying the 423 
strong vertical salinity gradients already present.  If the stratification increases enough in polar 424 
regions, there will be a complete shutdown of the overturning circulation, as surface waters can 425 
no longer attain the density necessary to sink into the deep ocean.  If the stratification increases 426 
enough in the Southern Ocean it could break the last direct connection to the deep ocean at the 427 
Antarctic Divergence, by pulling in upwelling waters laterally from relatively shallow depths, 428 
rather than from the deep ocean.  This is what occurs in the wind-driven upwelling zones at 429 
low latitudes today, where vertical density gradients are much stronger than in the Southern 430 
Ocean.   431 

Such a complete break of the exchange between the surface and deep ocean would be 432 
catastrophic for the biosphere and the climate system.  It would greatly accelerate the 433 
sequestration of nutrients in the deep ocean and the declines in deep ocean oxygen, driving 434 
even larger declines in global scale marine biological productivity and likely leading to 435 
widespread anoxia in the oceans. Severe hypoxia can lead to mass extinctions and even mild 436 
hypoxia can have strong effects on the physiology and activity levels of marine organisms 437 
(Doney et al., 2011; Stramma et al., 2010). The Permian mass extinction in the oceans was due 438 
to intensified stratification and widespread ocean anoxia, which may serve as an important 439 
ancient analog for future oceans (Payne and Clapham, 2012; Winguth and Winguth, 2012). 440 
Once such a mass extinction occurs, marine ecosystems need millions of years to recover the 441 
lost biodiversity and approach the original state (Song et al., 2011; Winguth and Winguth, 442 
2012).   It would also further extend the timescale for climate cooling by greatly reducing ocean 443 
uptake of heat and CO2 from the atmosphere.  Glacial flow also brings iron and other nutrients 444 
to the oceans fueling the biological production (Gerringa et al., 2012).  Increased iron inputs in 445 
the Southern Ocean could intensify export production and the subsurface nutrient trapping, 446 
stripping even more of the nutrients out of the surface water transported to low latitudes, and 447 
further intensifying nutrient sequestration in the deep ocean. In addition, increased iron inputs 448 
may not reduce atmospheric CO2 greatly due to the “leakage” effect (Oschlies et al., 2010).  449 
 450 
5 Conclusions 451 

Multicentury climate warming along the business as usual emissions trajectory induces 452 
Southern Ocean nutrient trapping, a greatly weakened global overturning circulation, 453 
increasing sequestration of nutrients and natural carbon in the deep ocean, and a reduced 454 
capacity for ocean uptake of heat and anthropogenic CO2 from the atmosphere.  This reduced 455 
uptake capacity could prolong, peak warmth, or hothouse Earth conditions for hundreds to 456 
thousands of years (Steffen et al., 2018). A global-scale weakening of the biological pump 457 
reduced oxygen demand in the deep ocean.  However, the slowdown in the overturning 458 
circulation more than compensated for this by increasing deep-ocean water mean residence 459 
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time.  This led to increasing nutrient concentrations and declining oxygen concentrations 460 
throughout the deep ocean.  Inclusion of active ice sheet dynamics would further intensify 461 
stratification in polar surface waters, perhaps leading to a complete shutdown of the 462 
overturning circulation, extending the timescale for climate cooling by thousands of years and 463 
generating widespread ocean anoxia, which would drive a new mass extinction event. 464 
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Figures 646 
 647 

 648 
 649 
Figure 1. Global mean meridional stream function (Sv) and mean meridional  650 
velocity (m/s) across 40 oS and 50 oS are shown for key decadal periods. 651 
 652 
 653 
 654 
 655 
 656 
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 657 

 658 
Figure 2. The dissolved oxygen (DO) distribution (mmol/m3) at the shelf depth (200-400m) of 659 
Weddell Sea and Ross Sea in 1850s, 1990s, 2090s, 2190s and 2290s from top to bottom (a), 660 
time series of stratification (kg/m3, calculated by 𝜌5CC( − 𝜌C() in the Weddell Sea (black line) 661 
and Ross Sea (red line), respectively (b). 662 
 663 
 664 
 665 
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 666 
Figure 3. Surface PO4 concentration at 50oS (in red) and in the equatorial region (in black, 667 
10oS-10oN),  are shown in panel A.  Northward Ekman transport of phosphate across 50oS (in 668 
black) and integrated POC export in the equatorial region (in red) are shown in panel B. Time 669 
series of subsurface PO4 and sea ice fractional cover (a), dPO4/dt, with the physical 670 
contributions (i.e. advection and diffusion term) and biological contributions in the subsurface 671 
layer (100-1000m) (b), POC flux at 100m (c) and annual mean Fe and light limitation terms 672 
for small phytoplankton and diatom averaged over the mixed layer (d).  673 
 674 
 675 
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 681 
 682 
Figure 4. Time series of dissolved oxygen concentrations in the Southern Ocean (A) (90oS-683 
60oS) and for the global ocean (C). Time series of total phosphate (black line), regenerated 684 
phosphate (red line) and preformed phosphate (blue line) in the deep ocean (> 2000 m) are 685 
shown in panel B, and total, regenerated and preformed DIC in the deep ocean are shown in 686 
panel D. 687 
 688 
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 708 
Figure 5. Physical and biological contributions to the deep-ocean (> 2000m) temporal change 709 
in phosphate concentration for (a) the Southern Ocean (90oS-60oS), (b) the rest of the oceans 710 
(60oS-90oN), and (c) the global ocean (90oS-90oN). 711 
 712 
 713 
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 714 
Figure 6. Global distribution of DIC in (A) 1850s, and difference plots for  715 
(B) 1990s-1850s, (C) 2090s-1850s, (D) 2190-1850s and (E) 2290s-1850s (mmol/m3). 716 
 717 
 718 
 719 


